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Abstract  27 

We analyze seismic source parameters of the induced earthquakes at the Hengill (Iceland) between 28 

2018 and 202 to investigate rupture processes in a complex volcanic–geothermal setting. Our analysis 29 

reveals a source scaling relation that deviates from the commonly assumed M0µfc-3. By combining 30 

stress tensor orientation, lithostatic and hydrostatic pressure, and frictional strength estimates, we 31 

quantify how much of the available effective stress is released by each earthquake. The results show 32 

a consistent depth transition: shallow earthquakes (< 3–4 km) rupture in a fluid–weakened regime, 33 

whereas deeper events (> 5 km) are increasingly controlled by ambient tectonic stress. This, combined 34 

with low Savage-Wood efficiency indicating significant dynamic overshoot, suggests that a large 35 

portion of the available strain energy is dissipated aseismically. To explain these observations, we 36 

propose a model where ductile, rate-dependent fracture energy suppresses earthquake cascades. This 37 

model successfully predicts the observed null/positive correlation between b-value and stress drop, a 38 

signature of a high-dissipation regime where increased stress drops suppress rupture propagation 39 

rather than promoting it.  40 

 41 

Plain Language Summary 42 

Geothermal fields such as Hengill (Iceland) produce both natural and human-triggered earthquakes. 43 

Understanding how these earthquakes start and how they release energy is important to reduce risk. 44 

We analyzed more than 8600 earthquakes recorded between 2018 and 2021. We estimated how much 45 

stress is released by each earthquake and how efficiently they radiate energy. Our results show that 46 

shallow earthquakes behave differently from deeper ones. Near the surface, where fluids circulate 47 

and geothermal operations take place, earthquakes release proportionally less tectonic stress, likely 48 

because fluids weaken the rocks. At larger depths, earthquakes behave more like tectonic events, and 49 

stress controls rupture more directly. We also find that only a small fraction of the available energy 50 

is radiated as seismic waves. These results suggest that physical conditions change strongly with 51 

depth in Hengill, and that induced and natural earthquakes may follow different physical rules in the 52 

same area. 53 

 54 

1 Introduction 55 

Whether induced earthquakes follow the same physical scaling laws as tectonic earthquakes is still 56 

not fully understood. This question is particularly relevant in geothermal fields, where pore‐fluid 57 

pressure, thermo–hydraulic gradients, and human operations can significantly alter the ambient stress 58 

field and the mechanical strength of faults. In these environments, both natural and induced 59 
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earthquakes can coexist and interact within the same crustal volume, providing a unique opportunity 60 

to investigate how rupture properties evolve as a function of depth and fluid conditions.  61 

A clear understanding of the physics of induced earthquakes is key for seismic hazard assessment at 62 

geothermal fields (Convertito et al., 2012; Convertito et al., 2021; Douglas et al., 2013). A central 63 

controversy in this field concerns the fundamental similarity or difference with tectonic events. This 64 

topic has been investigated since early 1990s, when Abercrombie and Leary (1993) first observed a 65 

difference in the average stress drop value of induced and tectonic earthquakes. Subsequent research 66 

works, such as Huang et al. (2017), have shown that induced and tectonic earthquakes recorded in 67 

central United States have similar stress drop values. After more than three decades, the debate is still 68 

ongoing. Here, we contribute by analyzing the source parameters of earthquakes recorded in the 69 

Hengill (henceforth HG) geothermal field, southwest Iceland, between December 1, 2018, and 70 

January 31, 2021 (Figure 1). The HG geothermal area lies on the boundary between the North 71 

American and Eurasian plates, and geothermal energy exploitation has been ongoing there since the 72 

late 1960s for both electricity generation and district heating. The two largest geothermal power 73 

plants in Iceland — Nesjavellir and Hellisheidi — are located within this region, with a total of 76 74 

wells reaching depths of up to 2 km. According to Grigoli et al. (2022), the recorded seismicity in 75 

this area includes both induced and natural earthquakes, which makes the Hengill field an ideal site 76 

for investigating potential differences between these two types of seismicity. 77 

 78 

  79 
 80 

Figure 1. Geographic map of the study region. The map reports the volcanic centers in SW-Iceland 81 

(enclosed in red dashed lines), including Hengill, Brennisteinsfjoll and Grimsnes. Yellow diamonds 82 
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indicate the two largest geothermal fields, namely, Hellishiði and Nesjavellir. The back circles 83 

identify the epicenter of the events analyzed in the present study. The blue triangles represent the 84 

stations installed during the COSEISMIQ project (Grigoli et al., 2022). The upper right inset depicts 85 

south Iceland region. 86 

 87 

While earthquakes recorded in the area have been extensively used to investigate crustal structures 88 

through the application of seismic and attenuation tomography (Amoroso et al., 2022; Obermann et 89 

al., 2022; Wu et al., 2024; Napolitano et al., 2025), to our knowledge, no previous study has been 90 

devoted to study seismic source parameters. Following the approach proposed by Convertito and De 91 

Matteis (2025), we estimate kinematic and dynamic source parameters by implementing the 92 

individual spectral analysis and an Empirical Green’s Function (EGF) approach (Abercrombie, 2015; 93 

Ide et al., 2003; Prieto et al., 2006). EGF allows to reduce the problem of the trade-off between source 94 

parameters, anelastic attenuation and site-effect while fitting the recorded spectrum. We analyze the 95 

scaling between corner frequency and seismic moment and between radiated energy and seismic 96 

moment that allowed us to infer seismic efficiency. We also investigate the depth dependence of the 97 

static stress drop and correlate it with the b-value of the Gutenberg-Richter law.   98 

 99 

2 Data description  100 

The seismic dataset analyzed in this study was collected in the Hengill geothermal area, southwest 101 

Iceland, where several dense monitoring networks operate. The area is continuously monitored by 102 

eight permanent seismic stations operated by the Icelandic Meteorological Office (IMO) and ten 103 

permanent stations belonging to a microseismic network managed by the Iceland GeoSurvey (ÍSOR) 104 

on behalf of Reykjavik Energy. In the framework of the COntrol SEISmicity and Manage Induced 105 

earthQuakes (COSEISMIQ) project, the monitoring capabilities were further enhanced between 106 

October 2018 and August 2021 with the installation of the 2C network, consisting of 23 broadband 107 

stations deployed for advanced seismic monitoring purposes (Grigoli et al., 2022). The aperture and 108 

spacing of the entire backbone network are ∼40 and ∼3 km, respectively. The stations are equipped 109 

with 3-component short-period (5s and 1s) and broadband (120s and 60s) sensors with sampling rates 110 

of 100 and 200 sps. The available catalogue counts 8691 events whose magnitude ML ranges between 111 

−0.78 and 4.56. As described by Grigoli et al. (2022) the real-time management techniques 112 

implemented in the project allow to provide both continuous waveforms and double difference 113 

earthquakes’ locations, those latter indicating that the depth of the events ranges between 0.0 and 14.3 114 

km. 115 

We correct the recorded velocity waveforms for instrument response and filter them in the range (0.5, 116 

80.0) Hz by applying a band-pass filter. To select P- and S-wave signals for each event we perform 117 

automatic phase picking using the PickNet model (Wang et al., 2019). This model was updated and 118 
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retrained using the INSTANCE (Michelini et al., 2021), STEAD (Mousavi et al., 2019), and DiTing 119 

(Zhao et al., 2023) phase-picking datasets recently used for tomography purposes in volcanic area 120 

(Gammaldi et al., 2025). The initial set of phase picks was filtered based on quality. We converted 121 

the pick probabilities into integer quality weights ranging from 0 to 4, and we discarded any pick with 122 

a weight greater than 1 (corresponding to a probability below 0.75). We use the high-quality picks to 123 

estimate the VP/Vs-ratio for each event using simil-Wadati method.  124 

 125 

3 Methods and analyses 126 

In the present study, we implement the procedure described in Convertito and De Matteis (2025), 127 

whose main points are summarized here for the sake of completeness. It is a multistep procedure 128 

consisting of:  129 

1. Compute preliminary values of seismic moment, corner frequency and quality factor 130 

parameter Q for the earthquakes with magnitude greater than 1.9 (e.g., main events) using 131 

the individual earthquake spectral analysis. 132 

2. Apply the EGF technique either to refine the estimation of the source parameters of the main 133 

events and to infer source parameters of the events used as EGFs. 134 

3. Estimate the Q-factor from the individual earthquake spectral analysis for the main events 135 

by setting the seismic moment and corner frequency to the values obtained in the previous 136 

analysis (point 2). 137 

4. Compute the radiated energy from the observed source spectra corrected by the anelastic 138 

attenuation.  139 

3.1 Individual earthquake spectral analysis 140 

Spectral analysis and source parameters estimation require to account for all those factors that modify 141 

the signal originated at the source and recorded on the earth surface: source radiation, wave 142 

propagation, and near-site effects. The general formulation of the displacement spectrum together 143 

with the anelastic attenuation filter is given by: 144 

 145 

𝑆(𝑓) =
	Ω!

)1 + ,𝑓𝑓"
-
#$
.
%
#
𝑒&	

()*
+ 						(1) 146 

 147 

Where Ω!is the spectral level at low-frequency that allows to obtain the earthquake seismic moment, 148 

fc is the corner frequency, which is related to the fault dimension, and n is the high-frequency falloff. 149 
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The constant 𝛾 controls the shape of the corner and T is the travel time of the selected phase. The 150 

Brune (1970) source model corresponds to using n = 2 and 𝛾 = 1, while for the Boatwright (1980) 151 

source model n = 2 and 𝛾 = 2.  152 

We analyze 17 earthquakes with local magnitude ML >1.9, recorded by those stations sampled at 200 153 

Hz to ensure a broad frequency bandwidth. For the P-wave, we extracted a 1.5 s window (0.5 s before 154 

and 1.0 s after the P-pick) from the vertical component. The signal was cosine-tapered and zero-155 

padded before computing the displacement spectrum using the multi-taper method (Prieto et al., 156 

2007). Given the source-to-station distance range, the selected window avoids S-wave contamination. 157 

For the S-wave, a 1.7 s window (0.2 s before and 1.5 s after the S-pick) was applied, and the vector 158 

sum of the spectra from the two horizontal components was calculated. 159 

To ensure high quality data selection, for both P- and S-wave, we measure the signal-to-noise ratio 160 

(SNR) on the pre-P noise and discard the spectra characterized by a mean value of the log(SNR) 161 

lower than 3.0 and for which the percentage of spectral points having log(SNR)<0 is higher than 10%.  162 

The inversion procedure scheme reproduces that adopted by Convertito and De Matteis (2025), which 163 

consists of a two-step approach to infer Ω!, fc and Q from the observed spectra. The first step is 164 

devoted to obtaining a preliminary estimate of Ω! by analyzing the flat portion – up to 5 Hz – of the 165 

displacement spectrum. The selected spectrum is fitted with a zero-slope line to infer Ω! and its 166 

uncertainty 𝜎,!. Next, we allow Ω! to vary in the range Ω! ± 3 ∙ 𝜎,! and search for fc adopting a grid 167 

search approach.  168 

As reported above we select only the waveforms sampled at 200 Hz for which the effective bandwidth 169 

was restricted to 80% of the Nyquist frequency. To minimize the influence of low signal-to-noise 170 

ratios, the maximum frequency employed in the spectral inversion was limited to 60 Hz.  171 

Concerning the range of exploration of the model parameters, the upper bound of the fc search range 172 

is set to 40 Hz, consistent with the prescription given by Abercrombie (2015), while for Q we explored 173 

(50, 300) both for P- and S-waves. The inferred estimates of Ω! and fc are then refined in the EGF 174 

analysis. 175 

To select the best parameters, we search for the minimum of the squared difference between the log 176 

of the observed spectrum weighted by the SNR at each specific frequency and the log of the 177 

theoretical spectrum. We report in Figure 2 waveforms, spectra and spectral fitting for a selected 178 

earthquake together with inferred parameters.  179 

 180 



 7 

181 
Figure 2. Example of waveform and spectral fitting. The left panels show the three-component 182 

velocity seismograms (VE, VN, VZ) filtered in the band (0.1, 90.0) Hz with P- and S-wave selected 183 

signal windows (red and blue, respectively) and the P-wave noise window (yellow). The right panels 184 

display the corresponding S- (top) and P-wave (bottom) amplitude spectra (black lines) together with 185 

the noise spectra (gray dashed lines) and the best spectral fit (colored line). The color scale represents 186 

the logarithm of the signal-to-noise ratio [log(S/N)], and the red cross indicates the estimated corner 187 

frequency (fc ) from the best spectral fit. The table summarizes the best-fitting source parameters for 188 

the P and S phases, including low frequency spectral level 𝛀𝒐, corner frequency (fc), spectral decay 189 

parameter (γ), quality factor (Q), hypocentral distance (Rhypo ), and misfit.  The nq parameter is the 190 

exponent generally adopted in the frequency dependent model Q(f)=Qf nq that is set to zero in the 191 

present study. 192 

 193 

Once Ω! has been estimated, we compute seismic moment by using crustal model parameters as it 194 

follows (e.g., Zollo et al., 2014): 195 

 196 

𝑀! =
4𝜋𝜌.

%
/0 𝜌!

%
/0 𝑐.

1
/0 𝑐!

%
/0 𝑅2Ω!

𝑅34" 𝐹5
(2) 197 

 198 

Where r and c refer to the rock density and velocity (for P- and S-waves), respectively. Subscripts h 199 

and o refer to the hypocenter and receiver, respectively. 𝑅34"  represents the average value of the 200 
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radiation pattern coefficient, here assumed equal to 0.52 for P-wave and 0.63 for S-wave (Boore and 201 

Boatwright, 1984), and FS is the free-surface coefficient assumed equal to 2. We implemented the 202 

formulation proposed by Ben-Menahem and Singh (1981) for the geometrical spreading R’ that is 203 

calculated assuming a linear variation of the velocity with depth. For each station and for each 204 

earthquake, we used the velocity model provided by Grigoli et al. (2022) to compute the take-off 205 

angle. The results are shown in Figures 3a and 3b for both P- and S-wave. 206 

 207 

 208 
Figure 3. Corner frequency versus seismic moment for the P-wave (panel a) and for the S-wave 209 

(panel b). Black squares identify the results obtained from the single-earthquake approach whereas 210 

the blue squares depict the results of the spectral ratio analysis for each considered main-EGF couple. 211 

In both panels black crosses represent the results for the EGFs. Dashed line indicates the scaling 212 

relation 𝑴𝒐 ∝ 𝒇𝒄&𝟑 obtained by using a stress drop of 1 MPa. The green dots, yellow diamonds, and 213 

pink triangles correspond to the results obtained by Abercrombie (1995), Ide et al. (2003), and Prejean 214 

and Ellsworth (2001), respectively. Red dots in panel b correspond to the values provided by 215 

Abercrombie (2014).  216 

 217 

3.2 The empirical Green’s function (EGF) method 218 

To refine the estimation of the corner frequency and seismic moment of the main events and to infer 219 

the source parameters for the smaller earthquakes we implemented the EGF method (e.g., 220 

Abercrombie, 2015; Prieto et al., 2006) which, under specific hypotheses, allows to neglect the effect 221 

of the anelastic attenuation as well as the site effects for main-EGF pair closely located. 222 

We considered all events with 𝑀 > 0 located at a maximum distance of 1km from the 17 events 223 

analyzed with the individual earthquake approach and have a difference in magnitude larger than 1, 224 

which resulted in a total of 473 couples.  225 

(a) (b) 
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We consider both P- and S-waves by using the same time window lengths used in the individual 226 

spectral analysis. The spectra are computed by using the multi-taper method (Prieto et al., 2007) and 227 

their ratio is modeled according to the following equation:  228 

 229 

𝑀%(𝑓)
𝑀/(𝑓)

=
𝑀!%

𝑀!/
C
1 + D𝑓 𝑓"%E F

#$

1 + D𝑓 𝑓"/E F
#$G

%
#

								(3) 230 

 231 

where fc1 and fc2 correspond to the corner frequency of the main event and EGF, respectively, and  232 

𝑀!% and 𝑀!/ indicate their seismic moment. Like the analysis of the individual earthquake here we 233 

use the Boatwright (1980) source model. We fit each spectral ratio by using a grid-search approach 234 

that explores fc1 in the range 𝑓""89$ ± 0.6 ∙ 𝑓""89$, 𝑓""89$ being the value obtained from the individual 235 

earthquake analysis, whereas fc2 is constrained to be larger than fc1 and explored up to 80 Hz. Note 236 

that the upper limit of the exploration is higher than that used in the individual event analysis due to 237 

the expected higher corner frequency for smaller earthquakes. Finally, the availability of 𝑀!% allows 238 

to compute 𝑀!/ and to refine also 𝑀!%. We only consider those couples for which the source 239 

parameters can be estimated at a minimum of 5 stations and have waveforms’ correlation larger than 240 

0.7 to ensure a similar radiation pattern.   241 

Figure 4 shows the waveforms, the spectral ratio and the relative source time function (STF) of the 242 

mainshock for a couple main-EGF. The relative STFs have been obtained by implementing the 243 

deconvolution technique proposed by Prieto et al. (2007). 244 

 245 
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 246 
Figure 4. Example of the EGF technique. The left panels show the waveforms of both the main event 247 

(bottom) and the EGF (top) filtered in the band (0.1, 90.0) Hz (green curves) and the waveforms 248 

filtered in the band (3, 7) Hz used to compute the correlation (black curves). The upper-right panel 249 

shows the comparison between the computed spectral ratio (black curve) and the fitting model (red 250 

dashed curve) whereas the lower-right panel shows the obtained relative source function. 251 

 252 

4 Results 253 

The results shown in Figure 3 suggest a linear scaling for the whole analyzed seismic moment range 254 

(109 – 1015 Nm) that, however, differs from the self-similar scaling 𝑀! ∝ 𝑓"&:. To quantify the 255 

difference, we perform a linear fit of the relation 𝑀! ∝ 𝑓"
&(:<=) that resulted in 𝜀 = 0.6 for the P-256 

wave and 𝜀 = 0.7 for the S-wave. We compute the stress drop by using the following equation: 257 

 258 

Δ𝜎 =
7
16
𝑀!

𝑟: =
7𝑀!

16
𝑓":

𝑘:𝛽: 					
(4) 259 

 260 

We assume the Brune (1970) source model for the relation between source radius, r, and corner 261 

frequency. In equation (4), the symbol 𝛽 corresponds to the S-wave velocity and k = 0.37. The 262 

resulting average static stress drop obtained by considering both P- and S-waves is Δσ = 6.5 ± 13.2 263 

MPa. Figure 5a shows the statics stress drop versus seismic moment, along with results obtained by 264 

other authors.  We list in Table S1 the retrieved values of the seismic source parameters for the main 265 

events and the EGFs. In Figure 6, we show the static stress drop values as a function of depth. A clear 266 

increase of Δσ with depth can be observed, which is further highlighted by the average values 267 
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computed over three distinct depth ranges corresponding to the locations of the hypocenters. From 268 

the same figure it can be noted that in correspondence of the observed increase of the stress drop with 269 

the depth there is a slight decrease in the VP/Vs ratios. These latter have been obtained in the present 270 

study from the simil Wadati diagram and are consistent (for the common depth values) with the values 271 

obtained by Amoroso et al. (2022) from the seismic tomography performed in the same area.    272 

 273 

 274 

 275 
Figure 5: Panel a: the static stress drop as a function the seismic moment for both P-wave (black 276 

squares) and S-waves (black crosses). Panel b: apparent stress (black crosses) as a function of the 277 

seismic moment for the S-wave. The green dots and pink triangles correspond to the results obtained 278 

by Abercrombie (1995) and Prejean and Ellsworth (2001), respectively.  279 

 280 

 281 

 282 

 283 

 284 

 285 

 286 

 287 

(a) (b) 
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 288 
Figure 6: VP/VS and static stress drop for the S-wave as function of the earthquakes’ depth. VP/VS 289 

ratio as obtained from the simil Wadati diagram (a) and static stress drop in log scale (b). The green 290 

circles represent the average value with the associated error (vertical bar). The horizontal dashed blue 291 

lines in panel (a) represent the VP/VS values obtained by Amoroso et al. (2022). The two dashed lines 292 

for the range 3-5 km indicate the lateral variability observed at those depths in VP/Vs tomographic 293 

model.       294 

 295 

Another fundamental parameter for understanding the physics of earthquakes, derivable from the 296 

recorded waveforms, is the seismic energy (E) released during the rupture process. In the present 297 

study we used the approach proposed by Boatwright et al., (2002) to estimate E from the integral of 298 

the squared velocity spectrum, after the correction for anelastic attenuation:   299 

 300 

𝐸 =
4𝜌𝛽𝑅/

𝐹5/
Q |𝑢̇(𝜔)|/𝑒

?@
A+

B

C
𝑑𝜔						(5) 301 

 302 

In equation (5) 𝑢̇(𝜔) is the observed velocity spectrum and the other parameters have been described 303 

above. Following the approach proposed by Convertito and De Matteis (2025), we estimated the 304 

quality factor Q to be used in equation (5) from the individual spectral analysis of the main events. 305 

To overcome the trade-off between Q and the source parameters we repeat the analysis for the main 306 

events (using the same time windows and frequency range) by setting their seismic moment and 307 

corner frequency to the values obtained from the EGF analysis and searching only for the quality 308 

(a) 

(b) 
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factor Q. The obtained results suggest a depth dependence of the Q values. We obtain QP =101±24 309 

and QS = 142±24 for earthquakes shallower than 5 km while QP =156±18 and QS = 222±33 for events 310 

deeper than 5 km.  311 

The integral in equation (5) is performed up to an upper frequency bound of 60 Hz and the result is 312 

further corrected for the frequency band limitation (Ide and Beroza, 2001) by considering the 313 

Boatwright source model and the corner frequency estimated at each station. The obtained values for 314 

both P- and S-waves are shown in Figure 7 suggesting an overall agreement with those reported by 315 

Abercrombie (1995), Ide et al. (2003), and Prejean and Ellsworth (2001). However, particularly for 316 

the P-wave, we note an underestimation of the energy at small seismic moments likely due to the 317 

narrow available frequency band or to underestimated Q.  318 

By using the estimated seismic energy for the S-wave we also computed the apparent stress 𝜏8 =319 

𝜇𝐸	 𝑀!⁄ (Wyss, 1979) (using a shear modulus 𝜇= 3.3x1010 Pa) and the Savage-Wood seismic 320 

efficiency 𝜂DE = 𝜏8 Δ𝜎⁄  (Beeler et al., 2003), which is proportional to the radiation efficiency 321 

(Husseini and Randall, 1976). 322 

 323 

 324 
Figure 7: Seismic energy E (black squares) as function of the seismic moment for P-wave (EP) (a) 325 

and for S-wave (ES) (b). The dashed lines refer to constat apparent stress values in MPa. The green 326 

dots, yellow diamonds, and pink triangles correspond to the results obtained by Abercrombie (1995), 327 

Ide et al. (2003), and Prejean and Ellsworth (2001), respectively. The ellipse in both panels indicates 328 

the energy shortage if a constant linear scaling is assumed.  329 

 330 

We report the resulting apparent stress values as function of the seismic moment in Figure 5b while 331 

the seismic efficiency values as function of the seismic moment are reported in Figure 8. The average 332 

apparent stress is 0.12 ±0.57 MPa whereas the average seismic efficiency 𝜂DE	is 0.052 ±0.1248, 333 
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which suggests the occurrence of dynamic overshoot: the final static stress is lower than the final 334 

dynamic stress likely due to inertia (e.g., Abercrombie and Rice, 2005; Kanamori and Rivera, 2004).  335 

Static stress drops and apparent stress allow us to compute the dynamic stress drop that, assuming 336 

that radiated energy is expressed as ER = (2Δσd - Δσ)Mo/2𝜇, is given by Δσd = τa + Δσ/2 (Kanamori 337 

and Heaton, 2000). Using the results obtained in the present study for the mean value of the static 338 

stress drop (Δσ = 6.5 MPa) and apparent stress (τa = 0.12 MPa), we obtain Δσd = 3.37 MPa, that is, the 339 

dynamic stress drop or the effective tectonic stress (Brune, 1970) is about 52% smaller than the static 340 

stress drop suggesting a significant dynamic overshoot during the earthquake rupture process. 341 

 342 

 343 
Figure 8. Savage-Wood efficiency as function of the seismic moment (grey circles). The horizontal 344 

dotted line indicates the 0.5 threshold, which limits the undershoot from overshoot dynamic 345 

weakening mechanisms. The green dots, yellow diamonds, and pink triangle correspond to the results 346 

obtained by Abercrombie (1995), Ide et al. (2003), and Prejean and Ellsworth (2001), respectively. 347 

 348 
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 349 
Figure 9. (a) Depth variation of the principal stress magnitudes σ₁ (black), σ₂ (green), and σ₃ (blue), 350 

and hydrostatic pressure (black dashed) in the Hengill area. (b) Ratio between static stress drop (Δσ) 351 

and shear strength S = (σ₁ − σ₃)/2 as a function of depth. Green dots represent the mean log(Δσ/S) 352 

value within each of the three selected depth intervals, with the corresponding standard deviation. (c) 353 

Percentage of effective normal stress (difference between lithostatic and hydrostatic pressure) 354 

released as static stress drop. This comparison highlights systematic differences between shallow and 355 

deeper events in terms of stress conditions and stress release efficiency. Green dots represent the 356 
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mean log(Δσ) value within each of the three selected depth intervals, with the corresponding standard 357 

deviation. 358 

 359 

 360 

 361 
Figure 10. Correlation analysis between b-value and static stress drop. (a) Linear fitting of static 362 

stress drop values versus b-values. Black continuous line represents the linear best fit on the whole 363 

dataset (grey dots) whereas dashed line the linear best fit on binned b-value data (blue squares) with 364 

associated uncertainty.  (b) Black dots represent the b-value together with the associated uncertainty 365 

whereas green squares represent the log of the static stress drop both plotted as function of time.  366 

 367 

5 Discussion 368 

The scaling relations obtained for the Hengill geothermal area in Iceland offer new insights into the 369 

source characteristics of earthquakes in a complex volcanic–geothermal environment. The observed 370 

seismic moment–corner frequency relationship departs from the trend predicted by self-similar 371 

models (e.g., Abercrombie, 1995), following instead the scaling MF ∝ 𝑓"
&(:<=).   372 

(a) 

(b) 
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For the analyzed seismicity we found that e~0.6 for the P-waves and e~0.7 for the S-waves. These 373 

deviations likely reflect the combined influence of variable stress drop, the role of pore-fluid pressure 374 

in earthquake triggering, and the presence of local structural heterogeneity associated with 375 

geothermal activity. In the Brune (1970) framework, where 𝐌𝐨 ∝ ∆𝛔𝒇𝒄&𝟑 for circular cracks, the 376 

observed steepening of the seismic moment versus corner frequency relation implies that ∆𝛔 ∝ 𝒇𝒄
(𝟑<𝜺) 377 

and hence a size-dependent stress drop,	∆𝛔 ∝ 𝑴𝒐

𝜺
𝟑%𝜺.	 The observed non-self-similar behavior suggests 378 

that rupture processes in the Hengill geothermal field are influenced by scale-dependent variations in 379 

strength and stress, consistent with previous findings from other geothermal and volcanic systems 380 

(e.g., Goertz-Allmann & Wiemer, 2013; Kwiatek et al., 2011; Convertito & De Matteis, 20025). 381 

Shallow events—more affected by strong velocity contrasts and active hydrothermal circulation—382 

are expected to show the largest deviations from ideal scaling, consistent with the enhanced scatter 383 

at small magnitudes observed in our dataset.  384 

Looking at the results shown in Figure 6, we found a depth dependence of the static stress drop in 385 

particular for events deeper than 6 km. Although it has been argued that such a dependence may arise 386 

from the fact that a single constant S-wave velocity is used when computing source radius and thus 387 

stress drop (Huang et al., 2017), this is not our case since we select for each earthquake the S-wave 388 

velocity corresponding to its depth from the 1D velocity model proposed by Grigoli et al. (2022). 389 

Therefore, the increase of the static stress drop is likely caused by the expected increase of the 390 

effective normal stress. Moreover, since the maximum depth reached by the injection wells in the 391 

area is less than 2 km, deeper events are likely tectonic earthquakes. The results therefore suggest 392 

that, at Hengill induced and tectonic earthquakes have different stress drops.  393 

Using the stress tensor orientations provided by Hensch et al. (2016) (σ₁: trend = 32°, plunge = 10°; 394 

σ₂: trend = 212°, plunge = 80°; σ₃: trend = 122°, plunge = 5°) in our study area, and a shape factor R 395 

= 0.51, we computed the σ₁, σ₂, and σ₃ stress magnitudes and their depth gradients (Figure 10a) 396 

following the approach proposed by De Matteis et al. (2024) and Convertito and De Matteis (2025). 397 

We adopt a friction coefficient μ = 0.75 and an average density ρ = 2800 kg/m³ (Decriem et al., 2010; 398 

Hensch et al., 2016). We also computed the stress magnitudes at the hypocenters of the earthquakes 399 

for which static stress drop (Δσ) estimates are available. Assuming that crustal shear strength is 400 

expressed as S = (σ₁ − σ₃) / 2, we calculated the ratio between Δσ  and S for each event (Figure 10b), 401 

and the percentage of effective normal stress (i.e., the difference between lithostatic pressure σᵥ = ρgz 402 

and hydrostatic pressure) that is released as static stress drop (Figure 10c). Both the Δσ/S ratio and 403 

the percentage of effective normal stress released differ systematically between shallow and deeper 404 

earthquakes. If Δσ and S increase proportionally with depth, the ratio should remain constant, 405 

indicating that the same triggering mechanism and energy release process operate at all depths. 406 

Instead, our results (Figure 10) show that this is not the case. Overall, these observations suggest that 407 

shallow earthquakes in Hengill nucleate and propagate in a fluid–weakened regime, whereas deeper 408 
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events are more controlled by ambient tectonic stress. In other words, the physical mechanism 409 

controlling rupture and energy release appears to shift with depth. 410 

A similar distinction between shallow and deep earthquakes is observed for the anelastic attenuation 411 

factor Q and also, but less markedly, for the VP/VS-ratio. We found that both QP and QS increase with 412 

depth. Specifically, QP =101±24 and QS = 142±24 for the earthquakes shallower than 5 km while QP 413 

=156±18 and QS = 222±33 for the events deeper than 5 km. The resulting QS/QP-ratio ranges between 414 

1.4 and 1.42 indicating the contribution of pore fluids to the anelastic attenuation of both P-and S-415 

waves. QP values smaller than QS have been observed from laboratory experiments by Toksoz et al. 416 

(1979) for partially fluid-saturated rocks. The presence of fluids and the thermal gradient have been 417 

used to explain the variability of the VP/Vs ratio observed in the tomographic models (Amoroso et 418 

al., 2022; Obermann et al., 2022).  419 

We also found that the scaled energy does not increase linearly with seismic moment but follows the 420 

relation E/Moµ𝑴𝟎
𝟎.𝟓𝟗±𝟎.𝟎𝟒, which is consistent with the observed non-self-similar scaling between 421 

seismic moment and corner frequency (Kanamori and Rivera, 2004). The departure is likely due to a 422 

difference in the static stress drop and rupture velocity among the earthquakes (Kanamori and Rivera, 423 

2004). 424 

The obtained value of the Savage and Wood efficiency 𝜼𝑺𝑾	is equal to 0.1(0.05,0.2), suggesting the 425 

occurrence of dynamic overshoot (e.g., Abercrombie and Rice, 2005), which is generally ascribed to 426 

inertia, propagation and arrest of expanding cracks (Beleer, 2006). A low radiation efficiency value 427 

has been interpreted as the fact that the radiated energy is very small with respect to total available 428 

budget of energy. Most of the available energy could be spent by dissipation mechanisms, such as, 429 

friction, creation of new fracture surface, permanent deformation, and fluid migration. The same 430 

conclusion is obtained from the analysis of the dynamic stress drop. 431 

To further investigate the differences outlined above, we consider an additional parameter: the b-432 

value of the Gutenberg–Richter relationship, which characterizes the relative occurrence of small 433 

versus large earthquakes within the analyzed dataset. In tectonic areas the b-value is close to 1 while 434 

it can assume larger value in volcanic areas (e.g., Wiemer et al., 1998; Convertito et al., 2025). It has 435 

been shown that the b-value increases with the degree of heterogeneity of the crust (Mogi et al.,1962) 436 

and temperature gradient (Wiemer et al., 1998; Warren et al., 1970) whereas it decreases with 437 

increasing differential stress (Scholz, 1968). Moreover, Urbancic et al. (1992) investigated possible 438 

space-time correlations between b values and several estimates of stress release such as static stress 439 

drop, dynamic stress drop, and apparent stress founding that a decrease of the b-value best correlates 440 

with dynamic stress drop.     441 

Following the approach proposed by Urbancic et al. (1992), we select a set of earthquakes enclosed 442 

in a sphere centered on each earthquake for which the static stress drop is available. The radius of the 443 

sphere is set to 6 km whereas the time spans 30 days before and after the origin time of the considered 444 
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event. For those events having at least 100 proximal earthquakes we compute the b-value using the 445 

b-more-positive technique (Lippiello and Petrillo, 2024), the uncertainty by using the Shin and Bolt 446 

(1982) approach. We compute both the linear fitting on the whole dataset and, following by Urbancic 447 

et al. (1992), a linear fit on the data obtained by applying a moving average. This latter allows to filter 448 

out statistical noise – due to the uncertainty of stress drop estimates in our case –, highlights the 449 

physical trend, and yields a more stable and interpretable fit. The results are shown in Figure 10 450 

indicating a slight positive correlation between the two parameters which, however, is not 451 

significative since the corresponding R-values are 0.0009 and 0.0113, respectively.  452 

 453 

5.1 Physical interpretation of b-value and stress drop correlation in Hengill 454 

Here, we would like to explain the observed non-negative correlation between the b-value and stress 455 

drop (Δσ) in the Hengill geothermal field. Indeed, negative values have been observed in several 456 

different tectonic settings. Our key hypothesis is that ductile, strongly rate-dependent deformation 457 

increases fracture energy 𝐺 with slip velocity suppressing earthquake cascades; thus, increasing the 458 

b-value. 459 

In ductile regimes, weakening mechanisms introduce a strong rate-dependence in the energy needed 460 

to promote fracturing (Cocco et al., 2023). We model this effect via a characteristic slip distance 461 

𝐷"(𝑣) = 𝐷"C(𝑣/𝑣C)Q, with α > 	0 (α is a dimensionless parameter quantifying the ductile effect) and 462 

𝑣 represents slip velocity (e.g., Nielsen et al., 2016). Such mechanisms are also observed in brittle 463 

regimes during large earthquakes, but they only play a negligible role in microseismicity. The fracture 464 

energy is found by integrating the weakening curve over slip s: 465 

 466 

																																			𝐺(𝑣) = ∫ (τ(𝑠) − τss)
B
C  𝑑𝑠 ∝ 𝑣Q								(6)                                                                                                        467 

 468 

Where τ(𝑠) is the shear stress and τss is the steady state shear stress on fault. For a circular crack, the 469 

energy balance (ST)
&

U
𝑟: ≳ 𝐺𝑟/	implies that a minimum triggered asperity size exists corresponding 470 

to a radius 𝑟min ∝
UY

(ST)&
∝ 𝑣Q.                                  471 

This makes dynamic propagation more difficult, as larger cascades are needed to trigger asperities 472 

with similar spatial extension. 473 

We model a fault system as a set of asperities following a size distribution 𝑛(𝑟) ∝ 𝑟&Z, where 𝛿 ≃ 3, 474 

representing fault structural heterogeneity (Cowie et al., 1995). By transforming the size distribution 475 

𝑛(𝑟) into a moment distribution 𝑛(𝑀C) using the relationship 𝑀C ∝ 𝑟:	(Udias et al., 2014), we obtain 476 

the Gutenberg-Richter power law exponent 𝛽[\9]]^_ =
`
:
+ /

:
− 1 = `&%

:
, which corresponds to a b-477 

value 𝑏brittle =
`&%
/
	≈ 	1. 478 
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The ductile, rate-dependent weakening suppresses the triggering of larger asperities, as their higher 479 

slip velocities face an increased fracture energy barrier according to Equation 6. We model this 480 

cascade-stopping effect with a triggering probability that decays with the asperity size: 𝑃cascade(𝑟) ∝481 

𝑟&i, where γ increases monotonically with α. Then, the distribution of sizes becomes 𝑛(𝑟) ∝ 𝑟&(`<i) 482 

resulting in a b-value  483 

 484 

																																																								𝑏ductile = 𝑏brittle +
i
/
								(7)                                                                                                                 485 

 486 

Therefore, the presence of ductile components increases the b-value by suppressing large cascades. 487 

To connect this result with stress drops, we refine the triggering probability to be 𝑃cascade ∝488 

(Δσ)k𝑟&i. This formula captures the idea that earthquakes associated with higher stress drops 489 

statistically produce larger stress perturbations nearby, hence increasing seismic productivity.  In 490 

brittle regimes (where α is smaller or negligible), higher Δσ efficiently promotes cascading, fostering 491 

larger events and lowering the b-value, so that  492 

 493 
∂𝑏brittle
∂Δσ ∝ −𝑚[ < 0					(8) 494 

 495 

Where 𝑚[ corresponds to the exponent m for brittle regimes. In ductile regimes, higher Δσ also 496 

increases the slip velocity 𝑣, thereby increasing the fracture energy 𝐺(𝑣) ∝ (Δσ)Q that must be 497 

overcome. This suppresses cascade efficiency, leading to 𝑚l ≈ 0 (m for ductile regimes) or 498 

potentially even negative. Consequently, 499 

 500 
∂𝑏ductile
∂Δσ ∝ −𝑚l ≳ 0				(9) 501 

 502 

In summary, above the brittle-ductile transition, high stress drops facilitate cascades, producing larger 503 

events and a lower b-value. In ductile settings like in Hengill, high stress drops are associated with 504 

intense rate-dependent dissipation, which reduces cascade propagation. This suppression of major 505 

earthquakes results in a higher b-value, potentially explaining null or positive correlations between 506 

the b-value and stress drops. 507 

 508 

6 Conclusions 509 

We have analyzed 8691 events with magnitude in the range (−0.8, 4.6) recorded at Hengill geothermal 510 

field in Iceland between 2018 and 2021to infer kinematic and dynamic seismic source properties. We 511 

have implemented both the individual earthquake approach and the EGFs approach, which allows to 512 
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reduce the possible trade-off between seismic source parameters, such as corner frequency and 513 

anelastic attenuation. 514 

We can summarize the main results and implications of our results as follows: 515 

• the scaling between seismic moment and corner frequency slightly deviates from the self-516 

similar predicted trend. 517 

• the mean static stress drop value of 6.5 ± 13.2 MPa is higher than the value of 4 MPa proposed 518 

for global tectonic earthquakes (Allmann and Shearer, 2009). 519 

• the observed depth dependence of the static stress drop suggests induced and tectonic 520 

earthquakes may have different stress drop. This is in contrast with the results provided by 521 

Huang et al. (2017) obtained analyzing induced and tectonic events record in Central United 522 

States and those obtained by Convertito and De Matteis (2025) from the analysis of the St. 523 

Gallen, Switzerland, induced earthquakes. 524 

• the ratio Δσ/S varies systematically with depth. Shallow earthquakes in Hengill appear to be 525 

strongly influenced by fluid-assisted weakening, whereas deeper events are more stress-526 

controlled. 527 

• low radiation efficiency indicates a positive dynamic overshoot, that is, the seismically 528 

radiated energy is only a small fraction of the total available energy. 529 

• in geothermal fields like Hengill, the correlation between b-value and stress drop reflects the 530 

contributing and sometimes dominant role of ductile processes. Higher stress drops require 531 

faster slip velocity, which in turn increases the fracture energy. This enhanced energy 532 

dissipation suppresses the rupture cascade necessary to create large earthquakes, resulting in 533 

a higher proportion of small events (higher b-value) despite the increased stress drop. Thus, a 534 

null or slightly positive b-value vs. stress drop correlation from a high dissipation in these 535 

specific geological settings. 536 

 537 
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