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Abstract 31 

The thermostatic mechanisms of Earth’s persistent habitability are far from resolved. High 32 
resolution C isotope records, with P accumulation and coarse fraction I/Ca over the Cenozoic, allow 33 
the recalculation and assessment of controls on the global proportional flux of organic carbon burial, 34 
a regulator of atmospheric CO2 and O2. Proportional Corg burial was suppressed during the 35 
hothouse of the Eocene, coincident with an oxygenated water column and low water column 36 
phosphate. With decreased sealevel, the area for efficient organic carbon burial diminished, leading 37 
increasingly to greater water column phosphate, higher primary productivity and emergent water 38 
column de-oxygenation. The influence of sealevel on the areal extent of high sedimentation inner 39 
shelf regions acts as a control on phosphate availability for new production, respiratory demand 40 
and ocean oxygenation, as proposed by Bjerrum et al., 2006 (1). During intermediate sea-level 41 
highs of the Paleocene, and Neogene, pulses of organic carbon burial prevailed for multi-million 42 
years, in response to the redox recycling of phosphate when oxygen minimum zones with O2 < ~ 43 
80 µmol/kg were present. A self-limiting intermediate sea-level sweet spot may exist for peak Corg 44 
burial due to redox recycling of phosphate, whereby OMZ waters with O2 < 80 µmol/kg impinge on 45 
the most Corg rich sediments of the continental shelf. This sweet spot has increasingly narrowed 46 
over Earth history due to the deepening OMZs stabilising both atmospheric O2 and CO2. 47 
Continental marine inundation controls on phosphate availability, and the sedimentary carbon flux, 48 
provide an inevitable positive feedback on the waxing and waning of ice sheets.  49 

. 50 

Significance Statement 51 

Unresolved mechanisms stabilise our planet’s atmosphere. Combined 60 Myr reconstructions of 52 
burial rates of organic carbon and phosphorus, and water column oxygenation reveal the first order 53 
feedback between the degree of continental shelf flooding and ocean productivity. Limited P 54 
availability at high sea-level, due to efficient inner shelf burial, starved the ocean sedimentary 55 
carbon sink, oxygenated the ocean and led to CO2 accumulation in the atmosphere. Lower sea-56 
levels harboured increasing P and emergent deoxygenated waters. The extent of interaction 57 
between low oxygen zones and shelf sediments define a sea-level “sweet-spot” for rapid burial of 58 
organic carbon via redox recycling of P. The geological deepening of the OMZs led to increasing 59 
stabilisation of CO2 and O2 in the atmosphere of the planet.  60 
 61 
Introduction 62 
 63 
Atmospheric Composition Thermostats 64 
Interacting redox feedbacks have rarely been considered as key drivers of atmosphere and ocean 65 
chemistry over the Cenozoic. A temperature dependent silicate weathering feedback (2) is thought 66 
to keep the sources of CO2 from the outgassing of volcanoes, and from organic matter weathering, 67 
in balance with the sedimentary sinks of CaCO3 and Corg. Similarly, a thermostat may regulate 68 
atmospheric O2 since any increase in oxidative weathering drives an increase in the burial rate of 69 
Corg, catalysed by the redox recycling of P, which self-rectifies due to oxygenation over multimillion 70 
year timescales (3). The burial rate of organic carbon acts as a link between these two thermostats 71 
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and their control on atmospheric CO2 and O2 by acting as a sink of carbon, and a source of oxygen 72 
to the atmosphere on long timescales (4).   73 
 74 
On long timescales, the amount of organic carbon produced in the ocean is assumed to be limited 75 
by the availability of phosphorus, supplied by continental weathering (5). Phosphorus is an 76 
irreplaceable nutrient utilised by all organisms (6). The intimate linkage between C and P during 77 
burial, limits extended periods of Corg burial in the past due to the efficient removal of phosphate so 78 
restricting further production of organic carbon (1). Phosphorus is buried in three main forms: Org-79 
P, Ca-P, and Fe-P. Under anoxic bottom waters, the burial of Org-P and/or Fe-P is suppressed (7-80 
9; reactive P pool Preac). The ratio of carbon to phosphorus in buried organic matter (Corg/ Preac) is 81 
~4000 for laminated shales deposited under anoxic conditions but only ~150 for bioturbated shales 82 
deposited under oxic conditions (10). Under anoxic conditions, the reduction of iron oxy-hydroxides 83 
to ferrous iron in solution, releases phosphate (9). Consequently, phosphate recycling to the water 84 
column is greater from carbon rich sediments overlain by oxygen depleted waters (7,9,10, 11, 12).  85 
 86 
The importance of the degree of inundation of the shelf as an amplifying feedback on climate has 87 
been considered in terms of the enhanced alkalinity of a lower sea-level ocean coined the “coral 88 
reef hypothesis” (13,14) and the impact of decreased sea level on carbon and phosphate burial 89 
during glacials (15). During low sea level more nutrients would have been transferred to the deep 90 
ocean resulting in higher phosphate concentrations and less dissolved oxygen. Bjerrum et al., 2006 91 
(1) used hypsographic modelling to show that a sea-level decrease of order of 200 m is sufficient 92 
to change the residence time of phosphate from ~ 10 kyrs to ~50 kyrs and to more than double the 93 
average ocean P concentration due to the decreased area available for efficient C and P burial in 94 
the shallowest sediments. Such a sea-level dependence of P availability on Corg burial is 95 
increasingly invoked to account for a significant fraction of CO2 oscillation during glacial-interglacial 96 
cycles (16-18). 97 
 98 
Here we demonstrate that the hypsographic models of ocean chemistry change due to sea-level 99 
and intimate couplings between the oxygen, phosphorus and carbon cycles are supported by data 100 
through the Cenozoic era. The sedimentary burial rate of carbon as both carbonate and organic 101 
carbon is significantly reduced during the Eocene hothouse, coincident with the period of highest 102 
atmospheric CO2 and suggests that an imbalance between weathering source and sedimentary 103 
sink led to an accumulation of carbon in the atmosphere. At this time, the ocean was highly 104 
oxygenated, as evidenced from I/Ca, suggestive that an inhibited sink of carbon to the sedimentary 105 
reservoir, as a result of extended phosphate starvation, was responsible for an imbalance in the 106 
carbon cycle and the Eocene hothouse world.  107 
 108 
 109 
Results 110 
 111 
Reconstruction of Fractional Burial Rates of Organic Carbon 112 
 113 
The size of the sedimentary organic carbon reservoir over time plays a fundamental role in the 114 
long-term oxidation of the Earth’s surface environment (19). Due to the ~25 ‰ C isotopic 115 
fractionation associated with fixation of carbon via Rubisco (20,21), the carbon isotopic composition 116 
of the ocean provides a uniquely global measure of the proportional rates of Corg burial relative to 117 
the CaCO3 sink, assuming the isotopic composition of the carbon input remains constant (22). The 118 
isotopic composition of the carbon input may change due to kerogen weathering (23) or to variance 119 
in the solid earth solid earth degassing signature (24) but the near consistency of the average 120 
ocean C isotopic composition at +2‰ over geological history suggests that the input has remained 121 
largely constant even through significant perturbation in tectonism and terrestrial biota.  122 
 123 
Mass balances of C fluxes are often calculated assuming that organic matter is buried with a 13C 124 
~ -25 lighter than the ocean. This fractionation factor is measured in the Rubisco enzyme isolated 125 
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from spinach and is not representative of algal Rubisco fractionation which may have evolved to 126 
be as small as ~ 11 ‰ (26). In order to circumvent such uncertainties in the magnitude of the 127 
fractionation associated with the diversity of affinity of Rubisco for CO2 fixation, it is possible to 128 
compile a record of marine Corg 13C. A new compilation, used for the reconstruction of pCO2, (27) 129 
also provides the most complete and continuous dataset of alkenone 13C. Alkenone 13C, has 130 
been shown to be consistently offset by 4 ‰ from the isotopic composition of the bulk cellular 131 
biomass (28) but provides an accurate measure of the 13C  of marine sedimentary Corg without 132 
contamination from terrestrial sources.  133 
 134 
Since approximately 32 Ma, the fractionation between coccolithophore produced organic matter 135 
and oceanic DIC, has decreased from ~ 24 ‰ to ~ 16 ‰, from extrapolation of pre and post 30 Ma 136 
data to a zero intercept (Fig S1). Such a trend towards a heavier isotopic composition of marine 137 
Corg towards the modern, is also captured at lower resolution by Hayes et al., 1999 (Fig. 1). Insight 138 
into size-dependent intracellular reservoirs of carbon (29) suggests that the alkenone producing 139 
coccolithophores have adapted on geological timescales to diminishing carbon availability by 140 
diminishing in size (30,31), with a trade off to faster division rate. This size adaptation also shrinks 141 
the internal cellular carbon pool, but keeps it full which allows a relaxation in the affinity of their 142 
Rubisco enzyme (32) with a concomitant reduction in enzymatic C isotopic fractionation (21, 33). 143 
As a result, the alkenone record, which is not species-specific, likely reflects the assemblage shift 144 
towards smaller, faster growing species with a relaxed Rubisco affinity for carbon and a diminished 145 
Rubisco fractionation factor. That the change in fractionation factor is 10 ‰ could reflect a switch 146 
in carbon substrate used from CO2 to HCO3

-. 147 
 148 
The fractional flux of Corg (FCorg) added to marine sediments for a given interval is: 149 
 150 

𝐹𝐶𝑜𝑟𝑔 =  [
𝛿𝑖𝑛−𝛿𝑐𝑎𝑟𝑏

𝛿𝑜𝑟𝑔−𝛿𝑐𝑎𝑟𝑏
]  151 

 152 
where δcarb = δ13C of carbonate deposition, δorg is the δ13C of Corg deposition, and δin is the mean 153 
isotopic composition of inputs to the ocean. Although Kump and Arthur, 1997 (35) suggest the use 154 
of the shallow record of carbonate 13C for mass balance calculation, these records tend to suffer 155 
from bias and vital effects (36,37). The high resolution benthic 13C splice of Westerhold et al., 156 
2021 (38), is used as a measure of the isotopic composition of the whole ocean.  157 
 158 
The records of 13Corg and 13Ccarb were interpolated to provide datasets at comparable resolution 159 
and age before calculation of the fractional burial of Corg. Linear regression between the 160 
fractionation and 13Ccarb (34) suggests that δin is not well constrained by the data, hinting at a lack 161 
of steady state. δin is taken to be -4 ‰, in accord with (23) and close to the value of volcanic 162 
degassing inputs (25).  For the calculation of proportional organic carbon burial rates, the input 163 
value of 13Cin only changes the relative burial rates and does not affect the trend. The uncertainty 164 
does not alter our results; they would be sensitive only to an undocumented time variance in this 165 
input. 166 
 167 
The fractional burial of organic C shows a number of peaks and troughs with a multi-million year 168 
wavelength varying in amplitude, around a mean value of a fifth of the carbon sink buried as organic 169 
carbon (Fig. 2). The peaks of relative organic carbon burial are all associated with sea-level highs, 170 
but not all sea-level highs are associated with peaks of relative organic carbon burial. Most notably, 171 
although there are small steps up in the fractional organic carbon burial rate ~50 Ma, and ~ 35 Ma 172 
associated with the peaks in sealevel during this period, the amplitude of these cycles is more 173 
muted than for the sealevel highs in the early Palaeocene, and in the late Oligo-Miocene. The 174 
individual peaks in Corg burial are supported by additional sedimentary evidence. The peak centred 175 
around 6 Myrs coincides with the “biogenic bloom” (39-41); and that around 15 Myrs with the 176 
Monterey event associated with large-scale economic reservoirs (42,43). The Paleocene-Eocene 177 
is known as a time of enhanced Corg burial (44,45) and high inferred productivity and Corg burial 178 
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characterise the Oligo-Miocene (23 Myrs) (46). The rise in pO2 associated with pulses of 179 
proportional Corg burial, is coincident with, and could have permitted significant non-allometric shifts 180 
in brain-body size of mammals and birds in the aftermath of the K/Pg extinction during the 181 
Paleocene, and early Neogene ~ 23 Ma (47). 182 
 183 
The Eocene suppression in proportional Corg burial from ~ 55 Ma to 26 Ma from the average of 0.2 184 
down to an extended period of 0.15 is also supported by the identification of “missing Corg” in 185 
Eocene marine sediments where Corg burial was depressed by an order of magnitude compared to 186 
modern (48). Overall, our record suggests that an increase in proportional Corg burial is generally 187 
associated with sealevel rise during the Cenozoic, except for an extended period from ~ 50 Myrs 188 
to ~ 30 Ma when the proportional burial rates are suppressed significantly.  This period is 189 
characterised, in part, by some of the highest sea-levels of the last ~65 Myrs during the Eocene at 190 
over 60 m above current sea-levels. 191 
 192 
Our reconstructed changes in Corg burial, calculated using a methodology sensitive to global burial 193 
rates challenge earlier estimates based on sedimentary budgets (17, 49). The burial rate of Corg is 194 
highly laterally heterogeneous and the majority of burial is constrained to narrow but areally 195 
extensive high sedimentation rate inner shelf regions. Sedimentary budgets are susceptible to 196 
regional bias and suffer from challenges in the accuracy of accumulation rates from age scales. 197 
 198 
Sea-level mediated phosphate and organic carbon burial 199 
 200 
A likely driver of the Corg burial rate record is the sea-level dependence on the availability of 201 
phosphate (1, 50). The lowest biogenic P accumulation rates (from (51)), a measure of Preac, extend 202 
between 48 Ma and 30 Ma, for the same period as the lowest fractional burial rates of Corg (Fig. 2). 203 
Increased sea-levels led to a reduced global ocean concentration of phosphate due to higher inner 204 
shelf area for efficient Corg burial, and vice versa. A high sea-level P-limitation of global productivity 205 
therefore accounts for the first order observation of depressed Corg burial during the highest sea-206 
levels of the Eocene, relative to the rest of the Cenozoic, a scenario that persisted for a few millions 207 
of years. 208 
 209 
That low biogenic P accumulation measures water column phosphate availability is well supported 210 
by an association between low biogenic P accumulation and oligotrophy. The increasing 211 
oligotrophy of the calcifying taxa through the Eocene (52) and a predominance of large heavily 212 
calcified forms (e.g. 37) characterised by low growth rates are suggestive of adaptation to low 213 
nutrient, high CO2 conditions. The P accumulation rates also suggest an extended period of P 214 
limitation during the late Cretaceous. The Late Cretaceous was also dominated by phytoplankton 215 
adapted to oligotrophic conditions when sea level was thought to still be ~100 m above present 216 
(53, 54).  217 
 218 
There is also a correlation of higher biogenic P accumulation rates (51) with periods of extended 219 
reconstructed fractional Corg burial (Fig. 2) and higher sea-levels. The maintenance of a higher than 220 
average burial rate of Corg for any extended multi-million year timescale is challenging due to the 221 
short residence time of dissolved inorganic phosphate in the ocean (<100 kyr but could be as short 222 
as 12-17 kyrs (11). In order to explain the apparently extended pulses of Corg fractional burial over 223 
3-5 Myrs accompanying sea-level highs, outside of the Eocene highstand, it is necessary to appeal 224 
to mechanisms which allow replenishment of phosphate into the water column that can then sustain 225 
prolonged multi-million year periods of Corg burial, through effectively changing the Corg: Preac ratio.  226 
 227 
The redox sensitive recycling and replenishment of phosphorus, dependent on the oxygen content 228 
of the water column (1, 7, 11, 12, 52) could maintain extended periods of Corg deposition. The 229 
elevated Corg:Preac leads to more organic carbon burial per unit P delivered to the ocean. As sea-230 
levels recede, the inner shelf area for efficient Corg burial decreases, and oceanic P availability 231 
increases leading to a greater productivity of Corg and a greater respiratory burden for the water 232 
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column, given the lower accommodation space for burial (1). Decreased water column oxygenation 233 
therefore emerges in response to declining sea-levels and can be driven towards a threshold of 234 
oceanic oxygen concentration < ~ 80-100 µmol/kg, a key trigger for a change in phosphate 235 
behaviour. Beneath this threshold, phosphate release from sedimentary Org-P, and Fe-P is 236 
initiated. The flux of phosphate release then scales with increasingly depleted oxygen concentration 237 
such that it acts as a positive feedback, fuelling further productivity, further water column oxygen 238 
demand and even greater phosphate release. At high water column O2 concentrations, phosphate 239 
is adsorbed onto iron oxyhydroxides and Corg burial results in a low Corg/ Preac burial ratio with 240 
phosphate locked away in sediments.  241 
  242 
OMZ presence, P availability and Sea-level 243 
 244 
It is possible to test this mechanism of redox-sensitive recycling of P as a driver of extended Corg 245 
burial using planktic foraminiferal I/Ca, a proxy for past water column O2 concentrations (56). The 246 
principal of the proxy is that the speciation of iodine between the I- ion and the IO3

- ion is sensitive 247 
to O2 availability such that the reduction of IO3

- to I- is often observed in oxygen minimum zones. It 248 
is only the IO3

- ion that substitutes for the CO3
2- and is incorporated into calcium carbonate fossils 249 

such as planktic foraminifera. Higher I/Ca ratios, in principle, indicate higher degrees of water 250 
column oxygenation. Existing core-top data show that planktic I/Ca decreases from >6 µmol/mol 251 
down to <3 µmol/mol in water columns containing O2 beneath < 80–100 µmol/kg (57, 58); the same 252 
oxygen concentration threshold as that proposed for the anoxia-related release of reactive 253 
phosphate back to the water column. Therefore, planktic I/Ca can serve as an independent 254 
constraint on the connection between P accumulation rates and the reconstructed fractional Corg 255 
burial (Fig. 2). 256 
 257 
We have measured the coarse fraction (mixed species planktic foraminifera) I/Ca over the 258 
Cenozoic from Southern Atlantic Ocean (ODP Site 1262 and 1264). I/Ca is highest during the 259 
period of 30-50 Ma with values of ~ 8-10 µmol/mol and trends to lower values from 30 Ma towards 260 
the modern day with additional fluctuations above the ~ 2 µmol/mol background to values of ~ 4 261 
µmol/mol at ~ 20, 10 and in the last 2-3 Myrs.  The high iodine concentrations in the Eocene, 262 
combined with existing calibrations, suggest that the O2 content of the upper water column from 30 263 
to 48 Ma was above the 80-100 µmol/kg threshold for elevated I/Ca, qualitatively indicating that 264 
oxygen minimum zones were absent during the Eocene (Fig. 2). The decline in I/Ca beneath values 265 
of ~ 4 µmol/mol suggests that OMZs, with water column O2 < 80 µmol/kg emerged and intensifed 266 
at lower sea-levels during the Paleocene, and from the Oligocene onwards.   267 
 268 
Taking I/Ca as a measure of the oxygenation of the water column, then these records suggest an 269 
elevated water column oxygen content above the critical threshold of 80-100 µmol/kg during the 270 
Eocene. Due to the highest sea-levels from 33-48 Ma, at about 50-66 m above present day 271 
sealevel, organic carbon was most efficiently buried in the shallow high sedimentation rate waters 272 
of the inundated continental shelf, alongside the burial of reactive phosphate, leading to starvation 273 
of ocean productivity by phosphate limitation and little organic carbon for water column respiratory 274 
demand (Fig. 3) (1). Therefore the ocean harboured the lowest productivity, and the water column 275 
became highly oxygenated in accord with the N isotopic signature during Cenozoic warm periods 276 
(59).   277 
  278 
For the rest of the Cenozoic, lower sea-levels led to a greater availability of phosphate, and so a 279 
greater proportion of increased organic carbon productivity for remineralisation and a decrease in 280 
the oxygen content of the water column. In this context, each individual period of sea-level rise on 281 
the order of 20-30m above modern, was associated with an extended multi-million year pulse of 282 
organic carbon burial, and a hint of lower I/Ca ratios (Fig. 2). This is suggestive that at these sea-283 
levels, there was sufficient phosphate availability to drive extensive areas of the ocean close to but 284 
slightly above the threshold O2 content value of ~ 80-100 µmol/kg allowing effective recycling of 285 
phosphate back into the ocean (Fig. 3). It was only over a narrow range of weathering flux of 286 
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phosphate that a small increment in P input resulted in significant extended periods of Corg burial, 287 
where the initial steady state oxygen concentration of the intermediate depth waters were close to 288 
this critical oxygen concentration (80 µmol/kg) (Fig. 4).  289 
 290 
Discussion  291 
 292 
An Organic Carbon Burial Sweet-spot 293 
 294 
As sea-levels dropped beneath intermediate sea-levels (+20-30m compared to today) towards the 295 
modern, the ocean should become so phosphate rich that it tended towards complete anoxia with 296 
no further amplification of phosphate release (Fig. 4).  The deep ocean remained largely oxic during 297 
the Cenozoic. The Cenozoic record of Corg burial suggests that the relationship between sea-level 298 
and Corg burial is non-linear with low Corg burial rates at the extremes of high and low sea-level and 299 
highest burial fluxes at intermediate sea-level. 300 
 301 
In order for phosphate to be effectively remobilised by oxygen minimum zones (OMZs) and catalyse 302 
extended periods of ocean productivity, then the OMZs must impinge on Corg rich sediments, 303 
predominantly on the continental shelf, yielding the highest rate of redox dependent rerelease of 304 
phosphate from those organic-rich sediments (Fig. 4). With greater sea-level recession, the OMZs 305 
may drop deeper than the depths of the Corg rich sediments of the continental shelf. This is the 306 
situation in the modern ocean, where the tops of the OMZs are largely deeper than the continental 307 
shelf (60), then P remobilisation is limited. At these lower sea-levels, with the decline in shelf area 308 
for Corg burial, a greater proportion of carbon must be remineralised in the water column, and 309 
ultimately buried as CaCO3 together with alkalinity. This results in a longer residence time of carbon 310 
(and alkalinity) in the ocean and a greater sensitivity of ocean carbon storage to physical and 311 
biological processes. In our record, the optima for OMZ coincident with Corg rich continental shelf 312 
sediments, and propagated Corg burial appears to be close to ~ 20-40m above sea-level (Fig. 2). 313 
At this height, the top of the OMZ is present ~100-150 m deeper than the sea-level (61), but 314 
impinges on the continental shelf (maximum depth~ -120 m) allowing a maximum of Corg burial. 315 
 316 
Implications for the total sedimentary carbon sink 317 
 318 
Given the link between P limitation of the Corg flux to sediments, and high CO2 in the atmosphere 319 
during the Eocene, it is plausible that a deceleration in the sedimentary carbon sink led to 320 
accumulation of ocean-atmosphere CO2. The Eocene experienced a dearth of pelagic carbonate 321 
accumulation (62, 63; Fig S2) with an uptick in accumulation starting ~ 40 Ma, coincident with a 322 
rise in the Sr isotope curve (64) and inferred P influx (65).  The pelagic carbonate vertical 323 
accumulation rate is inversely related to the Corg burial (Fig. S2), suggestive that the pelagic flux 324 
dominates over the shelf flux at least from 40 Ma, and sea-level partitions the form of carbon buried.  325 
The deep sea carbonate accumulation rate appears responsive to P availability and excess carbon 326 
and alkalinity from shelf loss. The basin-wide pelagic flux accounting for accumulation and area 327 
above the CCD suggests a significant increase in the sedimentary carbon sink towards the modern 328 
(SI text, 63, Fig 5, Fig S3). Low resolution records suggest that the decline in tropical shelf 329 
accumulation (66) is of a similar magnitude to the increase in pelagic accumulation such that there 330 
may have been compensation between these two carbonate sinks (Fig. 5). Assuming the CaCO3 331 
sink remains constant, or is always in balance with the weathering flux, the maximum change in 332 
the proportional Corg flux from 0.15 to 0.3 represents only ~ 20% increase in the total C sink, or an 333 
increase by 20% of imbalance between the sink relative to the supply. The pulsed organic carbon 334 
“burial events’ persist for just 5 Myrs (Fig. 5). These short-lived increases in the C sink are beneath 335 
the threshold to drive sufficient imbalance for a runaway icehouse (67). It is likely that the P 336 
starvation of the Eocene ocean was alleviated increasingly towards the modern promoting a higher 337 
total sedimentary flux of Corg and CaCO3 and pulsed Corg burial events. Sea-level represents a 338 
major carbon cycle feedback via its influence on the availability of P for driving the carbon sink 339 
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which acts as a positive feedback both on ice sheet growth with increasing sedimentary carbon 340 
sinks, and on ice sheet retreat, with declining carbon sinks 341 
 342 
Negative Carbon Cycle Feedbacks 343 
The positive feedback between sea-level and the total carbon sink, accelerated during the periods 344 
of elevated Corg burial rates due to the redox recycling of P at intermediate sea-levels, requires 345 
similar rate dependent negative feedbacks to rectify the system. A slow-down in weathering with 346 
cooling and and ice sheet growth, would reduce the supply of phosphate to the ocean and slow the 347 
sedimentary carbon flux. This feedback may have an upper threshold since high weathering rates 348 
at high sea-levels persistently trap phosphate in inner shelf sediments and limit the carbon sink. 349 
Increasingly high phosphate concentrations at lower sea-levels, alternatively, may inhibit both the 350 
carbonate shelf and pelagic accumulation rates. Coccolithophores grown at high phosphate 351 
decrease their calcification rate (68), because cell division becomes too fast for the diffusive carbon 352 
supply rate for calcification such that calcite/cell decreases (69,70). Since the Eocene, 353 
coccolithophores have shrunk (30), with higher growth rates (71) and lower calcification intensities 354 
(31) in concert with decreased vertical accumulation rates (Fig. S2). Pelagic carbonate 355 
accumulation rates could provide a CO2 dependent feedback to the system (Figure 5, S2) with the 356 
calcification/cell paralleling the evolution of the CO2:P of the ocean and slowing down the carbon 357 
sink. At very low sea-levels and in the absence of significant Corg burial on the shelf, slow pelagic 358 
accumulation leads to a rectifying build-up of CO2 in the atmosphere.  359 
 360 
The intermediate shelf-area sweet-spot for high organic C burial rates must be inherently self-361 
limiting due to draw-down in atmospheric CO2. Cooling deepens the OMZs through the temperature 362 
dependence of remineralisation rates (72,73), or through decreased sea-level from ice sheet 363 
growth, sliding the OMZs off the continental shelf and deeper than the optimal P rerelease. 364 
Alternatively, redox P-release may be limited by a slower negative feedback due to elevated 365 
atmospheric oxygen from high organic carbon burial which reoxygenates the ocean [3, 9]; invoked 366 
to generate self-sustaining oscillations (74). This oscillation may apply to the Cenozoic cycles in 367 
proportional organic C burial, with an approximate wave length of ~5 Myrs, before and after the 368 
Eocene period of P starvation. 369 
 370 
Broader Implications 371 
The flux of carbon and phosphate to shelf sediments is an inescapable positive feedback on sea-372 
level change, particularly during reduced continental shelf flooding and glaciation. On shorter 373 
timescales, the inundated continental shelf of the interglacial periods, yields higher Corg burial rates, 374 
more positive 13C (74), and a natural oscillation back to a lower CO2 glaciation (16, 76, 77).  375 
 376 
The sweetspot that allows enhanced organic carbon burial for multi-millions of years through redox 377 
recycling of P requires a rather unique set of ingredients: sufficient P weathering, an O2 threshold 378 
of 80-100 µmol/kg in the water column, and a depth of the O2 minimum that impinges on plentiful 379 
organic rich sediments on an areally extensive (tropical) continental shelf. Significant low latitude 380 
continental land mass, tectonism (78) or life on land to accelerate P input (79) and a biological 381 
pump dominated by eukaryotes (80, 81) yielding a shallow OMZ, may be prerequisites for 382 
significant atmospheric O2 build up, inevitably accompanied by significant glaciation. For any given 383 
sea-level, and phosphate supply, shallow OMZs, would have impinged at shallower depths of the 384 
continental shelf, typically containing a higher fraction of Corg and P for redox recycling due to the 385 
high coastal sedimentation rate. Consequently, the ocean would have been more closely poised to 386 
the threshold to allow extensive Corg burial for small changes in sea-level or perturbations to the P 387 
budget (82). With shallower OMZs, there was a much greater areal extent of the continental shelves 388 
for persistent phosphate release during sea-level retreat allowing greater redox recycling of P for 389 
longer before inhibition of the organic carbon burial cycle by build up of atmospheric oxygen. Such 390 
a mechanism speaks to the pulsed nature of O2 build up and would have resulted in much higher 391 
amplitude glaciations, potentially contributing to the potential for Snowball Earth (83). Glaciations 392 
have become more muted as O2 has accumulated in the atmosphere and since the deepening of 393 
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the OMZs across the Mesozoic boundary (84) due to the rise of the mineralised plankton. The 394 
sweetspot for organic carbon burial has become much narrower over time, increasingly stabilising 395 
the climate and atmosphere.  396 
 397 
Conclusions 398 
Records of fractional burial of Corg are consistent with a persistent positive feedback on the size of 399 
the carbon sink as the Earth became more glaciated during the Cenozoic. The Eocene ocean was 400 
starved of P by the degree of continental shelf inundation effectively trapping the P with the highly 401 
efficient shallow Corg burial. With declining sealevels, and reduced area of continental shelf 402 
inundation, P becomes increasingly available to the ocean, elevating the oxygen demand of the 403 
water column until the OMZs emerged in the aftermath of the Eocene/Oligocene Boundary. The 404 
presence of subsurface waters with an O2 content less than 80 µmol/kg , impinging on the Corg rich 405 
sediments of the continental shelf may represent a rapid feedback on carbon burial. At these sea-406 
levels, ~ 30m above modern, Corg burial persists for timescales > 1 million years due to the redox 407 
recycling of phosphate; a scenario which is likely self-limiting. This record demonstrates that pulsed 408 
burial of organic carbon is a persistent feature of glaciated worlds. At lower sea-levels still, this 409 
rerelease of P is more limited if the OMZs are deeper than the continental shelf break; akin to the 410 
modern day. As a result, the modern ocean reflects a more anoxic water column than that 411 
experienced in the Eocene, and likely through the Mesozoic, which counterintuitively harbour the 412 
most oxygenated waters coincident with the warmest periods, and highest sea-levels. The 413 
deepening of the OMZs through time, was a key factor in stabilising the climate of the Earth system. 414 
 415 
 416 
Materials and Methods 417 
 418 
Foraminifera cleaning and I/Ca Analysis 419 
ODP Sites are located on the Walvis Ridge with ODP Site 1262 from 27o 11.15’ S 1o34.62’ E, 4755 420 
m water depth and ODP Site 1264 from 28o 31.95’S 2o 50.73’ E and 2505 m water depth. 3–5 mg 421 
of coarse fraction material (>63 μm) for each sample, was weighed, crushed, and rinsed with 422 
deionized water to remove residual pore water before dissolution. A previous study (Zhou et al., 423 
2014, Paleoceanography) showed that the coarse fraction without further cleaning by oxidative or 424 
reductive reagents was sufficient to capture the same trend in I/Ca as cleaned single genus planktic 425 
foraminiferal measurements. I/Ca was measured on a quadrupole inductively coupled plasma 426 
mass spectrometry (Bruker M90) at Syracuse University. Carbonate samples were dissolved in 3% 427 
nitric acid and diluted to form solutions with ~50 ppm Ca for analyses. Fresh calibration standards, 428 
matching the sample matrix, were prepared for every batch of samples. The precision of 127I is 429 
typically better than 1% and is not reported separately for each sample. The long-term accuracy is 430 
guaranteed by frequent repeats of the reference material JCp-1. The detection limit of I/Ca is 431 
typically below 0.1 μmol/mol. The I/Ca measurement were placed on the age model of (24). 432 
 433 
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Figures 672 
 673 

 674 
 675 
Figure 1. Compiled records of carbon isotopes in benthic foraminifera, blue, (24), alkenones, 676 
green, corrected for their 4.2 ‰ offset from biomass (27) including interpolated low resolution 677 
phytane (85) for the oldest parts of this record, and the longer term compilation of 13C of Corg, 678 
grey, from (22) plotted as interpolated data to obtain a common timescale. 679 
 680 
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 685 
 686 
 687 
Figure 2. Records of sea-level (86), blue; reconstructed proportional burial flux of Corg based on 688 
the alkenone 13C record showing small green individual datapoints and an interpolated curve; an 689 
interpolated record of I/Ca of the coarse fraction from site 1264 spliced with 1262 in the South 690 
Atlantic (open purple circles) (this study) and biogenic P accumulation in sediments with <5 wt% 691 
Al2O3, a measure of Preac (black, 51). The dark grey bars highlight the periods of time with higher 692 
proportional Corg burial, higher sea-levels, higher biogenic P accumulation, and lower water 693 
column oxygen concentration. The light grey bars highlight the periods of higher sea-level 694 
fluctuations unmatched by Corg burial. During this period, biogenic P accumulation is low and 695 
water column I/Ca is high. The red and blue circles denote the events (Paleocene Pa, Eocene 696 
Eo, and Neogene, Ne) which are then plotted on Figure 4. 697 
 698 
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 701 
 702 

 703 
 704 
 705 
 706 
 707 
Figure 3: A schematic to denote the apparent sweet spot for Corg burial. P is most efficiently 708 
buried at the highest sea-levels with the greatest area of shallow coastal sediments which 709 
restricts organic carbon production. At lower sea-levels, P is more available for the production of 710 
Corg which increases the respiratory burden of the water column leading to the emergence of an 711 
oxygen minimum zone. At water column O2 concentrations < 80 µmol/kg P rerelease is triggered 712 
which allows extensive Corg burial. This is most effective when those minimum O2 waters impinge 713 
still on the Corg rich sediments of the continental shelf. At lower sea-levels still, the OMZs drop 714 
beneath the continental shelf, and lie in contact with much lower Corg content sediments 715 
restricting P rerelease, as is the case in the modern ocean.  716 
 717 
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18 

 

Figure 4. Schematic adapted from (1) to show the minimum water column oxygen concentration 719 
versus the input phosphate whereby thermocline waters close to a critical oxygen concentration 720 
(~ 80 µmol/kg), with a small additional input of P (black arrows), can lead to a threshold behaviour 721 
in Corg burial. This critical oxygen concentration is sensitive to the weathering inputs of phosphate, 722 
which dictate the oxygen demand of organic matter produced; or to the temperature dependence 723 
of the solubility of oxygen in the water column, or to the atmospheric oxygen content.  Small P 724 
increases to the ocean from erosion or residence time changes associated with sea-level rise or 725 
fall, can be amplified through the redox release of P from coastal sediments, and lead to a 726 
significant increase in organic carbon burial. Also plotted in the red and blue circles is the 727 
approximate position of the climate system before the sea-level rise events identified in Figure 2 728 
with respect to the threshold, with arrows indicating the perturbation by a small P input. For short 729 
term perturbations, the system naturally rectifies by burying sufficient carbon to either decrease 730 
sea-level and move the OMZs off the continental shelf, or decreasing temperature which raises 731 
the O2 content of the water column. On longer timescales, the build up of O2 from the burial of 732 
Corg, raises the O2 content of the water column and rectifies the system. Also shown, in grey, are 733 
illustrations of how the threshold may move with lower atmospheric O2 contents, or much warmer 734 
water columns with lower O2 concentrations due to solubility. Although this schematic suggests 735 
that the ocean tends to anoxia with even greater P input, as discussed and shown in Fig 3, it is 736 
likely that the deepening of the OMZs beyond the continental shelf represents a lower threshold 737 
to the behaviour. 738 
 739 
 740 
 741 
 742 
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 744 
 745 

Fig 5: Reconstructed pCO2 from B isotopes (purple dots), with calculated flux to the carbon sink 746 
in the form of shelf carbonate (light blue), Atlantic basin pelagic carbonate accounting for the area 747 
of seafloor above the CCD (dark blue, 63), and Corg flux (dark green) from proportional burial 748 
rates and assuming that the global CaCO3 flux remains constant and is compensated between 749 
the shelf and the deep ocean. The total C flux in black (SI) is a qualitative estimate since the 750 
pelagic burial rates, dominated by the Atlantic have not included the Indian and Pacific Oceans. 751 
 752 
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Supporting Information Text 791 

 792 
Calculation of Change in Total C flux Assuming CaCO3 flux remains constant 793 
  794 
In order to translate the proportional Corg flux into a quantitative flux, it is necessary to constrain the 795 
total flux of carbon out of the ocean. This can be done by assuming that the carbon flux out of the 796 
ocean matches that of the weathering flux into the ocean and the system is at steady state with no 797 
imbalance. This Cenozoic weathering flux has been modelled to decrease (1), increase (2) or stay 798 
approximately the same (3) over the Cenozoic and so it is hard to resolve the trend. Alternatively, 799 
it is possible to compile records of carbonate outputs from pelagic records (4) and integrate with 800 
records of shelf carbonate accumulation (5) from the degree of flooding (6) with proportion of 801 
continental shelf that is tropical and carbonate accumulating shelf, and using the long term 802 
Phanerozoic average vertical accumulation rate of ~ 25 m/Myrs (7) with 90% porosity. This 803 
calculation suggests that the total CaCO3 flux, combining shelf and pelagic carbonate burial, has 804 
to a first order, remained approximately the same over the Cenozoic at ~ 110 PgC/kyrs (Fig 5) but 805 
has changed its partitioning between the shelf and the deep ocean. We note that the carbonate 806 
burial flux is likely an underestimate since it has not included a comprehensive estimate of flux and 807 
area above the CCD in the Indian and Pacific Ocean. Nonetheless the Atlantic basin accounts for 808 
the majority of carbonate burial. We have added one further figure trying to account for the Pacific 809 
fraction of CaCO3 burial by scaling the burial according to the surface area of the Atlantic and 810 
Pacific Oceans (Fig. S3). There is sufficient uncertainty in these basin wide estimates, and area 811 
above the CCD at different times in Earth history that the first order assumption of total CaCO3 flux 812 
staying constant or at least in balance with weathering appears most valid. The Corg burial rate then 813 
reflects the “fast” response of the carbon cycle which can drive an imbalance between CO2 source 814 
and CO2 sink.  815 
 816 
 817 
The apparent partitioning of carbon between the shelf and the deep ocean with a constant total 818 
CaCO3 accumulation leads to the very simple equation that shows the implication of a change in 819 
our proportional burial for the total carbon burial sink (T): 820 
 821 
0.30T1 + 0.7T1 = T1 822 
0.15T2 + 0.85T2 = T2 823 
 824 
If the larger proportional burial, the flux of carbonate remains constant as it is partitioned between 825 
the shelf and the deep-sea then: 826 
 827 

𝑇1

𝑇2
=  

0.85

0.7
= 1.21 828 

 829 
 830 
 831 
 832 
 833 
<insert page break then Fig. S1 here> 834 
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Figures 835 

 836 

 837 

Fig. S1. A plot of 13Ccarb v 13Ccarb-org separating the data by pre (green) and post 32 Myrs (blue) 838 
compared to the whole dataset. The intercepts at 13Ccarb-org = 0 indicate the Rubisco fractionation 839 
factor for the different times and are suggestive that the Rubisco fractionation factor of the 840 
dominant alkenone producing phytoplankton diminished from ~ 24 ‰ to ~ 16 ‰ across the 841 
Eocene-Oligocene Boundary. That this shift is approximately ~ 10 ‰ could also imply that, 842 
coincidentally, the younger alkenone producing algae were better able to utilize the 10 ‰ heavier 843 
HCO3

- ion for photosynthesis compared to CO2. 844 

 845 
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 847 

Figure S2. The average deep sea carbonate accumulation rate for the Atlantic compiled by (63) 848 
as a measure of carbonate productivity and vertical accumulation rate over the Cenozoic. The 849 
CaCO3 mass accumulation rate (MAR) record is uncorrected for increasing area above the CCD 850 
towards the modern, plotted alongside the total Corg burial flux assuming a constant total CaCO3 851 
flux over time, and shows an inverse relationship such that the burial partitioning between 852 
different forms of carbon depends on sea-level either directly, or indirectly via the sea-level 853 
influence on P. The inverse relationship which is apparent most clearly after 40 Ma, suggests that 854 
the pelagic carbonate flux is greater than the shelf flux for that period and therefore drives the 855 
inverse relationship. Both records show low burial rates during the peak of Eocene warmth. The 856 
flux of carbonate to the sediments increases when sea-levels decrease but the magnitude of the 857 
pulse of carbonate appears to be dependent on CO2 such that there are larger pulses of 858 
carbonate at times of high CO2. 859 

 860 

 861 
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 866 
 867 
 868 

 869 
 870 
 871 
Fig S3: pCO2 (upper panel) plotted alongside reconstructed carbon sinks, with the Corg sink 872 
(green), the pelagic carbon burial (orange) assuming that the CaCO3 flux scales with the 873 
additional surface area of the Pacific, the same assumptions as Figure 5 for the shelf burial 874 
(yellow), and calculating the total C sink (black).  875 
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