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ABSTRACT 10 

Soil moisture anomalies can influence large-scale atmospheric circulation and thereby 11 

affect remote regions. However, the seasonal and geographical dependence of these 12 

circulation responses has been largely unexplored. Here, we conduct idealized experiments 13 

with a Linear Baroclinic Model, imposing identical low-level diabatic heating anomalies 14 

across global land to examine atmospheric circulation responses to persistent drought-like 15 

heating. Responses are generally strongest in winter, weakest in summer and are 16 

characterized by an upper-level anticyclonic anomaly displaced northeastward from the 17 

heating source, with the largest displacement in spring.  18 

Several hotspots emerge from our analysis: heating over the Great Plains, Tibetan 19 

Plateau, southeastern South America, and Australia produces substantially stronger 20 

circulation responses than heating elsewhere. These stronger responses are associated with 21 

enhanced vertical motion, reflecting strong low-level convergence and upper-level 22 

divergence. The hotspot regions are characterized by lower climatological static stability and 23 

enhanced warm advection. Warm advection is strongest when the imposed heating is located 24 

near elevated terrain and the upper-level jet, where strong temperature and circulation 25 

perturbations interact with intense upper-level westerlies. Perturbed temperature gradients 26 

contribute to the northeastward displacement of the upper-level response through thermal 27 

wind balance. Our results suggest that sustained heating in these hotspot regions can generate 28 

strong atmospheric circulation anomalies, providing a dynamical pathway for drought 29 

amplification and spatiotemporal propagation. 30 

SIGNIFICANCE STATEMENT 31 
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1. Introduction 36 

Soil moisture is a key variable in the climate system, providing a link between land 37 

surface and atmosphere (Seneviratne et al., 2010). Studies on land-atmosphere interaction 38 

have largely focused on the role of soil moisture in local atmospheric variables. Soil moisture 39 

anomalies modulate evaporation and thereby affect the partitioning of net surface shortwave 40 

radiation between latent and sensible heat fluxes (Betts et al., 1996; Santanello et al., 2018). 41 

The resulting changes in surface heat and moisture exchange can modify local surface 42 

temperature, boundary layer development, and precipitation (Koster et al., 2004; Cook et al., 43 

2006; Taylor et al., 2012; Miralles et al., 2012; Guillod et al., 2015). Through these 44 

feedbacks, land-atmosphere coupling can contribute to the development or amplification of 45 

extreme events such as droughts and heatwaves and sometimes contribute to adjacent 46 

region’s extreme events (Fischer et al., 2007; Miralles et al., 2019; Schumacher et al., 2022).  47 

Emerging studies have expanded this local perspective by showing that local soil 48 

moisture anomalies can also induce large-scale atmospheric circulation responses extending 49 

beyond the forcing region (Koster et al., 2014; Koster et al., 2016; Wang et al., 2019; Teng et 50 

al., 2019; Martius et al., 2021; Jiang et al., 2024; Sena and Williams, 2026). These studies 51 

have used atmosphere and earth system models of varying complexity, using idealized 52 

drought-like anomalies in the land surface or atmosphere to force models, and examined the 53 

resulting large-scale atmospheric response, especially during summer. For example, Koster et 54 

al. (2016) found that dry land surface anomalies and associated idealized diabatic heating 55 

anomalies over North America produced similar upper-level wave patterns, including a 56 

pronounced high anomaly over west-central North America. Wang et al. (2019), performed 57 

experiments over North America and northern Middle East, and showed that the phase locked 58 

spatial structure of the atmospheric response depends on regional orography, which modifies 59 

surface pressure and the zonal temperature gradient. Using CESM and completely drying out 60 

soil moisture over the Great Plains, Teng et al. (2019) found that synoptic eddies are an 61 

important source of circumglobal wave responses during summer. 62 

The identified atmospheric wave patterns induced by land atmosphere interaction in these 63 

studies are particularly relevant because persistent amplified Rossby waves are frequently 64 

associated with summertime extreme events across the Northern Hemisphere (Schubert et al., 65 

2011; Hoskins and Woollings, 2015). Branstator (2002) showed that the mid-latitude jet can 66 

act as a waveguide, supporting circulation anomalies to be meridionally trapped and zonally 67 
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elongated over large distances and thereby forming circumglobal wave responses. Persistent 68 

quasi-stationary Rossby waves can in turn produce regional anomalies in temperature and 69 

precipitation, which have been linked to several major extreme events in the Northern 70 

Hemisphere. For example, Schubert et al. (2014) showed that stationary Rossby waves 71 

played an important role in monthly Eurasian temperature and precipitation variability. Teng 72 

et al. (2013) found that the probability of US heatwaves can be increased and preceded by 73 

subseasonal planetary waves with a wavenumber of 5. Further, several studies demonstrated 74 

that amplified quasi-stationary planetary waves, particularly with a wavenumber of 6–8, are 75 

associated with simultaneous summer extreme events across separated regions of the 76 

Northern Hemisphere (Petoukhov et al., 2013; Coumou et al., 2014; Kornhuber et al., 2017; 77 

Teng and Branstator, 2019). For example, Kornhuber et al. (2020) showed that recurrent 78 

summertime atmospheric circulation patterns that can induce simultaneous heat extremes 79 

across central North America, Europe, and Asia, have wavenumbers 5 and 7. Given that 80 

regional or concurrent extreme events are associated with these Rossby wave patterns, it is 81 

important to understand how such large-scale wave responses can result from land surface 82 

heating. 83 

Although previous studies have shown that imposed drought-like land surface anomalies 84 

can induce large-scale atmospheric responses, the conditions under which these responses 85 

strongest, and the physical processes that control their strength, remain poorly understood. 86 

Most previous work has focused only on boreal summer, when land-atmosphere coupling is 87 

generally strong (Koster et al., 2004; Miralles et al., 2012). Whether similar organized 88 

circulation responses can occur in other seasons have been less explored. Furthermore, 89 

previous studies have examined a limited number of forcing regions, leaving the global 90 

geographical dependence of wave responses unexplored.  91 

In this paper, we investigate the geographical and seasonal dependence of the 92 

atmospheric circulation responses to idealized low-level diabatic heating using the Linear 93 

Baroclinic Model. We then examine the physical mechanisms that cause some regions to 94 

produce stronger atmospheric responses to heating than others. Section 2 introduces the 95 

experimental design and method of analysis. In section 3, we investigate the seasonal 96 

circulation responses and identify hotspot regions where heating perturbations generate 97 

particularly strong large-scale responses. Then, the strength of circulation responses is 98 

approximated using linearized equations in section 4. The approximations are then used in 99 
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section 5 to investigate the processes responsible for the enhanced responses in the identified 100 

hotspot regions. Section 6 discusses the broader implications and limitations of the results.  101 

 102 

2. Experiment and Analysis Method 103 

Our objective is to explore the response of the atmosphere to persistent drought and 104 

identify regions that exhibit higher sensitivity than others. To this end, we impose identical 105 

drought-like conditions at locations across the globe and examine how the atmospheric 106 

response varies depending on the forcing locations. This section describes how we designed 107 

these experiments using the Linear Baroclinic Model and how we condensed the results for 108 

analysis. 109 

a. Linear Baroclinic Model (LBM) 110 

The Linear Baroclinic Model (LBM) is a simple numerical model designed to investigate 111 

linear responses of the atmosphere to prescribed forcing (Watanabe and Kimoto 2000; 112 

Watanabe and Jin 2004). Suppose that we have a vector 𝑋 of prognostic variables in the 113 

primitive equations. The LBM solves the primitive equations linearized about a basic state 𝑋̅ 114 

with nonlinear terms neglected. For a steady forced problem, the linearized primitive 115 

equations can be written as 116 

𝐿𝑋′ = 𝐹′ 117 

where 𝐿 ≡ 𝐿(𝑋̅) is the linear part of the dynamical operator, which is a function of the basic 118 

state. Then, the steady-state response of the atmosphere (𝑋′) to imposed forcing (𝐹′) can be 119 

obtained as, 120 

𝑋′ = 𝐿−1𝐹′. 121 

The LBM has a coarse resolution compared with the current general circulation models. In 122 

this study, we use the dry version of the model at a horizontal resolution of T21 (~5.6°) and 123 

20 vertical levels in sigma coordinates. Owing to its coarse resolution and simplified 124 

equations in linearized forms, the LBM has a low computational cost. This makes it well 125 

suited for systematically examining the response of the atmosphere to various forcings and 126 

isolating physical mechanisms (Lu and Lin, 2009; Jenney et al., 2021; Jiang et al., 2024).  127 
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The forcing (𝐹′) we used to perturb the model is a low-level diabatic heating anomaly (𝑄) 128 

that mimics drought conditions. Increased sensible heat flux over persistently dry land 129 

surfaces can produce low-level heating anomalies. Similar approaches have been used in 130 

previous studies (Koster et al., 2016; Wang et al., 2019). The magnitude of the imposed 131 

heating is 5 𝐾/𝑑𝑎𝑦 at the surface (0.995𝜎) and decreases rapidly with height in sigma 132 

coordinates, i.e. 𝑄(𝜎) = 5 exp[−20(𝜎 − 0.995)2] (Fig. 1a). The forcing has an elliptical 133 

shape in horizontal directions, with its magnitude decreasing linearly outward from the 134 

center. In this way, the imposed heating is confined to the grid cell of interest.  135 

For the basic state (𝑋̅), which determines the linear dynamics (𝐿), we use the climatology 136 

from ERA40 which is provided as a package with LBM codes. Note that LBM was originally 137 

released in the early 2000s. Four seasonal-mean basic states are used for December to 138 

February (DJF), March to May (MAM), June to August (JJA), and September to November 139 

(SON). The experiments using basic state from NCEP-NCAR reanalysis is also conducted 140 

and they agree very well with those using ERA40 (not shown).  141 

To obtain the steady-state solution of the linear dynamic systems, 𝐿−1𝐹′, we chose time 142 

integration method over matrix inversion because time integration is computationally less 143 

expensive. Each experiment is integrated for 70 days from initialization, and the mean over 144 

the final 5 days is taken to represent the steady-state response. The low-level heating 145 

experiment is repeated at every grid cell within 55°S and 85°N for each of the four seasons. 146 

This domain has 64 longitude grid cells and 25 latitude grid cells, resulting in 1600 147 

experiments per each season (Fig. 1c), and 6400 experiments in total for the four seasons. As 148 

we are only interested in land regions, we are left with 495 experiments per season, 1980 149 

experiments for the four seasons. Because the LBM solves the linearized atmospheric 150 

response to a localized prescribed forcing, this series of experiments can be viewed as 151 

analogous to a Green’s function approach.  152 

An example response to a prescribed diabatic heating anomaly over the Great Plains 153 

shows the atmospheric wave response (Fig. 1b). At upper levels (200hPa), the spatial patterns 154 

of height and zonal wind responses exhibit a wave-train-like pattern extending northeastward 155 

from the forcing location. The maximum increased height is observed near central North 156 

America, slightly displaced northeast from the center of the imposed forcing. At lower levels 157 

(850hPa), by contrast, decreased height is observed more directly over the forcing location. 158 

This circulation response can promote enhanced ascent near the forcing location and 159 
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descending motion farther to the northeast, potentially creating atmospheric conditions 160 

favorable for drought in adjacent areas. The detailed mechanisms underlying this possible 161 

drought propagation pathway are beyond the scope of this study, but we will briefly return to 162 

this in the discussion section. 163 

 164 

Fig. 1. Experiment design. (a) Heating anomaly used to force LBM and representation of 165 

grid cells. (b) Steady-state height response to the forcing applied over the Great Plains at 250, 166 

500, and 850 hPa in MAM season. (c) Demonstration of Response Strength calculation with 167 

pressure-weighted mean calculation (top) and the calculated mean drawn on a single level 168 

(contour) with applied domain and weight (shading). 169 

 170 

b. Response Strength and Topography-aware Regional Mean 171 

The LBM output contains 8 variables at 20 pressure levels, making direct interpretation 172 

and comparison across thousands of experiments challenging. To condense and summarize 173 

large volume of model output, we introduce a new “Response Strength” (𝑅) metric which 174 

represents the overall magnitude of the atmospheric response for each experiment. It is 175 

calculated as the area-weighted total geopotential height change (|𝑧′|) within a selected 176 

domain (𝛺), and it is the pressure-weighted averaged across all pressure levels. 177 
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𝑅 = ∑ cos𝜙 〈|𝑧′(𝜙, 𝜆)|〉
(𝜙,𝜆)∈Ω

   (1) 178 

where 〈𝐴〉 = ∑𝐴𝛥𝑝 /∑𝛥𝑝, 𝜙 is latitude, and 𝜆 is longitude. In this study, the selected 179 

domain (𝛺) extends 5000km west, 10000km east, 3750km north, and 3750km south of the 180 

forcing location, and all grid cells within this domain are included in the calculation (Fig. 1d; 181 

shading). This domain roughly captures the extent of significant upper-level wave responses. 182 

The asymmetric east-west extent is intended to capture the downstream atmospheric response 183 

to the imposed heating. 184 

This metric reduces the 3D results from each LBM experiment to a single value, allowing 185 

the overall magnitude of the atmospheric disturbance to be compared across forcing 186 

locations. For example, with the same basic state of MAM season, heating imposed over the 187 

Great Plains produces a Response Strength of 349m, whereas the same heating imposed over 188 

Australia produces 187m. Thus, heating over the Great Plains generates a substantially 189 

stronger large-scale atmospheric disturbances than identical heating imposed over Australia. 190 

In order to present 3D responses on 2D maps, we additionally calculate a topography-191 

aware local mean (𝐴𝑙𝑜𝑐𝑎𝑙).  192 

𝐴𝑙𝑜𝑐𝑎𝑙 = {
∑𝐴Δ𝑝∗

∑Δ𝑝∗
}
3×3

 193 

where {𝐴}3×3 represents the area-weighted mean over the surrounding 3 by 3 grid cells, and 194 

Δ𝑝∗ is the layer thickness used in the vertical averaging. The averaging is done only for mid-195 

troposphere below 300hPa and above 850hPa or 50 hPa above surface. This local averaging 196 

is intended to capture the atmospheric response in the regions nearby rather than only at the 197 

forcing location itself. Although spatial averaging can reduce the magnitude of a strong 198 

response of a single grid cell, it provides a more robust representation of the regional signal 199 

and aids qualitative interpretation of local variables such as vertical velocity and temperature 200 

advection.  201 

c. Multivariate EOF Analysis 202 

To identify the general patterns of the atmospheric response to the diabatic heating 203 

anomaly over land, we used empirical orthogonal function (EOF) analysis. Before 204 

performing the EOF analysis, we introduce a preprocessing step to better account for 205 

differences in the background circulation among forcing locations.  206 
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For each forcing location over land grid cells, we construct a domain extending 15000km 207 

in the along longitudinal direction and 7500km in the along latitudinal direction, centered on 208 

the forcing location, with a grid spacing of 250km. The model outputs of streamfunction (𝜓), 209 

height (𝑧), zonal (𝑢) and meridional (𝑣) wind are interpolated onto this grid. Grid cells close 210 

to the equator located within 5°S and 5°N, whose responses have chances to cross equator are 211 

excluded in this analysis.  212 

For each season, the interpolated fields of the four variables are reshaped into a single 213 

vector for each experiment. The resulting vectors are then stacked and used in a multivariate 214 

EOF analysis. The analysis is performed at each hemisphere, using only the 250hPa 215 

responses, where the large-scale wave response is most clearly expressed. This allows us, 216 

first, to characterize the mean response across all forcing locations within a season, and then, 217 

to identify the dominant modes of variability for each season. 218 

 219 

3. Large-scale Circulation Response to Diabatic Heating 220 

a. Response Strength Hotspots 221 

Our analysis reveals several hotspot regions where the same diabatic heating anomaly 222 

consistently produces stronger circulation responses than elsewhere (Fig. 2 for the Northern 223 

Hemisphere; Fig. S1 for the Southern Hemisphere). These results are based on 495 heating 224 

experiments repeated under four seasonal basic states, for a total of 1,980 experiments. 225 

These regions are mostly located along the mid-latitudes, including east of the Rocky 226 

Mountains over the US Great Plains, Sahara Desert, and Tibetan Plateau in the Northern 227 

Hemisphere (Fig. 2), Southeastern South America, Southern Africa, and Australia in the 228 

Southern Hemisphere (Fig. S1). It has been reported in recent studies that imposed heating 229 

over the Great Plains (Koster et al., 2016; Wang et al., 2019), Tibetan Plateau (Jiang et al., 230 

2024), and Australia (Martius et al., 2021) can produce circumglobal wave responses through 231 

imposed dry surface conditions. We also tested different box sizes and different position of 232 

forcing location within the box and found consistent spatial pattern of the response strength 233 

map (Fig. S2). 234 

Except for the Sahara region, other regions are mostly located near complex topography. 235 

Our results suggest that if there is a persistent heating anomaly over these ‘hotspots’, for 236 
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example due to persisting dry land surfaces, there is a higher chance for the atmosphere to be 237 

perturbed and generate large-scale circulation anomalies that might affect synoptic weather 238 

systems in adjacent regions.  239 

The magnitude of R varies by season with the strongest signals during winter (DJF) and 240 

the weakest during summer (JJA). Land grid averaged response strengths were 273.2 m for 241 

winter and 164.8 m for summer. The seasonal magnitude fluctuation is well pronounced over 242 

hotspot regions where cold season signals can be relatively small compared to warm seasons. 243 

A potential cause of seasonally varying magnitude can be related to the basic state of each 244 

season (Fig. S3), especially the meridional temperature gradient. Given the year-round warm 245 

equatorial temperature, colder land surfaces in the Northern Hemisphere during winter cause 246 

stronger meridional temperature gradients and stronger zonal wind in the upper atmosphere. 247 

Latitudinal shifts in the location of these hotspots reflect the location of upper-level jet. Note 248 

that our experiment uses exactly the same heating, which does not reflect the seasonally 249 

varying atmospheric responses to drying. In the real world, different climatological soil 250 

moisture and planetary boundary layer profiles would generate different heating responses in 251 

the atmosphere to the same soil moisture anomalies in different seasons. 252 

While different basic states can affect the magnitude of the patterns, hotspot regions 253 

exhibit stronger R relative to adjacent regions regardless of the basic state. This suggests that 254 

such strong responses are not only dependent on the atmospheric state but  also on the 255 

specific geographical characteristics, such as terrain. The factors affecting the strength of the 256 

response will be quantitatively analyzed in detail in the section 4.  257 
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 258 

Fig. 2. Seasonal response strength in Northern Hemisphere. Spatial patterns of response 259 

strength are shown for each season, with shadings displayed on a log-scale colormap. Land 260 

grid cell averages are also shown bottom left of each panel. 261 

 262 

b. Induced Large-scale Circulation Changes 263 

Diabatic heating anomalies imposed over land triggers large-scale circulation responses 264 

characterized by upper-level wave trains. The mean response and multivariate EOF analysis 265 

using the responses at 250hPa interpolated onto 15000km by 7500km domain centered on 266 

each forcing location, show characteristic responses of the atmosphere to imposed diabatic 267 

heating (Fig. 3). In general, the mean response and EOF1 respectively feature the patterns of 268 

the ridge where atmospheric wave starts (Fig. 3 left), the first downstream trough of the wave 269 

response (Fig. 3 middle). The mean responses exhibit strong positive streamfunction 270 

anomalies (white crosses) near the forcing location, followed by weaker negative anomalies 271 

downstream at 250hPa (Fig. 3 left). Except in summer, the first mode features pronounced 272 
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negative streamfunction anomalies downstream (red crosses), completing a wave-like 273 

patterns (Fig. 3 middle). The geographic distribution of strong principal components well 274 

captures the location of hotspot regions (Fig. 3 right), indicating that these EOF patterns can 275 

be interpreted as representative circulation responses to low-level diabatic heating imposed 276 

over hotspots. Thus, responses in these hotspot regions produce fully developed wave 277 

patterns with more well-defined downstream responses. 278 

Although the average R is the greatest in winter (DJF; Fig. 2), the magnitude of the mean 279 

response is smaller than that of other seasons. In addition, EOF1 explain only 28.0% of the 280 

total variance, substantially less than in the other seasons, indicating greater spatial variability 281 

among winter responses. However, winter responses exhibit stronger wave-like signals, with 282 

strong downstream propagation captured by EOF1. These patterns are associated with larger 283 

absolute values of changed geopotential height (|𝑧′|). The center of the positive 284 

streamfunction anomaly is displaced east (mean) relative to the forcing location, suggesting 285 

that the upper-level wave train starts to form northeast of the imposed heating rather than 286 

directly above. Stronger upper-level winds during winter, and associated stronger anomalous 287 

vorticity advection, may contribute to these stronger downstream wave responses.  288 

The spring (MAM) response broadly resembles the winter response, but it exhibits 289 

weaker downstream signals in the first two dominant modes of EOF. However, the centers of 290 

the strongest positive streamfunction anomalies (white crosses) show particularly large 291 

northeastward displacements from the forcing location in EOF1. These suggest that imposed 292 

heating in spring could substantially change large-scale circulation in the adjacent 293 

downstream regions, potentially affecting the region’s synoptic weather if the heating is 294 

strong enough. 295 

In constrast, the summer (JJA) response exhibits the weakest wave-like structure and the 296 

smallest average response strength, potentially reflecting the weaker summertime jet. 297 

Although the mean response has strong positive streamfunction anomalies, these anomalies 298 

remain concentrated near the forcing location. All downstream negative streamfunction 299 

anomalies in mean, EOF1 are weaker than in the other seasons. These features suggest that 300 

imposed diabatic heating during summer has a more limited ability to generate strong remote 301 

responses related to linear dynamics, while it could be efficient in perturbing the circulation 302 

locally. However, because soil moisture anomalies during the warm season, when soil is 303 

typically drier, can generally induce stronger sensible heat flux responses, summer soil 304 
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moisture anomalies may have a higher chance to generate stronger low-level heating 305 

anomalies compared to other seasons, which in turn would generate stronger non-linear 306 

circumglobal atmospheric responses as described in Teng et al. (2019). 307 

Similar to the spring season in both its wave structure and magnitude of average R, the 308 

fall (SON) response exhibits wave-like patterns in the mean and EOF1. But the direction of 309 

wave propagation differs between the two seasons. Whereas the spring response exhibits a 310 

more equatorward propagation, the fall response shows a more poleward propagation signal. 311 

EOF1 is particularly dominant in fall, explaining 47.2% of the total variance, indicating a 312 

comparatively coherent leading pattern of circulation response during this season.  313 

 314 

Fig. 3. Induced changes in streamfunction and winds at 250hPa in Northern Hemisphere 315 

forcing locations over land as mean, first mode and its principal component of EOF analysis. 316 

Left two columns are shown on a 15000km by 7500km grid. The white (red) cross indicates 317 

local maximum (minimum). Contour levels are scaled. Explained variances values are shown 318 

at the top left corner of each panel. Principal component at each grid cell is depicted on a 319 

map. 320 

 321 

Example responses at 250, 500, and 850 hPa from four LBM experiments are shown in 322 

Fig. 4. It shows different spatial patterns between spring and summer seasons at the Middle 323 

East (a region with weak response) and Great Plains (a region of strong response) both 324 

located along the same latitude. The spring experiments exhibit clear atmospheric wave 325 
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responses, particularly when heating is imposed over the Great Plains, which is one of the 326 

hotspot regions (Fig. 2). At both forcing locations, the spring responses at 250hPa and 327 

500hPa strong positive streamfunction anomalies are observed, corresponding to upper-level 328 

high pressure system, displaced east or northeast. At 250hPa, these anomalies are followed by 329 

alternating downstream anomalies extending southeastward, consistent with the general wave 330 

response patterns identified in Fig. 3.  331 

These wave-like features are less pronounced in the summer season responses. Although 332 

relatively weak, the summer response in the Great Plains experiment still exhibits signals of 333 

propagating waves in the upper level with the strongest perturbation to the north of the 334 

forcing center. The structure of observed upper level atmospheric waves in the Great Plains 335 

have similar features found in the previous studies with anticyclonic circulation near central 336 

North America and northeastward propagation (Koster et al., 2016; Teng et al., 2019). 337 

However, the upper-level response in the Middle East experiment shows only faint 338 

downstream signals.  339 

At lower levels, the circulation responses have simpler structure and are considerably 340 

more localized. Unlike the upper-level response, the location of the strongest negative 341 

anomalies shows little displacement from the forcing location regardless of the season. At 342 

850hPa, negative streamfunction anomalies, corresponding to cyclonic circulation, develop 343 

around the forcing center and remain collocated with the imposed low-level diabatic heating.  344 

Thus, drought-like heating anomalies induce cyclonic circulation in the lower atmosphere 345 

near the imposed heating source, whereas anticyclonic circulation is induced in the upper 346 

atmosphere and is displaced to the northeast of the forcing location. The upper-level anomaly 347 

can further develop into a downstream wave train, with different strength and spatial extent 348 

depending on the season and the location of imposed heating. In particular, the identified 349 

‘hotspots’ are more efficient at generating such large-scale circulation anomalies in response 350 

to the same imposed heating.  351 
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 352 

Fig. 4. Sample perturbed streamfunction and wind vector in the Middle East and Great 353 

Plains in MAM and JJA at selected levels. Shadings indicate streamfunction. Arrows indicate 354 

wind vectors. Reference wind vector is on the bottom right corner. Yellow circle is the 355 

location of imposed forcing in each simulation. 356 

 357 

4. Rossby Wave Source 358 

The existence of ‘hotspots’ raises a further question: why are these regions more efficient 359 

at triggering large-scale atmospheric responses to the same imposed heating? To identify the 360 

mechanisms responsible for these stronger responses, we derive an approximated expression 361 

for the magnitude of the geopotential height response and perform scale analysis of its 362 

individual terms. This framework allows us to assess the relative importance of the physical 363 

processes that contribute to stronger wave responses.  364 

We focus on the spring season, when the upper-level positive streamfunction anomalies 365 

exhibit the largest northeast displacement from the forcing location, indicating a strong 366 

potential to affect circulation over adjacent regions. Also, springtime drought has critical 367 

impact on agriculture, as spring is the beginning of the growing season , so that persistent 368 

drought-like anomalies are particularly relevant. We therefore use the spring response to 369 

illustrate the underlying mechanisms in detail. The main conclusions are broadly consistent 370 

across other seasons.  371 

a. LBM height response approximation using RWS 372 

From the vorticity equation, we decompose the wind vector into rotational and divergent 373 

wind to derive Rossby Wave Source (Sardeshmukh and Hoskins, 1988). 374 
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(
𝜕

𝜕𝑡
+ 𝑣⃗ ⋅ ∇) 𝜁𝑎 = −𝜁𝑎∇ ⋅ 𝑣⃗   (2) 375 

where 𝜁𝑎 is absolute vorticity, which is the sum of planetary vorticity (𝑓) and relative 376 

vorticity (𝜁), and 𝑣⃗ is wind vector. The wind vector can be decomposed into rotational and 377 

divergent wind defined as  378 

𝑣 = 𝑣𝜓 + 𝑣𝜒 , 𝑣𝜓 ≡ 𝑘̂ × ∇𝜓, 𝑣𝜒 ≡ ∇𝜒. 379 

Plugging this into Eq. 2 and rearranging terms gives 380 

(
𝜕

𝜕𝑡
+ 𝑣𝜓 ⃗   ⋅ ∇) 𝜁𝑎 = −𝑣𝜒 ⃗   ⋅ ∇𝜁𝑎 − 𝜁𝑎∇ ⋅ 𝑣𝜒 ⃗   = −∇ ⋅ (𝜁𝑎𝑣𝜒 ⃗   )   (3), 381 

Where the right-hand side is defined as Rossby Wave Source (hereafter RWS; 𝑆) 382 

𝑆 ≡ −∇ ⋅ (𝜁𝑎𝑣𝜒 ⃗   ). 383 

The RWS quantifies how divergent circulation generates or redistributes vorticity 384 

(rotational circulation) through vortex stretching (−𝜁𝑎∇ ⋅ 𝑣𝜒 ⃗   ) and transport across background 385 

vorticity gradients (−𝑣𝜒 ⃗   ⋅ ∇𝜁𝑎). As our goal is to obtain the approximated form of 386 

geopotential height changes (|𝑧′|) of steady-state response from LBM, we linearize and 387 

assume steady-state in Eq. 3 which gives  388 

𝑣𝜓 ̅  ∙ ∇𝜁′ + 𝑣𝜓
′ ∙ ∇(𝜁̅ + 𝑓) = 𝑆′.   (4) 389 

We omitted vector notation for simplicity. Assuming the streamfunction to have wave form, 390 

and writing relative vorticity with streamfunction, we can write above equation as 391 

𝜓′ ≈
𝑆′

𝐷
  (5) 392 

where 𝐷 is a function of wavelength and basic state rotational winds, which is treated as a 393 

constant in this study. For more details about derivation and assumptions, see Appendix. This 394 

suggests that streamfunction response (𝜓′) can be approximated with anomalous RWS (𝑆′). 395 

Thus, mechanisms that make anomalous RWS large can result in stronger perturbations of 396 

streamfunction. Given that streamfunction can be approximated as 𝜓 ≈ Φ/𝑓 in the mid-397 

latitude, where Φ is geopotential, and thus 𝑔𝑧 ≈ 𝑓𝜓, we can approximate the magnitude of 398 

perturbed heights (|𝑧′|) as  399 

|𝑧′| ≈
|𝑓|

𝑔

|𝑆′|

|𝐷|
   (6). 400 
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Given that hotspots are mostly located near mid-latitude regions, we approximate 401 

anomalous RWS with assumptions that are suitable for mid-latitude conditions. In the mid-402 

latitudes, planetary vorticity (𝑓~10−4𝑠−1) typically is about an order of magnitude larger 403 

than climatological relative vorticity (𝜁̅~10−5𝑠−1) and perturbed relative vorticity (|𝑓| >404 

|𝜁̅| > |𝜁′|). Thus, absolute vorticity (𝜁𝑎), that is the sum of planetary vorticity (𝑓) and relative 405 

vorticity (𝜁 = 𝜁̅ + 𝜁′), can be approximated as planetary vorticity alone (𝜁𝑎~𝑓) in the mid-406 

latitudes. 407 

Since anomalous RWS quantifies anomalous convergence of absolute vorticity flux that 408 

generates rotational circulation (Eq. 3), the above scale analysis reduces anomalous RWS to 409 

the contribution from planetary vorticity flux (Fig. 5a) and allow us to neglect the role of 410 

climatological (Fig. 5b) and perturbed (Fig. 5c) relative vorticity fluxes. Decomposing the 411 

contribution from planetary vorticity flux gives the advection (Fig. 5d) and stretching (Fig. 412 

5e) terms, where the stretching term turns out to be the dominant term to explain total RWS 413 

(Fig. 5f). Therefore,  414 

𝑆′ ≈ −𝑓𝛻 ⋅ 𝑣′
𝜒

 ⃗     .   (7) 415 

In other words, anomalous divergent circulation that interacts with background planetary 416 

vorticity serves as the dominant source of rotational circulation in the mid-latitude when low-417 

level diabatic heating anomaly is imposed. While this approximation does not hold in tropical 418 

regions, where advection of vorticity plays an important role (Sardeshmukh and Hoskins, 419 

1988), the regions highlighted in our analysis are located in the midlatitudes, where this 420 

approximation is more appropriate. A similar approximation is valid for other seasons (Fig. 421 

S4–6). This gives the first-order approximation of the anomalous RWS and the magnitude of 422 

perturbed geopotential height as  423 

|𝑧′| ≈
|𝑓|

𝑔

|𝑓∇ ⋅ 𝑣′
𝜒

 ⃗     |

𝐷
   (8) 424 
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 425 

Fig. 5. Scale analysis of the strength of each term of Rossby wave source terms during the 426 

March–May season. Absolute values of each term at all available pressure levels are used for 427 

strength calculation, using the 3 × 3 grid cells surrounding the forcing location instead of a 428 

15000km × 7500km box. The maximum value of each term is shown in the bottom left 429 

corner of each panel. The equations related to displayed terms are shown between panels.  430 

 431 

b. Reconstructed Response Strength 432 

The seasonal response strength (Eq. 1) is reconstructed using the approximation for the 433 

absolute values of changed geopotential height derived in Eq. 8 (Fig. 6). Interestingly, this 434 

approximation qualitatively reproduces the spatial patterns of the original response strength 435 

shown in Fig. 2. In particular, the patterns in the midlatitudes, including the locations of the 436 

hotspots, are well reproduced.  437 

However, minor differences are observed outside the midlatitudes. The magnitude of the 438 

reconstructed response strength is relatively weak at low latitudes, indicated by dark blue 439 

shading, and relatively large values in high latitude regions, where the reconstruction shows 440 

magnitudes like those found in low latitude regions in Fig. 2. These differences arise 441 

primarily from the assumption that approximated geopotential with streamfunction (𝑔𝑧 ≈442 

𝑓𝜓), which is most valid along the midlatitudes. Because the approximation between 443 

geopotential and streamfunction depends on the Coriolis parameter (𝑓), the estimated 444 

magnitude of geopotential becomes very small near the equator and relatively large near the 445 
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poles. These biases in magnitude, however, do not substantially affect identification of the 446 

hotspots. 447 

The seasonal fluctuation of magnitude at each location is also not reflected in the 448 

reconstructed R. While the magnitude of R is generally strongest in winter and weakest in 449 

summer in the original response strength, such seasonal fluctuation is not observed in the 450 

reconstructed R. This discrepancy is primarily associated with the assumption of a fixed 451 

wavelength (see Appendix for details), which is not valid across different seasons and 452 

locations. Allowing wavelength to vary spatially and seasonally could improve the 453 

representation of the seasonal amplitude. Nevertheless, applying variable wavelengths 454 

produce only minor changes in the overall spatial patterns of the reconstructed R (not shown). 455 

Overall, Fig. 6 confirms that the reconstructed response strength successfully captures the 456 

major spatial features of the original response, particularly the locations of the hotspot 457 

regions identified in Fig. 2. Therefore, the approximation (Eq. 8) provides a useful 458 

framework for qualitatively investigating the physical processes that contribute to stronger 459 

atmospheric wave responses in the midlatitudes. 460 
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 461 

Fig. 6. Reconstructed Response Strength. Spatial patterns of reconstructed response 462 

strength are shown for each season, with shadings displayed on a log-scale colormap. 463 

 464 

5. Conditions for Stronger Responses 465 

Regarding that ∇ ⋅ 𝑣′
𝜒

 ⃗      is the only term in Eq. 8 that depends directly on the response of 466 

each experiment, whereas the remaining terms vary primarily with latitude, we further 467 

investigate the conditions that favor stronger ∇ ⋅ 𝑣′
𝜒

 ⃗      responses. In this section, we use the 468 

continuity and thermodynamic equations to identify the physical processes associated with 469 

enhanced ∇ ⋅ 𝑣′
𝜒

 ⃗     . 470 

a. Estimating 𝛻 ∙ 𝑣′
𝜒

 ⃗     . 471 

From the continuity equation in pressure coordinates, the horizontal divergence at a given 472 

pressure level can be related to vertical velocity (𝜔), as 473 
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𝛻 ∙ 𝑣′
𝜒

 ⃗     +
𝜕𝜔′

𝜕𝑝
= 0. 474 

Rearranging and vertically integrating the equation gives 475 

𝜔′(𝑝) = −∫ 𝛻 ∙ 𝑣′
𝜒

 ⃗      𝑑𝑝
𝑝

0

.   (9) 476 

Eq. 9 provides a link between the strength of vertical motion and the vertically integrated 477 

horizontal divergence. The equation shows that strong upward motion (𝜔′ < 0) implies 478 

substantial net divergence in the atmospheric column above (∇ ∙ 𝑣𝜒
′ > 0). As 𝜔 is directly 479 

available as an output of the LBM in pressure coordinates, we use the magnitude of 𝜔′ as a 480 

proxy for the strength of the induced divergent circulation. 481 

The thermodynamic equation provides a framework for identifying the processes that 482 

contribute to stronger vertical motion with a prescribed diabatic heating anomaly: 483 

𝜕𝑇

𝜕𝑡
+ 𝑉 ⋅ ∇𝑇 + 𝜔𝑆𝑝 =

𝑄

𝑐𝑝
 484 

where 𝑇 is temperature, 𝑉 = (𝑢, 𝑣) is wind vector, 𝑆𝑝 =
𝜕𝑇

𝜕𝑝
−

𝑅

𝑐𝑝

𝑇

𝑝
 is the dry static stability, 𝑅 485 

here is the gas constant for dry air, 𝑐𝑝 is the specific heat at constant pressure, and 𝑄 is the 486 

diabatic heating. Under the steady-state assumption, the linearized thermodynamic equation, 487 

after neglecting smaller terms, can be written as 488 

𝑉′ ⋅ ∇𝑇̅ + 𝑉̅ ⋅ ∇𝑇′ +𝜔′𝑆𝑝 ̅ = 𝑄′/𝑐𝑝. 489 

Rearranging the equation gives 490 

𝜔′ =
1

𝑆𝑝
(
𝑄′

𝑐𝑝
− 𝑉′ ⋅ ∇𝑇̅ − 𝑉̅ ⋅ ∇𝑇′).   (10) 491 

For simplicity, the overbar on 𝑆𝑝 ̅  is omitted hereafter, and 𝑆𝑝 denotes the climatological dry 492 

static stability. Eq. 10 indicates that the induced vertical velocity is controlled by static 493 

stability, imposed diabatic heating, and horizontal temperature advection terms. Therefore, if 494 

we impose the same adiabatic heating everywhere, stronger vertical motion, and 495 

consequently stronger divergent circulation, is expected in regions with lower climatological 496 

stability or with enhanced temperature advection. 497 

b. Conditions for Strong Vertical Motion 𝜔′ 498 
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1) STATIC STABILITY 499 

The spatial pattern of seasonally strong perturbed vertical velocity from LBM results 500 

broadly captures the location of the identified response strength hotspots (Figs. 7, S8–10). 501 

Dry static stability is calculated from the seasonal climatological temperature, because the 502 

dry version of LBM is used. To represent the vertical motion associated with the local 503 

responses around each forcing location, 𝜔′ is averaged over the 3 × 3 grid cells surrounding 504 

the forcing location (Fig. 7a).  505 

Strong vertical motions are induced across several midlatitude regions, including the 506 

Great Plains, Sahara region, and areas surrounding the Tibetan Plateau, as indicated by darker 507 

shading in Fig. 7. These regions correspond to the hotspots identified in Fig. 2. In addition, 508 

Fig. 7 shows that regions of strong vertical velocity are collocated with regions of relatively 509 

low dry static stability. Lower values of 𝑆𝑝, indicated by darker shadings, are often found 510 

near the regions where large 𝜔′ responses are observed, which is consistent with Eq. 10.  511 

Some discrepancies exist near the Tibetan Plateau, where strong vertical motion is 512 

induced despite relatively high static stability. This indicates that static stability alone cannot 513 

explain the vertical velocity response and suggests that strong warm advection should be 514 

properly accounted for, this is examined in the following section. Together, Fig. 7 confirms 515 

that the regions with lower climatological dry static stability respond more strongly to an 516 

imposed heating anomaly, producing stronger vertical velocity and, in turn, stronger 517 

divergent circulation. 518 

 519 

Fig. 7. Terms in the thermodynamic equation for the MAM season, averaged over 850-520 

300hPa. (a) The LBM mean and (b) estimated vertical velocity, (c) dry static stability, (d) 521 

estimated diabatic heating, and (e) estimated total temperature advection averaged over 850-522 

300 hPa. Levels closest to the surface are excluded from the calculation. The estimated 523 
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vertical velocity is calculated as the sum of diabatic heating and temperature advection 524 

divided by static stability. 525 

 526 

2) TEMPERATURE ADVECTION 527 

Further analysis reveals that the anomalous temperature advection terms account for 528 

much of the spatial structure of the induced vertical velocity response. The terms on the right-529 

hand side of Eq. 10 are calculated for spring, including the estimated vertical velocity 530 

calculated using Eq. 10 (Fig. 7b), diabatic heating (Fig. 7d), and total horizontal temperature 531 

advection (Fig. 7e). The spatial pattern of 𝜔′ diagnosed from Eq. 10 (Fig. 7b) closely 532 

resembles the vertical velocity directly from the LBM in Fig. 7a. Again, the regions of strong 533 

vertical velocities are found near the response strength hotspots. This agreement allows the 534 

individual terms in Eq. 10 to be examined to determine which processes contribute to the 535 

spatial variations in vertical velocity responses. 536 

By design, all experiments are forced with the same low-level diabatic heating anomaly in 537 

sigma coordinates (Fig. 1a), the native vertical coordinate of the LBM. While the imposed 538 

heating has the same vertical structure at a given sigma level across experiments, Fig. 7d 539 

shows heterogeneous spatial pattern of the heating averaged over 850–300 hPa. Elevated 540 

regions with lower basic state surface pressure are emphasized because the selected pressure 541 

level is closer to the prescribed low-level heating there. Overall, the imposed diabatic heating 542 

primarily sets the magnitude of the vertical-motion response rather than its spatial structure.  543 

In contrast, the spatial patterns of the total temperature advection resemble the pattern of 544 

the diagnosed vertical velocity (Fig. 7e). Strong warm advection contributions are 545 

concentrated close to the regions of strong vertical velocity which also correspond to the 546 

identified hotspot regions. Outside these regions, the local temperature advection contribution 547 

is generally weaker and even shows cold advection with darker yellow shadings, which 548 

cannot explain induced vertical motions. Still, the magnitude of diabatic heating terms is 549 

typically larger than these weak cold temperature advection contributions, so that upward 550 

motion remains the dominant response to the imposed low-level heating. The same 551 

qualitative relationship between temperature advection and the spatial structure of the vertical 552 

motion response is found in the other seasons (Figs. S7–9). 553 

The anomalous total temperature advection can be decomposed into two linear terms. 554 

One is the advection of the climatological temperature by the perturbed wind (−𝑉′ ∙ 𝛻𝑇̅), and 555 
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the other is the advection of the perturbed temperature by the climatological wind (−𝑉̅ ∙ 𝛻𝑇′). 556 

We first consider the structure of the climatological fields to simplify these terms. As the 557 

climatological temperature field mostly varies in the meridional direction, the climatological 558 

zonal temperature gradient (𝜕𝑇̅/𝜕𝑥) is generally smaller than the meridional temperature 559 

gradient (𝜕𝑇̅/𝜕𝑦). Thus, the first term can be approximated as  560 

−𝑉′ ∙ ∇𝑇̅ ≈ −𝑣′
𝜕𝑇̅

𝜕𝑦
.   (11) 561 

The climatological meridional temperature gradient is generally stronger in winter and 562 

weaker in summer, reflecting the seasonal variability of large-scale horizontal temperature 563 

contrasts. Through thermal wind balance, stronger meridional temperature gradients are 564 

associated with stronger vertical shear of the zonal geostrophic wind and, in turn, stronger 565 

upper-level westerlies and climatological jet. Because the climatological zonal wind is 566 

typically much stronger than the meridional wind in the midlatitudes, the second anomalous 567 

advection term can similarly be approximated as  568 

−𝑉̅ ∙ ∇𝑇′ ≈ −𝑢̅
𝜕𝑇′

𝜕𝑥
.   (12) 569 

Fig. 8 shows that advection of the climatological temperature by perturbed wind (−𝑉′ ∙570 

𝛻𝑇̅; Fig. 8a) accounts for most of the strong warm advection signal found in Fig. 7e. On the 571 

other hand, advection of perturbed temperature by climatological wind (−𝑉̅ ∙ 𝛻𝑇′; Fig. 8b) 572 

opposes this response in several regions through cold advection. Eq. 11 suggests that strong 573 

warm advection is favored where strong perturbed meridional wind (𝑣′) coincides with strong 574 

climatological meridional temperature gradient (𝜕𝑇̅/𝜕𝑦). The latter is dynamically related to 575 

the climatological jet through thermal wind balance, enhanced warm advection is expected 576 

within or near regions of strong background westerlies (𝑢̅). Consistent with this, Fig. S3b 577 

shows that regions of strong warm advection tend to overlap with regions of strong 578 

climatological zonal wind.  579 

Stronger perturbed meridional winds (𝑣′; Fig. S11 right) are found near the regions of 580 

elevated terrain (Fig. 8c; Fig. S11). When the low-level heating is imposed over elevated 581 

terrain, the heating is located closer to a given pressure level than experiments over lower-582 

elevated regions. As a result, stronger temperature perturbation can develop near elevated 583 

terrain at that pressure level (Fig. S11 left). The circulation associated with the induced 584 

thermal low (Fig. S10a) produces warm advection on the eastern side of the forcing and cold 585 
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advection on the western side at lower-level (Fig. S10b, c), increasing the zonal temperature 586 

gradient near the heating region (Fig. S10a). Thus, the steady state temperature response 587 

exhibits strong zonal temperature gradients at lower levels close to the imposed heating 588 

(𝜕𝑇′/𝜕𝑥; Fig. S11 middle). In turn, through thermal wind balance, these enhanced zonal 589 

temperature gradients are associated with stronger vertical wind shear of the perturbed 590 

meridional geostrophic wind. Consistent with this, enhanced perturbed upper-level  591 

meridional winds are found near the elevated forcing locations (𝑣′; Fig. S11 right).  592 

These results suggest that topography can amplify the local temperature and circulation 593 

perturbations induced by prescribed low-level heating anomaly. Together, the background 594 

meridional temperature gradient associated with the climatological jets and the enhanced 595 

perturbation response near elevated terrain favor stronger anomalous warm advection and 596 

stronger vertical motion.  597 

Similar factors also influence the second temperature advection term (−𝑉̅ ∙ 𝛻𝑇′; Fig. 8b), 598 

but this term produces cold advection over much of the midlatitude lower troposphere (Fig. 599 

S12). From Eq. 12, its magnitude can be enhanced where strong climatological zonal winds 600 

(𝑢̅) coincide with strong perturbed zonal temperature gradient (𝜕𝑇′/𝜕𝑥). As discussed above, 601 

forcings imposed over elevated regions tend to produce stronger perturbed temperature 602 

gradients at a given pressure level. When combined with climatologically strong westerly 603 

winds, this typically yields anomalous cold advection in the lower troposphere in 604 

midlatitudes, consistent with the classical linear response to localized thermal forcing 605 

(Hoskins & Karoly, 1981). In the meantime, Fig. S12 shows that the regions of strong warm 606 

advection found in the Fig. 8b, such as in eastern Asia, arise primarily from the upper-level 607 

response, where the sign of the perturbed temperature gradient is reversed (Fig. S11).  608 

To summarize, regions near the climatological jet and elevated terrain favor large 609 

magnitudes of both anomalous warm and cold temperature advection. However, within the 610 

response strength hotspots, warm advection associated with the perturbed wind acting on the 611 

climatological temperature (−𝑉′ ∙ 𝛻𝑇̅) is dominant, resulting in stronger vertical velocity 612 

responses. The presence of topography serves as a springboard, strengthening the local 613 

temperature and upper-level meridional wind perturbation, whereas proximity to the 614 

climatological jet provides strong background meridional temperature gradient. The synergy 615 

between these two processes favors enhanced anomalous warm advection and stronger 616 

vertical motion through the thermodynamic balance.  617 
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 618 

Fig. 8. Estimated temperature advection terms and associated winds, temperature 619 

gradient, and topography for the MAM season. Shown are (a) temperature advection of the 620 

climatological temperature by the perturbed wind, (b) temperature advection of the perturbed 621 

temperature by the climatological wind, and (c) topography from ERA5. Panels (a) and (b) 622 

show values averaged over 850-300hPa. Eqs. 11 and 12 are embedded to describe 623 

connections between shown terms. 624 

 625 

6. Summary of Conditions Leading to Stronger Responses 626 

Fig. 9 summarizes the processes that favor stronger atmospheric responses to imposed 627 

diabatic heating in the hotspot regions, highlighting contributions from both the mean 628 

background state (solid boxes) and induced perturbed state (dashed boxes). A stronger 629 

response strength reflects the magnitude of height changes in the atmosphere, which is linked 630 

to the strength of convergent/divergent motions throughout the atmospheric column. The 631 

induced vertical motion provides a useful measure of this column-integrated convergence and 632 

divergence. 633 

Strong vertical motion responses are favored when the heating is imposed over the 634 

regions of relatively low climatological static stability (Box 1) and where anomalous warm 635 

advection is enhanced (Box 4). Strong warm advection is associated with two mean state 636 

characteristics: proximity to elevate terrain (Box 2) and climatological upper-level jet (Box 637 

3). Forcings located over elevated terrain induces stronger local temperature and circulation 638 

perturbations, and regions near upper-level jet are characterized by strong climatological 639 

meridional temperature gradients. Together, these conditions favor stronger anomalous warm 640 

advection. 641 
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When low-level heating is imposed within these favorable environments, stronger low-642 

level convergence develops near the forcing center (Box 5), accompanied by stronger vertical 643 

motion (Box 6). In turn, mass continuity requires a correspondingly stronger divergent 644 

response aloft. The upper-level divergence and associated positive geopotential height 645 

anomaly are displaced eastward or northeastward from the forcing center. 646 

The eastward displacement and structure of the upper-level response are also related to 647 

the perturbed temperature field at the lower-level. Through thermal wind balance, vertical 648 

shear of perturbed meridional winds is enhanced near the forcing location. This perturbed 649 

meridional wind shapes the western flank of the upper-level positive height anomaly and 650 

establishes the featured eastward displacement. 651 

 652 

Fig. 9. Conceptual diagram of important processes of inducing stronger atmospheric 653 

responses due to imposed low-level heating anomaly. Important processes related to mean 654 

(perturbed) state are marked as boxes with solid (dashed) contour with number. Each number 655 

is also assigned to the related equations shown on the right. 656 

 657 

7.Discussion and Conclusions 658 

This study investigates how imposed low-level heating anomalies over land, which can 659 

arise due to persistent drought conditions, affect the large-scale atmospheric circulation. We 660 

analyze the physical mechanisms that make some regions produce stronger responses than 661 

others. We conducted approximately 2000 experiments using a Linear Baroclinic Model, 662 

taking advantage of its low computational cost due to its low complexity. The results show 663 

that regions near strong climatological upper-level zonal flow and topography, combined 664 
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with low static stability, exhibit stronger warm advection and vertical motion in response to 665 

low-level heating, leading to stronger perturbation in both lower and upper atmosphere.  666 

While previous studies have conducted similar idealized heating experiments over 667 

selected regions, our study extends this framework to global land areas and examines the 668 

physical and dynamical processes that distinguish regions of particularly strong wave 669 

responses. Koster et al. (2016) and Wang et al. (2019) showed that prescribed diabatic 670 

heating can generate largely phase locked atmospheric circulation responses, suggesting a 671 

potential feedback pathway between dry land surface conditions and the large-scale 672 

circulation at certain regions. Here, we extend this approach globally and identified the 673 

general spatial structure and their seasonal dependence of the resulting wave responses. 674 

Further, we identify the factors that modulate the strength of the circulation response to 675 

drought-like diabatic heating.  676 

A previous study showed that circulation anomalies, the development of upper-level high 677 

pressure system and enhanced lower-level divergence, can explain surface drying even in the 678 

absence of explicit information about atmospheric moisture (Kim et al., submitted). Our 679 

results suggest that if droughts persist within the hotspot regions, induced anomalous upper-680 

level anticyclonic circulation, typically displaced northeast from the heating source, may 681 

favor drying in adjacent regions. This provides a potential dynamical pathway for the spatial 682 

propagation of drought. The 2012 US drought is one example of drought propagation. 683 

Persistent drought conditions affected the southern Great Plains during spring 2012, followed 684 

by drying over the Midwest located northeast in subsequent months (Hoerling et al., 2014; 685 

DeAngelis et al., 2020). Because the southern Great Plains is located within the hotspots 686 

identified here, the idealized results suggest that land-surface heating in this region may have 687 

contributed to circulation anomalies favorable for drying in the regions located northeast. 688 

More generally, hotspot regions may be particularly efficient in amplifying or propagating 689 

drought favorable conditions once persistent droughts are present over the regions. 690 

Furthermore, several hotspot regions, including near the Great Plains, Tibetan Plateau, and 691 

southern Africa are projected to experience increased atmospheric drying (Wankmüller et al., 692 

2024), which can contribute to more widespread dry conditions in the future through the 693 

proposed pathway. 694 

An important caveat is the missing physical link between dry land surface conditions and 695 

the imposed low-level heating anomaly. The conversion of soil moisture deficits into sensible 696 
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heating depends on land surface properties and background climate. Differences in soil 697 

properties affect the surface energy balances (Lehmann et al., 2018; Wankmüller et al., 2024; 698 

Dennis and Berbery, 2021), which can result in different warming responses across regions 699 

(Miralles et al., 2012; Hsu et al., 2024). In addition, the warming response is dependent on 700 

the season. For example, Teng et al. (2019) showed that different climatological soil state and 701 

planetary boundary layer structure across seasons can result in different heating responses to 702 

the same soil moisture anomalies. Thus, the underlying assumption in this study that an 703 

identical soil moisture anomaly would generate a uniform heating response across all land 704 

grid cells in unlikely to hold. The magnitude and vertical profile of the resulting temperature 705 

perturbation may vary considerably across regions and seasons.  706 

The strength of the atmospheric response depends not only on the geographical location 707 

of the given heating anomaly, as examined here, but also on the efficiency of dry land surface 708 

conditions to generate that heating anomaly. Some regions or seasons may produce strong 709 

atmospheric responses even if they are not identified as dynamical hotspots in the present 710 

study, because they can generate stronger or deeper heating anomalies for a given soil 711 

moisture deficit. For example, regions such as the Mediterranean during summer can exhibit 712 

particularly strong land surface heating response to soil moisture anomalies in summertime 713 

(Miralles et al, 2012). A more complete assessment of drought-circulation feedback will 714 

therefore require consideration of both components – the sensitivity of atmospheric 715 

circulation to diabatic heating and the sensitivity of diabatic heating to land surface drying. 716 

A second limitation is that the dry version of LBM used here does not resolve any 717 

processes involving atmospheric moisture, and nonlinear dynamical interactions are not 718 

considered by construction. Inclusion of these processes could modify the simulated 719 

responses examined in our study. Changes in moisture could affect horizontal and vertical 720 

temperature gradients and thereby influence the associated circulation. If more complex 721 

processes are considered, such as cloud and convective processes, it could further modify the 722 

response through latent heating, particularly where moist convection is active. Such effects 723 

are likely to be important over the tropical oceans. However, our goal is to understand how 724 

low-level heating associated with dry land surface conditions changes the atmospheric 725 

circulation, including such processes would not significantly change our conclusion. 726 

Moreover, the Koster et al. (2016) study already compared responses from a simple 727 
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linearized model with those from a more complex atmospheric general circulation model and 728 

found broadly consistent large-scale circulation responses. 729 

This study investigated a thermodynamic and dynamical pathway linking land surface-730 

related low-level heating anomalies to large-scale atmospheric circulation responses, 731 

exploring a potential pathway of the remote effect of land-atmosphere interactions. The 732 

results suggest that drought amplification and spatial propagation may be particularly favored 733 

when heating occurs over persistent dry land surface in regions where the background 734 

atmospheric state efficiently converts that heating into a large-scale circulation response. 735 

However, the pathway linking soil moisture anomalies to sufficient low-level heating 736 

anomalies remains unsolved and requires further investigation. Future studies using a 737 

hierarchy of models could explicitly couple these two components and evaluate to what 738 

extent anomalies over the hotspot regions contribute to the amplification and spatial 739 

propagation of historical drought events.  740 

 741 
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 744 

Data Availability Statement. 745 

The LBM source code used in this study is available from their website 746 

(https://ccsr.aori.u-tokyo.ac.jp/~lbm/sub/lbm.html).  747 

 748 

APPENDIX 749 

Approximation of the Streamfunction 750 

The perturbed streamfunction can be approximated locally as a wave-like solution,  751 

𝜓′ ≈ 𝜓0𝑒
𝑖(𝑘𝑥+𝑙𝑦), 752 

where 𝑘 = 2𝜋/𝐿𝑥 and 𝑙 = 2𝜋/𝐿𝑦 are the zonal and meridional wavenumbers, respectively, 753 

and 𝐿𝑥 and 𝐿𝑦 are the corresponding wavelengths. We further define 𝐾2 = 𝑘2 + 𝑙2. Under 754 

this approximation, the rotational wind perturbatin is 755 

https://ccsr.aori.u-tokyo.ac.jp/~lbm/sub/lbm.html
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𝑣𝜓
′ = (−

𝜕𝜓′

𝜕𝑦
,
𝜕𝜓′

𝜕𝑥
) = (−𝑖𝑙, 𝑖𝑘)𝜓′, 756 

and the relative vorticity perturbation is 757 

𝜁′ = ∇2𝜓′ = (−𝑘2 − 𝑙2)𝜓′ = −𝐾2𝜓′. 758 

Therefore, Eq. 4 can be written as 759 

(𝑢𝜓 ̅  , 𝑣𝜓 ̅  ) ⋅ (𝑖𝑘, 𝑖𝑙)(−𝐾2𝜓′) + (−𝑖𝑙, 𝑖𝑘)𝜓′ ⋅ ∇(𝜁̅ + 𝑓) = 𝑆′. 760 

Arranging terms for 𝜓′ gives 761 

𝑖[−𝐾2(𝑢𝜓 ̅  𝑘 + 𝑣𝜓 ̅  𝑙) − 𝑙𝜕𝑥𝜁𝑎̅ + 𝑘𝜕𝑦𝜁𝑎̅]𝜓
′ = 𝑆′,   (𝐴1) 762 

where 𝜁𝑎̅ is the climatological absolute vorticity. Eq. A1 can be expressed as 763 

𝑖𝛿𝜓′ = 𝑆′, 764 

where 765 

𝛿 = 𝛿𝑗𝑒𝑡 + 𝛿𝑣𝑜𝑟𝑡 , 766 

with 767 

𝛿𝑗𝑒𝑡 ≡ −𝐾2(𝑢𝜓 ̅  𝑘 + 𝑣𝜓 ̅  𝑙) 768 

𝛿𝑣𝑜𝑟𝑡 ≡ −𝑙𝜕𝑥𝜁𝑎̅ + 𝑘𝜕𝑦𝜁𝑎̅. 769 

We first assume constant zonal and meridional wavelengths, 𝐿𝑥 = 𝐿𝑦 = 6000𝑘𝑚. Under this 770 

assumption, 𝑘 and 𝑙 are fixed, such that 𝛿 depends only on the background climatological 771 

state rather than the simulated response in each experiment. 772 

To assess the sensitivity of the approximation to this assumption, Fig. S13 shows 773 

reconstructed response strength maps obtained using seasonally varying stationary zonal 774 

wavenumbers. Specifically, we prescribed 𝑛𝐷𝐽𝐹 = 5, 𝑛𝑀𝐴𝑀 = 6, 𝑛𝐽𝐽𝐴 = 7, and 𝑛𝑆𝑂𝑁 = 6, 775 

and calculated the local zonal wavenumber as 𝑘 = 𝑛/𝑎 cos 𝜙, where 𝑎 is Earth’s radius and 776 

𝜙 is latitude. Allowing the zonal wavenumber to vary produces spatial patterns of 777 

reconstructed response strength that are qualitatively similar to those obtained with the fixed 778 

wavelength assumption in Fig. 6. Thus, the choice of a fixed wavelength does not 779 

substantially affect the qualitative interpretation of the responses. 780 
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This approximation relates the streamfunction (𝜓′) directly to the anomalous RWS (𝑆′). 781 

To prevent 𝜓′ to blow up, we introduce a linear damping on the right-hand side of the Eq. 782 

A1,  783 

𝑖𝛿𝜓′ = 𝑆′ − 𝑟𝜁′, 784 

where 𝑟 is the linear damping coefficient. Using 𝜁′ = −𝑖𝐾2𝜓′ and rearranging yields 785 

(𝑖𝛿 − 𝑟𝐾2)𝜓′ ≈ 𝑆′, 786 

and therefore 787 

𝜓′ ≈
𝑆′

𝑖𝛿 − 𝑟𝐾2
=

𝑆′

𝐷
.   (𝐴2) 788 

As our analysis focuses on the amplitude of the streamfunction response, we consider the 789 

magnitude of Eq. A2,  790 

|𝜓′| ≈
|𝑆′|

|𝐷|
.   (𝐴3) 791 

 792 
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  𝜓 ≈ Φ / f


  Φ


  g z ≈ f 𝜓


   |   z ′ |


   |   z ′ | ≈    | f |  g    |   S ′ |   | D |        ( 6 ) .


  f ~  10  − 4   s  − 1


    𝜁 - ~  10  − 5   s  − 1


   | f | >  |   𝜁 - | >  |   𝜁 ′ |


   | f | >  |   𝜁 - | >  |   𝜁 ′ |


    𝜁  a


  f


  𝜁 =   𝜁 - +   𝜁 ′


    𝜁  a ~ f


    S ′ ≈ − f 𝛻 ⋅       v ′  𝜒 → .        ( 7 )


   |   z ′ | ≈    | f |  g    | f ∇ ⋅       v ′  𝜒 → |  D        ( 8 )


  g z ≈ f 𝜓


  g z ≈ f 𝜓


  f


  ∇ ⋅       v ′  𝜒 →


  ∇ ⋅       v ′  𝜒 →


  ∇ ⋅       v ′  𝜒 →


  𝛻 ∙       v ′  𝜒 → .


  𝜔


  𝛻 ∙       v ′  𝜒 → +   𝜕   𝜔 ′  𝜕 p = 0 .


    𝜔 ′  ( p ) = −   ∫ 0  p  𝛻 ∙       v ′  𝜒 →   d p .        ( 9 )


    𝜔 ′ < 0


  ∇ ∙   v  𝜒 ′ > 0


  𝜔


    𝜔 ′


    𝜕 T  𝜕 t + V ⋅ ∇ T + 𝜔   S  p =   Q    c  p


  T


  V =  ( u , v )


    S  p =   𝜕 T  𝜕 p −   R    c  p   T  p


  R


    c  p


  Q


    V ′ ⋅ ∇   T - +   V - ⋅ ∇   T ′ +   𝜔 ′     S  p - =   Q ′ /   c  p .


    𝜔 ′ =  1    S  p  (     Q ′    c  p −   V ′ ⋅ ∇   T - −   V - ⋅ ∇ T ′ ) .        ( 10 )


      S  p -


    S  p


    𝜔 ′


    𝜔 ′


  3 × 3


    S  p


    𝜔 ′


    𝜔 ′


  −   V ′ ∙ 𝛻   T -


  −   V - ∙ 𝛻 T ′


  𝜕   T - / 𝜕 x


  𝜕   T - / 𝜕 y


  −   V ′ ∙ ∇   T - ≈ −   v ′   𝜕   T -  𝜕 y .        ( 11 )


  −   V - ∙ ∇   T ′ ≈ −   u -   𝜕   T ′  𝜕 x .        ( 12 )


  −   V ′ ∙ 𝛻   T -


  −   V ′ ∙ 𝛻   T -


  −   V - ∙ 𝛻 T ′


    v ′


  𝜕   T - / 𝜕 y


    u -


    v ′


  𝜕   T ′ / 𝜕 x


  v ′


  −   V - ∙ 𝛻 T ′


    u -


  𝜕   T ′ / 𝜕 x


  −   V ′ ∙ 𝛻   T -


    𝜓 ′ ≈   𝜓 0   e  i ( k x + l y ) ,


  k = 2 𝜋 /   L  x


  l = 2 𝜋 /   L  y


    L  x


    L  y


    K 2 =   k 2 +   l 2


    v  𝜓 ′ =  ( −   𝜕   𝜓 ′  𝜕 y ,     𝜕   𝜓 ′  𝜕 x ) =  ( − i l , i k )   𝜓 ′ ,


    𝜁 ′ =  ∇ 2   𝜓 ′ =  ( −   k 2 −   l 2 )   𝜓 ′ = −   K 2   𝜓 ′ .


   (     u  𝜓 - ,       v  𝜓 - ) ⋅  ( i k , i l )  ( −   K 2   𝜓 ′ ) +  ( − i l , i k )   𝜓 ′ ⋅ ∇  (   𝜁 - + f ) =   S ′ .


    𝜓 ′


  i  [ −   K 2  (     u  𝜓 - k +     v  𝜓 - l ) − l   𝜕  x     𝜁  a - + k   𝜕  y     𝜁  a - ]   𝜓 ′ =   S ′ ,       ( A 1 )


      𝜁  a -


  i 𝛿   𝜓 ′ =   S ′ ,


  𝛿 =   𝛿  j e t +   𝛿  v o r t ,


    𝛿  j e t ≡ −   K 2  (     u  𝜓 - k +     v  𝜓 - l )


    𝛿  v o r t ≡ − l   𝜕  x     𝜁  a - + k   𝜕  y     𝜁  a - .


    𝛿  v o r t ≡ − l   𝜕  x     𝜁  a - + k   𝜕  y     𝜁  a - .


    L  x =   L  y = 6000 k m


  k


  l


  𝛿


    n  D J F = 5


    n  M A M = 6


    n  J J A = 7


    n  S O N = 6


  k = n / a  cos ⁡  𝜙


  a


  𝜙


    𝜓 ′


    S ′


    𝜓 ′


  i 𝛿   𝜓 ′ =   S ′ − r   𝜁 ′ ,


  r


    𝜁 ′ = − i   K 2 𝜓 ′


   ( i 𝛿 − r   K 2 )   𝜓 ′ ≈   S ′ ,


    𝜓 ′ ≈     S ′  i 𝛿 − r   K 2 =     S ′  D .        ( A 2 )


   |   𝜓 ′ | ≈    |   S ′ |   | D | .        ( A 3 )

