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Abstract

Paleo-earthquakes along the Cascadia subduction zone inferred from offshore sediments and
Japan coastal tsunami deposits approximated to M9+ and ruptured the entire margin. However,
due to the lack of modern megathrust earthquake records and generally quiescence of subduction
fault seismicity, the potential megathrust rupture scenario and influence of downdip limit of
the seismogenic zone are still obscure. In this study we present a numerical simulation of
Cascadia subduction zone earthquake sequences in the laboratory-derived rate-and-state friction
framework to investigate the potential influence of the geodetic fault locking on the megathrust
sequences. We consider the rate-state friction stability parameter is constrained by geodetic
fault locking models derived from decadal GPS records, tidal gauge, and leveling-derived uplift
rate data along the Cascadia margin. We incorporate historical coseismic subsidence inferred
from coastal marine sediments to validate our coseismic rupture scenarios. Earthquake rupture
pattern is strongly controlled by the downdip width of the seismogenic, velocity-weakening
zone, and by the earthquake nucleation zone size. In our model, along-strike heterogeneous
characteristic slip distance is required to generate margin-wide ruptures that result in reasonable
agreement between the synthetic and observed coastal subsidence for the A.D. 1700 Cascadia
Mw∼9.0 megathrust rupture. Our results suggest geodetically inferred fault locking model can
provide a useful constraint on earthquake rupture scenarios in subduction zones.

1 Introduction

Earthquakes are usually recognized as frictional instabilities resulted from long-term loading on
tectonic faults [1]. The great population along the Cascadia subduction margin - the convergent
plate boundary between the Northern American and Juan de Fuca plates - makes it important
to investigate the potential hazard of future megathrust earthquakes. In particular, seismic and
tsunami hazards will be strongly affected by the total amount of coseismic slip and the downdip
extent where the fault rupture might propagate and arrest.

Our current understanding of Cascadia megathrust ruptures largely relies on the historical
records from marine sediment turbidities [2] and coastal coseismic subsidence data inferred from
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sediment marshes [3], due to the lack of modern seismological records. Historically, several megath-
rust earthquakes have struck the margin [2, 6] and generated strong ground shaking [7] and high
tsunami waves across the Pacific ocean [4]. The estimated magnitude is approximately up to M9+
[2]. Static coseismic slip patches can also be calculated using constraints from historical megathrust
earthquake records. By comparing with the coastal subsidence data, Wang et al. [11] constructed
an elastic dislocation model to estimate the coseismic rupture size and spatial extent of the A.D.
1700 earthquake. They showed coseismic slip is segmented in five patches with varying downdip
limits along the margin during the M9+ event. The downdip extent of the coseismic ruptures is
roughly consistent with the thermal constraint proposed for transition to stable slip behavior, with
some minor differences [9, 12].

Several factors might influence the subduction earthquake rupture extent. From a rock frictional
strength perspective, earthquakes are not able to nucleate above certain temperatures where rock
plasticity onsets (e.g., 350◦C for granite gauges). The temperature threshold depends on many
properties such as the rock type, confining pressure, and presence of pore fluids in the fault gouge
[1, 15]. Without additional dynamic weakening mechanisms, coseismic ruptures tend to slow down
and stop when propagating into such high temperature regimes [33]. Geodetic locking inferred
from continuous displacement measurements along subduction zones provides a useful proxy for
the potential extent of future megathrust ruptures. The geodetic inversion results are commonly
presented as a spatially variable fault locking coefficient (φ) between 0 and 1; a high locking
coefficient implies mechanically coupled fault where a large amount of strain energy is accumulated
toward a sudden release in a dynamic earthquake, whereas a low locking coefficient implies nearly
free sliding between the subducting and overlying plates and little strain energy is reserved for
seismic release.

Geodetic locking inversion for the Cascadia subduction zone has utilized mainly two types of
surface displacement measurements. The first type uses tidal and leveling records in western Oregon
and northern California from 1925 to 2006 to constrain an elastic dislocation model for plate locking
(referred to as Burgette model) [18]. The second type analyzes decadal continuous GPS along the
Cascadia margin (referred to as Schmalzle model)[5, 44]. Both sets of inversion results share some
general first-order features, such as the widening of the locked zone offshore Washington due to
the shallower dipping oceanic slab [46], and generally narrower locking zone and lower locking
coefficient offshore Oregon (Fig. 1). The latter is recently proposed to be related to lower sub-slab
buoyancy, which may also be responsible for the forearc topography variation along the margin [16].
The downdip end of the geodetically inferred locking zone is roughly consistent with the depth of
∼ 350 transition temperature from Cascadia geothermal models [8]. Noticeable differences also
exist between the two sets of inversion results. Burgette et al. [18] found that distinct changes
in the locking depths are required offshore Oregon (latitude ∼ 42 ◦N and ∼ 45 ◦N), which results
in a narrower locked zone (Fig. 1b). Such abrupt along-strike variation in locking depths is not
required in the Schmalzle model [5]. Comparing the two locking models (Fig. 1), we also note that
the Schmalzle [5] model shows a significantly higher degree of locking than the Burgette [18] model
at the shallowest 10 km for most of the margin south of latitude ∼ 47◦N.

The above differences in the two types of geodetic locking models can have significant impli-
cations for Cascadia megathrust earthquake rupture scenarios. For example, as the φ = 0 locking
depth from the Burgette model is mostly offshore, it would indicate entirely free sliding further
downdip where no seismic slip would propagate into. By contrast, the zero locking depth of the
Schmalzle model extends moderately onshore, which implies nonzero coseismic slip and stronger
ground shaking for the coastal population. Except for the segment north of latitude ∼ 47.5◦N,
the lower locking degree of the Burgette2009 model, on average 0.5, also predicts generally smaller
coseismic slip.
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Numerical models using the empirical rate-and-state friction law can simulate the slip and
stress history on the fault during earthquake cycles spanning a continuum spectrum of fast and
slow slip [e.g. 25, 26, 27, 28, 29, 31, 32, 38, 49]. For example, Kaneko et al. [30] showed that
interseismic fault coupling pattern is highly related to the heterogeneous frictional properties on
the fault, which suggests that geodetic inversions of fault locking can be used to inform the rate-state
frictional parameter distributions in such earthquake sequence models and hence to quantitatively
assess earthquake rupture scenarios.

To investigate the possible scenarios of Cascadia megathrust earthquake ruptures, we construct
a 3D subduction fault model in the rate-and-state friction framework with friction parameters
constrained respectively by the Burgette2009 (Model I) and Schmalzle2014 (Model II) geodetic
locking models. Specifically, the geodetic locking pattern is mapped to the rate-state friction
stability parameter a − b on the fault, assuming the relative amplitude of a − b is proportional
to the degree of fault locking as expressed in the coupling coefficient φ. The historical coseismic
subsidence data from coastal sediment measurements [11] are used as observational constraints
to compare to the synthetic surface deformation generated from the coseismic slip from Models I
and II. We find that both models could reproduce the surface subsidence data comparable to the
historical observations within the uncertainty range. Additionally, the coastal subsidence pattern
requires heterogeneous, rather than uniform, earthquake nucleation sizes (the minimum fault length
for nucleating an earthquake) along the fault in order to generate coseismic rupture along the entire
margin.

In the following sections, we first introduce the coastal subsidence dataset used in the comparison
to our model predicted coseismic surface displacement (Section 2). Numerical model setup and
results are presented in Sections 3 and 4 respectively, followed by discussion on model limitations
and implications in Section 5.

2 Coastal Subsidence Data

Stratigraphic sequences of coastal marshes can record abrupt subsidence during coseismic ruptures
[6]. The coastal sediments will appear above a buried soil layer and thus can be dated with
radiocarbon method [3]. A 6500-year history of coseismic displacements of great earthquakes has
been recovered from the coastal marshes along the Cascadia margin [3], which provides a unique
database to study the megathrust earthquake sequences. The times and spatial extents of the
historical coseismic ruptures inferred from the onshore marsh sediments have been correlated with
the marine turbidites data [2]. Radiocarbon dating and deposit thickness measurement can be used
to constrain the amplitude of surface deformation and estimate the earthquake magnitudes [3].

The most recent Cascadia megathrust rupture in A.D. 1700 was simultaneously recorded by
coastal tsunami sediments in Japan [6] and Cascadia marine turbidites [2], and thus has a relatively
precise time estimate. The coastal subsidence data obtained for this A.D. 1700 megathrust event are
initially from Leonard et al. [3] and later refined by Wang et al.[11] using chronological techniques
with microfossil assemblages. Tracing coastal deposits with microfossil features can narrow the
uncertainty ranges of paleo-elevations before megathrust earthquakes [3, 11], which are derived
from fitting the data with a Gaussian probability distribution [11] (Fig. 1c).

The coastal subsidence measurement has been used as a constraint for the downdip limit of the
Cascadia seismogenic zone. Both uniform and heterogeneous elastic dislocation models informed
by such coastal subsidence dataset have been developed to describe the rupture magnitude and
spatial extent of these historical earthquakes [3, 11]. We use the coastal subsidence generated by
the A.D. 1700 megathrust earthquake to compare the surface displacements calculated from our
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Figure 1: Maps showing fault locking coefficients φ of (a) Model I: from Schmalzle et al. [2014][5]
and (b) Model II: from Burgette et al. [2009] [18]. Plate convergence rate Vpl is set to be 41 mm/yr.
Light purple dots are non-volcanic tremor locations of from 2018 to 2020 from Pacific Northwest
Seismic Network (PNSN https://pnsn.org/tremor). Dashed lines are depth contours. Red triangles
are coastal sedimentation sites used originally by Leonard et al. [2010] [3] and later by Wang et
al. [2013] [11]. Cities: PORT: Portland, SEA: Seattle, PA: Port Angeles. VAN: Vancouver. (c)
Historical subsidence data from Wang et al. [2013][11]. Black triangles with error bars: subsidence
data corrected with transfer functions based on a Gaussian probability distribution. Black triangles
with dashed line: subsidence range estimated without transfer functions due to insufficient data
coverage.

modeled coseismic slip. The coastal sediment sites used in this study are from the Washington
State to northern California as shown in Fig. 1a.

3 Model setup

We model the subduction fault as a planar surface embedded in an elastic half-space medium. Our
study domain extends from 40◦N to 50◦N covering the entire Cascadia subduction zone, as shown
in Fig. 1. We first rotate the slab into trench-normal and trench-parallel coordinates. Y-axis is set
to trench-parallel (along-strike) and X-axis is trench-normal (downdip). The fault is 1100 km long
in the along-strike and 492 km wide in the downdip distance, assuming a constant dipping angle of
13 ◦, which represents the average dipping angle for the shallow 30 km of the Cascadia subduction
fault. X = 0 km corresponds to the trench location. The fault contains 1024 evenly-spaced grids
along the strike and 384 along the downdip direction, resulting in 393,216 rectangular elements
in total. Each rectangle has an area of 1.07 (trench-parallel) ×1.28 (downdip) km2. The fault is
loaded along the downdip direction at a constant rate of 41 mm/yr.

3.1 Governing Equations

We assume that fault shear strength is governed by the laboratory-derived rate- and state-dependent
friction law [20, 53]. The friction coefficient f is a function of both the slip rate V and a single
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state variable θ,

τ = σ̄f = (σ − p)
[
f0 + a ln

(
V

V0

)
+ b ln

(
V0θ

dc

)]
. (1)

Here, a and b are non-dimensional friction parameters, dc is the characteristic distance over which
θ evolves following velocity steps, f0 is the friction coefficient at a reference velocity V0 at steady
state, and σ̄ = σ − p is the effective normal stress defined as the difference between normal stress
(lithostatic) and pore fluid pressure.

There are two commonly used state variable evolution laws. The “aging” law allows friction
to evolve on stationary asperity contacts as supported by laboratory experiments [14]. The “slip”
law requires nonzero slip for friction evolution and has been shown to better represent the friction
evolution during earthquake nucleation especially at large velocity steps [13]. Here we use the
“aging” law

dθ

dt
= 1− V θ

dc
. (2)

At steady state θss = dc/V , frictional coefficient becomes fss = f0 + (a− b) ln V
V0

. Slip remains
stable and any slip perturbation evolves towards the steady state when the friction stability pa-
rameter a− b is positive (velocity-strengthening, VS). Slip can be either unstable or conditionally
stable when a− b is negative (velocity-weakening, VW).

The conditionally stable slip mode appears when the fault width under velocity-weakening
(W ) is comparable to but less than the minimum size for unstable slip, namely the characteristic
nucleation size, h∗, which is related to the rate-and-state friction parameters a, b, Dc and σ̄, as first
formulated by Rice and Ruina [50], Rice [49]. More recently, Rubin and Ampuero [52] define h∗RA
as the size of expanding crack governed by fracture energy balance during propagation:

h∗RA =
2µbdc

π(1− ν)(b− a)2σ̄
, (3)

Although the subduction fault is assumed to be planar with the major advantage of saving
computational time and allowing more extensive parameter space search, the 3D fault geometry is
to the first order reflected by the variation of the along-dip seismogenic zone width, which as shown
in previous studies [38] strongly affects the earthquake nucleation and rupture propagation in the
combination of W/h∗.

The quasi-dynamic relation between the shear stress and fault slip is introduced by [49] with
radiation damping approximation,

τi (t) = −
N∑
j=1

Ki,j (δj (t)− Vplt)− η
dδi (t)

dt
, (4)

where τi (t) and δi (t) are shear stress and displacement of the ith element on the fault, respectively.
Stiffness kernelKi,j is the shear stress change on element i from a unit dislocation in the dip direction
on element j, and thus has the unit of stress/distance. Ki,j is the stiffness kernel calculated from
the quasi-static solution for a uniform slip over a rectangular dislocation on a cell in an elastic
half-space [35]. The radiation damping factor η = µ/2cs (µ is the shear modulus and cs is the shear
wave speed) is introduced to prevent the slip velocity from going unbounded during an earthquake
[49]. Plate convergence rate Vpl = 41 mm/yr is constant with time.

Compared with the full dynamic simulation, the quasi-dynamic approach can produce similar
seismic cycles but with lower seismic rupture propagation speeds and longer co-seismic duration
[32, 33]. Here we focus on the long-term earthquake sequence behavior, and use the cumulative
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coseismic slip, instead of detailed rupture process, for the surface displacement calculation that
is to be compared with the coastal subsidence data. Therefore, the dynamic stress radiation is
ignored in the current model.

3.2 Parameter Choices

Friction stability parameter a-b The non-dimensional friction stability parameter a − b de-
pends on temperature, rock type, and normal stress in friction experiments [e.g. 15, 43]. In rate-state
friction numercal modeling studies, the depth-dependent a − b distribution is typically obtained
by converting a − b measured on granite or gabbro gouge shear experiments under hydrothermal
conditions [22, 23] using a temperature profile for the fault zone of interest [34, 37].

Here we assume fault friction stability is constrained by the fault locking pattern; specifically,
the non-dimensional parameter a − b scales linearly with fault locking coefficient φ. Here, we use
two sets of fault locking coefficient patterns, φ, from the geodetic inversions: 1) Model I: using dense
GPS arrays from 1991 to 2014, assuming φ is equal to 1 at the trench and follows a Gamma model
where φ decrease from 1 to 0 exponentially with the landward distance from the trench [5], and 2)
Model II: using coastal tidal gauges and leveling-derived uplift rates in Oregon and California [18].
The fault locking patterns are projected to the planar fault according to the downdip distance.

The fault locking coefficients φ of both models are shown in Fig. 1. The major difference in
the two pattern appears near the border of Washington and Oregon. In the study of Schmalzle et
al. [5], the fault locks further landward in Washington and northern California (Fig. 1a). In the
result of Burgette et al. [18] shown in Fig. 1b, the fault is only firmly locked offshore on southern
Vancouver Island. From Washington to northern California, the fault locking decreases from about
1 to 0.5 and then increases to 0.9 in the southern end. The along-strike variation of φ in Oregon
and northern California is constrained with tidal and sea-level data while with GPS inversions in
Washington and southern Vancouver Island [18].

To convert φ to parameters a− b, we first set a cutoff value as φc where the downdip velocity-
weakening to velocity-strengthening a−b=0 takes place. In Model I (schmalzle2014 Gamma model),
we choose φc=0.55. In Model II (Burgette2009 model), we choose φc = 0.2. Between φ=1 and
φ = φc, a − b increases linearly from -0.0035 to 0. Further downdip, a − b linearly increase from
0 to 0.0035 when φ decreasing from φc to 0 (Fig. 2). We also test choosing φc = 0.4 and 0.5 in
Model II, results of which are shown in the Supplementary Materials Fig. S1-S2

Characteristic nucleation size h∗ Numerical studies in the framework of rate-state friction
have demonstrated that earthquake and slow slip source characteristics are largely controlled by
the length ratio between the seismogenic zone size (downdip width of the velocity-weakening zone)
and the characteristic nucleation zone size, W/h∗ [37, 40, 51]. Here h∗ is calculated using Eq.
3.3. As W is constrained by downdip distance of the assumed cutoff locking coefficient φc (Fig.
2c), fault coseismic slip behavior is largely affected by the choice of h∗. In the initial setup, we
use a uniform dc=99.9 mm on the fault and find no earthquakes would appear in the central and
southern segments. This is because the resulting W/h∗ is too small to generate earthquakes in the
central Cascadia. In the following, we reduce dc to 33.3 mm in the central and southern segments
(between -700 km and 50 km) and dc remains 99.9 mm in the northern segment ( 50 to 400 km).
The revised model results in a heterogeneous W/h∗, specifically larger W/h∗ in the central and
southern segments, which lead to margin-wide coseismic ruptures. We also test dc=49.9 mm in the
central and southern segments while keeping other parameters constant.Table S1 lists the dc values
used in three different tests for Model I.
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Figure 2: Maps showing non-dimensional frictional parameter a − b of (a) Model I (Schmazle et
al., 2014) Parameter a − b linearly increases from −0.0035 to 0 from trench to downdip limit of
seismogenic zone. (b) Model II (Burgette et al., 2009). Parameter a − b linearly increases from
−0.0035 to 0 as φ decreasing from 1 to 0.5. Trench is not firmly locked in Burgette model. (3)
Downdip distance of velocity-weakening portion in model I (red) and Model II (blue).

For Model II, we use a slightly different setup for dc. dc=33.3 mm is used between -700 km
and 200 km as the firmly locking segment is further northwards. dc=99.9 mm is used for northern
Cascadia (-180 to 400 km).

Effective normal stress σ̄ The effective normal stress σ̄ is set to be 5 MPa at the trench,
linearly increases to 50 MPa at 2.7 km (vertical depth) and then kept at 50 MPa further downdip.
For simplicity, we also assume such downdip distribution of σ̄ is uniform along the strike direction,
although spatial heterogeneities are likely more realistic due to influence from the overlying geologic
terranes [17, 36].

4 Results

In this section, we introduce the cumulative slip and slip rate history for a total of 1600-year
simulation period in Model I and Model II. Here, coseismic slip is defined when the fault maximum
slip rate exceeds a cutoff slip rate (i.e. Vsr ≥ 1 mm/s). We will then select modeled whole-margin
earthquake ruptures to show the coseismic slip distribution on the fault and the resulting subsidence
at the coastal sites for comparison with the historical observations in Wang et al.[11].

Model I Fig. 3 shows the cumulative slip history at downdip distance 20 km. In the entire 1600
year simulation period, six margin-wide earthquakes appear with similar rupture lengths. The
maximum along-strike rupture length is up to 1000 km. The average recurrence interval of these
quasi-periodic earthquakes is about ∼250-300 years (Fig. 3b).
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The maximum coseismic slip reaches up to 25 m due to the largest seismogenic zone width in
the northern segment (along-strike y = x to y km). Relatively smaller coseismic slip, up to 15 m,
appears in the central segment ([-400 km, -180 km]) due narrower seismogenic zone width. The
narrow W is to some degree compensated by the choice of dc one third of that in the northern
segment. Using the same large dc would effectively stop rupture from propagating through the
central segment (Fig. S10).

We calculated the total coseismic slip (accumulated over the time period when Vmax > Vsr) and
moment magnitude for each of the modeled megathrust events. The seismic moment is obtained
using:

M0 = ΣiµδiAi (5)

where µ is assumed shear modulus of 30 GPa, δi and Ai are total slip and area of an individual
element i. The coseismic slip distribution of EQ4 (Fig. 3) of Mw8.9 is shown in Fig. 5a. Coseismic
slip of 10-12 m extends ∼ 900 km along the trench, and propagates to an average downdip distance
of ∼ 100 km, which is in general consistent with the downdip distribution of the friction parameter
a−b (Fig. 2a) as inferred from the geodetic locking coefficient. We further show the cumulative slip
of an Mw9.0 and Mw9.1 event in Fig. S6a and Fig. S7a, respectively. The estimated magnitudes of
the six earthquakes shown in Fig. 5b are in the range of Mw8.9-9.1. Earthquake source statistics,
including occurrence times, magnitudes, and along-strike rupture lengths, of each individual event
is listed in Table S2.

To further test the influence of along-strike heterogeneous dc, we set dc = 49.9 mm in the central
and southern segments. As in Fig. S3, the slightly higher dc (hence smaller W/h∗) leads to shorter
rupture segments instead of margin-wide events. A margin-wide rupture occasionally appear and
repeats at about 650 yr (Fig. S3, Table S3), which is twice of the average recurrence time for the
model with dc = 33.3 mm. Segmented, smaller ruptures appear every 150-400 yr (Fig. S3). The
magnitudes and times of each rupture are listed in Table S3.

Model II Fig 4a shows that more complex earthquake sequences appear in Model II, which
indexes a − b to the Burgette2009 locking model. The maximum slip is up 18 m, 6 m and 12
m in the northern, central, and the southern segment, respectively (Fig. 4a). Model II has a
maximum fault locking between 47oN and 50oN (Fig. 1b); thus, the coseismic rupture extends
further northwards than that in Model I. On the contrary, the locked fault is shallower and results
in narrower seismogenic zone in the central segment (Fig.2c). Thus there are fewer margin-wide
ruptures in Model II, although the same dc=33.3 mm is used between 50 km and -700 km (Fig.4)a.
More segmented ruptures emerge between -600 and -100 km.

Several coseismic segments are separated by less than one day in the simulation, and thus are
merged in the total coseismic slip and moment magnitude calculation. Fig. S8 shows the coseismic
slip distribution of a possible margin-wide earthquake of Mw9.0 at year 649 in Model II. Due to
the multi-hour time separation and sluggish nature of the quasi-dynamic approach, we caution that
in reality this may correspond to two closely linked but separate ruptures along the subduction
margin.

We show two additional tests of Model II to demonstrate the sensitivity of earthquake sequence
on different choices of the cutoff locking coefficient φc. Fig. S1 and S2 represent earthquake
sequences using φc =0.4 and 0.5, respectively. The higher φc used, the narrower downdip distance
of velocity weakening portion. Only the northern part of the fault could simultaneously generate
coseismic rupture as the central and southern parts have limited seismogenic zone downdip widths
(Fig. 2c).
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Figure 3: (a) Coseismic slip (red lines) of every 30 sec for 7 earthquakes in a 300-year simulation
history of Model I. Interseismic slip (blue lines) of every 2 year is shown. Seven coseismic rupture
segments are identified with text labels EQ1 to EQ7. The northern, central and southern segments
are denoted at the top, respectively. The segmentation is based on Schmalzle el at.[2014][5]. (b)
Maximum slip rate log10(Vmax/Vpl) of 7 earthquakes. Smaller peaks represent possible aseismic slip
appearing along the fault (dashed line).
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Synthetic subsidence data We use the coseismic slip distribution on the subduction fault to
calculate the synthetic surface subsidence using Okada’s dislocation method with the assumption
of a half-space homogeneous Earth [48]. A uniform Poisson’s ratio of 0.25 and shear modulus 30
GPa are used.

In Fig. 5b (Model I), synthetic subsidence compares well with the observation data points
within their uncertainty ranges. The agreement is in particular good in the range between -300
km and 200 km. On the sites between -700 and -300 km, synthetic subsidence calculations are
generally larger than the field measurements, although there are also relatively large uncertainties
at the two southernmost sites, Sixes River and California Humboldt Bay, as no transfer functions
correction is applicable due to insufficient data coverage [11].

Additional synthetic subsidence calculations from modeled earthquakes of Mw9.0 to Mw9.1
are shown in Fig. S6b and Fig. S7b, respectively. Compared with Fig.5b, increasing moment
magnitudes result in larger subsidence at all stations and less comparable with the observations.

Fig. S8 shows the synthetic subsidence calculated from the coseismic slip slip of a possible
margin-wide earthquake of Mw9.0 for Model II. The subsidence between -400 km and -100 km is
too small, even consider the uncertainty range. Thus we propose that the coseismic slip of Model
II cannot reproduce the observational subsidence.

Synthetic interseismic fault locking We also calculate the fault locking coefficient using a
100-year interseismic slip history in each model. The 100-year window is chosen to be sufficiently
distanced from any earthquake-related slip (e.g., nucleation, post-seismici slip) on the entire fault.
First, we sum up the modeled slip on the fault over 100 years δ100. Then we calculate the fault
locking coefficient using: φmod =

VplT−δ100
VplT

where T=100 year. The fault locking results of Model I

and Model II are shown in Fig. S9. Both patterns are in general the same as the input frictional
instability parameter a − b shown in Fig. 2, confirming its control on the overall earthquake
rupture pattern and importance of incorporating geodetic locking model in earthquake sequence
simulations.

5 Discussions

Along-strike variation in characteristic nucleation size h∗ The ratio between seismogenic
zone and earthquake nucleation size W/h∗ mostly affects the partition between aseismic and co-
seismic slip modes, as shown by previous simulations for earthquake sequences [40] and transient
slow slip events modeling [38, 39, 51]. Source characteristics including recurrence interval, cumu-
lative slip, and magnitude scale roughly with W/h∗ [34, 39]. In our model, the downdip width of
the seismogenic (velocity-weakening) zone (W ), is constrained using geodetically determined fault
locking coefficient φ by assuming friction instability transition takes place at different thresholds
φc, which is kept constant with time. Thus, the along-strike heterogeneity of h∗ (or dc) affects the
modeled earthquake nucleation process.

In our model, the narrowing W in the central and southern segments requires a reduced nucle-
ation zone size h∗ (or dc) compared to that of the northern segment in order to achieve a continuous
margin-wide rupture. Specifically, we find that h∗ reduced by a factor of 3 in central Cascadia could
result in a continuous coseismic rupture in Model I (Fig. 3). The model using reduced dc by a
factor of 2 leads to smaller earthquake segments instead of frequent margin-wide events (Fig. S3).
Cascadia rupture obtained from paleoseismic evidence might indicate a combination of the two
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(b)northern seg.central seg.southern seg.

Figure 4: (a) Coseismic slip (red lines) of every 30 sec for coseismic slip in Model II. Interseismic
slip (blue lines) of every 2 year is shown. (b) Maximum slip rate log10(Vmax/Vpl) during 1600 year.
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Figure 5: (a) Modeled coseismic rupture on the fault for EQ4 of Model I. The seismic moment
magnitude is Mw8.9. (b) Red line: synthetic subsidences due to coseismic slip shown in (a). Black
triangles with error bars: subsidence data from Wang et al. [2013] [11] with transfer function
correction. Black triangles with dashed line: data range estimated without transfer function.

scenarios [2]. In this case, margin-wide rupture and segmented rupture might both appear. In
addition, the reduced dc is assumed to be uniform between -700 km and 50 km. Additional, smaller
wave-length heterogeneities in the central and southern Cascadia on the top of the oceanic slab may
further complicate and influence the choice of dc that determines whether rupture can propagate
through or be arrested.

Although the physics of dc on natural faults is not clear, the along-strike variation of dc may
reflect the heterogeneous characteristics of different geological terranes, the Wrangellia, Siletzia, and
Klamath terranes from north to south along the Cascadia margin. The Siletzia terrane (between
46◦N and 43◦N) is an accretion of Eocene age basalt with less permeability, which may increase
pore fluid pressure and promote partial creeping on the megathrust fault [5, and therein referred].
In this conceptual model, the less porous overlying plate may lead to smaller slip during both
earthquakes and slow slip events than elsewhere along the margin. The hypothesis of along-strike
variable permeability can explain the inferred wider transition zone between the fully locked and
continuous creeping offshore Oregon. It also reconciles with the observed gravity anomalies that
correlate with slow slip segmentation along the strike [17, 41]. Brudzinski and Allen [17] proposed
that the gravity anomalies reflect the density and porosity of the overlying plate, which may affect
the fault hydrous condition through permeability. The coastal observed uplift rates require nonzero
shear stress loading at the base of the locked zone [10]. More recently, Bodmer et al. [16] related
the geodetic locking variation in the three Cascadia terranes to the asthenospheric buoyancy of
subducting plate, which influences the overlying plate topographic development and along-strike
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variation of strain accumulation in earthquake cycles.
Except for megathrust earthquakes that have ruptured the entire Cascadia margin, partial

ruptures appeared along various segments of the margin [2, 3]. For example, it is likely that several
historical earthquakes only ruptured along the Oregon and northern California segments [3]. Why
did those segmented earthquakes fail to rupture the entire fault? Is it possible that a whole-fault
rupture could occasionally result from several smaller segmented ruptures via dynamic weakening on
a subduction fault like Cascadia? The questions are difficult to answer without direct observations
of fault mechanical properties or time-dependent rupture records. But several lines of evidence
suggest that coseismic rupture may be driven by dynamic weakening within a creeping section on
a fault, even though earthquakes cannot spontaneously nucleate there [47]. For example, the 1999
Mw7.6 Chi-Chi earthquake nucleated in the southern part of the Chelungpu fault, while rupture
propagated mainly to the north reaching the maximum slip whereas borehole rock samples revealed
velocity-strengthening behavior there (that is, a previously creeping section) [42]. The along-strike
rupture pattern can be explained in a numerical model by introducing dynamic weakening due to
efficient thermal pressurization in the northern segment [47]. Dynamic earthquake models that
fully capture the coseismic stress transfer process in rupture propagation, with possibly enhanced
weakening mechanisms such as thermal pressurization, are necessary to fully investigate the detailed
megathrust earthquake rupture scenarios in Cascadia.

Fault locking models We showed that Model I with frictional stability parameter a − b con-
strained by the fault locking model from the inversion of continuous GPS records (with vertical
reference frame adjusted to nearby tidal gauge and leveling uplift rates) [5] can reproduce coseismic
ruptures across the entire margin and generate surface displacements that agree reasonably with
the coastal subsidence data (Figs. 5). On the contrary, Model II, in which fault locking pattern
informed from tidal gauge and leveling data, generate more segmented earthquakes and show less
frequent appearances of margin-wide rupture (Fig. 4 and S1). We thus propose that the utilization
of various types of surface displacement data as in Model I may provide more realistic constraints
to the downdip limits of the locking zone that are critical for earthquake sequence models.

However, fault locking models are usually less accurate for the shallow near-trench depths [12].
The lack of near-trench geodetic observation leaves the shallow fault locking status poorly con-
strained. For example, offshore Tohoku of the northeast Japan trench, the fault locking inversions
with land-based GPS stations showed no strong coupling within 100 km landward from the trench
[21]. However, the 2011 M9.1 Tohoku-Oki earthquake rupture started at 40 km landward from
the trench where the fault was estimated to have low coupling coefficients [21, 54]. Additionally,
Wallace et al. [56] found several shallow slow slip events (within 7 km beneath seafloor) in the Hiku-
rangi subduction zone using absolute pressure gauge (APGs) networks. The detection of shallow
SSEs suggests that the shallow part of a megathrust fault might also undergo conditionally stable
slip if the rock frictional properties transition from velocity-weakening to velocity-strengthening,
in a similar manner to its downdip counterpart. In that case, the conditionally-stable shallower
portion can still host large coseismic slip, as evidenced by the 2011 Tohoku-Oki M9.1, when the
downdip rupture propagates into the low-confining pressure and low-strength part of the fault near
the trench [24].

Most current geodetic models for subduction zones need to assume that the megathrust fault is
firmly locked (about 100%) at the trench and decreases with landward distance [e.g. 5]. The fault
locking models will be different when using different mathematical formations with depth (e.g.
Gaussian or Gamma distribution) to constrain the downdip variation [5]. The estimation of fault
locking patterns can affect potential earthquake and tsunami hazard assessment for subduction
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zones. Until we have sufficient seafloor geodetic observation, the updip limit and hence the entire
width of the seismogenic zone is not well constrained. In addition, taking viscoelastic stress relax-
ation into consideration also results in a significant difference from the elastic dislocation model
commonly used in geodetic inversion studies [12].

6 Conclusions

Due to the lack of modern seismological records, the downdip extent of the seismogenic zone
in Cascadia is still obscure. To understand the historical seismic records and their implications
for potential future ruptures, we model Cascadia megathrust earthquake cycles in the laboratory-
derived rate-and-state friction framework. The seismogenic zone is constrained by two types of fault
locking models, represented by the coupling coefficient φ, obtained from geodetic inversion studies.
Specifically, we use the fault locking model derived from continuous Plate Boundary Observatory
GPS measurement (with vertical reference frame adjusted to nearby tidal gauge and leveling uplift
rates) [5] and tidal gauge and leveling records along the Cascadia margin [18]. The two locking
models show considerable differences in the amplitude and along-strike distribution. Our main
conclusions based on the model results and comparison to coastal subsidence data are:

1) The extent of coseismic rupture is mainly controlled by the downdip width W of the velocity-
weakening (a − b < 0) zone, which is constrained by the fault locking coefficient φ. The northern
segment with the widest seismogenic zone, due to its shallower dipping angle, generates the largest
coseismic slip. The coseismic slip is relatively smaller in the central and southern segments where
W is narrower.

2) With the above locking coefficient constrained a − b distribution, an along-strike uniform
nucleation zone size h∗ cannot generate margin-wide ruptures that are necessary to reproduce
the coastal subsidence observations from the A.D. 1700 Cascadia earthquake. Rather, rate-state
characteristic slip distance dc, proportional to h∗, in the central and southern segments needs to be
set at least one third of that in the northern segment, for a rupture to propagate through the entire
margin in Model I. The same reduction in dc in Model II would still result in segmented ruptures.
Heterogeneous distribution of dc and/or effective normal stress (h∗ ∝ dc/σ̄) could be related to
along-strike variation of the geological terranes of the overlying plate.

3) Coseismic slip from the margin-wide earthquake rupture in Model I leads to synthetic surface
displacements in reasonable agreement with the coastal subsidence observation of the A.D. 1700
earthquake, although our simplified elastic half-space model with spatially uniform elastic moduli
may contribute to some of the discrepancies between the modeled and observed subsidence.

Due to the lack of near-trench geodetic observation, our model only focuses on the downdip
extent of Cascadia megathrust rupture. Future seafloor displacement monitoring of the offshore
Cascadia is critical for a more realistic and comprehensive assessment of the Cascadia megathrust
earthquak and tsunami harzrads.
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