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Earth’s mantle undergoes convection on million-year timescales as heat is transferred from depth to the
surface. Whilst this flow has long been linked to the large-scale horizontal forces that drive plate tecton-
ics and supercontinent cycles, geologists are increasingly recognising the signature of convection through
transient vertical motions in the rock record, known as “dynamic topography”. A significant component
of topography is supported by lithospheric isostasy, and changes in its thermal structure are sometimes
included in the definition of dynamic topography. An additional component arises from active flow within
the underlying convecting mantle, and this process causes dynamic topography that has lengthscales vary-
ing from 10,000 km down to 500 km and typical amplitudes of ±1 km. Transient uplift and subsidence
events are often slow, but might evolve at rates as fast as 500 m Myr−1 over cycles as short as ∼3 Myr,
leading to periodic overwriting of the geological record that results in complex interpretational challenges.
Despite these difficulties, a growing number of observational and computational studies have highlighted the
important role of dynamic topography in fields as diverse as intraplate magmatism, sedimentary stratigra-
phy, landscape evolution, paleo-shorelines, oceanic circulation patterns, and ice sheet stability. This review
provides a brief overview of our current understanding of the topic and explores some basic insights that
can be gained through simple three-dimensional numerical simulations of mantle convection under different
convective regimes. We summarise a suite of observational techniques used to estimate dynamic topography,
and finish by laying out some key unanswered questions to stimulate debate and inspire future studies.

The generation and movement of heat through the man-
tle gives rise to lateral density heterogeneity and convective
flow. These buoyancy anomalies and their motion act to push
Earth’s surface up or pull it down, resulting in an evolving
pattern of vertical deflections known as dynamic topography.
Over the last decade, there has been growing recognition
of the influence of dynamic topography on surface processes
including landscape evolution, stratigraphic development of
sedimentary basins, oceanic circulation, paleo-shorelines, and
ice sheet dynamics (Braun et al., 2013; Petersen et al., 2010;
Spasojević & Gurnis, 2012; Poore et al., 2006; Rovere et al.,
2014; Austermann et al., 2015). In turn, identification of the
fingerprint of dynamic topography within the rock record can
be used to gain insights into the structure and dynamics of
the Earth’s mantle (Hager et al., 1985; Gurnis et al., 2000;
Flament, 2019). The potential relevance of dynamic topogra-
phy to such a diverse range of fields has led to a proliferation
of studies investigating this important topic using theoretical,
observational, and computational approaches (Ghelichkhan
& Bunge, 2016; Hoggard et al., 2016; Arnould et al., 2018).
Despite considerable advances arising from this work, sev-
eral controversies remain that are the focus of considerable
ongoing investigation. Examples include how best to define
dynamic topography, the length scales and rates over which
it changes, the driving mechanisms primarily responsible for
its temporal evolution, and which geological observations are
appropriate for constraining this behaviour.

In this review, we first provide a brief overview of convec-
tive regimes within the mantle and their variable signature in
Earth’s dynamic topography. This genetic link between the
surface and deep interior constitutes the most fundamental
motivation for studying dynamic topography, and therefore

provides important context. Next, we review observational
constraints that can be used to infer dynamic topography,
both its present-day spatial pattern and its temporal evolu-
tion. We finish by outlining several important outstanding
challenges in this research area.

1 Convective regimes and their surface expression

The Earth acts as a giant heat engine, with transfer of ther-
mal energy between various sources and sinks giving rise to
many of the geological processes that have sculpted its sur-
face. Heat is simultaneously generated in the interior of the
mantle (primarily from the decay of radioactive nuclides) and
supplied from below by the core (Lay et al., 2008). This heat
is transferred to the surface of the mantle where it continu-
ously escapes by conduction through the lithosphere.

1.1 Thermal convection of the mantle

On geological timescales, the mantle deforms as a fluid and
can be modelled using the principles of conservation of mass,
momentum, and energy. Some basic insights into its first-
order behaviour have been obtained from simple fluid dynam-
ical analysis. Deformation of mantle rocks is often treated as
a Newtonian process, where the rate of strain is linearly re-
lated to the driving deviatoric stress, and the effects of inertia
can be neglected. The resulting balance between pressure,
gravitational and viscous forces in such a fluid leads to the
Stokes equation, which depends on a dimensionless parame-
ter known as the Rayleigh number. Its magnitude quantifies
the timescale of conductive heat transport over that of con-
vective transport across the mantle, and gives an indication of
convective vigour. Thus, systems with low Rayleigh numbers
efficiently transfer heat by conduction, whilst high Rayleigh
numbers correspond to vigorous thermal convection. For a
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simple isoviscous layer heated from below, the Rayleigh num-
ber, RaB , is given by

RaB =
ρgα∆Td3

κη
(1)

where ρ is the density of material at surface conditions, g the
gravitational acceleration, α the coefficient of thermal expan-
sion, ∆T the temperature difference between upper and lower
boundaries, d the layer depth, κ the thermal diffusivity, and
η the kinematic viscosity (Turcotte & Schubert, 2002). In the
case of a purely internally heated fluid, the Rayleigh number,
RaH , is instead evaluated using

RaH =
ρ2gαHd5

κηk
(2)

where H is the rate of internal heat generation per unit mass
and k is the thermal conductivity. Analysis of the stabil-
ity of small temperature perturbations within a fluid reveals
that a critical transition occurs at Ra ≈ 103 in either heating
scenario, above which the layer begins to undergo thermal
convection (Rayleigh, 1916).

There is considerable ongoing debate over the relative
magnitude of internal heat generation within the mantle ver-
sus basal heating from the core (Lay et al., 2008; Nimmo,
2015). However, adopting approximate estimates of the var-
ious parameters in Equations (1) and (2), either definition
yields Rayleigh numbers for the mantle from 106 up to 109,
depending on whether layer depth is taken to be only the up-
per 670 km or the whole depth of the mantle (e.g. Knopoff,
1964). Thus variations in temperature within the mantle
give rise to buoyancy variations that drive vigorous flow. Al-
though this analysis is predicated upon a simple system with
several approximations and assumptions, the order of magni-
tude is thought to be valid for more realistic mantle rheologies
that include the pressure and temperature dependence of pa-
rameters such as viscosity and thermal expansivity, resulting
in spatial variation of the Rayleigh number (e.g. Parmentier
et al., 1976).

Both computational simulations and laboratory experi-
ments on analog systems show that at these Rayleigh num-
bers, convection is vigorous, can develop multiple layers, and
exhibits a strongly time-dependent planform (Busse, 1978;
Machetel & Yuen, 1986; Weinstein & Olson, 1990; Yuen et al.,
1994; Davies & Davies, 2009). Convection cells develop that
have isothermal cores bounded by thin layers where conduc-
tive heat transfer dominates (Turcotte & Oxburgh, 1967).
These thermal boundary layers form at the top of the mantle
as hot material rises to the surface and spreads horizontally,
gradually cooling to generate progressively thicker oceanic
lithosphere (McKenzie, 1967). When the thickness exceeds
a critical value, the thermal boundary layer destabilises and
begins to participate in convection (Huang & Zhong, 2005).
On Earth, these downwellings are thought to be dominated
by sinking slabs, although smaller-scale convective rolls and
drips have also been suggested (Richter, 1973; McKenzie
et al., 1974; Balachandar et al., 1992; Parmentier et al., 1994).
Importantly, some regions of thick continental lithosphere are
anomalously buoyant and viscous due to chemical depletion,
so do not destabilise in this manner (Jordan, 1975). Buoy-
ant instabilities within the lower thermal boundary layer at
the core-mantle boundary are expected to generate isolated
upwelling plumes and sheets (e.g. Olson et al., 1987). The
planform of these various features is expressed in dynamic
topography on the overlying surface.

1.2 Dynamic topography: A definition

Lateral density variations in the mantle and convective flow
produce temporally evolving radial stresses, σrr(t) that act
on Earth’s surface. These radial stresses are balanced by ver-
tical deflections of the surface, which are generally referred
to as dynamic topography. The magnitude of these radial
stresses depends on the viscosity of the mantle and the depth,
wavelength, and size of the buoyancy anomaly (Parsons &
Daly, 1983; Forte & Peltier, 1991). The amplitude of result-
ing dynamic topography, δa(t), depends upon the buoyancy
of the fluid displaced at the surface (i.e. air- versus water-
loaded) according to

δa(t) =
σrr(t)

g∆ρ
(3)

where g = 9.8 m s−2 is the acceleration due to gravity at
the Earth’s surface, and ∆ρ is the density difference between
mantle and displaced surface fluid. The existence of these
surface deflections was first alluded to by Pekeris (1935) and
is generated by three interwoven processes. Firstly, buoy-
ancy associated with variations in the thickness and thermal
structure of the upper boundary layer (lithosphere) is isostat-
ically compensated at the surface (Figure 1a). This process
is particularly well-expressed in oceanic regions, whereby av-
erage water-loaded basement depths subside by ∼3.5 km as
the plate ages, conductively cools, and increases in density
(Richards et al., 2018). This first-order behaviour of oceanic
lithosphere has been comprehensively studied and is well-
understood (e.g McKenzie, 1967; Parsons & Sclater, 1977;
Stein & Stein, 1992). However, the contribution of litho-
spheric isostasy in continental regions is an area of consid-
erable ongoing research (e.g. Guerri et al., 2015; Ball et al.,
2019; Davies et al., 2019). In particular, treatment of cra-
tonic lithosphere is complicated by the fact that some of its
buoyancy arises from chemical depletion, which may be suffi-
ciently extensive that its high intrinsic buoyancy and viscos-
ity only allows it to passively affect convective flow without
participating in it (Jordan, 1978; Jain et al., 2019). The sec-
ond process arises from variations in temperature and chemi-
cal composition within the asthenosphere and deeper mantle.
This lateral heterogeneity causes density anomalies that can,
even in the absence of vertical flow, be isostatically compen-
sated at the surface (Figure 1b). Thirdly, the flow field itself
produces pressure gradients and vertical deviatoric stresses
that exert tractions on the overlying plate (Figure 1c). A
standard assumption in mantle convection modelling is that
inertial forces are negligible, such that the flow field is entirely
driven by buoyancy anomalies. This assumption inextricably
links these second and third processes.

There is general consensus that crustal isostasy should not
be considered part of dynamic topography, but definitions
in the literature beyond this starting point tend to diverge,
including and excluding various of the aforementioned pro-
cesses (Flament et al., 2013). Some studies treat dynamic to-
pography as the deflections caused by buoyancy in the lower
mantle, whilst others include shallower features up to a depth
of ∼200 km, or even all sub-lithospheric structure (e.g. Hager
et al., 1985; Ricard et al., 1993; Conrad & Husson, 2009;
Steinberger, 2016). Lithospheric isostasy (process a in Fig-
ure 1) is commonly excluded from the definition, as it tends to
dominate contributions from other processes and is difficult
to model accurately due to the complex density structure of
continental lithosphere. Nevertheless, several studies do in-
corporate lithospheric isostasy in the definition (e.g. Forte
et al., 1993; Moucha et al., 2008; Glǐsović & Forte, 2016).
Finally, it is also possible to subtract all isostatic contribu-
tions and consider flow induced topography in isolation (only
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Figure 1: Processes producing dynamic topography and mechanisms causing evolving vertical motion. Top row = three
processes causing dynamic topography: (a) lithospheric isostasy (both oceans and continents); (b) isostasy within the convecting
mantle (asthenosphere and deeper); (c) mantle flow. Lower panels = mechanisms causing changing vertical motion at the surface: (d)
lateral translation of plate across underlying convective planform; (e) evolving vertical flow field; (f) lateral advection of convecting
mantle; (g) lithospheric thinning (e.g. by thermal erosion); (h) cooling of temperature anomalies; (i) lithospheric thickening (e.g.
during oceanic spreading or following horizontal extension).

process c in Figure 1; e.g. Molnar et al., 2015). Whilst
these alternative definitions have resulted in significant con-
fusion in the literature, none of them is necessarily incorrect,
but rather they aim to understand and explain different pro-
cesses (e.g. isostatic effects arising from the lithosphere ver-
sus deeper mantle flow). The salient point is that a consistent
definition of dynamic topography should be used when com-
paring model predictions either with oneanother or against
observational constraints.

A consequence of dynamic topography arising from these
three processes is that evolving vertical motions can be a re-
sult of changes in any of the individual components. Firstly,
as the lithospheric plate translates laterally over tempera-
ture anomalies in the convecting mantle, any point at the
surface undergoes alternating cycles of uplift and subsidence
(Figure 1d; Sandiford, 2007; Czarnota et al., 2013). The
largest rates of change associated with this mechanism will
occur when short-wavelength temperature anomalies are lo-

cated beneath fast moving plates, such as Australia or the
Pacific Ocean. Secondly, the amplitude and spatial extent of
dynamic topography changes as mantle flow patterns evolve,
such as above a subducting slab or upwelling plume head
(Figure 1e; Gurnis et al., 2000; Spasojević et al., 2009; Eakin
et al., 2014). Thirdly, temperature anomalies can flow lat-
erally beneath the plate (Figure 1f). This lateral advec-
tion mechanism is thought to be particularly prevalent where
plume heads impact the base of the plate and subsequently
spread horizontally within a low viscosity asthenospheric
channel (Vogt, 1971; Hartley et al., 2011). Fourthly, any
excess heat can also start to thermally erode and thin the
lithospheric mantle, producing uplift of the overlying surface
(Figure 1g; Ball et al., 2019). Fifthly, over time, the layer
of hot plume head material can cool by conduction, causing
subsidence (Figure 1h; Anderson, 1982). Finally, conductive
cooling of the lithosphere causes it to thicken and increase
in density, driving subsidence of the overlying surface (Fig-
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Figure 2: Synthetic dynamic topography fields for simple convection simulations within ASPECT using a three-
dimensional mantle shell. Dynamic topography is calculated using Equation (3) assuming an air-load and includes the contributions
from flow field, lithospheric and asthenospheric isostasy (processes a, b and c in Figure 1). (a) Isoviscous run with RaB = 105. (b)
Isoviscous run with RaB = 106. (c) Isoviscous run with RaB = 107. (d) Run with factor of 30 viscosity jump across 670 km between
the upper mantle, ηUM , and lower mantle, ηLM , at RaB ≈ 107. (e) Same as d, but also including a 100 km-thick lithosphere, ηlith,
that is 1000 times more viscous than the underlying upper mantle. All parameter files are included in the Supporting Information.

ure 1i; McKenzie, 1978). It should be noted that an addi-
tional seventh mechanism also operates, whereby convection-
induced changes in the gravity field generate relative vertical
motions in the geological record (Austermann & Mitrovica,
2015). However, this effect is generally very small (partic-
ularly at shorter wavelengths) and is highly correlated with
the pattern of solid Earth deformation driven by the first six
mechanisms.

These six mechanisms can act simultaneously or in isola-
tion to produce complex patterns of vertical motion. Spatial
length scales can be highly variable, and are limited at short
wavelengths by the flexural rigidity of the lithosphere (Colli
et al., 2016; Arnould et al., 2018; Golle et al., 2012; Sembroni
et al., 2017). There is also an interplay between timescales
of these different mechanisms. The rate of dynamic topog-
raphy change due to plate translation is controlled by plate
speed, the two evolving flow mechanisms depend on convec-
tive flow velocity and therefore mantle viscosity, whilst cool-
ing asthenosphere and lithospheric modification depend upon
warming and cooling of shallow material and therefore evolve
over conduction timescales. Some of the fastest rates of in-
ferred vertical motion are up to 0.5 mm yr−1 and appear
to be associated with lateral mantle flow within the astheno-
sphere (mechanism f in Figure 1; Hartley et al., 2011), whilst
conductive cooling at lithospheric scales occurs on 10s Myr
timescales and produces rates as slow as 0.01 mm yr−1 (mech-

anisms h and i in Figure 1; Parsons & Sclater, 1977). Fur-
thermore, there is a complicated interaction between differ-
ential plate translation (mechanism d in Figure 1) and the
other five mechanisms. For example, the plate is mechani-
cally coherent and so sites of lithospheric thinning and thick-
ening travel horizontally with the plate, in a fixed position
with respect to the overlying surface. In a similar manner,
downwellings are generated by instabilities within the ther-
mal boundary layer at the top of the mantle, and are there-
fore more likely to track horizontally with the plate than
upwellings, which are sourced from depth and are less likely
to be directly coupled to surface plate motion.

1.3 Simple convection simulations

Here, we illustrate in Figure 2 the effect of varying the convec-
tive vigour of the mantle on the resulting pattern of dynamic
topography, where all three processes causing surface deflec-
tions have been included. The purpose of these simulations is
to demonstrate that global patterns of dynamic topography
are strongly sensitive to convective regime, and to provide
a first-order understanding of this relationship. The simula-
tions are intentionally kept simple to convey these key points,
and more complex rheologies and thermal properties would
be required to make them more Earth-like.

Our finite element simulations are performed using the
ASPECT code (version 2.2.0-pre) where we adopt a three-
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dimensional spherical shell that is heated from below (Kron-
bichler et al., 2012; Heister et al., 2017). We perform incom-
pressible simulations at a range of Rayleigh numbers using
five different radial viscosity profiles. Three are isoviscous,
a fourth includes a lower viscosity upper mantle, and a fifth
also incorporates a high viscosity lithospheric lid (see cap-
tion of Figure 2). Free-slip boundary conditions are applied
at the top and bottom of the domain, and net rotation is re-
moved. Models are initialised with minor density perturba-
tions around a constant mantle temperature profile and run
forward through time until they reach steady state, which is
achieved when the root-mean-squared (r.m.s.) surface veloc-
ities stabilise. Runs take between 0.5–15 Gyr to reach steady
state and use adaptive mesh refinement in the upper bound-
ary layers (uppermost 200 km) and at grid cells with large
thermal gradients, such that the most well-resolved features
have a resolution of ∼10 km. While this resolution limits
the degree to which boundary layer dynamics are resolved,
we believe that it is sufficient to correctly simulate first-order
differences in convective regimes. Dynamic topography is cal-
culated based on Equation (3) using the consistent boundary
flux method to calculate radial stresses at the surface (Zhong
et al., 1993). This definition therefore includes the contribu-
tions from flow field, lithospheric and asthenospheric isostasy
(all three processes a, b and c in Figure 1). All parameter
files are included in the Supporting Information.

At RaB = 105, convection is relatively sluggish and pro-
duces long-wavelength, plume-like swells surrounded by lows
above downwelling sheets that are stationary through time
(Figure 2a). The r.m.s. amplitude of air-loaded dynamic
topography is 6.9 km, with peak amplitudes of -17 km and
+32 km. Figures 2b–2c show that increasing to RaB = 106

yields an r.m.s. amplitude of 2.8 km (peak amplitudes of
±13 km), whilst at RaB = 107 the r.m.s. drops to 1.3 km
(-7.5 km to +5.5 km). Thus by raising the Rayleigh num-
ber, the increasingly vigorous flow results in lower amplitude,
shorter-wavelength dynamic topography.

Figure 3: Schematic cartoon of lower mantle flow and as-
sociated boundary deflections. Vertical deflections of the
geoid, surface, mantle phase transitions and core-mantle bound-
ary (CMB) driven by a hot, buoyant, upwelling anomaly (red) and
a cold, dense, sinking anomaly (blue). Note that geoid anoma-
lies arise from a competition between mass contributions from
boundary deflections, which are opposite in sign from those associ-
ated with the driving mass anomalies themselves. The amplitude
and sign of geoid height deflections depends upon the buoyancy
anomaly magnitude, its wavelength and burial depth, and the vis-
cosity of the mantle (Parsons & Daly, 1983; Hager et al., 1985).

These first three runs are isoviscous. Introducing a viscos-
ity increase of a factor of 30 across the 670 km discontinuity
causes a further drop in the r.m.s. amplitude to 0.84 km
(Figure 2d). This also causes the upwellings, which initiate
in the thermal boundary layer at the base of the lower man-
tle, to become more widely spaced and have more localised,
higher amplitude peaks than the more elongated lows above
downwellings (peaks of +8.4 km versus lows of -3.5 km), as
previously found by Bunge et al. (1996). Finally, introducing
a high viscosity lithosphere causes the downwellings to con-
centrate into wide bands separated by more closely spaced
upwellings with broader swells (Figure 2e).

These simple examples illustrate that potential impacts
of mantle convection on vertical motions of the Earth’s sur-
face are highly diverse and likely to be variable through time.
An important corollary is that making accurate observations
of dynamic topography can provide unique insights into the
structure and dynamics of Earth’s interior. Parallel advances
between numerical modelling, the quantity and accuracy of
observational constraints, and the efficiency at which they
can be assimilated, are key for better reconstructions of dy-
namic topography. Several excellent review papers in the last
decade have highlighted various improvements from a mod-
elling perspective (e.g. Braun, 2010; Flament et al., 2013;
Coltice et al., 2017). Here, we briefly revisit these advances,
but mainly choose to focus on providing a complementary
overview of the methods that are used to reconstruct dynamic
topography from observational constraints in the geological
record.

2 Early observational constraints on large-scale
mantle flow and their role in past and present
geodynamic modelling

Our knowledge of Earth’s present-day dynamic topography
has undergone several major developments over the past
80 years as powerful new datasets have become available.
The late 1950s saw the first measurements of the long-
wavelength component of Earth’s gravity field, derived from
orbit-tracking of rockets and satellites (Kaula, 1963). One
common representation of this field is to map variations in
the height of the equipotential surface that coincides with
mean sea level, known as the geoid. The primary component
of the observed field is stronger gravity near the equator com-
pared to the poles, which is caused by excess flattening of the
Earth due to its rotation (Nakiboglu, 1982). Once this hy-
drostatic component is removed, there remains a dominant
spherical harmonic degree 2 pattern. Two major geoid highs
of approximately +100 m are centred over Africa and the
western Pacific Ocean, encircled by a ring of −100 m lows
above the sites of Mesozoic and Cenozoic subduction zones.
These anomalies were interpreted as being caused by flow
within the mantle, and are generated by a combination of
two competing effects (Runcorn, 1965). In the case of a buoy-
ant upwelling, a negative gravity contribution arises from the
hot, lower density thermal anomaly within the mantle, which
is opposite in sign to the positive contribution generated by
upwards deflection of the surface and core-mantle boundary
(Pekeris, 1935; McKenzie, 1968; McKenzie et al., 1973). The
reverse occurs for a dense, downwelling structure. Which
of these two effects is the strongest (i.e. geoid contributions
from driving mass anomalies versus boundary deflections) de-
pends on the size of the buoyancy anomaly, its depth and and
the viscosity of the mantle (Parsons & Daly, 1983; Colli et al.,
2016).

In the late 1970s, the first global seismic tomographic im-
ages were produced, mapping variations in shear-wave and
bulk sound velocities throughout Earth’s mantle (Dziewon-
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Figure 4: Results of present-day instantaneous flow calculations from Hager et al. (1985). (a) Observed geoid height
anomaly, corrected for the effects of hydrostatic flattening due to Earth rotation and the presence of downwelling slabs beneath sub-
duction zones (Hager, 1984); contoured every 20 m. (b) Modelled geoid height anomaly using a lower mantle density structure derived
from seismic tomography and a radial viscosity profile with a factor 10 increase across the 670 km discontinuity. (c) Predicted dynamic
topography at the Earth’s surface assuming a global water-load; contoured every 250 m. (d) Predicted vertical deflections of the
core-mantle boundary (CMB); contoured every 500 m.

ski & Anderson, 1984). In particular, underlying the geoid
highs, two large, spherical harmonic degree 2 patches of
slower than average shear wave velocities were observed in
the lower mantle, now termed Large, Low-Velocity Provinces
or LLVPs (Garnero et al., 2016). The simplest interpretation
of these features is that they represent hotter-than-ambient,
buoyant material that is rising, causing corresponding up-
wards deflections of the surface and core-mantle boundary
(CMB) and generating the observed non-hydrostatic geoid
anomalies (Figure 3). In a seminal paper, Hager et al. (1985)
tested this hypothesis using a spectral approach to calcu-
late the solution of the instantaneous flow field. A series of
depth-varying sensitivity kernels, based upon Green’s func-
tions, are derived for the surface topography, CMB deflec-
tions and geoid undulations that depend upon the magnitude
of relative jumps within a radial viscosity profile, but not the
absolute viscosity (Forte & Peltier, 1991). These kernels vary
as a function of wavelength (or spherical harmonic degree) of
the density anomaly that is driving viscous flow. As a gen-
eral rule, short-wavelength dynamic topography kernels have
sensitivity to density structure within the asthenosphere and
upper mantle, whilst the longest wavelengths also show sen-
sitivity to features in the lower mantle. For their density
structure, Hager et al. (1985) used an early lower mantle P-
wave tomography model that was linearly scaled into density
variations. For any input radial viscosity profile, the result-
ing sensitivity kernels are convolved with this density model
to predict geoid height variations. A satisfactory fit to geoid
observations was obtained by adjusting the radial viscosity
profile to have a factor of 10 increase at 670 km from the up-
per into the lower mantle, which simultaneously yielded the
first predictions of dynamic topography and CMB deflections

arising from lower mantle flow (Figure 4). The predicted dy-
namic topography exhibits a dominant spherical harmonic
degree 2 structure, with ∼1 km highs over Africa and the
Pacific Ocean, ringed by -1 km lows.

Many important theoretical advances have been made
since this initial study. Mantle density models have been con-
structed based on updated seismic tomography models and
conversion factors, assimilation of slab subduction histories
from plate reconstructions, or a combination of both (e.g. Ri-
card et al., 1993; Conrad & Husson, 2009; Spasojević & Gur-
nis, 2012). The spectral instantaneous flow methodology has
been improved to include the effects of self-gravitation and
compressibility (Corrieu et al., 1995; Forte, 2007). Switching
to fully numerical, time-dependent codes has allowed lateral
variations in viscosity to be incorporated into the flow field
(Zhong & Davies, 1999). This move has also allowed the tem-
poral evolution of mantle convection to be explored using for-
ward, backward, and adjoint approaches (e.g. Gurnis et al.,
1998; Conrad & Gurnis, 2003; Bunge et al., 2003; Glǐsović &
Forte, 2014; Li et al., 2017; Colli et al., 2018). This devel-
opment has the added bonus of allowing reconstructed plate
velocities to be built in as boundary conditions, providing
sensitivity to values of absolute mantle viscosity (Lithgow-
Bertelloni & Richards, 1998; Gurnis et al., 2000; Bower et al.,
2015; Glǐsović & Forte, 2015). As a consequence, predic-
tive models of present-day dynamic topography have steadily
evolved. Although the shape of the dominant spherical har-
monic degree 2 pattern is fixed by the requirement to fit the
observed geoid, predicted peak amplitudes vary between ±1–
3 km between different models (Flament et al., 2013). One
corollary of this long-wavelength pattern is that, as plates
translate across the surface or the planform of convection
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evolves, predicted rates of vertical motion are slow (typically
∼0.01 mm yr−1; Lithgow-Bertelloni & Gurnis, 1997). How-
ever, despite these various computational and theoretical ad-
vances, there remains considerable non-uniqueness in model
solutions that arises from trade-offs between parameters con-
trolling buoyancy sources and those that govern rheological
properties. These uncertainties emphasise the necessity of
obtaining additional observational constraints to test predic-
tive models.

3 Estimating present-day dynamic topography

The majority of predictive flow models of global dynamic
topography are driven by convection in the sub-lithospheric
mantle (processes b and c in Figure 1). In order to test
them, observational constraints on present-day dynamic to-
pography are required. A significant challenge in making
these estimates arises from the requirement to remove the
effects of lithospheric isostasy (process a in Figure 1) from
the observed topography. Given that this process often dom-
inates surface topography, accurate and detailed knowledge
of crustal and lithospheric density structure is required to
successfully remove it (Guerri et al., 2015). Efforts to isolate
isostatic topography from onshore elevations are hampered
by the long-lived and complex geological histories of conti-
nents, which have resulted in complicated lithospheric archi-
tectures. For example, chemical depletion arising from melt
extraction early in the Earth’s history increased the buoy-
ancy of residual lithospheric mantle (Jordan, 1978). To date,
attempts to observe the pattern of present-day dynamic to-
pography in the oceanic realm have proven more fruitful due
to its relative geological youthfulness and simpler lithospheric
density structure.

3.1 Oceanic residual depth anomalies

The first-order control on oceanic bathymetry is the pattern
of subsidence with increasing age as plates spread laterally
away from mid-ocean ridges. Many studies have focussed
on this behaviour, and it is generally accepted to be driven
by the progressive growth of a thermal boundary layer (Tur-
cotte & Oxburgh, 1967; McKenzie, 1967). As two plates sep-
arate at a mid-ocean ridge, hot asthenospheric material pas-
sively upwells and spreads laterally through time. Conduc-
tive heat loss through the surface steadily cools this material,
increasing its density and thickening the lithosphere, which
drives subsidence (Parsons & Sclater, 1977). This process
(panel a in Figure 1) is clearly a consequence of mantle con-
vection and this topographic component driven by thickening
of oceanic lithosphere is therefore sometimes included in dy-
namic topography maps (e.g. Forte et al., 1993). However,
it tends to dominate over bathymetric expressions caused by
sub-lithospheric buoyancy and flow (processes b and c in Fig-
ure 1), so many maps of dynamic topography remove the av-
erage age-depth subsidence trend in order to isolate residual
topographic anomalies (e.g. Cazenave et al., 1988; Panasyuk
& Hager, 2000).

We will focus on these sub-plate contributions to dynamic
topography throughout the rest of Section 3.1, although there
are a couple of important caveats that should be noted.
First, the age-depth subsidence correction typically approx-
imates local lithospheric isostasy with that expected for av-
erage oceanic lithosphere of equivalent age obtained from a
thermal evolution model. Topography caused by regional
lithospheric thickness variations away from this average back-
ground trend, such as thinning above a hot upwelling or thick-
ening above a cold downwelling, will therefore still be present
within residual depth estimates. Thus, residual bathymetry
is likely to represent a maximum bound on the amplitude of

deflections arising from deeper mantle flow (Hoggard et al.,
2017). Secondly, there are multiple options for the choice of
lithospheric cooling model including half-space, plate cooling,
and thermal boundary layer instability models, which pre-
dominantly differ in whether and by what mechanism heat is
resupplied to the base of the lithosphere as it ages (Korenaga
& Korenaga, 2008; Richards et al., 2018; Crosby et al., 2006).
These models yield similar results in lithosphere younger than
∼70 Ma, but residual depth anomalies can deviate by up to
∼1 km in the oldest parts of ocean basins (Zhong et al., 2007;
Hoggard et al., 2016).

Notwithstanding these issues, Menard (1965) was the first
to link anomalous bathymetric variations in the oceans to
the vertical deflections expected from mantle convection. He
identified several prominent mid-plate rises as likely surface
expressions of sub-plate convection cells (Menard, 1969). In
addition to age-depth subsidence, a component of oceanic
bathymetry is controlled by flexural and isostatic responses
to sedimentary loading, crustal thickness variations, and sub-
duction zones. Correcting bathymetric data for these pro-
cesses yields a map of residual depth anomalies that can
be regarded as a proxy for present-day dynamic topogra-
phy (Menard, 1973). Early attempts to map these anoma-
lies were focused on central areas of large ocean basins where
sediments are generally thinner, reducing uncertainty in sedi-
mentary loading corrections (Cochran & Talwani, 1977). The
largest limitation on the accuracy of residual depth maps
for many years was the absence of a correction for variable
crustal isostasy, primarily due to the lack of accurate global
grids of oceanic crustal thickness. However, a shift in focus
from global grids to spot measurements at the sites of marine
seismic experiments, where crustal thickness can be mapped
in high resolution, has significantly reduced this uncertainty
(Winterbourne et al., 2009, 2014).

The latest compilations include ∼2000 seismic experi-
ments of varying ages from a mixture of hydrocarbon in-
dustry and academic sources (Hoggard et al., 2017). There
is good coverage on most passive margins and along active
subduction zones, with scarcer spot measurements in cen-
tral portions of the major basins due to a paucity of dis-
tal experiments. Fortunately, the generally thinner sedimen-
tary cover in these regions results in lower uncertainty in
global grids of sedimentary thickness in comparison to pas-
sive margins and major river deltas. Therefore the most ac-
curate spot measurements are usually supplemented in distal
settings with gridded residual depth estimates derived from
these global compilations. Uncertainty arising from the ab-
sence of a correction for variable crustal isostasy in these grids
has been partially mitigated by removing oceanic lithosphere
that is clearly anomalous, such as at major fracture zones
and seamounts, using high resolution bathymetry and grav-
ity anomaly maps. Resulting sediment and crustal-corrected
observations measure the difference in the observed depth of
basement below the sea surface, compared to its expected
depth from age-depth subsidence curves. However, an ad-
ditional factor to consider is that the sea surface follows the
geoid, which is also deflected by mantle convection. Therefore
a final correction for height of the local geoid with respect to
its hydrostatic equilibrium figure is applied, which is typically
on the order of 100 m (Hoggard et al., 2017).

Our latest maps of oceanic residual topography with age-
depth subsidence trends removed reveal striking patterns,
particularly along passive margins with good data coverage
(Figure 5). Rather than the spherical harmonic degree 2
pattern anticipated from predictive flow models of dynamic
topography (e.g. Figure 4c), the residual anomalies are sig-
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Figure 5: Estimates of present-day residual topography. All maps are air-loaded in the continents and water-loaded in the
oceans, where the correction for age-depth subsidence assumes a plate or plate-like cooling model (i.e. flattening at old ages). These
residuals are considered a proxy for dynamic topography caused by convection in the sub-lithospheric mantle (processes b and c in
Figure 1). However, inaccurate removal of lithospheric isostasy (process a in Figure 1) may also be present, alongside any other data
errors. (a) Oceanic data from Hoggard et al. (2017), updated using the RHCW18 plate cooling curve and oceanic age model (Richards
et al., 2018); circles = spot measurements with geoid height, sedimentary and crustal corrections; upwards/downwards pointing tri-
angles = minimum/maximum spot measurements where no crustal correction has been made but its sign is estimated from nearby
crustal thickness measurements; grid = shiptrack-derived measurements with no crustal correction. Squares = 1915 new onshore spot
estimates derived from seismic experiments and corrected for crustal and lithospheric isostasy (Section 3.2). (b) Panasyuk & Hager
(2000), expanded to a maximum spherical harmonic degree, lmax, of 12 (Steinberger, 2007). (c) Kaban et al. (2003), expanded to
lmax = 12 (Steinberger, 2007). (d) Steinberger (2016), expanded to lmax = 31. (e) Hoggard et al. (2016), expanded to lmax = 30.

nificantly more variable, often changing over ∼1000 km wave-
lengths. The highest water-loaded amplitudes reach +2 km in
the vicinity of major magmatic hotspots such as Iceland, Afar
and Cape Verde. The deepest drawdowns of -2 km are gen-
erally, but not exclusively, associated with back-arc settings
above subducting slabs, such as the Banda Sea, western Gulf
of Mexico, and Argentine abyssal plain. Away from these

areas, residual depth anomalies exhibit typical amplitudes
of ±1 km. A particularly noteworthy example comes from
the southwestern margin of Africa, where coherently vary-
ing spot measurements capture at least two complete ±1 km
cycles with 1500 km wavelengths along strike of the margin
(Winterbourne et al., 2009; Hoggard et al., 2017).

The broad characteristics of these anomalies were evident
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even in the earliest studies of oceanic residual topography
(Menard, 1973; Cochran & Talwani, 1977; Cazenave et al.,
1988). However, the steady inclusion of higher accuracy mea-
surements of sedimentary and crustal thickness, in combi-
nation with more formalised error propagation, has greatly
improved resolution and reduced the associated uncertain-
ties. At present, for the spot observations of Hoggard et al.
(2017), the median size of the water-loaded crustal correction
is ∼200 m, which has propagated uncertainties of ±70 m, but
can locally be as large as 800±150 m in regions of very thick
oceanic crust such as around Iceland. The median water-
loaded sedimentary correction is ∼1.25 km, with uncertainty
of±50 m for data obtained from seismic reflection profiles col-
lected in two-way travel time (when uncertainty in porosity
compaction parameters is minimised). The sedimentary load-
ing correction is therefore typically larger than the crustal
correction, but can vary from zero in sites with no sediment
cover right up to 6.0±0.5 km on the most heavily-sedimented
passive margins, where it dominates uncertainty estimates of
oceanic residual topography.

3.2 Continental residual topography

Removal of isostatic topography arising from continental
lithosphere (process a in Figure 1) requires constraints on
its density structure that have largely been obtained from
seismology. Active source experiments such as reflection or
wide-angle refraction profiles yield information on the local
sub-surface velocity structure and major boundary depths in-
cluding the sediment-basement interface and Moho (Mooney,
2015). Passive seismological methods are also widely used.
For example, receiver function studies provide layer thick-
nesses and VP /VS ratios beneath the site of seismometers,
and combined inversion with surface wave data mitigates
some of the trade-offs between these parameters (e.g. Julià
et al., 2009). On a more regional scale, seismic tomogra-
phy can constrain the broad velocity structure of the litho-
sphere. Higher resolution studies often combine body wave
arrivals with fundamental and higher modes of surface waves,
which are particularly sensitive to upper mantle structure
(e.g. Schaeffer & Lebedev, 2013). Resultant maps of seis-
mic velocity are subsequently converted into density using a
variety of laboratory-based calibrations, although these con-
versions are subject to considerable uncertainty arising from
factors including the effect of minor phases such as water or
melt on velocities, anisotropic fabrics, anelasticity, and the
frequency content of seismic sources (e.g. Brocher, 2005; Jack-
son & Faul, 2010; Yamauchi & Takei, 2016). Final density
maps can be calibrated using observed gravity anomalies, al-
though the high non-uniqueness of this technique means that
it is of limited use in isolation (Cowie et al., 2015; Afonso
et al., 2019).

Some studies have used global grids of crustal thickness
and density compiled from local spot measurements to gener-
ate continuous maps of continental residual topography (e.g.
Pari & Peltier, 2000; Panasyuk & Hager, 2000; Steinberger
et al., 2019). Here however, we deliberately return to the
original spot measurements in order to avoid using areas in
the global grids that are poorly constrained due to a lack of
input data (following Davis et al., 2012). We adopt a simple
isostatic approach to calculating continental residual topog-
raphy using a global compilation of 11,062 local crustal thick-
ness estimates derived from a mixture of active and passive
seismic experiments (Szwillus et al., 2019, and other sources).
The isostatically corrected elevation, ecorr, at each location
is given by

ecorr = eobs −
(
ρa − ρc
ρa

)
zc −

(
ρa − ρl
ρa

)
zl (4)

where eobs is the observed elevation, ρa = 3200 kg m−3 is
the density of asthenospheric mantle, ρc is the bulk den-
sity of crust with thickness zc, and ρl is the bulk density
of lithospheric mantle with thickness zl. The bulk crustal
density is obtained by integrating the interval density profile
of Christensen & Mooney (1995), extended beyond 40 km
up to 50 km depth using a constant value of 3100 kg m−3.
Crustal thickness measurements above 50 km have been re-
jected due to growing uncertainty in this crustal density.
Lithospheric thickness is taken from the global grid of Hog-
gard et al. (2020), which is derived from the SL2013sv surface
wave tomography model (Schaeffer & Lebedev, 2013). The
bulk lithospheric density is given by

ρl =


3250 kg m−3 [zc + zl] ≤ 100 km

3280− 0.0003[zc + zl] kg m−3 100 < [zc + zl] < 300

3190 kg m−3 [zc + zl] ≥ 300 km

(5)
which approximates the effect of temperature-dependent den-
sity variations and increasing chemical depletion in thick
lithosphere (Jordan, 1978). We convert corrected elevation
to residual topography by subtracting the median value of
the entire dataset, which assumes that the sub-lithospheric
components of dynamic topography (processes b and c in
Figure 1) average to zero in the continents, and spatially av-
erage the results by taking the median value within 2◦ × 2◦

bins. Finally, we add the correction for non-hydrostatic geoid
deflections introduced in Section 3.1.

The resulting dataset of 1915 onshore points is shown in
Figure 5 and has typical air-loaded amplitudes of ±2 km. It is
substantially noisier than the oceanic residual depths, which
is a direct result of the larger uncertainties in crustal and
lithospheric thickness and density structure, particularly for
measurements obtained from receiver functions. The sensi-
tivity of results to each of these parameters can be tested
by propagating a realistic range of uncertainties through
Equation (4). Random 10% errors in crustal thickness pro-
duce typical residual topography changes of approximately
±400 m, whilst the same errors in lithospheric thickness pro-
duce ±150 m. Crustal densities probably vary by at least
∼100 kg m−3 (Guerri et al., 2015), which introduces ±1.1 km
residual topography changes, whilst 30 kg m−3 local varia-
tions in the density of the lithospheric mantle yield ±1.3 km
changes. Thus it seems that continental residual topography
results are particularly sensitive to the choice of densities for
the crust and lithospheric mantle, and a more time consuming
yet improved approach could exploit additional information,
such as the local seismic velocity structure, to estimate these
parameters (e.g. Brocher, 2005).

These overly simplistic continental residual topography es-
timates are severely hampered by uncertainty in the cor-
rections for crustal and lithospheric isostasy (Guerri et al.,
2015). Furthermore, they do not account for flexural loading
effects that may occur around sites of volcanic emplacement
or erosion and removal of crustal material (Sembroni et al.,
2016). However, they do illustrate the great value of local
seismic experiments and reveal that the current spatial cov-
erage is fairly good, except for Africa and the major ice caps
(Figure 5).

4 Observational estimates of time-evolving dynamic
topography

In addition to constraining the absolute amplitude of dy-
namic topography at the present-day, accurate measurements
of its rate of change provide important insights on the dynam-
ics of convection and rheological properties of the mantle. We
can illustrate this phenomenon using the simple convection
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Figure 6: Rates of air-loaded dynamic topography change from simple convection simulations shown in Figure 2. Rates
are calculated as changes in dynamic topography using Equation (3) between timesteps, which includes all five mechanisms e–i from
Figure 1. Note that these simulations do not include mechanism d of Figure 1, since the reference frame is external to the mantle
such that observation points are fixed and do not track across the surface at plate velocities. (a) Histogram of area-normalised rate
of change of dynamic topography in the spatial domain for isoviscous runs at RaB = 105, 106 and 107 (Figures 2a– 2c). (b) Spectral
decomposition of field of evolving dynamic topography, labelled with equivalent wavelengths at the surface. (c) and (d) Same for runs
with RaB ≈ 107 for isoviscous mantle, two-layer mantle with factor of 30 viscosity jump across 670 km boundary, and a three-layer
mantle including a 100 km lithospheric lid that is 1000 times more viscous than the underlying upper mantle (Figures 2c–2e).

simulations from Section 1.3. For isoviscous runs, increas-
ing the Rayleigh number causes higher rates of vertical mo-
tion that are dominated by increasingly shorter wavelengths
(higher spherical harmonic degrees; Figures 6a and 6b). In-
troducing a low viscosity upper mantle over a higher viscosity
lower mantle has a similar effect, with rates of vertical mo-
tion increasing (Figures 6c and 6d). In contrast, when a high
viscosity lithospheric lid is also added, the rate of change of
dynamic topography is reduced and the spectral properties
flatten significantly. Thus, inferring rates of dynamic topog-
raphy from observational constraints is an important problem
in geodynamics that yields information concerning the fluid
dynamical properties of Earth’s interior.

Investigating the temporal evolution of dynamic topogra-
phy requires identification of markers that can track changes
in elevation. Despite the difficulty in isolating absolute am-
plitudes of present-day dynamic topography in continetal ar-
eas, the onshore geological record does contain many useful
recorders of changing vertical motion, provided that suffi-

ciently accurate dating can be carried out (Figure 7). How-
ever, a significant interpretational challenge involves isolating
the desired signal from other geological processes. Relative
changes between local sea level and the solid Earth can also
result from active tectonics, volcanic emplacement, sedimen-
tation, eustatic sea level variations, and ongoing glacial iso-
static adjustment (GIA). Careful analysis of the total ampli-
tude, rate, duration, and spatial extent of uplift and subsi-
dence events yields insights into the relative contributions of
these different driving mechanisms (Miller et al., 2005; Lovell,
2010).

4.1 Satellite observations

The advent of the satellite-era has led to two promising new
avenues for constraining present-day changes in dynamic to-
pography. Firstly, the earliest satellites for the Global Posi-
tioning System (GPS) were launched in the late 1970s, and
the system became widely available for civilian use in the
1990s (Bock & Melgar, 2016). GPS allows direct measure-
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ment of both horizontal and vertical ground motion with re-
spect to the Earth’s centre of mass. Decadal rates of motion
have been obtained from stations that are either continuously
recording or are repeatedly visited as part of campaigns (e.g.
Feigl et al., 1993). Hunting for signals associated with dy-
namic topography is aided by avoiding locations where other
processes are likely to dominate, including those that are
actively deforming via earthquakes and faulting, such as at
plate boundaries, or those near obvious local loading changes,
such as in the vicinity of volcanoes, river deltas and ground-
water reservoirs (Bock & Melgar, 2016). However, ongoing
viscoelastic deformation of the solid Earth in response to
the evolving ice-water loads of glacial cycles is a global phe-
nomenon and unfortunately cannot be avoided in this manner
(Farrell & Clark, 1976). Whilst the most significant GIA-
induced changes occur in the vicinity of glaciated regions,
modelled present-day rates of vertical motion from the last
glacial period are still ±0.5 mm yr−1 at far-field sites, which
is an order of magnitude larger than typical rates expected for
dynamic topography (Milne et al., 2001; Mitrovica & Milne,
2002). Thankfully, the spatial pattern of GIA motions is
well-understood and quite distinct from expectations for dy-
namic topography. Nevertheless, GIA models with highly
accurate ice histories and viscoelastic mantle structure are
essential before secondary signals associated with mantle con-
vection might be reliably extracted. Obtaining such models
is an area of considerable ongoing research (e.g. Whitehouse,
2018), and so GPS rates are yet to be exploited to constrain
Earth’s dynamic topography.

The second relevant satellite-derived observation is tem-
poral evolution of the gravity field, which has been recorded
by the GRACE mission over the period 2002–2017. This
dataset has been successfully used to quantify mass changes
associated with ice melting, hydrological cycles, and post-
seismic deformation following large earthquakes (e.g. Shep-
herd et al., 2012; Crowley et al., 2006; Han et al., 2006; Chao
& Liau, 2019). Mantle convection simulations predict as-
sociated long-wavelength changes in geoid height to occur
at rates of ∼0.005 mm yr−1, which is close to, but unfor-
tunately just below the threshold of detection for GRACE
(Ghelichkhan et al., 2018). Future gravity missions in the
coming decade should lower this measurement threshold and
potentially allow investigation of evolving dynamic topogra-
phy, again provided that these signals can be successfully
isolated from larger contributions associated with GIA and
hydrology.

The great value of obtaining signals associated with evolv-
ing mantle convection from GPS and satellite-gravity is the
high resolution spatial coverage afforded by these datasets.
The limit for GPS comes down to on-the-ground station
spacing, which in continental areas is easily shorter than
the ∼500 km length scales associated with dynamic topogra-
phy. The horizontal resolution of satellite gravity depends
both on flight path spacing and the orbital elevation, as
short-wavelength signals attenuate more quickly with mea-
surement height (Wahr et al., 1998). The ∼500 km orbit
height for GRACE and its follow-on missions should be suffi-
cient for observing expected mantle convection signals. How-
ever, the principal issue to date with both of these datasets is
the short duration of their observation windows. Thus long-
term dynamic topography signals operating on million-year
timescales are dwarfed by faster, shorter duration processes
such as GIA and hydrology. In order to isolate changes caused
by mantle convection, we must turn to longer-duration mark-
ers of vertical motion from the geological record.

4.2 Sea-level markers

The clearest elevation marker in the geological record is sea
level, which marks a transition between the broadly erosive
onshore regime and the predominantly depositional offshore
environment. Morphological features such as wave-cut plat-
forms, sea cliffs, marine terraces, and beach deposits form in
a narrow palaeo-elevation band (Lyell, 1830). The same is
true for biological markers such as coral reefs and other ma-
rine fauna that grow in shallow water (Darwin, 1842). Post-
formation uplift or subsidence therefore yield measurements
of the relative change of sea level with respect to land, and
can be converted into rates of relative vertical motion pro-
viding that these features can be dated.

Some of the earliest and best constraints on long-term
vertical motion of the continents have come from observa-
tions of exposed marine sediments. In a seminal paper, Bond
(1978b) used the position of several Cretaceous, Eocene, and
Miocene shorelines in different continents to constrain the
extent of continental flooding at these times. In combina-
tion with the present-day distribution of topography within
each continent (known as hypsometry), he was able to sepa-
rate global variations in relative sea level seen simultaneously
on all continents from local changes arising from differential
vertical motions. Distinct subsidence and uplift events were
indicated for Europe, Australia, North America, and Africa
(Bond, 1978a, 1979). This approach was extended by Saha-
gian (1988), who considered nearshore or low-elevation sedi-
ments in addition to purely shoreline deposits in an attempt
to reconstruct the full two-dimensional surface representing
Cenomanian (∼95 Ma) sea level in Africa. This surface is
now locally warped by up to 3 km of topography, including a
series of ∼800 km diameter amagmatic and magmatic domes
that are located far from recognised plate boundaries.

The first-order features of these global flooding and up-
lift histories have been successfully modelled using mantle
convection simulations, as well as higher-level details in spe-
cific locations such as Australia, southeast Asia, and north
Africa (Gurnis, 1993; Lithgow-Bertelloni & Gurnis, 1997;
Heine et al., 2010; Matthews et al., 2011; Zahirovic et al.,
2016; Barnett-Moore et al., 2017; Cao et al., 2019). One of
the most iconic examples of dynamic topography controlling
the distribution of stranded marine rocks occurs in North
America. Here, ∼3 km of Late Cretaceous subsidence caused
westward tilting of a 1400 km wide region and produced a
marine depocentre, known as the Western Interior Seaway,
that subsequently rebounded in Cenozoic times (Sloss, 1963;
Bond, 1976). The gradual lateral thickening and widespread
nature of these sediments rules out standard basin form-
ing processes alone, such as rifting or flexural loading, in-
stead necessitating dynamic drawdown above the eastward-
subducting Farallon slab (Cross & Pilger, 1978; Mitrovica
et al., 1989). The subsequent rebound is attributed to pas-
sage of North America over the shallower parts of the slab and
eventually its rear edge, and the broad pattern and timing
of sedimentation has been successfully matched by models of
mantle flow (Mitrovica et al., 1989; Burgess et al., 1997; Liu
et al., 2008; Spasojević et al., 2009).

It is important to consider a couple of significant caveats in
interpretation of sea-level markers. One complication is that
each marker only constrains the integrated uplift or subsi-
dence since its time of formation. For example, a Cretaceous
marine limestone found 500 m above modern sea level indi-
cates a minimum of 500 m of cumulative uplift has occurred
since Cretaceous times. The actual history of vertical mo-
tion may be substantially more complicated, consisting of a
non-uniform uplift rate or even multiple cycles of uplift and
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subsidence (Roberts et al., 2018; Conway-Jones et al., 2019).
For this reason, to place tighter constraints on the tempo-
ral evolution of vertical motion at a given location, a series
of sea-level markers are desirable that have various ages and
therefore cover a range of durations (e.g. Fernandes et al.,
2019).

A further issue is that there are variations in global mean
sea level that are driven by changes in the volume of ocean
basins and the mass of ice sheets through time. These pro-
cesses will generate changes in eustatic sea level of up to
∼300 m, even in locations where the solid Earth undergoes
no vertical motion. For example, estimated eustatic vari-
ations resulting from variable sea-floor spreading rates and
associated ocean volume changes are controversial but are
believed to have amplitudes on the order of ±100 m, based
upon analysis of both sea-floor age distributions and pas-
sive margin stratigraphy from ice-free periods such as the
mid-Cretaceous (e.g. Rowley, 2002; Miller et al., 2005; Müller
et al., 2008). Meanwhile, the total eustatic sea level rise as-
sociated with ice melt between the last glacial maximum and
today is ∼130 m (e.g. Austermann et al., 2013). This is in
addition to remaining present-day ice that is thought to have
a volume equivalent to ∼74 m of further eustatic sea level rise
when spread uniformly over the area of present-day oceans
(Peltier et al., 2015). In the absence of tight constraints on
sea level at time of formation, large amplitude, long duration
recorders of relative vertical motion therefore yield dynamic
topography rates that are the least affected by these eustatic
uncertainties.

Over short timescales (durations less than ∼3 Myr), the
typical amplitude of dynamic topography change is expected
to be outweighed by glacial isostatic effects. However, despite
this issue, the relative ubiquity and enhanced preservation
of recent sea level markers from Quaternary and Neogene
interglacial periods has led to several attempts to extract
elevation components associated with evolving dynamic to-
pography. For example, dynamic topographic signals act in
addition to GIA effects in warping Pliocene shorelines on the
eastern US, southern African, and southern Australian coast-
lines (Moucha et al., 2008; Müller et al., 2008; Rowley et al.,
2013; Flament et al., 2013; Rovere et al., 2014, 2015). In
a global analysis, Austermann et al. (2017) found that this
signal can also be detected in the elevations of shorelines
from the last interglacial period (∼125 ka), as has recently
been confirmed in a local study from northern Madagascar
(Stephenson et al., 2019). Concentrated investigation of con-
tinental margins exhibiting flights of marine terraces of vari-
able age should greatly elucidate the temporal resolution and
uncertainties on uplift rate histories.

4.3 Sedimentary flux and the stratal architecture of
basins

Relative sea level changes also influence the supply of clastic
material into the offshore and the large-scale stratal archi-
tecture of sediments in basins. Pulses of high sedimentary
flux occur at times of increased uplift, whilst topographic
quiescence suppresses the supply of clastic material to river
deltas, promoting the growth of carbonates (Lavier et al.,
2001; Walford et al., 2005; Richards et al., 2016). Provided
that the rules governing stratigraphic relationships can be
understood, sedimentation patterns can be further used to
investigate long-term vertical motion and infer evolving dy-
namic topography at sites of sediment deposition (e.g. Eakin
& Lithgow-Bertelloni, 2018). Diagnostic stratigraphic pat-
terns develop primarily in response to a competition between
changes in the available accommodation space versus the rate
at which sediment is supplied to infill (Beelen et al., 2019).

This latter component leads to slightly different behaviour
in settings that are dominated by deposition of siliciclastic
versus carbonate sediments.

In clastic systems, sedimentation is controlled by the ex-
ternal supply of material eroded onshore and transported by
rivers. When influx is high, such as at large deltas, sediments
infill available accommodation space up to wave base. If ac-
commodation space remains constant, this results in progra-
dation, as new material can only be deposited on the lead-
ing edge of the delta and the sedimentary packages build
outwards into more distal areas (Catuneanu, 2006). A rel-
ative drop in sea level also causes sediment depocentres to
move further out into deeper water, accompanied by erosion
of older topset material that is now above wave base, and the
development of unconformities with missing section. These
features can be highly angular and often cover large areas of
the basin or shelf. Significant examples from uplifting pas-
sive margins have been found off Angola, South Africa, and
west India (Al-Hajri et al., 2009; Baby et al., 2018; Richards
et al., 2016). Conversely, a relative sea level rise increases ac-
commodation space and produces aggradation as sediments
build upwards. The difference in sediment-starved settings is
that insufficient material is available to infill this new space,
resulting in a proximal shift of the depocentre known as ret-
rogradation. Analysis of these cyclical sedimentation patterns
is called sequence stratigraphy and has been used to produce
histories of relative sea level change at various passive mar-
gins (Vail et al., 1977; Haq et al., 1987; Miller et al., 2005).

The principal difference in carbonate settings is that sed-
imentary material is grown in situ by various marine organ-
isms rather than supplied externally (N.B. influx of clastic
material generally tends to inhibit carbonate production).
Euphotic and oligophotic biota (e.g. corals, stromatolites,
formanaifera, algae) create flat-topped shelves because they
grow in the photic zone, with their depth extent depending
upon the penetration of sunlight (Pomar, 2001). In these
settings, sediment supply rate is usually governed by the sur-
face area of the shelf that occupies this photic zone. Stratal
architectures associated with either constant or falling rel-
ative sea level are similar to clastic systems (Sarg, 1988).
However, during increases in accommodation space, if growth
rates cannot keep up with relative sea level rise, entire car-
bonate platforms can become drowned (Kendall & Schlager,
1981). Such a process has been documented to have oc-
curred at ∼9 Ma across the entire Northwest Shelf of Aus-
tralia (Czarnota et al., 2013). These sudden increases in ac-
commodation space are sometimes associated with highstand
carbonate shedding, whereby siginificant erosional channeling
develops due to rapid vertical growth of platforms and reefs,
as organisms try to keep up with the photic zone, leading to
oversteepening and gravitational instability (Schlager et al.,
2003). This is in contrast to clastic systems, where the forma-
tion of erosional gullies predominately occurs during periods
of low sea level.

One of the most striking manifestations of transient ver-
tical motion occurs when shallow marine settings are up-
lifted above sea level and exposed to subaerial erosion, be-
fore subsiding back beneath the waves. This cycle results in
ephemeral landscapes, whereby the initial marine sediments
are often dissected by river channels, whose bases and deltas
can contain terrestrial deposits such as coarse siliciclastics
and coals, before a marine depositional setting is gradually
restored. The height of any resulting valley incision places
minimum bounds on the amplitude of uplift, whilst bios-
tratigraphic dating of fossils either side of the unconformity
places tight bookends on the event duration. Candidates for
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Figure 7: Geological observations recording a history of evolving relative vertical motion. This is a passive margin setting,
but some of these techniques are applicable on active margins, in continental interiors, and in deep ocean basins. These markers gener-
ally record relative changes between elevation of the land surface and sea level, except for GPS which measures solid Earth deformation
alone. Care must be taken to separate eustatic variations in sea level height from uplift and subsidence of the solid Earth. Cartoon is
not drawn to scale.

these landscapes have been observed in stratigraphy of the
Grand Canyon in western USA, Bass Strait of Australia, and
all across the North Atlantic region in the vicinity of the
Icelandic plume (Billingsley & Beus, 1999; Holdgate et al.,
2003; Underhill, 2001; Smallwood & Gill, 2002; Millett et al.,
2016; Stucky de Quay et al., 2017). The most impressive of
these occurs in the Faroe-Shetland Basin, where an Eocene
uplift and subsidence event generated and infilled a fluvial
landscape with ∼1 km of topography over a period of only
3 Myr (Hartley et al., 2011). The amplitude of this event
is significantly larger than glacial-eustatic sea-level cycles,
whilst its transient nature rules out other geological mech-
anisms that would result in permanent uplift, such as crustal
thickening or magmatic underplating. The inferred vertical
motion rates of ∼0.5 mm yr−1 mark this landscape as one
of the fastest examples of dynamic topography inferred from
observational constraints. Furthermore, the rapidity of the
subsidence phase rules out driving mechanisms involving the
cooling of an asthenospheric temperature anomaly or thermal
growth of the lithosphere (mechanisms h or i in Figure 1),
as these processes operate on conductive timescales (at least
30 Myr for a 100 km thick layer of lithosphere or astheno-
sphere; McKenzie, 1978). Lateral advection of an astheno-
spheric temperature anomaly from the proto-Icelandic plume
beneath the basin is most compatible with these constraints
(mechanism f in Figure 1; Rudge et al., 2008). Observations
of V-shaped ridges of thickened crust down the Reykjanes
oceanic spreading centre provide independent support for this
Poiseuille-type flow within the Icelandic plume head (Vogt,
1971; Parnell-Turner et al., 2017).

4.4 Peneplanation and palaeosurfaces

A distinct advantage of reconstructing vertical motions to in-
fer changes in dynamic topography in regions of drawdown
is that they tend to be dominated by sediment deposition,
often leading to continuous subsidence records. Conversely,
constraining histories of vertical motion in locations of dy-
namic uplift is often challenging, as subaerial erosion acts to
destroy the geological record. However, when early geomor-
phologists explored the interiors of supposedly tectonically
quiescent continents, they found evidence for 1000 km-scale
doming of ancient erosional surfaces that appeared to be sur-
prisingly youthful, based in part upon the ages of overlying
marine strata (e.g. King, 1942). Whilst controversial at the
time, it is now generally accepted that this basin-and-swell
morphology can be directly attributed to convective circula-
tion of the underlying mantle, with the clearest example of
this expression occurring on the African continent (Burke &
Gunnell, 2008; Moucha & Forte, 2011).

Stable continental interiors in both glaciated and non-
glaciated areas often contain large, low relief surfaces that
can be identified and mapped over large distances. These fea-
tures are variably referred to as peneplains or pediplains and
are attributed to former base levels at which erosion becomes
negligible. Initially, the conceptual model of their formation
involved a steady, simultaneous erosion of all hillslopes in a
process analogous to diffusion (e.g. Davis, 1899, 1930). How-
ever, observed preservation of older relict surfaces in stepped
terraces or isolated remnants, known as inselbergs and mon-
adnocks, suggested that the dominant process is actually ad-
vective retreat of scarps, whereby erosion is concentrated in
locations of steepest hillslope that backwear into the land-
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scape (King, 1953).

The simplest interpretation is that these former base levels
were in the vicinity of sea level at the time of their formation
and were subsequently uplifted (King, 1962). At sea level,
the potential energy of water is at a minimum and sediment
transportation and deposition dominate, inhibiting further
vertical erosion and promoting lateral mobility of river chan-
nels (Schumm, 1993). An important corollary is that the
relative height above sea level or the elevation difference be-
tween two surfaces represents a discrete uplift event of this
magnitude, from which a rate can be calculated if the surfaces
can be dated.

In reality, understanding erosional surfaces can be sub-
stantially more complicated and the resulting interpretations
more controversial (e.g. Pelletier, 2010). For example, obtain-
ing absolute age measurements requires careful consideration
of the geological processes involved. An erosional surface will
cut across rocks of various ages, the youngest of which pro-
vides a maximum age for peneplanation. Volcanic material
is often suitable for radiometric dating and so can be used in
this way if it is eroded as part of the surface (e.g. Stanley &
Flowers, 2016). Alternatively, lava flows can yield a minimum
age if deposited unconformably on top of the erosion surface.
The same is true for sedimentary rocks containing marker
fossils that yield biostratigraphic ages. Some surfaces subse-
quently undergo intense chemical weathering, whereby all but
the most immobile elements are leached away by groundwater
to leave thick lateritic or bauxitic soils (e.g. Chowdhury et al.,
1965). Associated precipitation of potassium-manganese ox-
ides, such as cryptomelane, enables 40Ar/39Ar dating of these
weathering events (e.g. Vasconcelos et al., 1992). Thus a vari-
ety of measurements may be available that pre- and post-date
the formation of erosional surfaces and thereby bracket their
age. An added complication is that the escarpment retreat
mechanism can generate diachronous dates across the surface
(e.g. Stanley et al., 2015). Indeed, a second uplift event may
result in simultaneous erosion of two distinct elevation sur-
faces as their respective escarpments continue to back-wear.
Finally, there is also significant debate over the mechanism
of planation, including whether the postulated base level is
sea level or whether surfaces can form in situ at higher eleva-
tions (e.g. Phillips, 2002; Clark et al., 2006; Yang et al., 2015;
Chardon et al., 2016; Guillocheau et al., 2018). It is worth
emphasising that rock uplift can be driven by dynamic or
tectonic uplift, but is amplified by any erosion and associ-
ated isostatic rebound (England & Molnar, 1990). Thus care
is required when using rock uplift rates to infer changes in
dynamic topography (e.g. Richards et al., 2016).

Notwithstanding these complex issues, there are promi-
nent planation surfaces bounded by great escarpments on
most continents. Where these occur in the vicinity of coast-
lines, the approximation of base level representing sea level
is likely to be valid and uplift histories can be inferred. The
classic example is the so-called ‘African Surface’, which had
formed as a result of erosion and extensive weathering by
Oligocene times (∼30 Ma), and has since been warped up-
wards to form topographic domes and downwards to form
basins infilled with sediments (King, 1953; Burke & Gun-
nell, 2008). In northwest Africa, radiometric dating of la-
terites suggests that a series of stepped erosional surfaces
were formed in discrete peneplanation events that have since
been warped during growth of the Hoggar Dome (Chardon
et al., 2006, 2016). Reinterpretation of the African surface
by Guillocheau et al. (2018) suggests that there is actually
a staircase of composite surfaces, dated using cross-cutting
relationships, which document epeirogenic uplift of the basin

and swell topography of central Africa since 30 Ma. Sembroni
et al. (2016) reconstructed the basal and surface topography
of flood basalts erupted from 40–20 Ma in Ethiopia to show
that large-scale doming above the upwelling Afar plume both
partially pre-dated basalt emplacement, but has also contin-
ued to grow since.

A couple of important examples from other continents in-
clude a series of K-Mn oxides that reside on the coastal plana-
tion surface of western peninsular India and have been dated
to Late Oligocene – Early Miocene times, indicating Neo-
gene uplift and denudation of the Western Ghats escarpment
(Bonnet et al., 2016; Richards et al., 2016). A set of three
striking paleosurfaces in Greenland, which cut across a range
of underlying formations, have been interpreted to represent
discrete, kilometer-scale uplift events at ∼60 Ma, 33± 3 Ma
and 10–4 Ma, using a combination of thermochronologic and
stratigraphic constraints (Japsen et al., 2006). The most im-
portant factor to bear in mind when interpreting the age of
incision events is that erosion occurs in response to uplift. As
a result, the oldest geological evidence for incision dissecting
an uplifted surface places a limit on the youngest possible age
of the onset of uplift.

4.5 Landscape denudation and thermochronology

Prominent erosional surfaces are limited in spatial extent,
and determining their absolute ages can be challenging. In
the absence of these large-scale features, local constraints
on the timing and magnitude of denudation (the amount of
overburden stripped off) are still very valuable for inferring
changes in dynamic topography, as erosion is isostatically re-
lated to the amplitude of tectonic or dynamic uplift (England
& Molnar, 1990; Brodie & White, 1994; Japsen et al., 2006;
 Luszczak et al., 2018). In order to extract quantitative esti-
mates of denudation, the last few decades have seen a prolif-
eration of geochronologic techniques that exploit radioactive
decay, either induced by bombardment of atoms by cosmo-
genic radiation or from spontaneous alpha, beta, and fission
decay of radionuclides. Here, we briefly outline the principal
techniques that are commonly used to constrain the temporal
history of erosion and exposure on the 100 kyr to million-year
timescales relevant to the study of dynamic topography.

Low temperature thermochronology exploits temperature-
dependent processes operating as a result of radioactive decay
(Wagner, 1968; Gallagher et al., 1998; Reiners et al., 2005;
Reiners & Brandon, 2006). First, parent radionuclides within
a mineral undergo alpha- or beta-decay to produce a daughter
according to a decay chain with a known half-life. The decay
products subsequently diffuse through and out of the crystal
lattice at a rate governed by the absolute temperature, which
is commonly represented using an Arrhenius relationship (e.g.
Wolf et al., 1998; Farley, 2000; Harrison et al., 2009). Thus
the observed concentration of parent and daughter isotopes
within the crystal volume is affected by the cooling history
experienced by the host mineral. Techniques that exploit this
effect include the (U-Th-Sm)/He system in apatite and zir-
con, 40Ar/39Ar in mica and feldspar, and the U–Pb system
in a range of minerals (e.g. Farley, 2000; Harrison et al., 2009;
Godin et al., 2001). Secondly, the much rarer spontaneous
fission of naturally occurring heavy radionuclides (nearly ex-
clusively 238U) results in energetic ejection of two daughter
nuclides, causing damage to the crystal lattice (fission tracks)
that steadily anneal through time (Wagner, 1968). The heal-
ing rate of these fission tracks is temperature-dependent, such
that the damage trails shorten as a function of both temper-
ature and time following an empirically derived relationship
(e.g. Green et al., 1985, 1986; Laslett et al., 1987; Ketcham
et al., 1999, 2007). Fission track analysis therefore exploits
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the distribution of track lengths, in combination with the ab-
solute concentrations of fission tracks and parent isotopes, to
constrain a mineral’s thermal history (e.g. Gallagher, 1995;
Ketcham, 2005; Gallagher, 2012).

Two commonly exploited low temperature ther-
mochronometers are the apatite fission track (AFT) system,
which is sensitive to temperatures between 60–110 ◦C, and
the apatite helium system (AHe or apatite (U-Th-Sm)/He),
which is sensitive to temperatures between 40–70 ◦C (Wag-
ner, 1968; Gleadow & Duddy, 1981; Gallagher et al., 1998;
Farley, 2000, 2002; Reiners & Brandon, 2006; Ketcham et al.,
2007). Inverse modeling of these thermochronologic data can
approximate the thermal history experienced by a rock sam-
ple, which can be turned into an equivalent burial depth
beneath the surface through time by applying an assumed
geothermal gradient (e.g. Ketcham et al., 2007; Gallagher
& Brown, 1999; Gallagher, 2012; Braun et al., 2013). The
temperature sensitivity ranges of these two thermochrono-
logic systems are such that they are able to constrain the
burial and exhumation histories of the uppermost ∼2–7 km of
the crust, given standard continental geothermal gradients.
Application of such analyses to the problem of landscape
denudation can bracket the timing of the onset of incision,
peneplanation episodes, burial by sedimentary deposition,
or active tectonic processes, all of which may be associated
with regional epeirogenic uplift (e.g. Japsen et al., 2006;
Stanley et al., 2015;  Luszczak et al., 2018; Wildman et al.,
2016). Landscape evolution models indicate that the max-
imum magnitudes of denudation associated with dynamic
topographic motions should be on the order of 2–3 km (e.g.
Braun et al., 2013). In locations with typical geothermal
profiles of 15–25 ◦C km−1, these amplitudes place the AHe
and AFT closure temperatures at the limits of resolution
for samples found at the surface today. Current research is
focused on exploiting alternative systems with lower closure
temperatures, which should elucidate cooling histories and
therefore denudation to within a few hundred metres of the
surface. Such approaches include 4He/3He thermochronol-
ogy, with a closure temperature around 30–40 ◦C (Shuster &
Farley, 2004; Flowers & Farley, 2012).

Over shorter timescales, a widely used method to recon-
struct recent rates of denudation is cosmogenic exposure dat-
ing. The Earth is continuously bombarded by cosmic rays
sourced from the sun and outside the solar system, the ma-
jority of which are stopped in the atmosphere. The radiation
that reaches the land surface is primarily composed of neu-
trons, which collide with atoms within the top ∼2 m to pro-
duce cosmogenic isotopes, some of which undergo radioactive
decay (Davis & Schaeffer, 1955; Lal & Peters, 1967). Pro-
vided that the production rate and half-life of these radionu-
clides is known, the observed isotopic composition within a
surficial sample can therefore be inverted to estimate the time
elapsed since its exposure. As well as depth-dependence, the
production rate is also a function of latitude, elevation, ge-
ometry of surrounding topography and mineral composition,
which are the source of the principal uncertainties in these
techniques. Due to high abundance of their parent nuclides
in silicate minerals, the two most commonly exploited iso-
topes are 10Be (produced from 16O) and 26Al (produced from
28Si), with half-lives suitable for investigating landscape inci-
sion on hundred-thousand year timescales (Nishiizumi et al.,
1993). Cosmogenic exposure dating has been widely used
to obtain spot measurements of local incision rate, but can
also be applied to estimate integrated erosion across an en-
tire drainage catchment by analysing the sediments carried
within its rivers, provided that incision localisation and hills-

lope processes are also carefully considered (Bierman & Steig,
1996; Codilean et al., 2018; Tofelde et al., 2018; Riley et al.,
2019).

A final related technique that is commonly used in land-
scape evolution analysis is optically stimulated luminescence.
In contrast to cosmogenic exposure dating, which constrains
erosion rates, this approach can be used to date the time of
sample burial and therefore age of landscape features. The
method exploits the fact that the decay of radionuclides gen-
erates ionising radiation that causes a build up of charge
within a feldspar or quartz crystal. This charge can either
be released by heating the sample, or more commonly by
exposure to solar radiation at the surface (Huntley et al.,
1985). When sediments that were exposed to sunlight become
buried by overlying material, this charge begins to accumu-
late, and can therefore be used to measure the time elapsed
up to a maximum age of ∼100 ka for quartz, beyond which
charge traps become saturated (Aitken, 1998; Wallinga, 2002;
Duller & Wintle, 2012). Sand deposited in fluvial or marine
terraces is a common target for these studies. For example,
terraces along the Angolan coast have been dated using this
approach and indicate rapid Quaternary uplift rates of up
to ∼1.4 mm yr−1 associated with growth of the Bié dome
(Walker et al., 2016). Age overestimation is the principal
issue in fluvial environments, where inadequate exposure to
sunlight during transport can cause incomplete resetting of
the accumulated charge (Wallinga, 2002).

A long-standing problem which inhibits our understand-
ing of landscape denudation is the significant time gap be-
tween the 103–105-year sensitivity of optically stimulated lu-
minescence in quartz and cosmogenic exposure techniques,
and the > 106-year sensitivity of existing thermochronologic
approaches. Furthermore, the low amplitude of denudation in
response to epeirogenic uplift requires sensitivity to low, up-
per crustal temperatures. Exciting new research is attempt-
ing to bridge these gaps by exploiting multi-optically stim-
ulated luminescence on feldspar and electron spin resonance
as thermochronometers. These systems are potentially sen-
sitive to ages back to ∼1 Ma and to temperatures as low as
25 ◦C, making them ideal for investigating shallow burial and
exhumation histories (Guralnik et al., 2015; King et al., 2016;
Bartz et al., 2018).

4.6 Drainage analysis

The elevations of peneplains, paleosurfaces, marine rocks,
and sea level markers yield constraints on time-integrated
uplift or subsidence since their formation, providing spot es-
timates of dynamic topography changes over specific time-
frames. Higher resolution spatio-temporal reconstructions
are desirable, and require a more continuous record of evolv-
ing vertical motion. Drainage networks are a ubiquitous fea-
ture of terrestrial landscapes, and the elevation of river pro-
files along their lengths has long been known to record the
interplay of uplift and erosion (Howard et al., 1994). Recent
spectral analyses of African drainage patterns indicates that
river elevation changes are dominanted by power at wave-
lengths & 100 km, suggesting that large coherent signals,
such as regional uplift caused by dynamic topography, are
potentially recoverable despite overprinting by shorter wave-
length complexities, such as variations in lithology, precipi-
tation and biota (Roberts, 2019; Roberts et al., 2019).

In order to extract quantitative information about the
spatio-temporal history of vertical motions from fluvial land-
scapes, it is necessary to understand and parameterise the
processes of erosion responsible for sculpting the observed
remnant features. The early qualitative descriptions of
peneplanation, river incision, and escarpment retreat have
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steadily transformed into mathematical formulations. Most
models of fluvial erosion take the form of kinematic wave
equations, and some also consider erosional ‘diffusion’ (e.g.
Luke, 1972; Howard & Kerby, 1983; Rosenbloom & Ander-
son, 1994; Whipple & Tucker, 1999). The phenomenological
stream power erosional model, for example, relates the inci-
sion rate at any point on a river to its local slope, ∂z

∂x
, and

upstream drainage area, A, which is a proxy for the water
flux or stream discharge (Howard & Kerby, 1983). By pa-
rameterising erosional processes, the change in elevation of
any point on a river through time, ∂z

∂t
, can be written as a

competition between the local uplift rate and erosion rate.
Thus,

∂z

∂t
= U − vAm

[
∂z

∂x

]n
+ κ

∂2z

∂x2
(6)

where U is the rock uplift rate and v, m, n, and κ are ero-
sional coefficients that include the effects of bedrock erodi-
bility, precipitation, sediment cover, catchment shape, and
channel geometry (Stock & Montgomery, 1999). All param-
eters could potentially vary as a function of space and time.
The advective erosional term (second on the right-hand side)
represents the back-wearing velocity of concavities known as
knickzones as they retreat upstream, whilst the third term
acts to smooth sharp changes in river slope in a process anal-
ogous to diffusion (Howard & Kerby, 1983; Rosenbloom &
Anderson, 1994; Whipple & Tucker, 2002; Dietrich et al.,
2003). In a simple sense, the river can be thought of as
a tape recorder, where information about the history of re-
gional uplift becomes stored within the fluvial landscape and
can be extracted, provided that the erosion history can be re-
constructed with sufficient accuracy (Pritchard et al., 2009).

Three main approaches have been developed to extract
quantitative information about rock uplift histories using
Equation (6) and the shape of observed river profiles. Each
method has its own assumptions and limitations, and is
variously championed or vilified within the geomorpholog-
ical community. The first approach is slope-area analysis,
which has been typically applied in small catchments draining
across faults (e.g. Whipple, 2001; Schoenbohm et al., 2004).
The key assumptions of this method are that each river is
in steady state, such that uplift is balanced by erosion at all
locations at any given time (i.e. ∂z

∂t
= 0), and that the diffu-

sional term is negligible (κ ∂2z
∂x2 → 0 for a detachment-limited

channel with little to no basal sediment cover). Incorporating
these assumptions into Equation (6) and rearranging yields

log

[
∂z

∂x

]
= −m

n
log[A] +

1

n
log

[
U

v

]
(7)

This formulation means that a logarithmic plot of local slope
versus upstream drainage area for multiple points along the
profile should have a slope of −m

n
and intercept of 1

n
log
[
U
v

]
.

In reality, these points often define linear arrays. Provided
that v, m and n can be considered invariant for each linear
trend, differences in the intercept can therefore be interpreted

as variations in uplift rate. The value of
(
U
v

) 1
n is referred to

as the channel steepness index, ks, a common proxy for up-
lift rate (e.g. Kirby & Whipple, 2001). Problematically, uplift
rates that vary as a function of space and time can violate
the steady-state assumption, resulting in transient changes
in slope which do not reflect the value of U (e.g. Whittaker,
2012). The timing and spatial location of the formation of
these transient knickpoints trade-off, such that prior infor-
mation on the spatial pattern of uplift (such as the locations
of faults) is required for successful interpretation (Whipple &
Tucker, 2002; Whittaker et al., 2008; Pritchard et al., 2009;

Whittaker, 2012). Furthermore, this approach involves dif-
ferentiating profile elevation with respect to distance, and is
therefore susceptible to amplification of noise present in the
digital elevation model used to extract the river profile (e.g.
Roberts et al., 2012b).

This noise issue can be suppressed by solving Equation (6)
using an integrative approach (Luke, 1972; Weissel & Seidl,
1998; Pritchard et al., 2009). The most widely applied
methodology was described by Perron & Royden (2013) and
is known as chi analysis. Making the same assumptions con-
cerning elevation steady state and absence of diffusional ero-
sion, Equation (6) can be rearranged and integrated to give

z = zbl +

(
U

vAm
0

) 1
n
∫ x

xbl

(
A0

A

)m
n

dx (8)

where zbl is the elevation of local base level, xbl is the distance
upstream that this base level extends from the river mouth,
and A0 is a reference drainage area introduced to force the
integral term (referred to as χ) to have dimensions of length.
By choosing values of m and n, χ can be calculated along the
length of the river. Plots of elevation as a function of χ should

therefore have a slope of
(

U
vAm

0

) 1
n

(equivalent to the channel

steepness index when A0 = 1 m2), which yields values for up-
lift rate if v is independently known and upstream drainage
area is assumed not to have varied through time (Perron &
Royden, 2013; Willett et al., 2014; Yang et al., 2015). In ad-
dition to suppressing noise, another clear advantage of this
approach over slope-area analysis is that this procedure of
normalising by the upstream drainage area makes transient
uplift signals appear as discontinuities in elevation that stack
at the same value of χ across multiple tributaries, thereby
placing minimum constraints on how far downstream uplift
signals must have been inserted. However, whilst transient
uplift events that violate the steady-state elevation assump-
tion can be identified using this approach, it remains chal-
lenging to extract continuous uplift histories at the regional
to continental scales that are driven by dynamic topography.

A third, alternative methodology has been demonstrated
by Roberts & White (2010), whereby Equation (6) is directly
solved numerically in a forward sense, in response to a given
uplift history. The observed shape of any real river profile
can then be matched by inversion to find a best-fitting his-
tory of uplift. This approach avoids the steady-state ele-
vation assumption and can include the term associated with
diffusional erosion, but is substantially more computationally
expensive. Whilst v, m, n, κ and A could all potentially be
varied through space and time, as with previous approaches
it is necessary to fix these parameters to extract a unique
history of uplift. Application of this method to individual
African rivers suggests much of the continent’s basin-and-
swell topography grew during the Neogene period (Roberts
& White, 2010). This initial study also assumed that the
uplift rate was spatially invariant, with uplift events generat-
ing knickzones at the river mouth that propagate upstream.
This set up is only applicable when the length of a river is
small in comparison to the wavelength of uplift signals.

When uplift is also allowed to vary with distance along the
profile, the trade-off returns between the location a signal is
inserted on the river versus the time it has taken to retreat
upstream. This issue has been tackled in two ways. First,
damping parameters are applied that force the uplift history
to be smooth as a function of space and time, consistent with
expectations for uplift signals caused by dynamic topogra-
phy. Secondly, multiple rivers in the region are simultane-
ously inverted. This step has the added bonus of emphasis-

16



Preprint accepted on 20th May 2020 and made available under the CC-BY-NC-ND 4.0 license. c© 2020

ing signals that are coherent between different channels and
catchments, therefore reducing the impact of local stream-
capture events, lithological variation and fault-induced knick-
zones. The first such regional-scale spatio-temporal uplift
history was obtained for Madagascar, where ∼1.5 km of up-
lift was inferred to have occurred since 20 Ma at rates of
0.2–0.4 mm yr−1 (Roberts et al., 2012a). Importantly, sum-
ming up incision rates across catchments also yields simple
estimates of the sedimentary flux carried by rivers into deltas.
Observed histories of solid clastic flux into both the Gulf of
Mexico and Amazon Cone have been successfully predicted
by this methodology, suggesting that regional uplift is a pri-
mary control on sedimentation in major deltas (Stephenson
et al., 2014; Rodŕıguez Tribaldos et al., 2017).

It is important to note that these continental-scale his-
tories of uplift depend fundamentally upon the erosion pa-
rameters assumed in Equation (6), requiring careful calibra-
tion against independent constraints on uplift and incision,
such as the aforementioned sea-level markers, denudation es-
timates, and sedimentary flux histories. One of the tightest
examples of calibration comes from the Snowy Mountains of
southeast Australia, where a series of basaltic lavas flowed
down river valleys and recorded the shape of the profiles at
20 Ma, yielding measurements of total incision over the inter-
vening period by comparison to the modern channel elevation
(Young & McDougall, 1993). These data have been mod-
elled using Equation (6) to constrain the best-fitting local
erosion parameters and explore their trade-offs, before being
extended to drainage analysis of the full Australian continent
(Stock & Montgomery, 1999; Czarnota et al., 2014).

This Australian example illustrates the great benefit of
drainage analysis, in that disparate and diverse spot obser-
vations of uplift and incision are interpolated through space
and time within a self-consistent framework. However, sev-
eral major issues remain that must be considered when in-
terpreting the validity of inferred uplift histories. For exam-
ple, the computational efficiency and number of river pro-
files analysed can be significantly increased by assuming that
κ = 0 and n = 1, allowing Equation (6) to be linearised
(Goren et al., 2014; Fox et al., 2014; Rudge et al., 2015).
However, considerable debate surrounds these assumptions
and the possibility of spatio-temporal variability of erosional
parameters in response to variations in climate and bedrock
lithology. The methods outlined so far generally assume that
the locations of drainage basins are static, and that there are
minimal changes in upstream drainage area arising from cap-
ture events and stream piracy. They also ignore the effects
of subsidence and sedimentation, assume channels have fixed
locations, and are highly dependent on water discharge and
sedimentary flux, both of which can vary by more than an
order of magnitude (e.g. Sklar & Dietrich, 2001; Bufe et al.,
2016). Furthermore, whilst river profiles can provide an im-
portant continuous record of uplift, they constitute only a
small proportion of the landscape. The majority of the land
surface resides on hillslopes, interfluves, and plateaux, and it
is increasingly being recognised that the interplay of these set-
tings and the fluvial channels in response to long-wavelength
uplift is important in controlling erosional processes (e.g. Fer-
nandes & Dietrich, 1997; Tucker & Hancock, 2010; Braun
et al., 2013).

Naturalistic full landscape evolution simulations are able
to calculate erosion rates across whole landscapes in response
to a given uplift history, not just within the fluvial channels,
by solving Equation (6) in two dimensions (e.g. Tucker et al.,
2001; Salles & Hardiman, 2016; Hobley et al., 2017). Unfortu-
nately, significant trade-offs exist between erosional parame-

ters, such that inverse modeling of entire landscapes including
hillslope processes, drainage capture, and both channel and
divide migration remains challenging. Nevertheless, a num-
ber of studies have hinted at the new information such simula-
tions can provide about continental-scale uplift and sedimen-
tation patterns (e.g. Ruetenik et al., 2016; Salles et al., 2017;
Chang & Liu, 2019; Ding et al., 2019). For example, sim-
ulations have suggested that uplift histories recovered from
inverse modelling river profiles are consistent with observed
regional erosional histories (Fernandes et al., 2019). The ef-
fects of climatic variations on the ability of river profiles to
recover long-wavelength uplift histories is also being investi-
gated (O’Malley et al., 2020, in review). The complex and
relatively under-explored series of trade-offs between different
erosional parameters and the choice of damping coefficients
used in inverse schemes has also been tested (Croissant &
Braun, 2014; McNab et al., 2018). Thus, suites of indepen-
dent measurements of uplift and incision constrained with
available morphologic and stratigraphic observations are es-
sential for advancing these promising early results and infer-
ring the temporal evolution of continental dynamic topogra-
phy.

4.7 Paleoaltimetry

Many inferences of the temporal evolution of dynamic topog-
raphy rely upon sea level as a geological marker to recon-
struct relative vertical motions. There are, however, a couple
of alternative techniques that exploit physical or biological
processes that change as a function of increasing elevation.
Whilst these approaches remain underutilised from the per-
spective of dynamic topography, they are being actively ex-
plored and represent promising avenues for future studies.

Firstly, it has long been recognised that temperature in-
fluences the fractionation of isotopes in some near-surface
geological processes (Urey, 1947; McCrea, 1950). Since the
temperature of the atmosphere steadily decreases with in-
creasing elevation, variations in the isotopic composition of
a sample can be converted into a paleo-temperature history
and therefore used as a proxy for paleo-elevation (e.g. Poage
& Chamberlain, 2001; Rowley & Garzione, 2007; Eiler, 2007).
For example, during formation of a calcium carbonate shell
(CaCO3), the ratio of 18O to 16O (often presented as δ18O)
depends both upon the temperature at time of mineral pre-
cipitation and the isotopic composition of the solution from
which it forms (Emiliani, 1950). If the composition of the
mineralising fluid can be independently constrained, the in-
ferred temperature can be converted into a paleo-elevation
at formation using an assumed vertical temperature gradi-
ent. This technique relies upon accurate reconstruction of
the average atmospheric temperature gradient, which has a
present-day global average reduction of ∼5.5 ◦C per kilo-
meter of increasing elevation, but can locally vary from 3–
8 ◦C km−1 (Meyer, 2007).

Unfortunately, changes in global ice volume, seawater
salinity, and hydrological cycles lead to significant uncer-
tainty in reconstructing original fluid compositions that limit
the accuracy of inferred paleo-elevations. It is therefore de-
sirable to use an approach that is independent of fluid com-
position, allowing this major weakness to be circumvented.
To this end, Ghosh et al. (2006a) developed a method that
exploits the small thermodynamic inclination for the rarer
heavier isotopes to clump preferentially together with each
other, rather than bond with the lighter isotopes. Given their
relative isotopic abundances, the number of 13C–18O bonds
will be higher than expected from a stochastic (random) dis-
tribution of C–O bonds, and the amount of this ‘clumping’
increases at lower temperature. This process is independent
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Table 1: Summary of techniques available for inferring changes in dynamic topography, including approximate timescales for which
they yield information, key benefits, and important limitations.

Technique Timescale (yr) Benefits Limitations

GPS Present day

Measures absolute vertical motion

of surface w.r.t. centre of mass,

rather than relative sea level

change

Decadal duration means convection signals swamped by

glacial isostatic adjustment, hydrology, active tectonics

Satellite

gravity
Present day

Complete, time-evolving global

coverage

Decadal duration means convection signals swamped by

glacial isostatic adjustment, hydrology, active tectonics

Sea-level

markers
104–108+

Direct evidence of relative vertical

motion, narrow paleoelevation

range

Dating limitations, restricted spatial extent and poor

preservation potential, yields only time-integrated

vertical motion histories

Sedimentary

flux and

provenance

106–109+

Timing of major exhumation

events and drainage

reorganisations

Poor constraint on magnitude of uplift, causes can also

be other tectonic and climatic processes

Stratigraphic

architecture
105–108+

Deep time records, widespread,

well preserved

Requires amplitudes of relative motion greater than

paleowater depth uncertainties, borehole samples

neccessary for horizon dating

Paleosurfaces 106–108+
Extensive coverage of continental

interiors

Challenging to date, base levels may not represent sea

level

Thermochronology 106–108+
Continuous, quantitative histories

of sample temperature

Depends on mineralogy/lithology, uncertainty over

kinetics, paleogeothermal gradients, and how to infer

uplift from denudation, currently insensitive to

temperatures < 60◦C

Cosmogenic

exposure

dating

104–105
Dates precise time of sample

exposure

Production rate of radionuclides poorly constrained as

depends on several unknowns, uncertainty in relating

exposure to history of vertical motions, currently limited

to ∼105 timescales

Optically

stimulated

luminescence

104–105

Dates sample burial and age of

landscape features, useful where

no biological material for

radiometric dating

Incomplete resetting during exposure, saturation of

charge traps beyond ∼100 ka for quartz

Drainage

analysis
105–107+

Nearly ubiquitous in the

continents, continuous temporal

record of relative vertical motion

Erosion parameterisations require independent data for

calibration, tradeoffs between location and timing of

uplift events, duration limited by river lengths, sensitive

to climatic variations and drainage capture events,

subsidence poorly constrained

Clumped

isotopes
105–108+

Sensitive to relative changes in sea

level even away from coastal

areas, such as in mountainous

regions and continental interiors

Uncertainty over paleo-atmospheric temperature gradient

neccessitates high amplitude of relative vertical motion

change, diagenetic alteration of isotopic ratios

Leaf

physiognomy
106–107+

Sensitive to relative changes in sea

level even away from coastal

areas, such as in mountainous

regions and continental interiors

Limited preservation potential, requires calibration on

extant fauna (limits to Eocene or younger), sensitive to

climatic factors, high paleoelevation uncertainties

Carbonate

compensation

depth

106–108
Sensitive to relative sea-level

changes in the deep ocean basins

Also affected by sediment accumulation rates and the

chemistry of deep ocean waters, limited by deep sea

borehole locations and age of ocean floor

Contourites

and ocean

circulation

105–107+
Sensitive to relative sea-level

changes in the ocean basins

Difficulty fingerprinting water masses, accurately

reconstructing sedimentation rates, and ruling out other

climatic causes

of δ18O and δ13C (13C to 12C) values, and so does not depend
upon original fluid compositions. This technique is known as
clumped isotope paleothermometry, has an accuracy of ap-
proximately ±2◦C, and has been most successfully applied
to study uplift histories of mountain belts that have under-
gone large elevation changes, where the uncertainty intro-
duced by natural variability in the vertical temperature gra-
dient is minimised. For example, analysis of paleosol carbon-
ates in the Bolivian Andes records a series of discrete ∼1 km
Miocene uplift events that have been independently predicted

using drainage analysis (Ghosh et al., 2006b; Garzione et al.,
2014; Rodŕıguez Tribaldos et al., 2017).

Despite some success, paleo-altimetric estimates derived
from analysis of clumped isotopes remain controversial for a
variety of reasons. Care must be taken in cases where car-
bonate precipitation did not occur at thermodynamic equi-
librium, or where the original isotopic signal has been modi-
fied by diagenetic alteration and mineral reprecipitation (Af-
fek, 2012). Furthermore, lateral temperature differences and
climate variability introduce significant uncertainty into the
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temperature-elevation relationships (Huntington & Lechler,
2015).

A second branch of paleoaltimetric techniques exploit the
impact of increasing elevation on biological systems. For ex-
ample, there is a systematic reduction in the partial pres-
sure of CO2 (pCO2) with height in the atmosphere, which is
thought to place a physiological limit on photosynthesis in
plants. Various elevation proxies have been suggested that
involve interpreting compensating changes in leaf shape, and
have been applied to fossil assemblages to infer uplift histo-
ries (e.g. Gregory & Chase, 1992; Wolfe et al., 1997). Another
promising approach takes advantage of the increasing number
and density of stomata on leaves, with particular emphasis
on the black oak species Quercus kelloggii, and is expected
to yield some of the smallest paleo-elevation uncertainties of
±300 m (McElwain, 2004). Since the elevation versus stom-
atal density relationship varies between different species, ap-
plication to paleoaltimetric studies requires calibration on liv-
ing examples and is therefore limited to Eocene and younger
fossil leaves that are represented by extant flora today. Ad-
ditional limitations of the method include the possibility of
saturation of stomatal density at high values of pCO2, and
the narrow elevation range of most species that reduces cali-
bration accuracy and the magnitude of uplift events that can
be reconstructed. Nevertheless, paleoaltimetric techniques
have the potential to yield inferences of changing dynamic
topography at sites that have not been directly influenced
by sea level, such as in mountain belts and deep continental
interiors.

4.8 Bathymetric indicators

Given that it covers more than two-thirds of the Earth’s sur-
face, it would be highly desirable to obtain reconstructions
of evolving vertical motion in the oceanic realm. Transient
∼1 km uplift and subsidence events associated with dynamic
topography might be expected to have little to no visible
record on old ocean floor, the majority of which resides at
depths of 4–7 km. However, it has recently been suggested
that such signals may be preserved in the style of sedimen-
tation, as seafloor rises above and sinks below a paleobathy-
metric marker known as the carbonate compensation depth
(CCD; Campbell et al., 2018). The existence of the CCD was
first postulated based upon the general decrease in the quan-
tity of carbonate observed in seafloor sediments as a function
of increasing water depth (Murray & Renard, 1891). Above
the CCD, seawater is oversaturated with carbonate such that
biological material (such as dead plankton) can sink to the
seafloor and become preserved, whereas below this level, sea-
water is undersaturated and any sinking carbonate is redis-
solved (Ben-Yaakov et al., 1974). Temporal variations in the
carbonate content of sediments returned from deep-sea drill
cores can therefore potentially be used to infer bathymet-
ric evolution. However, the absolute depth of the CCD also
varies as a function of factors affecting both carbonate accu-
mulation rates (e.g. primary productivity in surface waters)
and the chemistry of deep ocean waters (e.g. concentration
of dissolved carbon dioxide), making the isolation of dynamic
topography signals a significant ongoing challenge (Campbell
et al., 2018).

Elsewhere, it has been suggested that uplift and subsi-
dence of oceanic gateways can impact the pattern of oceanic
circulation, with deep water currents shifting their location
or even becoming blocked. The type example comes from
the North Atlantic region, where periodic Neogene uplift
of the Greenland-Scotland Ridge by temperature anomalies
within the Icelandic plume is believed to have prevented over-
flow of Northern Component Water from the Arctic Ocean

(Wright & Miller, 1996). Analysis of carbon isotopes in ben-
thic foraminifera indicates up to two cycles of waxing and
waning overflow within the last 10 Ma, subject to significant
uncertainties related to site selection and variations in the lo-
cation and composition of water masses through time (Poore
et al., 2006). The latter of these cycles has been partially
corroborated by careful reconstruction of sedimentation rates
in the contourite drifts deposited by these currents (Parnell-
Turner et al., 2015).

Despite these advances, there remains a paucity of con-
straints on the temporal evolution of dynamic topography in
oceanic settings in comparison to continental observations.
This situation is in marked contrast to information regard-
ing the amplitude of present-day dynamic topography, which
is comparatively well-constrained in the oceanic realm but
remains highly uncertain for the continents. This discrep-
ancy highlights the importance of passive margins to studies
of dynamic topography (e.g. Moucha et al., 2008). In these
locations, the benefits of observations made in both marine
and terrestrial settings can be interwoven to reconstruct both
the present amplitude and history of vertical motions.

5 Frontiers and outstanding challenges

It is clear that the geological record contains abundant
recorders of evolving dynamic topography, but a significant
challenge remains in extracting the neccessary measurements
with associated uncertainties, integrating diverse observa-
tional datasets, and interpreting the results. This review
is focused on providing brief overviews of some of the most
widely-used techniques for estimating vertical motions and
discussing some of their limitations. It is by no means an ex-
haustive list, and there are many excellent pre-existing and
exciting upcoming studies that provide complimentary con-
straints (e.g. Friedrich et al., 2018; Vibe et al., 2018). In or-
der to motivate future research and promote interdisciplinary
discussions, we finish by outlining some outstanding method-
ological issues that need to be tackled, as well as some of the
big open questions that remain in the field of dynamic topog-
raphy.

A: Continental residual topography. As illustrated
by our simplistic approach in Section 3.2, the complex litho-
spheric architecture of continental regions and active margins
significantly hampers attempts to constrain the present-day
amplitude of dynamic topography (Guerri et al., 2016). Dy-
namic topography arising from density anomalies and flow
within the convecting mantle (processes b and c in Figure 1)
should be relatively insensitive to whether the overlying plate
is composed of oceanic or continental lithosphere. Thus, peak
water-loaded amplitudes of ±2 km in the oceans might be ex-
pected to roughly translate into ±1.4 km when air-loaded in
the continents. However, this conversion does not include
dynamic topography arising from lithospheric isostasy (pro-
cess a in Figure 1), which may be substantially larger than in
oceanic regions due to the generally greater thickness and age
of continental lithosphere, and is certainly harder to deter-
mine. Regional seismic experiments are key to constraining
the local lithospheric structure, and understanding the effects
of buoyancy arising from variable chemical depletion in the
mantle requires integration of these datasets with geochemi-
cal observations on mantle xenoliths and melt products (e.g.
Afonso et al., 2016; Plank & Forsyth, 2016; Klöcking et al.,
2018). Furthermore the filtering effect of the lithosphere on
the expression of deeper buoyancy remains poorly understood
(Golle et al., 2012; Sembroni et al., 2017).

B: Integrated landscape evolution analysis. In Sec-
tion 4, we outline the great wealth of information from dis-
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parate sources pertaining to the uplift and erosion of land-
scapes. A substantial challenge involves integrating these
datasets into a single coherent history of rock uplift and in-
cision, which must also account for thermal evolution of the
sub-surface if thermochronological data are to be included
(e.g. Glotzbach, 2015). The development of thermochrono-
metric systems that are sensitive to lower temperatures is
expected to enable detection of denudation related to low-
amplitude dynamic topography. This work will be aided by
improved understanding of the dominant erosional processes,
their mathematical formulation, and sensitivity analysis to
test how well they are represented by the relatively simplistic
vertical incision laws currently used to invert fluvial systems
for a history of regional uplift (Section 4.6).

C: Spectral properties of dynamic topography.
Many predictive models driven by sub-lithospheric flow, such
as Figure 4c, indicate that dynamic topography is dominated
by degree 2 structure that varies on 10,000 km lengthscales.
However, residual topography suggests dynamic topography
can vary on lengthscales down to 1000 km (Figure 5; Hog-
gard et al., 2016). These shorter-wavelength features must
be sourced from shallow buoyancy structure, either within
the convecting asthenospheric mantle or from variations in
lithospheric thickness, and disentangling these two sources is
the focus on ongoing research (e.g. Ball et al., 2019; Davies
et al., 2019; Richards et al., 2020). Nevertheless, this dis-
covery has important ramifications for the rates of change
of dynamic topography. Whilst lithospheric isostasy will
travel with the plates, surface deflections arising from short-
wavelength buoyancy variations in the convecting mantle
(processes b and c in Figure 1) will uplift and subside sig-
nificantly faster than previously expected as the planform of
convection evolves or plates translate across the surface. Re-
cent numerical simulations of Earth-like convection have also
begun to reproduce this behaviour (Arnould et al., 2018). At-
tempts to link inferred observations of dynamic topography
to our latest images of mantle structure obtained from mod-
ern seismic tomography methods are proving fruitful (e.g.
Steinberger, 2016). Higher-resolution tomography models
combined with improved experimental constraints on how to
map seismic velocities into temperature and density should
help to further illuminate this issue (e.g. Priestley & McKen-
zie, 2013; Yamauchi & Takei, 2016; Richards et al., 2020).

A more controversial topic concerns the amplitude of
dynamic topography caused by sub-plate buoyancy at long
wavelengths (processes b and c in Figure 1). The earliest
predictive flow models had peak amplitudes of ±0.9 km at
spherical harmonic degrees 0–3 (wavelengths & 10, 000 km;
Figure 4c; Hager et al., 1985; Ricard et al., 1993). No-
tably, predictions of this amplitude generally increased over
the following 20 years (e.g. ±2.0 km in Steinberger, 2007;
±2.2 km in Spasojević & Gurnis, 2012; ±1.7 km in Flament
et al., 2013). However, Hoggard et al. (2016) suggested that
spot estimates of residual topography, water-loaded in the
oceans and air-loaded in the continents, infer only ±0.5 km
of this dynamic topography at degrees 0–3. Sparse data cov-
erage means that this exact value depends strongly upon the
choice of continental constraints, and how the spherical har-
monic fitting procedure is regularised (Hoggard et al., 2016;
Yang & Gurnis, 2016; Hoggard et al., 2017; Yang et al.,
2017). Inclusion of a previously missing residual topogra-
phy correction that accounts for deflections of the sea surface
by the non-hydrostatic geoid increases peak amplitudes by
∼100 m (Hoggard et al., 2017). Applying a more advanced
regularisation procedure to only the oceanic constraints has
yielded the most robust observationally-inferred value to date

of ±0.7 km, although this amplitude assumes a global water-
load such that continental values have been amplified in com-
parison to other residual topography studies (Davies et al.,
2019). Amplitudes of ±0.5 km at long-wavelengths have also
been shown to be consistent with patterns of asymmetric sub-
sidence either side of Atlantic and Pacific mid-ocean ridge
spreading centres (Watkins & Conrad, 2018). Thus, there
appears to remain an intriguing mismatch between observa-
tional inferences and flow predictions of long-wavelength dy-
namic topography caused by sub-plate buoyancy, requiring
further exploration of seismic tomography to density scalings,
phase boundary topography, thermochemical heterogeneity
and viscosity variations in the mantle, as well as theoreti-
cal assumptions in convection simulations (Steinberger et al.,
2019; Flament, 2019).

D: Flow-regime in the asthenosphere. Considerable
uncertainty surrounds the degree of coupling between plate
motions and horizontal flow in the underlying asthenosphere.
In one endmember scenario known as Couette flow, trans-
lation of the plate shears the asthenosphere, which there-
fore travels in the same direction with a velocity profile that
decreases from the plate speed at the top to zero at some
base. The other end member is Poiseuille flow, whereby lat-
eral pressure gradients in an asthenospheric channel drive
horizontal flow that is significantly faster and can be highly
oblique to velocities of the overriding plate. Numerical ex-
periments have shown that these behaviours are strongly de-
pendent upon the rheology of the lithosphere and astheno-
sphere, as well as the wavelength of convection (e.g. Höink
& Lenardic, 2010; Osei Tutu et al., 2018). The fact that
convection simulations using mantle density anomalies de-
rived from either seismic tomography or slab subduction his-
tories can successfully reproduce the first-order characteris-
tics of surface plate motions implies a degree of coupling be-
tween deep mantle flow and plates (Hager & Connell, 1981;
Lithgow-Bertelloni & Richards, 1998; Conrad et al., 2013;
Stotz et al., 2018). However, observational evidence, partic-
ularly in the vicinity of plumes such as the V-shaped ridges
south of Iceland, indicate flow can locally be strongly decou-
pled, with asthenospheric velocities an order of magnitude
faster than plate spreading (Vogt, 1971; Conder et al., 2002;
Hartley et al., 2011; Ballmer et al., 2013; Lin et al., 2016;
Bredow et al., 2017).

Flow regimes are highly sensitive to the rheology of man-
tle rocks, and these somewhat contrasting observations may
potentially be reconciled if viscosity is strongly controlled
by temperature, such that hot plume head material in the
asthenosphere produces more decoupling than the longer-
wavelength, cold downwellings. A further consideration is
that these flow regimes interact with basal topography of the
lithosphere, which can lead to small-scale circulation across
lithospheric steps through edge-driven convection and shear-
driven upwelling (Elder, 1976; King & Anderson, 1998; Con-
rad et al., 2010; Ballmer et al., 2015).

One approach for investigating the role of these differ-
ent flow regimes in generating dynamic topography involves
comparing and contrasting patterns and rates of change in
vertical motion on fast- versus slow-moving plates. Africa is
relatively stationary with respect to the underlying mantle,
whereas Australia is travelling rapidly northwards and tran-
sits across the top of the mantle flow field (Burke & Gun-
nell, 2008; Sandiford, 2007). The former should therefore
predominantly record temporal evolution of the underlying
convective planform, whilst the latter will also be sensitive
to differential plate translation (mechanism d in Figure 1)
and variations in edge-related flow on the leading and trail-
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ing portions of thick lithosphere (e.g. Davies & Rawlinson,
2014). An important caveat to consider in these analyses
is that numerical models and laboratory convection experi-
ments have shown that the surface expression of basal stresses
caused by mantle flow is strongly modulated by the rheology
of the lithosphere, including its effective elastic thickness and
any viscosity layering (Burov & Gerya, 2014; Sembroni et al.,
2017).

E: Numerical convection models and rheology of
the upper mantle. New insights into dynamic topogra-
phy and subsurface processes will come from high-resolution
numerical experiments that can incorporate realistic phys-
ical processes, such as plate-like behaviour, by introducing
additional model complexity. Examples of such properties
include the highly heterogeneous composition of the mantle,
viscoelastic rheologies, temporal evolution of grain size, the
effects of latent heat, porous flow, full compressibility, and
inclusion of thermodynamically self-consistent mineralogical
properties, all of which must be captured at the necessary
spatial resolution using techniques such as adaptive mesh re-
finement (e.g. Burstedde et al., 2013; Wilson et al., 2017;
Heister et al., 2017; Dannberg et al., 2017; Patočka et al.,
2019; Flament, 2019). Uncertainties in input rheological pa-
rameters in particular remain a major challenge in predictive
flow models.

One approach to overcoming this limitation is improv-
ing rheological constraints on mantle materials using labora-
tory experiments. The dominant mechanism of crystal lattice
deformation varies strongly as a function of properties such
as the strain rate, temperature, and grain size. Effects of
polycrystalline materials, anisotropic viscosity, and the time-
dependent accumulation of damage and healing are under-
explored (Zhao et al., 2018; Wheeler, 2010; Bercovici & Ri-
card, 2014). Furthermore, applying the results of lab experi-
ments to mantle conditions necessarily requires extrapolation
across many orders of magnitude for properties such as the
strain rate or grain size, and associated uncertainties need to

be carefully considered (Jackson & Faul, 2010; Yamauchi &
Takei, 2016; Richards et al., 2018).

A second approach to improving our understanding of
mantle rheology is to use observational inferences of dynamic
topography as constraints in numerical convection simula-
tions. Data assimilation methods that have been explored
include machine learning schemes (Atkins et al., 2016; Shah-
nas et al., 2018), adjoint-based inversions (Liu et al., 2008;
Worthen et al., 2014; Ratnaswamy et al., 2015; Li et al.,
2017), and conjugate direction misfit minimisation (Yang &
Gurnis, 2016). Studies vary not only in inversion scheme,
but also in model complexity and choice of surface observa-
tions. In general, inversions for realistic Earth-like proper-
ties remain computationally expensive and non-unique due
to trade-offs between parameters (e.g. rheology versus buoy-
ancy). This problem highlights the immense value of placing
observational constraints on the amplitude and rate of change
of dynamic topography, necessitating a thorough assessment
of the geological record and its associated uncertainties using
techniques outlined in this review.

6 Closing Remarks

In summary, observational estimates of present-day dynamic
topography and its evolution through space and time provide
a unique window into processes operating in the Earth’s inte-
rior. In turn, convection simulations that can accurately sat-
isfy available constraints on dynamic topography will yield
predictive insights into previous Earth states. This inter-
disciplinary review reflects our increasing understanding of
the influence of dynamic topography in shaping the rock
record, which has important implications for volcanic sys-
tems, oceanic circulation, ice sheet dynamics, and interpre-
tation of paleoclimatic records (e.g. Mitrovica et al., 2020).
Improving observational, computational and theoretical con-
straints on mantle convection is therefore a fundamental goal
of our community, with important ramifications for many ar-
eas of Earth sciences.
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(2006). Planation, bauxites and epeirogeny: One or two paleosur-
faces on the West African margin? Geomorphology, 82 (3-4), 273–
282.

Chardon, D., J.-L. Grimaud, D. Rouby, A. Beauvais, &
F. Christophoul (2016). Stabilization of large drainage basins over
geological time scales: Cenozoic West Africa, hot spot swell growth,
and the Niger River. Geochemistry, Geophysics, Geosystems, 17,
1164–1181.

Chowdhury, M. K. R., V. Venkatesh, M. A. Anandalwar, & D. K. Paul
(1965). Recent concepts on the origin of Indian laterite. Memoirs
of the Geological Survey of India, 31 A (6), 547–558.

Christensen, N. I. & W. D. Mooney (1995). Seismic velocity structure
and composition of the continental crust: A global view. Journal
of Geophysical Research, 100 (B7), 9761–9788.

Clark, M. K., L. H. Royden, K. X. Whipple, B. C. Burchfiel, X. Zhang,
& W. Tang (2006). Use of a regional, relict landscape to measure
vertical deformation of the eastern Tibetan Plateau. Journal of
Geophysical Research, 111 (F03002).

Cochran, J. R. & M. Talwani (1977). Free-air gravity anomalies in
the world’s oceans and their relationship to residual elevation. Geo-
physical Journal of the Royal Astronomical Society, 50, 495–552.

Codilean, A. T., H. Munack, T. J. Cohen, W. M. Saktura, A. Gray,
& S. M. Mudd (2018). OCTOPUS: An open cosmogenic isotope
and luminescence database. Earth System Science Data, 10 (4),
2123–2139.

Colli, L., S. Ghelichkhan, & H.-P. Bunge (2016). On the ratio of dy-
namic topography and gravity anomalies in a dynamic Earth. Geo-
physical Research Letters, 43, 2510–2516.

Colli, L., S. Ghelichkhan, H. P. Bunge, & J. Oeser (2018). Retro-
dictions of Mid Paleogene mantle flow and dynamic topography in
the Atlantic region from compressible high resolution adjoint mantle
convection models: Sensitivity to deep mantle viscosity and tomo-
graphic input model. Gondwana Research, 53, 252–272.
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Glǐsović, P. & A. M. Forte (2016). A new back-and-forth iterative
method for time-reversed convection modeling: Implications for the
Cenozoic evolution of 3-D structure and dynamics of the mantle.
Journal of Geophysical Research: Solid Earth, 121 (6), 4067–4084.

Glotzbach, C. (2015). Deriving rock uplift histories from data-driven
inversion of river profiles. Geology, 43 (6), 467–470.

Godin, L., R. R. Parrish, R. L. Brown, & K. V. Hodges (2001).
Crustal thickening leading to exhumation of the Himalayan meta-
morphic core of central Nepal: Insight from U–Pb Geochronology
and 40Ar/39Ar Thermochronology. Tectonics, 20 (5), 729–747.

Golle, O., C. Dumoulin, G. Choblet, & O. Čadek (2012). Topogra-
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Klöcking, M., N. J. White, J. Maclennan, D. McKenzie, & J. G. Fit-
ton (2018). Quantitative relationships between basalt geochemistry,
shear wave velocity, and asthenospheric temperature beneath west-
ern North America. Geochemistry, Geophysics, Geosystems, 19,
3376–3404.

Knopoff, L. (1964). The convection current hypothesis. Reviews of
Geophysics, 2 (1), 89–122.

Korenaga, T. & J. Korenaga (2008). Subsidence of normal oceanic
lithosphere, apparent thermal expansivity, and seafloor flattening.
Earth and Planetary Science Letters, 268, 41–51.

Kronbichler, M., T. Heister, & W. Bangerth (2012). High accuracy
mantle convection simulation through modern numerical methods.
Geophysical Journal International, 191, 12–29.

Lal, D. & B. Peters (1967). Cosmic ray produced radioactivity on
the Earth. In: Cosmic Rays II (edited by K. Sitte), pp. 551–612.
Springer Berlin Heidelberg, Berlin.

Laslett, G. M., P. F. Green, I. R. Duddy, & A. J. Gleadow (1987). Ther-
mal annealing of fission tracks in apatite 2. A quantitative analysis.
Chemical Geology: Isotope Geoscience Section, 65, 1–13.

Lavier, L. L., M. S. Steckler, & F. Brigaud (2001). Climatic and tec-
tonic control on the Cenozoic evolution of the West African margin.
Marine Geology, 178, 63–80.

Lay, T., J. Hernlund, & B. Buffett (2008). Core-mantle boundary heat
flow. Nature Geoscience, 1 (1), 25–32.

Li, D., M. Gurnis, & G. Stadler (2017). Towards adjoint-based inver-
sion of time-dependent mantle convection with nonlinear viscosity.
Geophysical Journal International, 209, 86–105.

Lin, P. Y. P., J. B. Gaherty, G. Jin, J. A. Collins, D. Lizarralde, R. L.
Evans, & G. Hirth (2016). High-resolution seismic constraints on
flow dynamics in the oceanic asthenosphere. Nature, 535, 538–541.

Lithgow-Bertelloni, C. & M. A. Richards (1998). The dynamics of
Cenozoic and Mesozoic plate motions. Reviews of Geophysics,
36 (1), 27–78.

Lithgow-Bertelloni, C. R. & M. Gurnis (1997). Cenozoic subsidence
and uplift of continents from time-varying dynamic topography. Ge-
ology, 25 (8), 735–738.
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