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Key Points:
•

We use numerical forward modeling to quantify the transient thermal imprint during continental extension.

•

The validity of the thermal steady-state assumption in narrow rifts is limited to extension
velocities less than 0.5-2 mm/a.

•

Transient thermal effects are particularly significant for deep isotherms, narrow rifts, and
beneath the rift shoulders.
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Abstract
The lithosphere is often assumed to reside in a thermal steady-state when quantitatively describing
the temperature distribution in continental interiors and sedimentary basins, but also at active plate
boundaries. Here, we investigate the applicability limit of this assumption at slowly deforming
continental rifts. To this aim, we assess the tectonic thermal imprint in numerical experiments that
cover a range of realistic rift configurations. For each model scenario, the deviation from thermal
equilibrium is evaluated. This is done by comparing the transient temperature field of every model to
a corresponding steady-state model with identical structural configuration. We find that the validity
of the thermal steady-state assumption strongly depends on rift type, divergence velocity, sample
location and depth within the rift. Maximum differences between transient and steady-state models
occur in narrow rifts, at the rift sides, and if the extension rate exceeds 0.5-2 mm/a. Wide rifts,
however, reside close to thermal steady-state even for high extension velocities. The transient imprint
of rifting appears to be overall negligible for shallow isotherms with a temperature less than 100◦ C.
Contrarily, a steady-state treatment of deep crustal isotherms leads to underestimation of crustal
temperatures, especially for narrow rift settings. Thus, not only relatively fast rifts like the Gulf of
Corinth, Red Sea, and Main Ethiopian Rift, but even slow rifts like the Kenya Rift, Rhine Graben, and
Rio Grande Rift must be expected to feature a pronounced transient component in the temperature
field and to therefore violate the thermal steady-state assumption for deeper crustal isotherms.

Plain Language Summary
Temperature distribution is a key factor when studying Earth’s interior. Here, we quantify the
influence of rift velocity on temperature distribution with numerical simulations. As a continent
begins to split, forming a rift, hot material beneath the rift center moves upwards increasing the
temperatures at shallow crustal depth. However, simple thermal models often assume an equilibrated,
constant temperature field. To evaluate tectonically induced changes in temperatures, we compare
lithosphere-scale dynamic models to models with the same material configuration but with a steadystate temperature distribution and no deformation. We find that the latter approach well represents
locations outside the rift valley, and shallow crustal depths where comparably low temperatures
prevail. Contrarily, at the sides of the rift valley, or for deeper-lying isotherms like 400◦ C, the
assumption of an equilibrated thermal field leads to an underestimation of crustal temperatures.
Furthermore, we show that temperatures in narrow rifts like the Kenya Rift and the Rhine Graben
are more strongly modified by tectonic movements than temperatures in wide rifts, like the Basin

and Range Province. Finally, we conclude that the assumption of constant temperatures is only valid
for wide rifts and very slowly diverging narrow rifts with a speed limit of < 0.5-2 mm/a.

1 Introduction
The temperature distribution within the lithosphere exerts key control on major geological
and geodynamic processes such as long-term tectonic deformation, seismicity and geochemical
reactions. To better understand the localization of deformation, for instance, one may describe
the thermo-mechanical state of the lithosphere [Afonso and Ranalli, 2004; Burov, 2011] in order
to numerically simulate forward tectonic deformation [e.g. Buck, 1991; Huismans et al., 2005].
Additional to these fundamental processes, shallow crustal temperatures hold strong implications for
applied research on the formation of georesources. For example, the depth of the 60◦ C and the 120◦ C
isotherms are important indicators for a region’s geothermal potential in terms of heat production and
electricity, respectively [e.g. Gudmundsson, 1988], while the depth of the oil window (80-100◦ C)
[e.g. Tissot et al., 1987] controls the sites of hydrocarbon formation. The thermal evolution of
tectonically active regions may be reconstructed using thermochronological techniques, which in
turn require the present-day temperature distribution as a key constraint. Hence, quantifying the
present-day thermal field of the sediments, crust and lithospheric mantle is of profound relevance for
a variety of applied and fundamental research problems.
Deducing the temperature distribution within sedimentary basins is an immense challenge, because borehole-derived subsurface temperatures and surface heat flow measurements are notoriously
sparse compared to the dimensions of sedimentary basins. Hence, for the gapless assessment of
present-day thermal field variations in a region, the scientific community reverts to a variety of predictive models that range from purely mathematical approaches (interpolation algorithms ignoring
geological structure; e.g., Agemar et al. [2014]) to heat transport simulations that take into account
lithology controlled thermal property variations. The latter type of models typically considers how
efficiently the rocks at depth conduct heat (since solid-state heat diffusion is the main heat transport
process in the lithosphere; Scheck-Wenderoth et al. [2014]), how much heat is produced by radioactive decay, and how much heat is transferred across the external boundaries of the modeled system.
Hence, the setup of such models involves an extensive analysis of observational data (e.g. wells,
seismic profiles, gravity anomalies) to integrate the subsurface geological structure (rock types and
related thermal properties) as well as proper boundary conditions. Thereby, the amount of heat
entering the system from the mantle has to be defined at the lower boundary, which implies that the
models are at least crustal or even lithospheric in scale [e.g. Bayer et al., 1997; Tesauro et al., 2009;

Fullea et al., 2009, 2012; Balling et al., 2013; Carballo et al., 2015; Freymark et al., 2017; Sippel
et al., 2017; Maystrenko and Gernigon, 2018; Jiménez-Munt et al., 2019]. In the frame of this study,
we refer to these regional-scale heat transport simulations as data-integrative thermal models.
Even if this type of models may be reasonably accurate in terms of the subsurface configuration
of rock properties, there is one crucial assumption they are based on, which may not be valid
everywhere: heat is assumed to be transported within an instantaneously thermally equilibrated
lithosphere. In other words, these models assume a thermal steady-state condition where temperature
does not change through time. A thermal steady-state, however, is in contrast to many active tectonic
settings where transient processes are well-known to play a role. This has been shown, for example,
by the misfits of steady-state thermal models with respect to measured temperature data, which
have been interpreted to result from transient thermal processes as the remnants of the thermal
evolution within the study region [e.g. Fullea et al., 2012; Freymark et al., 2017; Meeßen, 2019].
Indeed, the transient nature of lithospheric temperature signals is a common problem [e.g. Tesauro
et al., 2009; Artemieva, 2009; Balling et al., 2013] and can be expected in a variety of timescales
affecting different depths of the lithosphere. This includes comparably shallow signals that arise
from paleoclimate effects [e.g. Lane, 1923; Heckenbach et al., 2019] as well as lithospheric-scale
perturbations related to the tectonic evolution [e.g. Peacock, 1996; Artemieva, 2009; Smye et al.,
2019; Chenin et al., 2020]. Transient perturbations of the thermal field should hence be mainly
expected in active plate boundary settings where tectonic deformation, heat advection, and changing
heat source distributions would generate time-dependent temperature fields [e.g. Ehlers and Farley,
2003; Davies et al., 2016; Hart et al., 2017].
In this study, we focus on currently active continental rifts as an example of actively deforming
plate boundaries (see Figure 1 and Table 1). Continental rifts form where divergent lateral motions
thin the lithosphere. This causes the lithosphere-asthenosphere boundary (LAB) to move upwards
and hot material to be advected to shallower depths. Rifts can generally be categorized into narrow
and wide rifts: Narrow rifts consist of a pronounced rift valley less than 100 km wide, such as large
parts of the East African Rift System [Ebinger and Scholz, 2012] or the Rhine graben [Brun et al.,
1992], while wide rifts are characterized by several smaller horsts and grabens distributed over a
larger area, as e.g., the Basin and Range Province or the Aegean [Hamilton, 1987; Rey et al., 2009;
Brun and Sokoutis, 2018]. Numerical thermo-mechanical simulations show that narrow rifts form in
strong crustal configurations, while deformation in wide rifts is less localized due to a weaker crustal
rheology [Buck, 1991].
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Table 1. Active rifts of the world with their extension velocities and the type of data used to determine the velocities. Locations are shown in Figure 1. EARS: East African Rift System,

Basin & Range(b,g)
3-10 mm/a
Gulf of California(j)
45 mm/a

Rhine Graben(m)
1 mm/a
Rio Grande Rift(c,f)
0.2-1.2 mm/a

Baikal(d)
4.5 mm/a

Linhe(o)
Aegean(k) 10 mm/a 3.1 mm/a Shanxi(o) 0.5 mm/a
Corinth(e) 15 mm/a
Weihe(o) 1.6 mm/a
Suez(k) 0.5 mm/a
Red Sea(h) 15 mm/a
Main Ethiopian(a,l)
3-6 mm/a
Eastern branch(l)
Western branch(l)
1.4-3 mm/a
1.1-2.9 mm/a
Malawi(l)
Woodlark(n)
1.2-2.2 mm/a
14-30 mm/a

Figure 1. Locations of active continental rifts with their extension velocities. More information on the
individual rifts is given in Table 1, including references (indicated here by superscripts).

Here we perform a quantitative assessment of the systematic variations of tectonically induced
thermal transients in narrow and wide rift settings. To this aim, we employ 2D thermo-mechanical
forward models that account for visco-plastic deformation of the lithosphere, conductive and advective heat transport as well as heat generation due to radiogenic decay and shear heating. These
models reproduce the time-dependent evolution of rift structures and the resulting thermal field on a
lithospheric scale. The central approach of this study is to isolate the transient tectonic component
of the temperature distribution from each model run. This is done by quantifying, for each time
step, the temperature differences to the steady-state thermal field that would be associated with the
structural configuration of this particular time step (Figure 2). Ultimately, this allows us to investigate
the dependence of the transient temperature component on rift divergence velocity and to deduce
general applicability limits for the thermal steady-state assumption in continental rifts.
With this paper we intend to provide: (1) a systematic overview of the sensitivity of thermal
transients to extension rates and to the initial crustal configuration; and (2) a framework to assess,
for any particular rift of known extension velocity and crustal geometry, the meaningfulness of a
steady-state thermal modeling approach that neglects tectonically-induced transient signals.

Figure 2.

Graphical summary of the workflow used to assess the meaningfulness of a steady-state thermal

modeling approach by comparing time-dependent dynamic (DM) and static models that assume a steady-state
temperature distribution (SM).

2 Methods
The relation between the validity of the thermal steady-state assumption and the extension
velocity of continental rifts is assessed by evaluating 44 2D box models. In this section, we first
state the governing equations of our numerical software. We then describe the setup of the thermomechanical forward models that compute the evolution of the transient temperature field. Last, we
introduce the static models where we solve for the steady-state temperature distribution for a given
lithospheric configuration. The entire workflow is furthermore graphically summarized in Figure 2.
All numerical modeling is carried out using the finite element geodynamic code ASPECT
[Kronbichler et al., 2012; Heister et al., 2017; Bangerth et al., 2018; Rose et al., 2017a]. In this
study, it solves the incompressible flow equations of momentum, mass and energy (assuming an
infinite Prandtl number) for velocity v, pressure 𝑃 and temperature 𝑇, combined with advection

equations for each Eulerian compositional field 𝑐 𝑖 :
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where 𝜂 is the effective viscosity (see Eq. 5-8), 𝜖¤ is the deviator of the strain rate tensor 12 (∇v+(∇v)𝑇 ),
density 𝜌 = 𝜌0 (1 − 𝛼(𝑇 − 𝑇0 )) with 𝑇0 the reference temperature, and g gravity. 𝜌¯ is the adiabatic
reference density, 𝑐 𝑃 the specific isobaric heat capacity, 𝑘 the thermal conductivity, and 𝛼 the
thermal expansivity, as given in Table 2. ASPECT is based on state-of-the-art numerical methods
[Arndt et al., 2017], and we make use of the wide range of functionalities including non-linear
rheologies, free surface, adaptive timestepping, mesh refinement and high performance iterative
solvers [Kronbichler et al., 2012; Heister et al., 2017; Bangerth et al., 2018; Rose et al., 2017a].
The initial model domain of the dynamic models is 500 km wide and 125 km deep. Three steps
of initial mesh refinement in the central rectangular areas shown in Figure 3 result in an effective
resolution of 250 m in the rift area and a resolution of 2 km in the asthenosphere. The model includes
four material layers (upper crust, lower crust, lithospheric mantle, and asthenosphere) with different
compositions (Figure 3, Table 2). Except for the lithosphere-asthenosphere boundary (LAB), where
a small perturbation is included in the model center, the layers are initially horizontal. We vary
total crustal thickness, but for simplicity the upper crust is always chosen twice as thick as the lower
crust. A thermal LAB is implemented at 120 km depth for all models (Figure 3), corresponding to
a lithosphere thickness representative of typical intraplate environments [Artemieva, 2006]. Initial
temperature profiles are calculated with the boundary conditions of 0◦ C at the surface and 1300◦ C
at the LAB assuming conductive heat transport and radioactive heating within an instantaneously
equilibrated lithosphere (Eq. 10) and adiabatic conditions within the asthenosphere [Turcotte and
Schubert, 2014]. The adiabatic surface temperature is set to 1284◦ C.
We employ a visco-plastic rheology [Glerum et al., 2018] with dislocation and diffusion creep
rheologies as well as the Drucker-Prager yield criterion. In 2D, these are incorporated within

ASPECT through the following equations:
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where 𝜂𝑒 𝑓

𝑓

is the effective viscosity, 𝑑𝑠|𝑑𝑓 corresponds to dislocation or diffusion creep, 𝑑 is grain

size, 𝑅 is the gas constant, 𝐴𝑑𝑠 |𝑑 𝑓 are prefactors, 𝑛 𝑑𝑠 |𝑑 𝑓 and 𝑚 𝑑𝑠 |𝑑 𝑓 are stress and grain size
exponents. For diffusion creep, 𝑛 𝑑 𝑓 = 1, while for dislocation creep, 𝑚 𝑑𝑠 = 0. 𝐸 𝑑𝑠 |𝑑 𝑓 are the
activation energies, 𝑉𝑑𝑠 |𝑑 𝑓 are the activation volumes, 𝜎𝑦 is the yield stress, 𝜙 is the internal angle of
friction and 𝐶 is cohesion. 𝜖¤𝑖𝑖 is defined as the square root of the second invariant of the deviatoric
strain rate tensor. The final effective viscosity (Eq. 5 or Eq. 7) is capped by a user-defined minimum
and maximum viscosity 𝜂 𝑚𝑖𝑛 and 𝜂 𝑚𝑎𝑥 . The parameters used are listed in Table 2.
Rift localization is facilitated by a thermal and compositional perturbation in the center of the
model where the LAB is elevated maximally by 5 km using a Gaussian distribution with a half-width
of 10 km [Brune et al., 2014]. Furthermore, the initial strain field is constructed using random noise
with a Gaussian distribution around the domain center of which the standard deviation is 200 km and
the maximum amplitude is 0.2. The initial strain is smoothed out at 50 km depth. This results in a
random distribution in terms of lateral heterogeneity of modeled friction angles through linear strain
weakening on the plastic strain interval [0–0.5], reflecting the non-homogeneity of natural rocks and
facilitating the localization of deformation [Jammes and Lavier, 2016; Naliboff et al., 2017; Duclaux
et al., 2018].
The top boundary is a free surface [Rose et al., 2017b] allowing for topography to evolve
throughout the extension process, while material velocities are prescribed for all other boundaries
with the bottom inflow matching the outflow through the sides (Fig. 3). Prescribing divergent
velocities at model boundaries represents a wide range of driving forces of rifting, such as (1) plate
divergence that is driven by large-scale mantle drag beneath the involved plates [Ulvrova et al., 2019],

Figure 3.

Top: Composition and initial geometry of the lithosphere with four horizontal layers and a thermal

and compositional perturbation of the LAB. For the initial temperature field, we prescribe adiabatic conditions in
the asthenosphere and a conductive temperature profile in the lithosphere (Eq. 10) that is bounded by 0◦ C at the
surface and 1300◦ C at the bottom of the lithosphere. The boundary conditions for the governing equations are a
fixed composition at the bottom boundary, and a fixed temperature at the top and bottom boundary. Furthermore,
the top boundary is a free surface, while the sides and bottom boundary have prescribed velocities. The meshrefined areas are framed with dashed lines with decreasing dash size indicating smaller element sizes of up to
250 m of resolution at the central surface compared to 2 km in the asthenosphere. Bottom: Initial temperature
and yield strength profiles for the four crustal thicknesses modeled.

(2) back-arc extension due to slab-dynamics induced trench retreat [Sdrolias and Müller, 2006], and
(3) rifting that is caused by plume-related gravitational potential energy gradients on a wavelength
of thousands of kilometers [Stamps et al., 2010; Kendall and Lithgow-Bertelloni, 2016]. Each of
these processes affects the ~100 km wide plate boundary primarily through divergent plate motion,
which we approximate by prescribing velocities at the model boundaries. Model properties like
temperature, pressure, stress and strain fields are output every 2 km of applied extension. Models are
stopped when 100 km of accumulated total extension is reached. The dynamic model suite includes
eleven rift velocities (0.5,1,2,...,10 mm/a) and four crustal thicknesses (20, 30, 40, 50 km). We
therewith cover the majority of modern rifts worldwide (Figure 1 and Table 1).
Further understanding of the dominant modeled processes is gained by calculating the Péclet
number (Pe) for each model setup, which describes the ratio of conductive to advective heat transport.
A small Péclet number (𝑃𝑒 < 1) indicates a predominantly conductive setting, while a large Péclet

Table 2. Material properties used in the numerical forward and steady-state models. Reference temperature
𝑇0 = 293𝐾, grain size 𝑑 = 1𝑒 − 3, the user-defined minimum and maximum viscosities are 𝜂 𝑚𝑖𝑛 = 1𝑒17 and
𝜂 𝑚𝑎𝑥 = 1𝑒24. (𝑎) Rutter and Brodie [2004], (𝑏) Rybacki et al. [2006], (𝑐) Hirth and Kohlstedt [2004].

Upper crust

Lower crust

Lithospheric mantle

Unit

and asthenosphere
(wet quartzite)

(wet anorthite)

(dry olivine)

thermal diffusivity 𝜅

0.772

0.731

0.838

mm2 s−1

heat capacitiy 𝑐 𝑝

1200

1200

1200

J kg−1 K−1

density 𝜌

2700

2850

3280

kg m−3

thermal expansivity 𝛼

2.70

2.70

3.00

10−5 K−1

radioactive heating 𝐻

1.5

0.2

0

𝜇W m−3

Dislocation creep

(𝑎)

(𝑏)

(𝑐)

prefactor 𝐴𝑑𝑠

8.57·10−28

7.13·10−18

6.54·10−16

Pa−𝑛 s−1

stress exponent 𝑛 𝑑𝑠

4

3

3.5

-

activation energy 𝐸 𝑑𝑠

223

345

530

kJ mol−1

activation volume 𝑉𝑑𝑠

0

3.80·10−5

1.80·10−5

cm3 mol−1

Diffusion creep

(𝑎)

(𝑏)

(𝑐)

prefactor 𝐴𝑑 𝑓

5.97·10−19

2.99·10−25

2.25·10−9

Pa−1 s−1

grain size exponent 𝑚 𝑑 𝑓

2

3

0

-

activation energy 𝐸 𝑑 𝑓

223

159

375

kJ mol−1

activation volume 𝑉𝑑 𝑓

0

3.80·10−5

6.00·10−6

cm3 mol−1

friction angle 𝜙

26.56

26.56

26.56

◦

cohesion 𝐶

20

20

20

MPa

Thermal properties

Drucker-Prager plasticity

number (𝑃𝑒 > 1) designates dominantly advective heat transport [Sandiford, 2002]. We calculate a
Péclet number for each rift setting with:
𝑃𝑒 =

𝐿·𝑣
𝜅

(9)

according to Guillou-Frottier et al. [1995], where 𝐿 is the initial thickness of the lithosphere [km],
𝑣 is the prescribed vertical inflow velocity [mm a−1 ] and 𝜅 is the thermal diffusivity [m2 a−1 ].
Contrary to the dynamic models that capture the entire rift evolution, our models assuming
thermal steady-state only represent snapshots in time and hence do not include the tectonically
inherited transient temperature field, nor any additional thermal perturbations. To ensure applicability
of the results, the construction of these models is done in correspondence to the approach of dataintegrative thermostructural models. These data-integrative models first generate a structural model
of the area based on topography, gravity, seismic, and borehole data, which then serves as the
framework for the modeling of the thermal field [Balling et al., 2013; Sippel et al., 2017; JiménezMunt et al., 2019]. Analogous to this approach, we first extract the structural setting that is specific
for a given time step of extension from the dynamic models, i.e. the material contours and model
surface at the time when 50 km of extension has accumulated. We then use these structural interfaces
to initialize a new set of models without deformation, where the thermal field is composed of 1D
vertical profiles that are calculated by solving the 1D steady-state heat equation [Chapman, 1986;
Turcotte and Schubert, 2014]
0=𝜅

𝜕 2𝑇
𝐻
+
𝜕𝑧2 𝑐 𝑝

(10)

where 𝜅 is the bulk thermal diffusivity [m2 s−1 ], 𝑇 is the temperature [K], 𝐻 is the radiogenic heat
production [W m−3 ] and 𝑐 𝑝 is the heat capacity [J K−1 ]. The steady-state temperature field hence
entirely depends on the material properties 𝜅, 𝐻 and 𝑐 𝑃 of the three compositional layers (Table 2)
and the assumption of conductive heat flow that leads to an instantaneous equilibration of the thermal
field between the boundary conditions of 1300◦ C at the LAB and 0◦ C at the surface.

3 Results
In this section, we first present the outcome of the evolution of the dynamic models, which
provide the structural setup for the steady-state models. We describe the general rift evolution
patterns of the dynamic models, before we focus on the temperature distribution and compare it
to the thermal fields of the steady-state models. Finally, we introduce a threshold value to quickly
assess the validity of thermal steady-state models in the light of extension velocity.

Our dynamic models reproduce first-order rift characteristics, such as lithospheric thinning
accommodated by crustal faulting and ductile shear zone formation at depth. They show foot wall
uplift and hanging wall subsidence with pronounced basin formation for narrow rift scenarios.
Highest topography contrasts emerge in models with the thinnest crust, as expected from classical
studies [Braun and Beaumont, 1989; Buck, 1991]. The development of dominant border faults and
the migration of fault activity towards the center of the rift matches geologic observations, e.g. from
the East African Rift System [Ebinger and Scholz, 2012; Corti et al., 2018]. The formation of major
shear zones in the lower crust and upper mantle is supported by a range of published rift models
[Huismans and Beaumont, 2003; Pourhiet et al., 2004; Duretz et al., 2016].
In agreement with further previous numerical studies, we find that crustal thickness and
therefore crustal strength are the key parameters affecting whether narrow or wide rifts are formed
[Tetreault and Buiter, 2018; Brune et al., 2017; Armitage et al., 2018]: Models with 20–30 km
thick crust generate distinct, ~70 km wide half grabens within a few million years that develop into
asymmetric narrow rifts (Figure 3). Over the modeled period, the rift valley reaches a width of
about 180 km and the crust is thinned to only a few kilometers within the central parts of the rift.
In models with thicker crust (40–50 km), however, deformation takes more time to localize and a
wide rift evolves with strain and topography being distributed over the entire model domain. The
material layers of the model are thinned more homogeneously over the width of the model due to the
formation of several, roughly equally-spaced rift faults.
Based on this consistent structural evolution, we evaluate the temperature distribution in the
crust. The temperature field of the dynamic models is affected by conduction and advection of heat,
as well as its generation due to radiogenic, adiabatic, and shear heating. The interplay of these
processes generates a thermal field of a complex transient nature (Figures 4a and 5a). Contrarily,
in the steady-state models, the temperature field is only affected by heat conduction and radiogenic
heating. This results in relatively evenly spaced isotherms for each 1D profile along the modeled
sections (Figures 4b and 5b). It also leads to a strong influence of the surface topography on the
geometry of shallow isotherms like the 100◦ C, while the deeper isotherms mimic the shape of the
LAB. A strong impact of the LAB shape can be observed even for intermediate temperatures like
the 400◦ C isotherm. Resulting amplitudes in the topography of the isotherms are distinctly larger in
narrow rift models with 20–30 km of initial crustal thickness than in wide rift settings with 40–50 km
of initial crustal thickness (Figures 4a,b and 5a,b). In Supplementary Figure S6 we show that the
strong influence of the surface topography and the LAB on the shape of the isotherms can be avoided
by using a 2D thermal steady-state approach (see supplement for methodology). The results for the

Figure 4.

Left: Profiles of three exemplary narrow rift models with an initial crustal thickness of 30 km

and different extension velocities (of 0.5, 5 and 10 mm/a, respectively). (a) The thermal, compositional, and
deformation structure of the transient model at 50 km of total extension and (b) the corresponding steady-state
model. Colors indicate the different materials used in the model as given in Figure 3 and Table 2. The strain rate
is superposed in a transparent grey scale. White lines mark the depths of isotherms with a spacing of 100◦ C.
Black arrows between (a) and (b) point at the material contours that are extracted from the transient models
to define the material structure of the steady-state models. Right: Influence of the extension velocity on the
difference between transient and steady-state models. Differences between transient and steady-state models
are color-coded in terms of the respective Δ𝑑isotherm of (c) the 100◦ C isotherm and (d) the 400◦ C isotherm.
Red colors indicate a warmer crust in the transient model with the isotherms being shallower compared to the
steady-state model. The black contour marks a 5 km difference in depth.

exemplary 2D steady-state model demonstrate that the small scale variability of the depth difference
is smoothed out for models employing a 2D thermal steady-state compared to those using 1D thermal
steady-state computations. However, the magnitude and spatial distribution remains comparable for
both approaches.
The comparison between transient and steady-state model temperatures shows that shallow,
crustal isotherms predicted by steady-state models are generally deeper than those from the corresponding transient models (compare Figures 4b and 5b to Figures 4a and 5a). To a small degree,
this effect is caused by shear heating that releases heat in areas of active faulting. However, the
key control on this effect can be understood when considering that the dynamic models feature a
pronounced vertical advection component that is not represented in the steady-state models. In

Figure 5.

Left: Profiles of three exemplary wide rift models with an initial crustal thickness of 40 km

and different extension velocities (of 0.5, 5 and 10 mm/a, respectively). (a) The thermal, compositional, and
deformation structure of the transient model at 50 km of total extension and (b) the corresponding steady-state
model. Colors indicate the different materials used in the model as given in Figure 3 and Table 2. The strain rate
is superposed in a transparent grey scale. White lines mark the depths of isotherms with a spacing of 100◦ C.
Black arrows between (a) and (b) point at the material contours that are extracted from the transient models
to define the material structure of the steady-state models. Right: Influence of the extension velocity on the
difference between transient and steady-state models. Differences between transient and steady-state models
are color-coded in terms of the respective Δ𝑑isotherm of (c) the 100◦ C isotherm and (d) the 400◦ C isotherm.
Red colors indicate a warmer crust in the transient model with the isotherms being shallower compared to the
steady-state model. The black contour marks a 5 km difference in depth.

order to further explore the impact of heat advection, we explicitly compare the depth of a shallow
and a deep crustal isotherm (100◦ C and 400◦ C, respectively) between transient and corresponding
steady-state models (Figures 4c,d and 5c,d - results for more isotherms up to 600◦ C are shown in the
supplementary Figures S5a and S5b). These two isotherms provide a characteristic representation of
the temperature spectrum relevant for georesources and geochronological applications. For example,
the closure temperature for fission tracks in apatite is ~100◦ C and ~300◦ C in zircon [Braun et al.,
2006]. Isotherm depths are extracted from both the transient and the steady-state models over the
entire width of the model domain and are then compared by subtracting one depth from the other at
each coordinate as:
Δ𝑑isotherm = 𝑑steady−state − 𝑑transient

(11)

with Δ𝑑isotherm being the difference in depth of the isotherm. This results in positive values when the
transient isotherm is shallower than the steady-state isotherm (Figures 4c,d and 5c,d).
The resulting profiles of Δ𝑑isotherm for the different extension velocities in narrow and wide rift
settings are shown in Figures 4c,d and 5c,d, respectively. For narrow rift settings, the evolving low
topographical elevations determine the width of the overall positive values of Δ𝑑isotherm across the
rift valley (Figure 4c,d). The 1D steady-state heat equation (Eq. 10) generates a relatively regular
isotherm spacing between surface and LAB, which leads to deeper crustal steady-state isotherms
below low topographical elevations. In the rift center the topographical effect is counteracted by
the elevated LAB, which moves the steady-state isotherms upwards making them more similar to
the shallowly advected transient isotherms and hence reduces values for Δ𝑑isotherm . Contrarily, the
maximum Δ𝑑isotherm is situated beneath the sides of the rift valley where the LAB is less elevated,
but the topography low. Here, the transient isotherms still show an advection component while the
relatively large distance between the surface and the LAB increases the spacing between steady-state
isotherms, which moves them deeper into the crust. The calculated maximum Δ𝑑isotherm of the
100◦ C isotherm is less than 5 km, but exceeds 10–15 km for the 400◦ C isotherm for rifts faster
than 1 mm/a. Wide rift settings, in contrast, lack a strong topographical relief and also the LAB
is elevated only modestly across a wide region (Figure 5a,b). This results in a more homogeneous
distribution of values for Δ𝑑isotherm over the entire model width. The horst and graben topography
nonetheless manifests as alternating values for Δ𝑑isotherm along the x-axis, that, however, exceed 5 km
only locally.
We employ standard statistics in order to quantify the first-order thermal transient effects for
all configurations (Figure 6). To this aim, the arithmetic mean and standard deviation of the absolute

differences in isotherm depth Δ𝑑isotherm are calculated over all x-coordinates extracted from the
central third of each model, which is where most surface deformation localizes for narrow rifts. The
smaller the arithmetic mean and the standard deviation envelope, the more similar are the isotherm
depths of a transient and corresponding steady-state model and thus the smaller is the transient
signal. We therefore propose the concept of a similarity threshold 𝜖. If the absolute difference
in depth is smaller than 𝜖, the analyzed set of models can be considered in thermal steady-state
within the given assumptions of 𝜖. We employ exemplary 𝜖 values of ± 2.5 and ± 5 km, which lie
in the range of uncertainties of geophysical data interpretations at crustal depths. However, when
evaluating LAB depths, these numbers could also be chosen significantly higher as the uncertainty of
the thickness of the lithosphere may be > 10–20 km depending on the database and LAB definition
used [e.g. Eaton et al., 2009; Fischer et al., 2010]. We therefore emphasize that the values for 𝜖 used
here are exemplary and should be adjusted to the purpose of specific studies and data uncertainties.
Depending on the resolution of the problem, 𝜖 can be applied both to the arithmetic mean along the
entire profile (Figure 6) and to a single x-location (Figures 4c,d and 5c,d).
According to this workflow, we find that a steady-state modeling approach is not appropriate
for: (1) The 100◦ C isotherm in a narrow rift setting for extension velocities > 0.5 mm/a, as the
maximum Δ𝑑isotherm beneath the sides of the rift valley exceeds the similarity threshold 𝜖 = ± 2.5 km
for 20–30 km of initial crustal thickness (Figure 4c). (2) The 400◦ C isotherm in a narrow rift
setting regardless of the magnitude of the extension velocity and the initial crustal thickness, if
𝜖 = ± 2.5 km is used. For extension velocities > 1 mm/a and 20 km of initial crustal thickness as well
as for > 0.5 mm/a and 30 km initial crustal thickness, the arithmetic mean Δ𝑑isotherm exceeds even
𝜖 = ± 5 km (Figure 6). The maximum Δ𝑑isotherm beneath the sides of the rift valley reaches values
of 10–17 km (Figure 4d). (3) The 400◦ C isotherm in a wide rift setting where certain extension
velocities occur: The arithmetic mean Δ𝑑isotherm exceeds 𝜖 = ± 2.5 km for extension velocities of
> 1 mm/a and > 2 mm/a for initial crustal thicknesses of 40 km and 50 km, respectively (Figure 6).
Beneath the sides of the rift valley, the maximum Δ𝑑isotherm exceeds 𝜖 = ± 5 km for extension
velocities of > 5 mm/a (Figure 5d).
We furthermore consistently find that the mean Δ𝑑isotherm increases with extension velocity
for all initial crustal thicknesses (Figure 6). The mean Δ𝑑isotherm first increases rapidly for extension
velocities < 2 mm/a while the curve flattens, but continues to increase for extension velocities
> 2 mm/a. For fast extending narrow rifts, the mean Δ𝑑isotherm reaches up to 1.5 km and 7.5 km for
the 100◦ C and 400◦ C isotherm, respectively. For wide rifts the mean Δ𝑑isotherm reaches up to 0.5 km
and 4 km for the 100◦ C and 400◦ C isotherm, respectively.

0.5
0.5

4
6
8
Extension velocity [mm/a]
2.2
4.4
6.5
8.7
Péclet number

at
ch
B&
R

-W
as

10

5

0

10
10.910.9

Initial crustal thickness: 40 km

Mean Δdisotherm [km]

15

2

0

0.5

Figure 6.

2

4
6
8
Extension velocity [mm/a]
2.2
4.4
6.5
8.7
Péclet number

0
0.5 0.5 2

10 10

5

0.5

5

2
4 4
6 6
8 8 10 10
Extension
velocity
[mm/a]
Extension
velocity
[mm/a]
0.5 0.5 2.2 2.2 4.4 4.4 6.5 6.5 8.7 8.7 10.910.9
Péclet
number
Peclet
number
15 15
Initial
crustal
thickness:
50 km
Initial
crustal
thickness:
50 km

B&
R
Ae - W
ge alk
an er
La
ne
Diﬀerence in depth [km]
,

0

5

Mean Δdisotherm [km]

5

d
S
R(1e5 ea,
dm Co
(1 Sema/ rin
5 ,aC) th
m o
m rin
/a th
)

Diﬀerence in depth [km]
Sh [km]
Mean Δdisotherm
an
SRhhi xi,
n S
REAhanex ue
RinS i, S z
e ue
LEiAnR
z
heS
Lin (H
Ba he eta
i ( o
EBt kal Het )
ahi io ao
Et kapl ia )
hi n
op
ia
n
10 10

10

Re

15 15
Initial
crustal
thickness:
30 km
Initial
crustal
thickness:
30 km

Initial crustal thickness: 20 km

Mean Δdisotherm [km]

15

10
10.910.9

0

5

0
0.5 0.5 2

2
4 4
6 6
8 8 10 10
Extension
velocity
[mm/a]
Extension
velocity
[mm/a]
0.5 0.5 2.2 2.2 4.4 4.4 6.5 6.5 8.7 8.7 10.910.9
Péclet
number
Peclet
number

Mean differences of the isotherm depth after 50 km of extension as obtained from the central third

of the model domain, which includes the entire rift region for all narrow rifts. Each image shows results for a
different initial crustal thickness. The x-axis indicates both the extension velocity in mm/a and the corresponding
Péclet number as calculated from the parameters at the start of each model (Eq. 9). Solid lines give the arithmetic
mean of the deviation in the central third of the model. The one standard deviation interval is shown as a colored
envelop. Examples of modern rifts are plotted for comparison, references for extension velocities are listed in
Table 1 and locations are shown in Figure 1. The dashed lines represent the similarity thresholds 𝜖 = ± 2.5 and
𝜖 = ± 5 km. B&R: Basin and Range, EARS: East African Rift System.

4 Discussion
In the following section, we first explore how present-day continental rifts compare to our
generic findings. We then highlight implications and limitations of our models and explain the
choice of the snapshot at 50 km of extension for thermal comparison. Finally, we discuss alternative
ways to setup the steady-state models and to represent thermal steady-stateness.
In Figure 6, we assess the first-order thermal steady-stateness of natural rifts by mapping the
associated divergence rate onto the diagram for the initial crustal thickness. Taking the Baikal Rift
in the upper right panel as an example, it can be seen that the mean Δ𝑑isotherm , the mean deviation of
the steady-state from the transient models, for the modeled temperature of 400◦ C (red) exceeds both
considered values of the similarity threshold 𝜖 (horizontal dashed lines). This means that according
to the approach presented in this study, the Baikal Rift cannot be assumed in thermal steady-state
for intermediate crustal temperatures. Contrarily, the mean Δ𝑑isotherm for 100◦ C (blue) is situated
below both exemplary values for 𝜖 and can hence be considered suitable for a steady-state modeling
approach ( – to assess Δ𝑑isotherm at specific x-locations in a rift region, the reader is referred to
Figures 4c,d and 5c,d).
Subsequently, Figure 6 shows that wide rifts, like the Basin and Range province and the Aegean,
as well as slow narrow rifts, like the Shanxi and Suez rifts (0.5 mm/a), are better represented by a
steady-state model than faster narrow rifts, like the African rifts or the Gulf of Corinth. However,
even for an extension velocity of 0.5 mm/a, the maximum Δ𝑑isotherm for the shallow 100◦ C isotherm
exceeds 𝜖 = ± 2.5 km locally, beneath the sides of the rift valley. The average Δ𝑑isotherm for 1 mm/a
(e.g. Rhine graben) already exceeds 𝜖 = ± 5 km. The use of a thermal steady-state model for narrow
rifts would thus introduce large uncertainties.
To further demonstrate the implications of these results, we consider a slow rift with an
extension velocity of 1 mm/a and 30 km initial crustal thickness, which is similar to the Rhine
graben. For this rift, the transient model predicts a temperature of around 450◦ C for a point at
20 km depth beneath the rift center. However, in the steady-state model, it is 20◦ C colder at that
location. Beneath the sides of the rift valley, where the maximum Δ𝑑isotherm is located, a point at
20 km depth would be even 150◦ C colder in a steady-state model compared to a transient model. In
terms of depth, maximum values of Δ𝑑isotherm reach 10–17 km for the 400◦ C isotherm, which is in
the range of the actual 400◦ C isotherm depth in a typical continental setting: a temperature gradient
of 25◦ C/km and 0◦ C at the surface implies a depth of 16 km for 400◦ C to occur. This means that in
fast narrow rifts that feature a pronounced transient tectonic temperature component and therewith

elevated temperature gradients, the introduced uncertainty might even be a multiple of the actual
isotherm depth - a temperature gradient of 100◦ C/km and 0◦ C at the surface leads to a depth of 4 km
for 400◦ C compared to maximum values of Δ𝑑isotherm of 10–17 km.
Errors introduced by neglecting transient thermal processes do not only affect models that
directly assess the temperature distribution. They also impact other derived variables, as many
physical and chemical processes as well as rock properties are temperature dependent. Ignoring
the transients in the thermal field would for example change the estimated rheological behaviour by
assuming a wider domain of brittle deformation inside the rift valley due to lower crustal temperatures.
Whenever considering the thermal field to be in equilibrium, the presented analysis gives an estimate
about the magnitude of uncertainty that is introduced into the model. In this study, we chose
a continental rift setting, but large-scale transient thermal signals can also be expected in other
tectonically active regions, e.g. around orogenic belts [Meeßen, 2019].
Our modeling approach focuses on first-order rift dynamics and accordingly includes several
limitations. First of all, our models are two-dimensional. This is justified by the fact that rift segments
are geometrically continuous in the rift-parallel direction, which is why major along-strike variations
of the thermal field are not expected. For simplicity, we do not include second-order complexities
such as magmatic activity, the influence of plumes, the thermal blanketing by a sedimentary cover
or underground water circulation and mineral reactions [e.g Hacker et al., 2003; Bousquet et al.,
2005; Scheck-Wenderoth and Maystrenko, 2013; Scheck-Wenderoth et al., 2014; Koptev et al., 2018;
Oliva et al., 2019]. The models furthermore consist of four homogeneous layers (upper crust, lower
crust, lithospheric mantle, asthenosphere) that do not account for potential spatial variability of
thermal properties as these models are not designed to reflect a specific real-world example, but
to generically investigate the process of isotherm advection during continental rifting. Fully aware
of these simplifications, the so obtained dynamic models are taken as generalized analogues for a
rift-typical tectonothermal history which is disregarded by steady-state approaches for thermal field
modeling.
So far we presented the tectonothermal signal of all models after a fixed amount of 50 km of
extension, even though we performed the analysis continuously until reaching 100 km of accumulated
extension. When applying the workflow stepwise to other finite extension values and analyzing the
variability of steady-stateness, we find the following general temporal development of mean Δ𝑑isotherm
(Supplementary Figure S4): after a build-up phase, the general order of magnitude of the mean
Δ𝑑isotherm first remains constant before decreasing slightly. This decrease corresponds to a closer

approximation of the steady-state models to the transient ones. Considering an exemplary model with
an initial crustal thickness of 30 km and an extension velocity of 3 mm/a, the decrease amounts to 2 km
(Figure S4 upper left). Its onset varies according to extension velocity: for slowly and moderately
extending rifts it occurs after 50 to 70 km of extension, while manifesting a few tens of kilometers
of extension later for faster rifts. Tectonically, the decrease coincides with a change in border fault
geometry, which has previously been described as the transition from stretching to thinning mode
during rift evolution [Lavier and Manatschal, 2006; Chenin et al., 2018]. Our modeling suite thus
shows that steady-state thermal models become closer to their transient equivalents during the rift
episode when the deformation style changes. In line with this finding, to obtain an estimate for a
maximum error potentially introduced in steady-state models, we base the steady-state assessment
on the evolutionary snapshots at 50 km of extension, where all models are close to the maximum
Δ𝑑isotherm regardless of the extension velocity.
A significant decision for the analysis of this paper, is the choice of the workflow to set up
the steady-state models, which includes the choice of the parameter that represents the LAB. For
better comparability of our results, we designed the steady-state models as similar to data-integrative
modeling approaches as possible [Tesauro et al., 2012; Gac et al., 2016; Maystrenko and Gernigon,
2018]. We have used snapshots of the deep structural configuration of the transient models as the
counterpart to the LAB depth that is derived from temperature conversions of seismic tomography
studies and used as lower boundary conditions of data-integrative thermal models. Alternatively to
those models presented in Figures 4–6 that are based on the extracted material contour at the bottom
of the lithosphere, a calculation of the steady-state models can also be based on the 1300◦ C isotherm
as extracted from the transient model. Taking the transient 1300◦ C isotherm as the new thermal LAB
for the steady-state models may seem to be the more direct approach, but it has the disadvantage that
its geometrical evolution is significantly affected by the predefined initial vertical model size through
thermal boundary conditions. On the other hand, our approach of converting a material discontinuity
into an isotherm could also be questioned, but as its evolution is independent of the model size, we
regard it as the more appropriate lower boundary condition for later snapshots. We tested the impact
of both possibilities and despite the fundamental differences in the nature of the two approaches, we
find that both lead to qualitatively similar results, proving our findings regarding the influence of the
initial crustal thickness and extension velocity on the steady-stateness of transient systems (compare
Figures 4–6 to Figures S1–S3). The choice of 1300◦ C as the absolute model temperature at the LAB
lies within the range of other lithospheric-scale models (Afonso et al. [2016]: 1250◦ C, Balling et al.
[2013]: 1300◦ C, Carballo et al. [2015]: 1330◦ C, Sippel et al. [2017]: 1350◦ C). In Supplementary

Figure S6 we show that the overall pattern of Δ𝑑isotherm remains comparable when using 1250◦ C as
the temperature at the LAB.
An important finding of this study is that the discussed steady-state isotherms of 100◦ C and
400◦ C are almost everywhere deeper than the corresponding transient isotherms, independently of
the representation of the LAB. This is due to the upward advection of hot material in a rift setting.
Both sets of steady-state models are consistent in this point, regardless of whether a material LAB
contour or an associated isotherm is extracted from the transient model (compare Figures S1–S3 in
the supplement to Figures 4–6). However, when the 1300◦ C isotherm is extracted from a transient
model, the values for Δ𝑑isotherm are larger, influence a wider rift domain and affect more rift-distant
locations than for the case of a material discontinuity. This is because the 1300◦ C isotherm of a
transient model is generally not as elevated as the lower boundary of the modeled compositional unit
of the lithospheric mantle. Associated crustal steady-state isotherms hence remain deeper within
the subsurface, which contrasts the corresponding transient isotherms that are further moved to
shallow depths by advective material transport. Accordingly, the values for Δ𝑑isotherm increase. The
difference of the two sets of models is especially important for slower rifts, as for faster rifts the
1300◦ C isotherm coincides better with the material discontinuity at the base of the lithosphere.
For both definitions of the LAB, the values for Δ𝑑isotherm increase with increasing extension
velocity. The results hence show the expected positive relationship between Δ𝑑isotherm and the extension velocity. This is readily explained by faster advection of hot material for higher extension
velocities, a process that dominates over the counteracting heat conduction that would re-equilibrate
temperatures. This effect can also be seen in the Péclet numbers associated with the extension
velocities. With the extension velocities of 0.5–10 mm/a, our models span the entire transition between predominantly conductive heat transport (𝑃𝑒 < 1) and predominantly advective heat transport
(𝑃𝑒 > 10) [Sandiford, 2002], see Figure 6. This change in heat transport mechanism is reflected
in the values for Δ𝑑isotherm that increase the more important heat advection becomes. However, our
results show that Péclet numbers alone are too general to decide about the validity of the steady-state
assumption as this also depends to a large degree on the structure of the rift, i.e. whether it classifies
as narrow or wide rift type.
We translate the importance of heat advection into a threshold-based approach to represent
thermal steady-stateness. Hence a temperature field from a dynamic model can be considered in
steady-state when Δ𝑑isotherm is smaller than a given similarity threshold 𝜖. An alternative approach
would be to assess the change of a certain parameter of the evolution models over time such as the
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Figure 7. A cartoon of a continental narrow rift with sketches of faults in black (not to scale). The blue and
red lines show the generalized main trends and features of the 100◦ C and 400◦ C isotherms of the narrow rift
transient models (solid lines) and the corresponding steady-state models (dashed lines). The results suggest
that isotherms from steady-state models are deeper than those from the corresponding transient models. The
maximum difference for the 100◦ C isotherm is less than 5 km, but more than 10–15 km for the 400◦ C isotherm
for rifts faster than 1 mm/a. Mean values for the thermal model difference are 1–1.5 km and 6 km, respectively.

temperature at depth. However, this would still require the introduction of a threshold, e.g. the
temperature change through time as a percentage of actual temperatures as in Peacock [1996] for
subduction settings. By comparing transient models to steady-state models with the same material
configuration, we stay closer to the setup of published lithospheric-scale thermal models and provide
a reference basis for the development of this kind of models in the future.

5 Conclusion
Using numerical modeling, we investigate the validity of the thermal steady-state assumption
in extensional continental settings. We show that neglecting tectonic transient thermal effects yields
a systematic error in terms of the depth of crustal isotherms. Since these isotherms are advected
upwards during rifting, they are always shallower than predicted by the steady-state assumption. For
higher extension velocities, this process becomes more important and affects larger depths.
We find that wide rifts reside close to thermal steady-state even for relatively high extension
velocities. For narrow rifts, however, we find a speed limit of roughly 0.5–2 mm/a for the applicability
of the steady-state assumption. Thus, not only relatively fast rifts like the Main Ethiopian Rift, the

Afar rift segments, the Red Sea, and the Gulf of Corinth, but even slow rifts like the Kenya Rift, the
Rhine Graben, and Rio Grande Rift must be expected to feature a pronounced transient component in
the temperature field and to therefore violate the thermal steady-state assumption for deeper crustal
isotherms.
We furthermore illustrate that the speed limit depends on the exact depth and location studied.
This is due to the fact that isotherms in steady-state models strongly follow the surface topography and
the depth of the lithosphere-asthenosphere boundary, which results in a maximum difference between
transient and steady-state models adjacent to the high topography of the rift shoulders. The influence
of the thermal boundary conditions varies with depth and we therefore find that the steady-stateness
of a model depends on the considered isotherm (Figure 7). Where shallow isotherms are investigated
(e.g. the 100◦ C isotherm), the transient imprint of rifting appears to be negligible. Contrarily,
steady-state assessments of intermediate isotherms (e.g. the 400◦ C isotherm) systematically lead to
underestimations of crustal temperatures especially for narrow rift settings.
In light of these findings, our work does not only put a speed limit on the thermal steady-state
assumption, but also provides a way to include the tectonothermal signal as an uncertainty range.
This is especially useful for settings where there is no alternative to a steady-state modeling approach.
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Alternative definition of the LAB
Figures 3–5 of the main text, but for the alternative steady-state model series. Here, instead of
the material contour at the bottom of the lithospheric mantle, the 1300◦ C isotherm is extracted from
the dynamic model snapshot and used as the steady-state thermal LAB. Comparing Figures 3–5 of
the main text to Figures S1–S3, it can be seen that the overall pattern of Δ𝑑isotherm is the same for
both approaches. However, the values for Δ𝑑isotherm are smaller and have a more local effect when
the material contour is chosen as the steady-state LAB, as is discussed in the main text.
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Figure S1. Impact of using the 1300◦ C isotherm to define the LAB of the steady-state models
in narrow rift setups. The difference to the setup of Figure 3 in the main manuscript is best visible
in (b), where the isotherms at the base of the model are more evenly distributed. However, shallower
crustal isotherms are almost not affected, so that the differences in depth of isotherms (c,d) are very
similar to those shown in Figure 3.

Figure S2. Impact of using the 1300◦ C isotherm to define the LAB of the steady-state models
in wide rift setups. The difference to the setup of Figure 4 in the main manuscript is best visible in
(b), where the isotherms at the base of the model are more distributed. However, shallower crustal
isotherms are almost not affected, so that the differences in depth of isotherms (c,d) are very similar
to those shown in Figure 4.
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Figure S3. Impact of using the 1300◦ C isotherm to define the LAB of the steady-state models.
The diagrams reveal a roughly 30% greater depth difference than for the reference LAB definition.
For more figure details and abbreviations, see Figure 5 in the main manuscript.

Evolution of 𝚫𝒅isotherm for four exemplary models
In the main text, we discuss Δ𝑑isotherm after 50 km of extension only. Here, we show the entire
evolution of the difference in isotherm depth for four exemplary models. It can be seen that the
mean Δ𝑑isotherm stays in the same range after a first build-up phase, making the analyses of the 50
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Figure S4. Differences of the isotherm depth for the evolution of four exemplary models with
extension velocities of 3 and 8 mm/a and initial crustal thicknesses of 30 and 50 km. The x-axis
indicates the amount of extension in km and the time after model start in million years. Solid lines
give the arithmetic mean of Δ𝑑isotherm in the central third of the model domain, which includes the
entire rift region for all narrow rifts. The one standard deviation interval is shown as a colored
envelop. The dashed lines represent the similarity thresholds 𝜖 = ±2.5 and 𝜖 = ±5 km.

Additional plots for isotherms between 100◦ C and 600◦ C
Here, we show the difference between transient and steady-state models in terms of Δ𝑑isotherm
for isotherms between 100◦ C and 600◦ C for all crustal thicknesses and extension velocities. These
plots are analogous to the right-hand sides of Figures 4 and 5. Red colors indicate a warmer crust
in the transient model with the isotherms being shallower compared to the steady-state model. The
black contour marks a 5 km difference in depth.

Figure S5a. Δ𝑑isotherm for the 100, 200, and 300◦ C isotherms for all crustal thicknesses and
extension velocities.

Figure S5b. Δ𝑑isotherm for the 400, 500, and 600◦ C isotherms for all crustal thicknesses and
extension velocities.

Alternative setups of the steady-state models

Figure S6. Comparison of the influence of alternative setups of the steady-state models.

In this section, we compare the models used in the analysis of the main text with alternative
setups of the steady-state models. We use an exemplary model which has an initial crustal thickness
of 30 km and an extension velocity of 5 mm/a to show the influence of different setups of the
steady-state models. The steady-state models in the main text use the material contour extracted
from the dynamic models as the new LAB which is associated with the 1300◦ C boundary condition
(the plots with a thick black frame display the same model results as in Figure 4 in the main text).
These models are shown on the left side of Figure S6. On the right of Figure S6, the same analysis is
shown for steady-state models that use an isotherm from the dynamic model as the steady-state LAB
(the plots with a thick black frame display the same model results as in Figure S1 in the supplement).
We compare these models to two other possibilities to set up the steady-state models: To
the left of the plots for the reference models, we use 1250◦ C as the temperature of the LAB to
account for the variation of LAB temperatures found in the literature. For these models we used
the same dynamic models as in the main text, but associated the extracted material contour with
a 1250◦ C boundary condition (left), or extracted the 1250◦ C isotherm from the dynamic model to
use it as the steady-state LAB (right). To the right of the plots for the reference models, we use the
same temperature for the LAB as in the main analysis (1300◦ C), but use a 2D thermal steady-state
approach, while the models in the main analysis use a 1D steady-state approach.

While the 1D thermal steady-state was achieved by simply initializing a model without deformation (no time-stepping), the 2D thermal steady-state needed to employ a computationally more
demanding method. We used the same structural snapshots of the dynamic model, but instead of only
initializing a model, the 2D model was run for 1 Ma to allow the temperature field enough time to
equilibrate through 2D thermal diffusion based on the given material properties. To ensure that only
diffusional processes were active while the surface and the structural boundaries remained constant,
zero velocity conditions were applied at the boundaries and only the temperature equation (Eq. 3)
was solved. Furthermore, the thermal diffusivity of the asthenosphere was set to an unrealistically
high value to prevent cooling at the LAB.

