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Abstract. The extent to which groundwater flow affects drainage density and erosion has long been debated, but is still un-

certain. Here, I present a new hybrid analytical and numerical model that simulates groundwater flow, overland flow, hillslope

erosion and stream incision. The model is used to explore the relation between groundwater flow and the incision and persis-5

tence of streams for a set of parameters that represent average humid climate conditions. The results show that transmissivity

and groundwater flow exert a strong control on drainage density. High transmissivity results in low drainage density and high

incision rates and vice versa, with drainage density varying roughly linearly with transmissivity. The model evolves by a pro-

cess that is defined here as groundwater capture, whereby streams with a higher rate of incision draw the watertable below

neighbouring streams, which subsequently run dry and stop incising. This process is less efficient in models with low transmis-10

sivity due to the association of low transmissivity and high watertable gradients. A comparison of different parameters shows

that drainage density is the most sensitive to transmissivity, followed by parameters that govern initial slope and baselevel.

The results agree with field data that show a negative correlation between transmissivity and drainage density. These results

imply that permeability and transmissivity exert a strong control on drainage density, stream incision and landscape evolution.

Models of landscape evolution may need to explicitly include groundwater flow.15

1 Introduction

Drainage density is a fundamental property of the earth’s surface that controls erosion and the transport of water and sediments.

Drainage density has been observed to vary with climate, vegetation, relief and soil and rock properties (Tucker et al., 2001b;

Luo et al., 2016). Several analytical models have been proposed to explain drainage density and the closely related metric

valley spacing (Montgomery and Dietrich, 1992; Howard, 1997; Perron et al., 2008, 2009, 2012). In most of these models20

streamflow scales with drainage area, and the flow paths of water towards streams and the processes generating streamflow are

not specified. However, several studies have suggested that groundwater flow plays an important role in controlling streamflow

and drainage density (Carlston, 1963; de Vries, 1994; Dunne, 1990; Twidale, 2004). Direct erosion by groundwater discharge,

also termed seepage erosion, and its effect on the initiation and development of channel networks has been explored extensively

(Dunne, 1990; Pederson, 2001; Abrams et al., 2009; Brocard et al., 2011). However, apart from direct erosion, groundwater25

also has an indirect effect on erosion by contributing to streamflow and by controlling the watertable, which in turn affects the
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storage available in the unsaturated zone and the magnitude and spatial distribution of saturation overland flow (Dunne and

Black, 1970; Freeze, 1972; de Vries, 1976).

A number of analyses of river networks have noted a relation between drainage density, lithology and transmissivity (Carl-

ston, 1963; Luo and Stepinski, 2008; Bloomfield et al., 2011). Drainage density has been used infer the transmissivity and30

permeability of the subsurface (Luo et al., 2010; Luo and Pederson, 2012; Bresciani et al., 2016). A review of drainage density

in the conterminous USA found a relation with independent data on subsurface permeability (Luo et al., 2016). These studies

imply that a relation exists between permeability, groundwater flow and drainage density. However, to my knowledge a causal

mechanism for this relation has not been proposed.

Most numerical landscape models use simplified representations of groundwater flow, and do not simulate the watertable35

or lateral groundwater flow directly (Tucker et al., 2001a; Bogaart et al., 2003; van der Meij et al., 2018). There are some

exceptions, including two case studies of single river catchments (Huang and Niemann, 2006; Barkwith et al., 2015) and a

generic model study (Zhang et al., 2016), that concluded that the inclusion of groundwater flow has a strong effect on modelled

relief and erosion rates. Recently, a groundwater flow component has been added to the landscape evolution model code

Landlab (Litwin et al., 2020). However, to my knowledge there has been no systematic model study to explore the relation40

between groundwater flow and drainage density.

Here, I present a new coupled model of groundwater flow, overland flow and erosion. The model was inspired by the coupled

groundwater and streamflow model of de Vries (1994). The model simulates lateral groundwater flow, the watertable and its

effect on the partitioning of groundwater and overland flow. The model also includes erosion processes that follow widely-used

equations (Tucker and Hancock, 2010). The model is used to explore the sensitivity of drainage density to parameters that45

govern groundwater flow, stream flow and erosion. The focus is on humid regions where infiltration-excess overland flow is of

minor importance, and where the groundwater system is tightly coupled with the surface water system. The results point to a

strong relation between drainage density, groundwater flow and transmissivity. In addition, the results illustrate the process of

groundwater capture that explains this relation.

2 Methods50

2.1 Model description

The model code described here simulates steady-state groundwater flow, transient saturation overland flow, stream incision

and hillslope diffusion in a two-dimensional cross-section of the subsurface. These processes are shown schematically in Fig.

1. The model code is named the groundwater flow, overland flow and erosion model, or GOEMod, and was inspired by the

conceptual groundwater outcrop erosion model originally presented by de Vries (1976) and subsequently implemented as a55

set of coupled analytical solutions for groundwater and streamflow (de Vries, 1994). GOEMod is an open source code and is

available online on Zenodo (Luijendijk, 2021) and GitHub (https://github.com/ElcoLuijendijk/goemod).

Groundwater flow is approximated as steady-state, with the dark blue line in Fig. 1 showing the average groundwater level.

Each precipitation event adds a volume of water on top of the average groundwater level, shown by a light blue area. Saturation
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overland flow occurs where the groundwater level is so close to the surface that there is no storage space available in the60

unsaturated zone. Note that infiltration-excess overland flow is included in the model code, but is not used in this study,

because of the focus on humid regions where infiltration excess overland flow is of minor importance (Dunne, 1978; Bogaart

et al., 2003). Groundwater flow and saturation overland flow contribute to steady-state and transient streamflow, respectively.

Both components of streamflow lead to erosion and incision of the stream. In addition, the areas outside streams erode by

hillslope diffusion, which is a simplified representation of processes such as soil creep (Culling, 1960, 1963).65

The model starts with a rectangular model domain with a constant slope in one direction. The rectangular model domain

contains a single cross-section that is oriented perpendicular to the slope and that is used to solve the groundwater flow, overland

flow and the hillslope diffusion equations. The initial topography in the direction of the cross-section is randomly perturbed.

The topography evolves over time as a result of stream incision and hillslope diffusion. The model simulates groundwater flow,

overland flow and hillslope diffusion in the 2D cross-section. All streams are assumed to run perpendicular to the cross-section70

and are perfectly straight and parallel. Streamflow and stream incision are calculated by multiplying the water and sediment flux

in the 2D cross-section with the contributing area perpendicular to the cross-section. The resulting model is 2.5D in the sense

that it simulates water fluxes and incision of a series of perfectly parallel streams that develop along an inclined topography.

The workflow and equations for each component of the model are discussed in detail in the following sections.
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Figure 1. Conceptual model showing the hydrological and erosion process represented in the new model code. The hydrological processes

include groundwater flow, overland flow and streamflow. The erosion processes include hillslope diffusion and stream incision.

2.2 Initial topography75

The model starts with a random initial topography, which is calculated as using a series of 400 linear segments with random

placement and random perturbation of the elevation at the start and end points of the segments. For the model simulations

shown in this study, the average initial elevation is 0 m and the initial relief is 0.5 m.
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2.3 Precipitation

Precipitation events are quantified using rainfall intensity statistics for the Netherlands (Beersma et al., 2019), using a precipitation-80

frequency curve shown in Figure 2. The rainfall-intensity curves follow a generalized extreme value distribution with the

parameters given by the following equations (Beersma et al., 2019),:

η = 1.02(0.239− 0.0250log(D/60.))
−1/0.512 (1)

γ = 0.478− 0.0681log(D) (2)

κ= 0.118− 0.266log(D) + 0.0586(log(D)2) (3)85

where η is the location parameter, γ is the dispersion parameter and κ is the shape parameter of the distribution and D is the

duration of each rainfall event (s). For the model experiments shown in this study a rainfall duration (D) of 3 hours is used.

The precipitation depth for a single precipitation event is calculated as:

Pd = 1000.0η
(
1.0 + γ/κ(1.0−T−κ)

)
(4)

where Pd is the rainfall depth per event (m) and T is repetition time (a), which is the reciprocal of precipitation frequency90

f (a−1). The model simulates overland flow and groundwater recharge for an average year. The total number of precipitation

events in a single year is found by adding up a series of precipitation events until the sum of the individual events matches a

desired volume for the total annual precipitation (Pt):

Pt =

i=f2∑
i=f1

(Pd(i)f(i)) (5)

The precipitation events per year are calculated starting with a frequency (f1) of 1 a−1. Subsequently higher frequency95

(and lower magnitude) events are added progressively until the desired amount of total precipitation per year is reached. The

precipitation statistics are based on an average humid climate such as the Netherlands, with a total precipitation (Pt) of 0.75

m a−1.

2.4 Partitioning of groundwater and overland flow

The subdivision of precipitation between evapotranspiration, overland flow and groundwater flow in the model is calculated for100

individual precipitation evens. For each precipitation event groundwater recharge is assumed to equal the available storage in
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Figure 2. Precipitation frequency curve for the Netherlands, following Beersma et al. (2019) for precipitation events with a duration of three

hours. This curve was used to model precipitation, groundwater recharge and overland flow.

the unsaturated zone, i.e., all groundwater stored in the unsaturated zone is assumed to eventually percolate to the groundwater

table. For each point in the model domain the available storage in the unsaturated zone is calculated using the depth of the

watertable and the specific yield of the subsurface as:

s= Sy(z−h) (6)105

where s is storage (m), Sy is specific yield (dimensionless), z is the elevation of the land surface (m) and h is the elevation

of the watertable (m). Groundwater recharge for a single precipitation event is calculated as:

Ri =

s if s < Pd

Pd if s >= Pd

(7)

where Pd is precipitation depth per event (m), Ri is groundwater recharge depth per event (m),

The time-averaged potential recharge rate Rp (m s−1) is calculated as the sum of the individual recharge events as:110

Rp =

(
i=n∑
i=11

(Rifi)

)
/∆tr (8)

where fi is the frequency of precipitation event i ( a−1), and ∆tr is the duration of the reference time period, which is one

year (s). The actual recharge rate is calculate by subtracting evapotranspiration:
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R=

Rp−ET ifRp >ET

0 ifRp ≤ ET
(9)

whereET is the evapotranspiration rate (m s−1). Note that for simplicity the evapotranspiration rate is assumed to be a fixed115

value and independent of the depth of the watertable.

Saturation overland flow is calculated as the amount of precipitation that exceeds the available storage (s) in the unsaturated

zone. For each node in the model domain and for each precipitation event the saturation overland flow depth is calculated as:

Qsi =

Pd−S if s < Pd

0 if s >= Pd

(10)

where Qsi is the saturation overland flow depth per precipitation event (m).120

2.5 Groundwater flow

The model is based on the assumption that groundwater flow can be considered to be in steady-state on the timescales of

stream and hillslope erosion processes. This was judged to be reasonable because the groundwater flow system reacts much

faster than the relatively slow rates of erosion. Given these assumptions, groundwater flow and the position of the watertable

can be calculated using analytical solutions of steady-state groundwater flow.125

First, the out of plane component of groundwater flow, i.e., groundwater flow parallel to the direction of the nearest stream,

is calculated using Darcy’s equation and assuming the out of plane hydraulic gradient is equal to the (out-of-plane) slope of the

nearest stream:

Qgo = TS (11)

where T is transmissivity (m2 s−1), and S is stream slope (m m−1). Out of plane groundwater flow can be significant for130

cases with high transmissivity or stream slope, as shown in Fig. 3.

The remaining in-plane groundwater flow (i.e., towards the nearest stream) is calculated using the value of recharge calcu-

lated in equation 8 and subtracting the out-of-plane discharge:

Re =RLu−Qgo (12)

where Re is the effective in-plane recharge m s−1, and Lu is the length of the upstream contributing area (m).135

In-plane groundwater flow is calculated using the Dupuit-Forchheimer equation, which describes depth-integrated, steady-

state groundwater flow between two groundwater discharge points (Forchheimer, 1886; Bresciani et al., 2016):
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Figure 3. Calculated out-of-plane groundwater flow for a range of values of transmissivity and stream slope, and using the base-case values

of contributing area (5 km) and groundwater recharge (0.375 m a−1).

∆h=
Re
T
x(L−x) + ∆Hx/L (13)

where h is hydraulic head (m), L is the distance between two groundwater discharge points (m), x is the distance to the

first discharge point (m) and ∆H is the difference in water level between the two discharge points (m). The term groundwater140

discharge point represents a point such as a stream or a part of the land surface where the watertable is at the surface and where

groundwater seepage takes place. The equation assumes that the lateral differences in hydraulic head (h) are much smaller than

the thickness of the aquifer (Bresciani et al., 2016).

For points at the edge of the model domain that are only bound by a discharge point on one side, the equation reduces to:

∆h=
Re
T
x(Lb−x) (14)145

Where Lb is the distance between the discharge point and the lateral model boundary (m). The average in-plane groundwater

recharge rate Re was calculated as the average effective recharge rate for all the nodes in between two seepage nodes. The

seepage nodes represent points where the watertable is at the surface and where groundwater discharge occurs. The position of

the seepage nodes is not known in advance, but is calculated using the following iterative procedure:

1. First one seepage node is picked at the lowest elevation in the model domain and the watertable is calculated using150

equations 13 and 14. In most cases the calculated watertable is still above the land surface in a large part of the model

domain after the first iteration.

2. Subsequently a new seepage node is added at the node with the lowest elevation in the part of the model domain where

the modelled watertable exceeds the land surface.
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3. The watertable is recalculated using this new additional seepage node.155

4. The last two steps are repeated until the modelled watertable is below or at the land surface (i.e., h≤ z) everywhere.

An example of the calculated watertable and seepage locations following the procedure is shown in Fig. 4.
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Figure 4. Example of initial topography and calculated watertable and groundwater seepage locations. The watertable and seepage locations

were calculated by an iterative solution of eqs. 13 and 14 as explained in section 2.5.

2.6 Stream flow

The water flow in each stream consists of two components, steady baseflow supplied by groundwater discharge, and transient

flow that consists of overland flow. The calculation of both components is described in the following two sections:160

2.6.1 Baseflow

The baseflow in each stream node is calculated in two steps. First, streams nodes are found by finding the node with the lowest

elevation for each series of neighbouring seepage nodes in the model domain. Note that the term seepage nodes is used here

to denote nodes where groundwater discharge occurs. The two-dimensional (in-plane) value of groundwater flow toward each

stream node (qb) is calculated for each stream by finding the nodes contributing groundwater to each stream and by summing165

the product of the recharge rate at each node R and the width of each node (∆x). The contributing area is found using the

taking the watertable h as calculated using equations 13 and 14 and finding the two nodes on either side of each stream where

the hydraulic gradient changes direction. The three dimensional (out of plane) value of baseflow was calculated by multiplying

in-plane baseflow (qb) with an upstream length of each stream:

Qb = qbLu (15)170

where Qb is baseflow. An example of the calculate value of baseflow is shown in Fig. 5.
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Figure 5. Example of calculated baseflow to streams. The coloured triangles denote the magnitude of the calculated baseflow.

2.6.2 Saturation overland flow

The volume of water that is contributing to overland flow is calculated per precipitation event as:

V0 =

x2∫
x1

Qsidx (16)

Where V0 is the volume of water to be discharged in a stream channel (m3), x1 and x2 are the position of the topographic175

divide on either side of the channel (m) and Qsi is the rate of overland flow for each node as calculated using equation 10. An

example of the resulting distribution of precipitation excess and overland flow is shown in Fig. 6.

2.6.3 Waterlevel in streams

The waterlevel in streams as a result of baseflow and overland flow is calculated using the Gauckler-Manning equation for

stream discharge. The Gauckler-Manning equation for stream discharge is (Gauckler, 1867; Manning, 1891):180

v =KnR
2/3S1/2 (17)

where v is the mean flow velocity in a stream channel (m s−1), Kn is an empirical coefficient (m1/3s−1), which is defined

as 1/n where n is Manning’s roughness coefficient (s m−1/3), R is hydraulic radius (m) and S is the slope of the water surface,

which is taken as equal to the slope of the channel bed (m m−1). With the common assumption that channels are much wider

than deep, R≈ hc and the equation can be simplified to:185

v =KnS
1/2h2/3c (18)
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Figure 6. Example of calculated precipitation excess and saturation overland flow in streams. Panel a shows the calculated precipitation

excess for each node in the model domain. Panel b shows the location of nodes where the precipitation depth for a single event exceeds the

available storage, which results in fully saturated conditions and the generation of saturation overland flow. Panel c shows the calculated

saturation overland flow volume for each stream in the model domain. Note that all the potential streams are shown here, including potential

streams in depressions that do not generate overland flow because they are located too far above the watertable.

where hc is the water height in the channel (m). The discharge is equal to the product of the flow velocity and the cross-

sectional area. To simplify the equations the cross-section for each stream is assumed to be triangular. The linear in-plane slope

of the channel bed (i.e., perpendicular to the flow direction in the channel) is denoted as St (m m−1). The cross sectional area

A of the channel equals Sth2. Using this the discharge equation can be written as:190

Qw =
KnS

1/2

St
h8/3c (19)

where Qw is the discharge in the channel (m3s−1). Rewriting this equation yields and expression for the waterlevel in

streams as a function of discharge:

hc =

(
StQw
KnS1/2

)3/8

(20)
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2.6.4 Transient stream discharge195

The discharge generated by overland flow operates on short timescales of hours to days. Modelling this process directly would

require short timesteps that would make the model prohibitive computational expensive. Instead here I derive new equations

for the total discharge in a stream following a single precipitation event. To keep the solution mathematically tractable the

assumption is made that each precipitation event generates a volume of overland flow that is added instantaneously to the

stream channel. The volume is subsequently discharged over time.200

The continuity equation for discharge of a stream channel is given by:

∂Vw
∂t

=−Qw (21)

where Vw is the water volume in the channel (m3).The volume to be discharged is defined as the product of a cross-sectional

area that changes over time and a fixed stream length Lu (m):

Vw =ALu (22)205

assuming that the shape of the channel is a triangle and combination with the stream discharge equation (eq. 19) yields:

Lu
St

∂h2c
∂t

=−KnS
1/2

St
h8/3c (23)

Integration of this equation with boundary condition hc = h0 at t= 0 yields:

hc =

(
h
−2/3
0 +

KnS
1/2

3L
t

)−3/2

(24)

The initial heigh of the waterlevel in the channel (h0) is related to the initial volume of water in the channel V0:210

V0 =
h20Lu
St

(25)

Adding eq. 25 into eq. 24 and replacing the constants yields an expression for the decrease of waterlevel in a channel over

time in response to drainage of an initial volume V0:

hc =

(
V0St
Lu

−1/3

+
KnS

1/2

3Lu
t

)−3/2

(26)

This equation was validated by comparison with a numerical solution of for the waterlevel over time (Fig. 7). The numerical215

solution was calculated using the discharge equation (eq. 19) to calculate discharge over time. At the first timestep the initial
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Figure 7. Validation of the equation for the transient discharge of an instantaneously added volume of water in a stream channel (eq. 26)

using the numerical solution as described in the text. Panel a shows that the numerical solution and analytical solution overlap perfectly.

Panel b and c show the change in water volume and discharge in the channel over time, which were used to calculate the numerical solution

in panel a. The solution uses base case parameters listed in Table 1, a precipitation depth of 0.0365 m, which is the theoretical maximum

1-day precipitation depth for a return time of 1 year for the Netherlands, and a contributing area for overland flow with a length of 100 m.

overland flow volume V0 is added. Subsequently discharge is calculated and subtracted from the initial volume V0. The heigh

of the waterlevel at each timestep was calculated using equation 25. This process is repeated until the waterlevel is less than 1

mm.

2.7 Stream incision220

The sediment flux in a stream channel at carrying capacity is given by (Tucker and Bras, 1998; Tucker and Hancock, 2010):

Qs = wkf (Qw/w)mSn (27)

where Qs is the sediment flux m3s−1, w is channel width (m), kf is the sediment transport coefficient (s4/5 m−8/5), Qw is

water discharge (m−3s−1), S is channel slope (dimensionless) and m is the discharge exponent (dimensionless) and n is the

slope exponent (dimensionless), which were set to values of 1.8 and 2.1, respectively. The erosion by streams is subdivided into225

two components, the erosion by baseflow driven by groundwater discharge and the additional transient erosion by saturation
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overland flow during and directly after precipitation events. In addition, incision and stream slope are governed by the baselevel.

The equations for the calculation of baselevel and the two erosion components are discussed in the following sections.

2.7.1 Baselevel change

The incision of streams results in an adjustment of the stream slope (S). The stream slope is also dependent on changes in230

baselevel. The baselevel at the downstream boundary of the model domain is calculated as:

zb = zb,0 +Ut (28)

where zb is the elevation of the downstream model boundary (m), U is the baselevel change rate (m s−1) and t is the total

elapsed time since the start of the model run (s). zb,0 (m) is the initial baselevel at the start of the model run and is calculated

as the product of intial stream slope and distance to the downstream model boundary:235

zb,0 = z0 +S0Ld (29)

where z0 is the average elevation in the cross-section at t= 0 (m), which is 0 m for the model runs shown in this study, S0

is the initial slope (m m−1) and Ld is the distance to the downstream model boundary (m).

After each timestep a new value of stream slope is calculated using the new elevation of the base of the stream and the

elevation of the downstream edge of the model domain:240

S =
zs− zb
Ld

(30)

where zs is the elevation of the stream in the modelled cross-section (m).

2.7.2 Stream incision by baseflow

The sediment flux in the steam channel carried by baseflow is calculated using equation 27 and using the value of baseflow

calculated using equation 15 as the value for water discharge Qw. The incision of the stream is calculated by dividing the245

sediment flux by the channel width (w). In addition, the erosion is divided over the upstream length of the stream by assuming

that erosion increases linearly from zero at the start of the stream to the maximum value at the end of the stream. This yields

the following equation for erosion of the stream channel:

∂z

∂t
= (1−φ)

Qs

w 1
2Lu

(31)

where z is the elevation of the base of the channel (m), t is time (sec), φ is porosity (dimensionless). Note that the linear250

increase of erosion by baseflow along the stream is a simplification that makes the problem more tractable mathematically. In
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reality the non-linear relation between streamflow and erosion would result in a non-linear increase in erosion along the stream

profile. Channel width was calculated as (Lacey, 1930):

w = kwQ
ω (32)

where kw and ω are empirical parameters, which are set to values of kw = 3.65 and ω = 0.5 (van den Berg, 1995).255

2.7.3 Stream incision by overland flow

The erosion by streams caused by the discharge of overland flow is calculated by combining the equation for stream discharge

due to overland flow over time (eq. 26) with the sediment discharge equation (eq. 27). The combination of these two equations

yields:

Qs = kfS
n

(
KnS

1/2

St

)m((
V0St
Lu

)−1/3

+
KnS

1/2

3Lu
t

)−4m

(33)260

Integrating this equation from t= 0 to t=∞ yields an expression for the total volume of sediment eroded from the channel

after a single precipitation and discharge event:

Vs =
a(b+ c)(−4m+1)

4mc+ c
(34)

where Vs is the total volume eroded in a stream by overland flow following a single precipitation event, a, b and c are

constants that are defined as:265

a= kfS
n

(
KnS

1/2

St

)m
(35)

b=

(
V0St
Lu

)−1/3

(36)

c=
KnS

1/2

3Lu
(37)

The eroded volume results in incision of the stream. Stream incision by overland flow is calculated by distributing the

eroded volume (Vs) evenly over the width of the stream channel (w). In addition, erosion by overland flow is assumed to270

increase linearly from the start of the channel to the position of the modelled cross-section. This is a similar simplifcation as

the linear increase of erosion by baseflow discussed in the previous section, and was likewise also used to keep the problem

mathematically tractable. This yields the following expression for the incision of the stream due to overland flow:

∆zs =
Vs

(w 1
2Lu)

(38)

where ∆zs is stream incision following a single precipitation event (m).275
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2.8 Hillslope diffusion

Erosion of the parts of the model domain outside of the streams follows the hillslope diffusion equation (Culling, 1960):

∂z

∂t
=
∂
(
Kd

∂z
∂x

)
∂x

(39)

Where Kd is the hillslope diffusion coefficient (m2 s−1). This equation was solved numerically using a standard implicit

finite difference approach using a matrix solver implemented in the Python module Numpy (Harris et al., 2020).280

2.9 Iterative solution

The solution of the equations for groundwater flow, overland flow, streamflow and erosion follow an iterative scheme that is

detailed in Fig. 8. After setting up an initial topography, the initial watertable is calculated using the procedure described in

section 2.5, with recharge taken as the difference between the total precipitation (Pt), overland flow and evapotranspiration

(ET). Subsequently the model calculates baseflow, stream incision due to baseflow and overland flow, and topography change285

due to hillslope diffusion. Overland flow and recharge are calculated at an event basis. Recharge is summed over a year to

yield an average recharge rate. Overland flow and erosion are calculated on an event basis, and are then summed over a year to

yield an average overland flow erosion rate. The procedure is repeated at each timestep. The initial timestep size is 1 year. The

timestep size is was adjusted so that the maximum elevation change per timestep was 0.5% of the total relief with a minimum

of 0.01 m. These conditions were found by trail and error to ensure numerically stable and computationally efficient model290

runs for the range of parameter values and runs reported in this study.

2.10 Base case parameter values

The base case parameter values follow de Vries (1994) and Bogaart et al. (2003), who modelled stream network and landscape

evolution of the southern Netherlands under alternating glacial and interglacial conditions. Here the parameters that represent

present-day (interglacial) conditions are used. The base case parameters are listed in table 1. In contrast to the relatively high295

value for porosity of 0.4 used by Bogaart et al. (2003) here a value of 0.2 is used that more closely follows values observed

in areas covered by fluvial and aeolian sediments in the southern Netherlands (de Vries, 1994). The base case value for

transmissivity is 1× 10−2 m2s−1, which is based on values of 0.012 to 0.03 m2s−1 reported by de Vries (1994). The initial

slope a value of of 5× 10−4 m m−1 is equal to the average stream gradient in the southern Netherlands.

The value of the sediment transport coefficient reported by Bogaart et al. (2003) was based on the theoretical Einstein-300

Brown equation. Here, the value of this parameter is based on an analysis of alluvial sediment discharge data by Brownlie

(1981) as reported by Lammers and Bledsoe (2018). Following the sediment discharge equation (eq. 27) the sediment transport

coefficient (kf ) can be expressed as:

kf =
qs

qmw S
n

(40)

15



set up initial topography

calculate initial watertable and seepage locations

calculate overland flow

calculate groundwater recharge

calculate watertable and seepage locations

calculate baseflow

calculate stream erosion due to baseflow

calculate stream erosion due to overland flow

calculate hillslope erosion & deposition

recalculate topography

iterate over timesteps

Figure 8. Flowchart for the iterative solution of the groundwater flow, overland flow and erosion equations

The compilation of total sediment discharge from flume experiments and field observations by Brownlie (1981) as reported305

by Lammers and Bledsoe (2018) contains n= 1463 datapoints for which sediment discharge (qs), water discharge (qw) and

stream slope (S) are known. Following Bogaart et al. (2003) the coeficients n and m are set to values of 1.8 and 2.1 respectively.

Inserting these values into equation 40 allows kf to be calculated for each of the 1463 datapoints. The calculated distribution of

kf using equation 40 is shown in Fig. 9. Comparison of the measured sediment discharge values and the denominator (qmw S
n)

in equation 40 shows that there is a reasonable correlation of the term qmw S
n with the sediment discharge rate. When using310

the median value of kf = 103.1 to predict sediment discharge, the coefficient of determination for log-transformed values of

sediment discharge equals 0.62. The median value of kf = 103.1 was used as the base-case parameter value for the model

experiments shown in this study. Note that more complex sediment transport equations that take into account sediment grain

size and transport thresholds yield a closer fit to the data (Lammers and Bledsoe, 2018). However, these equations were

not implemented in this study to keep the calculation of sediment discharge for individual discharge events (equation 34)315

mathematically tractable.

2.11 Model sensitivity analyses

To explore the role of groundwater flow in erosion a series of model experiments were conducted with different values for

transmissivity and specific yield. To compare the effects of changes in groundwater flow with climate and erosion parameters,
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Figure 9. Comparison of measured sediment discharge and the water discharge term qmw S
n in the sediment discharge equations (eq. 27 and

40) (panel a) and the calculated variation of the sediment transport coefficient (panel b) in a compilation of 1463 sediment discharge data

from flume experiements and field observations by Brownlie (1981) as reported by Lammers and Bledsoe (2018). The lines in panel a and b

denote the 0.05, 0.5 and 0.95 quantiles of the distribution of kf as calculated using equation 40.

an additional set of experiments was conducted with different values for total precipitation (Pt ), hillslope diffusion coefficient320

(Kd), sediment transport coefficient (kf ) and baselevel change (U). These values are listed in table 2.

The range of variation of the hillslope diffusion coefficient was based on Richardson et al. (2019). There are no large

compilation of transmissivity available. Models and data of the permeability of unconsolidated sediments (Gleeson et al.,

2011; Luijendijk and Gleeson, 2015) and a hydrologically active layer of approximately 100 m (Gleeson et al., 2016; Jasechko

et al., 2017) suggests a variation of approximately 10−7 to 10−1 m2 s−1. Here a smaller range of values is evaluated, 10−4 m325

to 10−1 m, because for the relatively low-relief landscape that was studied, lower values of transmissivity result in drainage

densities that are fully controlled by the initial random topography. The values of specific yield are based on values reported

for mixed sediments (Revil, 2002; Gleeson et al., 2014; El-husseiny, 2020). The minimum and maximum values for sediment

transport coefficient were equal to the 0.05 and 0.95 quantiles of the calculated distribution of kf shown in Fig. 9.

2.12 Additional model experiments330

In addition to the model sensitivity analysis a second set of model experiments was conducted to explore the persistence of

drainage density over longer timescales. These model experiments used the modelled incised topography of the base-case

model run after 10,000 years as a starting point, and subsequently added another 50,000 years to the simulation, but with

different parameter values that follow the sensitivity analysis reported in the previous section and Table 2. These different

parameter values resulted in model simulations where the system was out of balance with the incised topography. The degree335

to which these runs resulted in an adjustment of the stream network and drainage density after a runtime of 10,000 and 50,000

years was recorded and used to quantify the persistence of stream networks.
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Table 1. Base case parameter values

parameter group parameter name symbol value reference

Model geometry length L 20000 m

upstream length Lu 10000 m

downstream length Ld 10000 m

grid cell size ∆x 5 m

Relief initial relief 0.5 m

Precipitation and ET precipitation event duration D 1.0 day

annual precipitation P 0.75 m a−1 Bogaart et al. (2003)

potential ET ET 0.375 m a−1 Bogaart et al. (2003)

Stream flow channel roughness factor Kn 25 de Vries (1994)

initial channel slope S0 4× 10−4 de Vries (1994)

perpendicular channel slope St 0.002 de Vries (1994)

channel width coefficient 1 kw 3.65 van den Berg (1995)

channel width coefficient 2 ω 0.5 van den Berg (1995)

Groundwater flow specific yield Sy 0.2 de Vries (1994)

transmissivity T 1× 10−2 m2 s−1 de Vries (1994)

Erosion base level change U −10−5 ma−1 Bogaart et al. (2003)

sediment transport coefficient kf 103.1 Brownlie (1981); Lammers and Bledsoe (2018)

discharge exponent m 1.8 Bogaart et al. (2003)

slope exponent n 2.1 Bogaart et al. (2003)

hillslope diffusion coefficient Kd 0.01 a−1 Bogaart et al. (2003)

porosity φ 0.2

Table 2. Parameter value range in model sensitivity analyses

parameter name symbol value, minimum value, maximum number of steps

precipitation P 0.5 m a−1 1.5 m a−1 10

transmissivity T 1× 10−5 m 1× 10−1 m 10

specific yield Sy 0.15 0.5 10

hillslope diffusion coefficient Kd 4× 10−5 m2 a−1 4× 10−2 m2 a−1 10

sediment transport coefficient kf 102.3 104.2 10

baselevel change U 10−5 m a−1 10−3 m a−1 10
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3 Results

3.1 Groundwater capture

Figure 10 shows the result of an example model run using the base case parameters values as shown in Table 1. The figure340

shows the evolution of the land surface from an initial randomly generated surface over a timespan of 10,000 years. The system

starts out with a very high drainage density, with 114 streams in a model domain that is 20 km long. Subsequently the model

evolves rapidly towards a system dominated by fewer streams over time, with the final number of 12 active streams after a

runtime of 10,000 years.

The decrease in number of streams is caused by a process that is defined here as groundwater capture, by which faster eroding345

streams draw the watertable below neighbouring streams and reduce the baseflow and saturation overland flow of these streams

until they fall dry. The process of groundwater catchment capture is illustrated in more detail in Figure 11, which shows the

land surface, watertable and stream fluxes for three timeslices before, during and after a groundwater catchment capture event.

After 2251 kyr (Fig. 11a) there are still 13 streams that are active. However, the last stream on the right hand side has smaller

catchment area and a lower baseflow, and therefore incises slower than its two neighbouring streams. After 2457 yr (Fig. 11b)350

the neighbouring streams have incised further and have drawn the watertable below the base of the stream. The second stream

does generate overland flow, but has ceased to generate baseflow. At 2707 yr the watertable has been drawn down further and

the watertable is too deep for the second stream to generate saturation overland flow, i.e., all the precipitation that falls near

the stream can be accommodated in the unsaturated zone above the watertable. As a results the stream has become inactive.

The stream channel has partly been filled by hillslope diffusion, because the sediment flux caused by hillslope diffusion is no355

longer compensated by the removal of sediment by streamflow.

The evolution of the stream network over time is summarised in Figure 12. Initially each small depression is potentially an

active stream channel, which results in a large number of active streams. However, as the incision of streams increases, the

number of active streams drops rapidly in the first 100 yr, followed by a slower reduction in the number of active streams. The

last stream capture event at 2457 yr is shown in Fig. 11. After this event the drainage system remains in a steady-state.360

The initially high rate of groundwater capture is slowed down over time by the negative feedback imposed by the baselevel

at the downstream (out of plane) end of the model domain. The stream slope is lower for streams that have incised deeper,

which limits their incision power. The negative feedback on incision results in the establishment of a steady-state drainage

network after 2500 years. For the base-case model run shown in Fig. 10, the baselevel is located at an elevation of -4 m, at a

downstream distance of 10,000 m.365

The incision and the reduction of active streams by groundwater capture also means that the area susceptible to saturation

overland flow decreases over time, because saturation overland flow takes place near active stream channels where the wa-

tertable is located close to the surface. Apart from a short phase at the start of the model run streamflow and stream erosion are

predominantly generated by groundwater flow, which is named baseflow once it enters the stream channel (Fig. 12b, c).
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Figure 10. Modelled change in land surface and watertable over 10,000 years for the base case model run. The results show the evolution

from a random topography with a high number of streams to an incised topography with 12 active streams. The past positions of the land

surface and watertable show the decrease of the number of streams over time.
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Figure 11. Illustration of groundwater capture in the base case model run. Panel a, b, c show modelled streamflow generated by baseflow

and overland flow, and the change in elevation caused by hillslope diffusion and stream erosion for three timeslices before, during and after a

capture event, respectively. Panels d, e and f show the modelled position of the land surface and the watertable during these three timeslices.

The arrow points to the stream that loses its connection to the groundwater table.
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Figure 12. Changes in drainage density (panels a), water discharge (panel b), sediment flux (panels c) elevation and relief (panels d) over a

timespan of 1 million years for the base-case model run. The results show a decrease of active stream channels and a decrease in saturation-

excess overland flow over time as streams incise and the watertable is drawn deeper below the land surface.
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3.2 Sensitivity of drainage density to transmissivity370

Groundwater capture is dependent on the transmissivity of the subsurface. This is illustrated by three model runs with different

values of transmissivity (Fig. 13). The model run with the lowest transmissivity shows the highest drainage density (Fig. 13a)

and the model run with a highest value of transmissivity shows the lowest value of drainage density (Fig. 13c). The reason

is that a low transmissivity results in higher watertable gradients, which makes it much more difficult for streams to draw the

watertable below neighbouring streams and to capture their groundwater discharge. In contrast, high transmissivity results in375

a relatively flat watertable, which means that small differences in incision can already lead to a watertable that is drawn below

the base of streams. There is a small positive correlation between transmissivity and stream incision rate. The lower number

of streams at high values of transmissivity means that these streams receive more water and therefore have a higher erosion

power. This effect is limited by the negative feedback on stream incision that results from a decrease in stream slope between

the modelled cross-section and the baselevel at the downstream (out-of-plane) end of the model domain. For streams with a380

higher rate of incision, the slope is reduced and their erosional power is reduced.
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Figure 13. Modelled change in land surface and watertable over time for three model experiments with low (T = 10−3 m2s−1, panel a),

moderate (T = 10−2 m2s−1, panel b) and high (T = 10−1 m2s−1, panel c) transmissivity. The results show a negative correlation between

drainage density and transmissivity and a positive correlation between transmissivity and stream incision over the model runtime of 10,000

years.
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3.3 Sensitivity of drainage density to hydrological and erosion parameters

Comparison of drainage density and incision to a number of parameters that govern erosion and streamflow show that drainage

density is the most sensitive to transmissivity and initial slope (Fig. 14). Drainage density is also affected by precipitation and

baselevel change, and largely insensitive to specific yield, sediment transport coefficient and hillslope diffusion coefficient.385

The strong negative correlation of drainage density and initial downstream slope is illustrated in Fig. 15 and can be explained

by three effects. First, higher stream slope means that individual streams have a higher incision power, which means that it is

easier to draw the watertable below adjacent streams and capture their groundwater discharge. Second, a higher stream slope

means a lower baselevel at the downstream end of the model domain, which means that streams can incise deeper and capture

more adjacent streams before the negative feedback kicks in that is associated with deep incision and a reduction in stream390

slope. Third, a higher initial downstream slope means that more of the total groundwater recharge is directed downstream in

the out-of-plane direction, and there is less in-plane groundwater flow (Fig 3). This results in flatter watertables and an increase

in groundwater capture.

Precipitation shows a complex relation with drainage density (Fig. 14), with a positive correlation between drainage density

and precipitation at moderate to high values of precipitation, but very high drainage density and low incision rates at low values395

of precipitation. Precipitation affects groundwater recharge. Given that groundwater flow depends on the ratio of recharge over

transmissivity (see eq. 13), recharge has an effect of equal magnitude as transmissivity, but opposite sign. I.e., high precipitation

and recharge result in high drainage densities and vice-versa. However, at low values precipitation this trend is reversed, because

all recharge contributes to out-of-plane groundwater flow and the in-plane groundwater flow, baseflow and overland flow rates

are too low for the streams to incise. This means that the initially high number of streams does not decrease over time.400

Specific yield only has a subtle effect on stream incision. Lower values of specific yield increase the volume of saturation

overland flow and make it more difficult for streams to run completely dry, even if they are disconnected from the watertable.

However, given the subordinate importance of overland flow in generating streamflow and erosion in these model experiments,

this effect is very modest and does not change the modelled drainage density or incision rate after a model runtime of 10,000

years (Fig. 14).405

The sediment transport coefficient exerts a strong control on the rate of incision and controls how fast the drainage network

reaches a steady-state. High sediment transport coefficients result in high rates of incision and a relatively fast adjustment of

the stream network. However, ultimately the rate of incision is limited by the baselevel at the downstream end of the model

domain as explained previously, and as a result the sediment transport coefficient only has a minor effect on the modelled

drainage density (Fig. 14).410

The effect of changes in hillslope diffusion rate on the development of streams is illustrated in Fig. 16. Although hillslope

diffusion may be important in determining drainage density in landscapes with higher relief (Tucker and Bras, 1998; Perron

et al., 2008), in this case the incision power of streams is high enough to outpace sediment delivery by hillslope diffusion, and

the sensitivity analysis shows no effect of hillslope diffusion on drainage density (Fig. 14). The results do show an effect of the

lateral slope of stream valleys and on the rate of infilling of abandoned stream channels (Fig. 16).415

24



10 1

100

Dr
ai

na
ge

 d
en

sit
y

(s
tre

am
s p

er
 k

m
)

a
transmissivity
precipitation
stream slope
baselevel change
sediment transport coefficient
hillslope diffusion coefficient
specific yield
base case

10 2 10 1 100 101

Relative change compared to base case

10 5

10 4

10 3

10 2

In
cis

io
n 

ra
te

 (m
a

1 )

b

Figure 14. Sensitivity of drainage density and stream incision to hydrological and erosion parameters. The incision rate denotes the incision

rate of the stream with the lowest elevation at the end of each model run. Note that the range of parameter values reflects their variability in

humid and subhumid settings as explained in the text.

25



0 5000 10000 15000 20000
Distance (m)

0.75

0.50

0.25

0.00

0.25

El
ev

at
io

n 
(m

)

351 yr739 yr1143 yr1686 yr2585 yr3805 yr5505 yr7639 yr

0 kyr

0 kyr
10 kyr

10 kyr

a
S0 = 10 4.00 m m 1

0 5000 10000 15000 20000
Distance (m)

10

5

0

El
ev

at
io

n 
(m

)

10 yr20 yr
31 yr
45 yr
63 yr
90 yr133 yr
295 yr

0 kyr0 kyr
10 kyr

10 kyr

b
S0 = 10 2.92 m m 1

initial land surface
initial watertable

past land surfaces
final land surface

past watertables
final watertable

Figure 15. Sensitivity of drainage density and stream incision to initial slope, showing the effects of the lowest (panel a) and highest (panel

b) slope that was included in the model sensitivity analysis. Low slopes result in a very low incision power, whereas high slopes provide

much more incision power that allows the system to evolve to a situation with fewer active streams. In addition, for low slopes incision is

limited by a relatively high baselevel at the downstream end of the model domain, whereas for high slopes the baselevel is much lower. The

baselevel for the model experiments shown in panel a and b is located at -2 m and -13 m, respectively.
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Figure 16. Sensitivity of drainage density and stream incision to hillslope diffusion rate, showing the effects of the lowest (panel a) and

highest (panel b) hillslope diffusion rates found in a compilation by Richardson et al. (2019). Note that only half of the model domain is

shown here to better visualise the effects of hillslope diffusion on valley slope and infill of inactive stream channels.
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3.4 The persistence of stream networks

The model runs shown up to this point all started with a flat topography with a random perturbation of ±0.5 m. However, in

most natural systems the current drainage network started out on an older network that was for instance adjusted to glacial

conditions during the Pleistocene. The effect of an existing incised topography on the modelled adjustment of stream networks

is shown in Figures 17 and 18.420

Figures 17 shows the change in stream network following a change in slope and baselevel. The results indicate that preex-

isting incised topography delays the evolution of stream networks to higher drainage densities, whereas an evolution to lower

drainage density proceeds more rapidly. A decrease in slope S0 from the base case value of 4×10−4 m m−1 to 1×10−4 m m−1

leads to a decrease in incision over time. However, the effect on drainage density is limited. The drainage density is increased

only after approximately 9000 years when the decrease in incision has progressed far enough that the watertable reconnects425

with a previously abandoned stream channel on the right-hand side of the model domain (Figure 17a). This demonstrates that

the stream network shows a degree of delay in adjustment to new conditions that depends on the depth of the watertable and the

ability of the watertable to reconnect to abandoned stream channels or depressions in the landscape. Conversely, an increase

in slope leads to an increase in incision that allows the process of drainage capture to proceed (Figure 17b). Differences in

catchment size lead to differences in incision rates and the capture of the groundwater discharge of several small streams by430

neighbouring streams. This results in a reduction of active streams over time from 12 to 7.

The asymmetry in the response of the drainage network to parameter changes is also shown in the model sensitivity analyses

presented in Figure 18. Compared to model runs that start with a flat topography (Figure 18a), the model runs that started with

an incised topography (Figure 18b, Figure 18c) show a comparable response when the parameter change leads to a reduction

in drainage density. However, an increase in drainage density is much harder to accomplish, because an increase in drainage435

density is only possible when the watertable is close to the surface. For systems where incision has progressed far enough for

the watertable to be well below the surface this requires large changes in precipitation, or a large decrease of incision. The

adjustment of incision also means that the time that has elapsed since a parameter change is important for drainage density.

The delay in adjustment affects models after a runtime of 10,000 years (Figure 18b), but is much less important for model runs

that last 50,000 years (18c). The exception is formed by changes in transmissivity, for which the effect is strong enough to440

generate a fast response in both directions, i.e. for both an increase and decrease in drainage density. However, abrupt changes

in transmissivity are probably somewhat unlikely in reality. They could occur for areas with a gain or loss of permafrost

(Bogaart et al., 2003), or in the case of the erosion of a confining layer that shields a more permeable layer.
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Figure 17. Modelled adjustement of a stream incision for a decrease (panel a) and increase (panel b) in slope. The results show that a decrease

in slope and the corresponding increase in baselevel downstream leads to a reduction of stream incision (panel b) and vice-versa (panel b).

29



10 1

100

Dr
ai

na
ge

 d
en

sit
y

(s
tre

am
s p

er
 k

m
)

runtime=10,000 years
flat initial topography

a

10 1

100

Dr
ai

na
ge

 d
en

sit
y

(s
tre

am
s p

er
 k

m
)

runtime=10,000 years
incised initial topography

b

10 2 10 1 100 101

Relative change compared to base case

10 1

100

Dr
ai

na
ge

 d
en

sit
y

(s
tre

am
s p

er
 k

m
)

runtime=50,000 years
incised initial topography

c

precipitation
initial slope
baselevel change
specific yield

transmissivity
sediment transport coefficient
hillslope diffusion coefficient
base case

Figure 18. Sensitivity of drainage density to climate, hydrology and transmissivity parameters for using different initial topographies and

runtimes. Panel a shows the sensitivity using a flat initial topography with a perturbation of 0.5 m. Panels b and c use an incised initial

topography, which is equal to the final topography of the base case model run after a runtime of 10,000 years. For panel b the simulation

is run for 10,000 years and for panel c the runtime is 50,000 years. The results show that using an incised initial topography reduced the

sensitivity of drainage density to transmissivity and other parameters.
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4 Discussion

4.1 Limitations of the model code445

The model code presented here was intentionally kept as simple as possible to keep the solutions mathematically tractable

and the computational effort manageable. The main limitations are that the model is 2.5D and only represents a system with

perfectly parallel and straight streams, groundwater flow is steady-state and the contribution of transient groundwater discharge

or subsurface stormflow to streamflow is neglected, and the treatment of erosion by overland flow is highly simplified, with

an instant addition of all overland flow to the nearest active stream channel, and a highly simplified distribution of the eroded450

volume over the length of the channel.

In spite of these limitations the conclusions of the importance of groundwater flow for drainage density and stream incision

are arguably relatively robust. The model results show that groundwater capture is a somewhat inevitable consequence of

coupling groundwater flow, streamflow and erosion equations. Regardless of the exact equations and numerical implementation

used, the watertable will always crop out at perennial streams, and the incision of these streams will draw the watertable down.455

Smaller streams losing their groundwater discharge and eventually falling dry is therefore a logical consequence of differences

in incision rate between streams. These conclusions are also supported by previous model studies that found that groundwater

flow had a strong effect on erosion (de Vries, 1994; Huang and Niemann, 2006; Barkwith et al., 2015; Zhang et al., 2016) and

by observations that found a correlation between permeability, transmissivity, or lithology and drainage density at a number of

locations (Carlston, 1963; Luo and Stepinski, 2008; Bloomfield et al., 2011; Luo et al., 2016).460

However, one thing that the model does not represent well is the initiation of stream channels. Due to the 2.5D nature of

the model the initial topography is represented only in the modelled cross-section, and all streams are effectively parallel. This

means that initially, small streams develop in most small depressions. The presence of many small streams divides the water

to be discharged over many streams, which each have a very low incision power but are nonetheless considered active streams

in the model. In reality, many of these streams would not initiate, because the initial topography would not consist of a set465

of small depressions that are lined up and connected along an inclined slope. Instead, most of these depressions would be

isolated. Therefore the number of active streams at low runtimes should be much smaller than the high number in the model

runs reported here (see for example Fig. 12a). In reality, the stream network would develop much more gradually by headward

erosion, as shown by natural experiments (Schumm, 1956; Wells et al., 1985; Kashiwaya, 1987; Talling and Sowter, 1999).

For the final model results presented in this study the unrealistic initiation of streams is less of a problem, because the stream470

networks adjusts relatively rapidly in the first few 10s to 100s of years as stream incision progresses far enough for most of

the initial streams to fall dry and for the initial topography to be irrelevant. Therefore for the final model runtime of a 10,000

years the unrealistic initiation of stream networks does not affect the results. The exception is however, formed by model runs

with low transmissivity (< 10−4 m2 s−1) or low initial slope (< 10−4 m m−1), for which the ability to capture groundwater

discharge and the incision power of the streams is too low to escape the initial phase with a dense stream network.475
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4.2 Groundwater capture

To my knowledge the process of groundwater capture that is illustrated here has not been proposed before. De Vries (1976) and

de Vries (1994) discussed the opposite process, in which new streams establish themselves when the watertable reaches the

land surface following an increase in precipitation and groundwater recharge. Twidale (2004) suggested that stream incision

may induce a positive feedback by increasing groundwater flow and runoff to streams that incise faster, but did not provide any480

further details.

The process of groundwater capture is expected to be important wherever streamflow is dominated either by groundwater

discharge or saturation overland flow. In systems where infiltration-excess flow is dominant, which includes most semi-arid and

arid regions (Kidron, 2021), groundwater capture could still occur and would determine which streams discharge groundwater

and are active perennially, but streams that are detached from the groundwater table would still be able to incise. In addition,485

groundwater capture may be less important for systems dominated by subsurface stormflow in perched aquifers that are de-

tached from the watertable. The importance of this flow mechanism is however uncertain and under debate (Freeze, 1972;

Chifflard et al., 2019).

Note that the difference between the groundwater capture process and the more well studied process of stream capture

(Whipple et al., 2017) is that groundwater capture does not require a physical connection between two streams, and may490

therefore not leave a clear trace in the landscape, as opposed to river capture. The capture of the groundwater discharge of one

stream by another results in the first stream falling dry, but the hillslope between these streams remains intact, as can be seen

in Fig. 11.

4.3 Comparison with field studies

The model study presented here used climate, hydrology and erosion parameters that were based on the southern Netherlands495

(de Vries, 1994; Bogaart et al., 2003). The model results match the observed drainage density and rate of incision in the southern

Netherlands relatively well. The modelled drainage density after a runtime of 10,000 years is 0.6 streams per km, which is close

to the observed average drainage density of approximately 0.5 streams per km (de Vries, 1994, 1995). In addition, the incision

of approximately 3 m is also close to the values observed in the southern Netherlands. This means that the model was able to

reproduce the current drainage network that likely developed in response to climate and baselevel changes after the end of the500

Pleistocene (de Vries, 1994; Bogaart et al., 2003).

The negative correlation between transmissivity and drainage density that the model results shows (Figure 13) has been

discussed previously in the literature. Carlston (1963) used theoretical considerations to deduce that high transmissivity leads

to high rates of baseflow and low rates of direct surface runoff. A compilation of 13 catchments in the eastern USA with

similar climate and recharge found a negative linear correlation between baseflow and the square root of drainage density.505

When assuming that baseflow and transmissivity are correlated linearly this also results in a negative correlation between the

square root of drainage density and transmissivity.
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Figure 19 contains a compilation of quantitative data on transmissivity and drainage density along with the model results

presented in this study. The data compilation support a negative correlation between drainage density and transmissivity.

Previous work by Bloomfield et al. (2011) found a significant correlation between drainage density and hydraulic conductivity510

for nine catchments in the Thames basin, UK. In addition, parts of the Oregon Cascades covered by Tertiary and Quaternary

rocks showed a remarkable contrast in drainage density and incision that correlates with a difference in hydraulic conductivity

and transmissivity (Luo and Stepinski, 2008; Luo et al., 2010).

Although the field data show the same trend as the model results, for low transmissivities (< 10−3 m2s−1) the predicted

drainage densities in the model sensitivity analysis are much higher than in the Bloomfield et al. (2011), Luo and Stepinski515

(2008) and Luo et al. (2010) datasets (Figure 19). The reason for the difference is likely the relatively low initial slopes and

the relatively high baselevel in the model runs that mimic the low relief in the Southern Netherlands. Low relief and high

baselevel limit groundwater capture and lead to high drainage density, as shown by the model sensitivity analysis (Figure 14).

In addition, most of the catchments in the Bloomfield et al. (2011) dataset and the Cascades are bedrock catchments with

very different erosion parameters compared to the unconsolidated sediments in the southern Netherlands. Note that the values520

of transmissivity for the Bloomfield et al. (2011), Luo and Stepinski (2008) and Luo et al. (2010) datasets shown in Fig. 19

are relatively uncertain. Transmissivity was estimated from reported hydraulic conductivity values using an estimated aquifer

thickness of 100 m. The hydraulic conductivity values in the Bloomfield et al. (2011) dataset are partly based on grey literature

and analogies with lithological units elsewhere. The values reported by Luo and Stepinski (2008) and Luo et al. (2010) are

based on a method where the watertable is assumed to be at the surface at groundwater divides. This is not likely to be true in525

all cases, and these values should therefore be considered minimum estimates.
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Figure 19. Comparison between the modelled relation between transmissivity and drainage density and field observations (Bloomfield et al.,

2011; Luo and Stepinski, 2008; Luo et al., 2010; de Vries, 1994). The reported hydraulic conductivity values by Bloomfield et al. (2011),

Luo and Stepinski (2008) and Luo et al. (2010) were converted to transmissivity by multiplication with an estimated aquifer thickness of

100 m. The model results and the field data both show a negative correlation between drainage density and transmissivity. The difference in

magnitude are probably related to differences in relief and geology.
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4.4 Implications for landscape evolution modelling

The strong correlation between drainage density, transmissivity and groundwater flow shown in both the model results and

field data means that the inclusion of groundwater flow and a representation of the watertable could strongly improve models

of stream network evolution, landscape evolution and water and sediment fluxes over geological (>≈ 104 a) timescales. The530

approach shown in this study relies on a partitioning of rainfall in overland flow and groundwater flow, with groundwater

flow assumed to be steady-state. The advantage of modelling steady-state, depth-integrated groundwater flow are simplicity

and low-computational demands. The exchange between groundwater and surface water was modelled using a seepage al-

gorithm. Similar seepage or drainage algorithms are also able to efficiently couple surface water and groundwater flow in

depth-integrated 2D or full 3D models of groundwater flow (Batelaan and De Smedt, 2004) and would therefore be readily535

available for integration with existing landscape evolution model codes. The assumption of steady-state groundwater flow used

in this study is a simplification that omits the effects of transient groundwater discharge. Transient groundwater discharge may

be important to include in landscape models, because transient peak groundwater flow rates to streams may have a large effect

on erosion. However, three-dimensional models of coupled transient groundwater and surface water flow tend to be compu-

tationally demanding and often require parallel computing architectures (Kuffour et al., 2020), which limits the possibility to540

explore parameter space and model sensitivity. Simplified descriptions of transient groundwater flow similar to the new equa-

tion for the integrated discharge and erosion by overland flow events (section 2.6.4 and 2.7.3) could be developed and added

to landscape model codes. Such an approach could help constrain the importance of transient groundwater flow for stream

incision for different hydrological parameters and different geographic settings.

In addition to being potentially beneficial for models of landscape evolution, a tighter integration of landscape evolution545

and groundwater models could also improve knowledge of groundwater and surface water systems. The groundwater table is

often assumed to follow the topography to some degree and groundwater divides are often assumed to coincide with surface

water divides (Liu et al., 2020). However, the validity of this assumption in different geological settings is uncertain. Integrated

landscape and groundwater flow models could help quantify the extent to which the watertable can be expected to follow

topography and the extent to which surface water divides and groundwater divides are expected to coincide.550
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5 Conclusions

A new model is presented that couples equations that govern groundwater flow, overland flow, streamflow and erosion and

represents humid regions where infiltration-excess overland flow is negligible. The coupling of these equations reveals a strong

dependence of drainage density on groundwater flow and transmissivity. The dependence of drainage density on groundwater

flow is controlled by a process identified here as groundwater capture, by which faster incising streams draw the watertable555

below neighbouring streams, which fall dry and lose the ability to incise any further. This process is more efficient when the

watertable is relatively flat, which can be either due to low groundwater recharge or high transmissivity, with transmissivity

often being the dominant control due to its high variability. Sensitivity analysis show that the importance of transmissivity for

drainage density is roughly equal to base level and initial slope and exceeds other hydrological and erosion parameters such

as precipitation and hillslope diffusion coefficient. The results agree with published field data from the Thames Basin, UK,560

and the Cascades, USA, that show a negative correlation between transmissivity and drainage density. The results imply that

groundwater and transmissivity may be a dominant control on drainage density in humid regions. Landscape evolution models

may need to include groundwater flow and the watertable. At the same time a closer integration of landscape and groundwater

data and models may help improve knowledge of the evolution of the earth’s surface.

Code availability. The model code presented in this manuscript is named the groundwater flow, overland flow and erosion model, GOEMod,565

and has been published at Zenodo (Luijendijk, 2021). The code is also available at GitHub (https://github.com/ElcoLuijendijk/goemod). The

code is distributed under the GNU General Public License, version 3. The code includes a Jupyter notebook to execute a single model run,

which can be used to reproduce Fig. 10, 11 and 12 (https://github.com/ElcoLuijendijk/goemod/blob/master/goemod.ipynb), and a Python

script to execute multiple model runs that can be used for model sensitivity analysis, such as presented in Fig. 14 (https://github.com/

ElcoLuijendijk/goemod/blob/master/goemod_multiple_runs.py). GOEMod depends on the Python modules Numpy (Harris et al., 2020),570

Matplotlib (Hunter, 2007), Pandas (McKinney, 2010; Reback et al., 2021) and Scientific colour maps (Crameri, 2021).
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