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Abstract 12 

The generation of mantle melts in response to decompression by glacial unloading has been 13 

linked to enhanced volcanic activity and volatile release in Iceland1 and in global eruptive 14 

records2,3.  However, it is unclear whether this process is also important in magmatically-active 15 

systems that do not show evidence of enhanced eruption rates. For example, the deglaciation of 16 

the Yellowstone ice cap did not observably enhance volcanism4, yet Yellowstone may still have 17 

released large volumes of CO2 to the surface due to the crystallization of melts at depth. Here we 18 

develop models to simulate mantle melt production and volatile release associated with the 19 

deglaciation of Yellowstone and Iceland. In agreement with previous work1, we find mantle melt 20 

production in Iceland is enhanced 33-fold during deglaciation, generating an additional 3728 km3 21 

of melt and releasing an additional 31–51 Gt of CO2. Beneath Yellowstone, we find mantle melt 22 

production is comparably enhanced 19-fold during deglaciation, generating an additional 815 23 

km3 of melt, though thicker lithosphere may prevent the transport of this melt to the surface. 24 

These melts segregate an additional 135–230 Gt of CO2 from the mantle, representing a ~23–25 

39% increase of the global volcanic CO2 flux (if degassed during deglaciation). Our results 26 

suggest deglaciation-enhanced mantle melting is important in continental settings with partially 27 

molten mantle (potentially Greenland and West Antarctica) and may result in positive feedbacks 28 

between deglaciation and climate warming. 29 

 30 

Main 31 

 As an ice mass retreats and unloads the Earth’s surface, the underlying mantle rebounds 32 

and undergoes a reduction in pressure. If the mantle is above the solidus, this decompression 33 

generates additional melting relative to any background rate. Enhanced mantle melting can result 34 



in increased volcanic activity1,5, which in turn may incite the release of aerosols into the 35 

atmosphere, the acceleration of glacier flow by geothermal heating, and outburst flooding from 36 

glacial lakes. The rapid flow of the Northeast Greenland Ice Stream has been attributed to 37 

elevated geothermal heat fluxes (GHF) due to volcanism6 or the passage of the Iceland plume, 38 

perhaps influencing the mass of the Greenland Ice Sheet over glacial-interglacial cycles7. 39 

Beneath the West Antarctica Ice Sheet (WAIS), ice flow could be enhanced by elevated GHF 40 

from subglacial volcanism8,9 or a mantle plume10. Understanding whether deglaciation enhances 41 

continental and/or hotspot magmatism has implications for the retreat of the Greenland and West 42 

Antarctic Ice Sheets. 43 

Increased mantle melting also enhances the extraction of CO2 from the mantle. If released 44 

to the surface, the additional magmatic CO2 can impact the Earth’s climate. During the last 45 

deglaciation, subaerial volcanoes are thought to have erupted up to 1000–5000 Gt of additional 46 

CO2 (refs. 2,3). Changes in sea-level associated with glacial-interglacial cycles may also enhance 47 

CO2 emissions from mid-ocean ridge volcanoes11.  However, little work has focused on the 48 

enhancement of diffuse subaerial CO2 emissions from hydrothermal systems and dormant 49 

volcanoes, despite their large present-day CO2 flux of 170 Mt/yr, representing roughly half of the 50 

modern global volcanic CO2 flux12. 51 

The link between deglaciation and enhanced mantle melting is most strongly established 52 

in Iceland1,5,13, where increases in eruptive volumes coincide with the most rapid stage of the 53 

Late Weischelian deglaciation of the Iceland ice sheet from 11–10 ka (BP). While shallower 54 

crustal processes may also modulate the magmatic response to deglaciation, the importance of 55 

enhanced mantle melting is evidenced by the magnitude of deglacial eruptive rates and the 56 



coeval depletion of incompatible trace elements, first modelled by Jull and McKenzie1 (hereafter 57 

JM96).  58 

By comparison, deglaciation-enhanced melting in continental mantle has not been 59 

quantified (with the exception of global ice mass loss scalings2), and observations of enhanced 60 

volcanism during deglaciation in intraplate settings are primarily attributed to the triggering of 61 

crustal magma chambers14,15.  For example, Yellowstone is magmatically active and has 62 

experienced rapid deglaciation. During the Pinedale (22–13 ka) and Bull Lake (140–150 ka) 63 

glaciations, ice caps covered the Yellowstone caldera and beyond, extending 100 km in radius4. 64 

While the Pinedale deglaciation occurred during a period of volcanic quiescence, the Bull Lake 65 

deglaciation occurred during the most recent eruptive episode in Yellowstone, the Central 66 

Plateau Member rhyolites (170–70 ka). Geological evidence suggests many of these eruptions 67 

are syn-glacial16,17. The Central Plateau Member rhyolites were erupted from a large upper 68 

crustal sill, maintained by an extensive deeper magmatic system potentially fed by a mantle 69 

plume18. During the deglaciation interval there is no evidence that eruptive rates were 70 

heightened, nor that the magmatic system was otherwise altered, relative to background 71 

rates/trends. However, Yellowstone’s present-day magmatic CO2 flux (~5% of the modern 72 

global flux19) is released not by eruptions, but by the crystallization of magmas at depth19.  Thus, 73 

it remains unclear whether mantle melting rates and associated volatile fluxes are significantly 74 

enhanced under thicker continental lithosphere, particularly as glacially induced pressures are 75 

attenuated with depth1, and by extension whether the singularly strong response of Iceland is 76 

related to the unique juxtaposition of the Icelandic mantle plume and the Mid-Atlantic ridge. 77 

In this study, we model deglaciation-enhanced mantle melting in both Iceland and 78 

Yellowstone, to gain insight into local eruption rates and the potential for enhanced CO2 fluxes 79 



from each system. We use the mantle convection code ASPECT20,21 to simulate changes in 80 

pressure and melt production due to glacial unloading for Iceland and Yellowstone (see 81 

Methods). The 2-D models are first run to steady-state to resemble present-day “background” 82 

behavior (Figure 1) and are then loaded/unloaded using the reconstructed ice load for each 83 

system. The models are unloaded by decreasing the ice sheet radius at a constant rate over a 84 

prescribed deglaciation interval (1000 years for Iceland, 2000 years for Yellowstone), simulating 85 

the retreat of the ice margin. The mantle melt production rate is the rate of melt fraction change 86 

integrated spatially. We also calculate trace element concentrations and estimate the flux of CO2 87 

segregated from the mantle by melts and the flux of CO2 exsolved to the surface. Finally, we 88 

estimate the heat released by the emplacement of additional melts.89 

 90 

Figure 1. Background mantle temperatures and melt fractions, prior to unloading. 91 

Temperatures beneath a) Iceland and b) Yellowstone are plotted in red-blue. The thick black line 92 
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is the lithosphere-asthenosphere boundary (LAB). The green parabola represents the ice volume 93 

at its maximum (10-fold vertical exaggeration). Black arrows indicate imposed plate motions. 94 

Melt fractions in blue-green plotted for c) Iceland and d) Yellowstone. 95 

 96 

Deglaciation melting in Iceland 97 

 We first model mantle melt production rates underneath Iceland (Figure 2; “primary 98 

run”) and additionally benchmark our approach against JM96 (Supplemental Information). Prior 99 

to unloading, the mantle flow field is a combination of passive corner flow from plate spreading 100 

and dynamic flow from the thermally buoyant plume (red arrows in Figure 2a). The integrated 101 

background melting rate over the entire domain is 0.115 km3/yr (orange line in Figure 3b; see 102 

Methods). 103 

As the mass of the ice sheet is unloaded, the underlying mantle rebounds (Figure 2c, red 104 

arrows), inducing large rates of decompression (Figure 2c, teal). The background flow is still 105 

present but is overshadowed by the much greater (>0.3 m/yr) glacial isostatic adjustment. Due to 106 

the thin lithosphere, the mantle response is localized, roughly confined within the margin of the 107 

retreating ice sheet. The large rates of decompression greatly enhance melt production rates 108 

(Figure 2d) throughout the ridge melting triangle. When spatially integrated throughout the entire 109 

domain, the melt production rate increases by an “enhancement factor” of ~33 during the 110 

deglaciation interval, producing 0.43 km3/yr of melt (Figure 3b, black line). JM96 predict similar 111 

increases in melt production during deglaciation using slightly different model assumptions (see 112 

Supplementary Information). 113 

Overall, we find that the rates of enhanced melt production depend primarily on the 114 

thermal structure and background melt fractions prior to deglaciation, and the total rate and 115 



volume of ice removed. We test different styles of ice sheet retreat (Figure S4), but find that the 116 

total melt production by the end of deglaciation scales most closely with the total change in ice 117 

sheet volume. Under larger spreading rates or mantle temperatures, melt fractions increase and 118 

the zone of enhanced melting broadens in horizontal extent. Yet the relative enhancement in 119 

melting is smaller under these more productive conditions (Figure S5). 120 

 121 

Figure 2. Modeled melt production due to deglaciation of Iceland ice sheet. The ice sheet is 122 

represented by the green parabola at a given time step and by the dashed black line at its 123 

maximum extent. Rates of pressure change are colored teal-brown (a,c) and rates of melt 124 

fraction change are colored blue-orange (b,d). Top row shows a model time step prior to any 125 
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glacial loading/unloading, while bottom row shows a time step 500 years following deglaciation 126 

onset. Red arrows show mantle flow; the thick black line is the LAB (T = 1100°C). 127 

 128 

We estimate the concentration of CO2 in the melt and the flux of CO2 released to the 129 

surface. We calculate the partitioning of CO2 into the melt using the retained melt fraction 130 

formulation22, which can reproduce the magnitude of the observed5,23 depletion in trace element 131 

concentrations due to deglaciation (see Methods and Figure S9a). Our background CO2 fluxes 132 

(orange lines in Figure 3d) are within the range inferred from helium fluxes24. During the 133 

deglaciation, we calculate that for a mantle CO2 content of 300–500 ppm (see Methods), an 134 

additional 31–51 Gt of CO2 is released over 1 kyr (dash-dotted black line, Figure 3d), 135 

corresponding to a 13-fold increase over the background flux. This additional CO2 is likely not 136 

released instantaneously, but is slowed by processes such as melt migration25. This value is of 137 

the same order of magnitude as prior estimates25, which found an extra ~165 Gt CO2 was 138 

released over the 11 kyrs following deglaciation for a mantle CO2 content of 285 ppm. 139 

Finally, we examine the conditions under which the heat released by the emplacement of 140 

the additional melts may reach the surface. The emplacement of our steady-state melt production 141 

rate at a depth of 10 km releases 8.7 GW of heat (comparable to the 8 GW estimated in a similar 142 

calculation26). This flux may be transferred conductively to the surface over long time scales, and 143 

is consistent with borehole measurements from outside the rift zone26. During the deglaciation, 144 

we estimate the emplacement of the additional melts releases 281 GW at depth, for a total of 145 

9×1021 J over the entire interval. For comparison, the energy required to melt a 100,000 km3 146 

Icelandic ice sheet near its melting point is 30×1021 J. 147 



 148 

Figure 3. Evolution of melt production rate and CO2 flux during deglaciation. (a) Ice volumes 149 

used as model forcings for Iceland (blue) and Yellowstone (red) during the deglaciation intervals 150 

(shaded). Melt production rates (black lines) for (b) Iceland and (c) Yellowstone; background 151 

rates from time steps prior to loading/unloading are plotted in orange. CO2 fluxes for (d) Iceland 152 

and (e) Yellowstone assuming mantle source CO2 concentrations of 300 and 500 ppm are plotted 153 

as dashed and solid lines, respectively. Estimates of modern magmatic CO2 fluxes for Iceland24 154 

and Yellowstone19 are denoted by purple bars. 155 
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Deglaciation melting in Yellowstone 156 

 We next estimate how deglaciation affects mantle melt production rates associated with 157 

the Yellowstone plume. Prior to unloading, the background mantle flow field represents a 158 

combination of shearing from the westward motion of the North American plate and uplift from 159 

the plume (Figure 4a, red arrows). Melts are produced over the depth interval from 90 to 70 km, 160 

over a 300-km wide region (orange colors in Figure 4b). The background mantle melt production 161 

rate of 0.022 km3/yr represents the rate of emplacement of basalts, assuming efficient melt 162 

extraction.  163 

During the deglaciation, we find that the enhancement of melting beneath Yellowstone is 164 

comparable to Iceland (Figure 3b,c), in spite of the thickness of the continental lithosphere and 165 

the smaller rates of unloading from the Yellowstone ice cap. The upper asthenosphere upwells at 166 

a rate of 0.1 m/yr due to a combination of the background plume/plate flow and isostatic 167 

adjustment (Figure 4c). The zone of positive melt production grows laterally and extends to 168 

shallower depths of 60 km (Figure 4d). The total melt production rate increases to 0.43 km3/yr 169 

during deglaciation, representing a 19-fold enhancement of melting and an additional 815 km3 of 170 

melt over the entire deglaciation (Figure 3c). Modelled trace element profiles predict a ~30% 171 

depletion in light rare Earth elements (LREE) during unloading, relative to background 172 

compositions (Figure S9b). 173 

We also test the response of a transient upper mantle thermal anomaly without a plume 174 

tail (Figure S5) and higher melt production rates (Figure S6).  In the case lacking a plume tail, 175 

unloading of the transient upper mantle thermal anomaly yields melt production rates that are 176 

almost as high (93%) as the case with a plume tail (Figure S7). In cases with higher melt 177 



production rates, greater volumes of additional melt are generated during deglaciation (see 178 

Methods). 179 

 180 

Figure 4. Modeled melt production due to deglaciation of Yellowstone ice cap. The ice cap is 181 

represented by the green parabola at a given time step and by the dashed black line at its 182 

maximum extent. Rates of pressure change are colored teal-brown (a,c) and rates of melt 183 

fraction change are colored blue-orange (b,d). The top row shows a model time step prior to any 184 

glacial loading/unloading, while the bottom row shows a time step 1000 years following 185 

deglaciation onset. Red arrows show mantle flow, the thick black line is the LAB (T = 1300°C). 186 

 187 

The enhancement in melt production implies more carbon is extracted from the mantle 188 

and released to the surface as CO2. Extrapolated surface measurements of diffuse outgassing at 189 

Yellowstone19 predict a modern-day CO2 flux of 11–22 Mt/yr. Carbon and helium isotopes 190 

suggest that ~50–70% of this flux may be attributed to mantle magmatism19. Assuming mantle 191 
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CO2 concentrations of 300–500 ppm (within the range observed in mantle xenoliths27), we obtain 192 

background mantle-derived CO2 fluxes of 6.0–10.1 Mt/yr, in agreement with the above 193 

constraints. During unloading, the CO2 flux increases to 74–125 Mt/yr, representing a 12-fold 194 

enhancement if released during the deglaciation. Over the entire deglaciation, we estimate the 195 

release of an additional 135–230 Gt CO2 to the surface. 196 

The large enhancement in melting may transfer additional heat from the mantle to the 197 

crust or surface. Melts derived from the mantle are thought to recharge a large upper crustal sill, 198 

imaged seismically at depths of 4–14 km (ref. 18). We estimate the emplacement of the 0.022 199 

km3/yr background melt production rate at a depth of 14 km releases 3.8 GW of heat, 200 

comparable to the 4–8 GW extrapolated from chloride fluxes28. During deglaciation, the 201 

emplacement of the additional melts would impart an additional 69 GW of heat at depth, for a 202 

total of 4×1021 J over the deglaciation interval. The energy required to melt a 20,000 km3 203 

Yellowstone ice cap near its melting point is 6×1021 J. 204 

 205 

Deglaciation melting in continental settings 206 

Our calculations imply that Yellowstone underwent a similar enhancement in melting due 207 

to deglaciation as did Iceland. While the surface and geochemical expressions of this enhanced 208 

melting are observed in Iceland, none of the basaltic flows in Yellowstone have been precisely 209 

dated to either deglaciation29,30. Moreover, even if deglacial basaltic flows are buried beneath 210 

newer material, modelled trace element depletions are within the range of existing observations, 211 

implying deglaciation signatures may not be resolvable (Figure S9b). We infer that processes 212 

governing melt migration through the lithosphere and crust mitigate volcanic activity despite 213 

enhanced melting beneath Yellowstone. Understanding the transfer of the mantle melts to the 214 



surface is further complicated by the influence of unloading on the shallower magmatic system. 215 

Various studies have examined how magma chambers can be triggered by deglaciation14,15. 216 

Mantle melts may be pumped upwards as the continental lithosphere flexes during 217 

deglaciation31. We suspect that relative to Iceland, the thickness of the lithosphere beneath 218 

Yellowstone and the complexity of its magmatic system make it more difficult to efficiently 219 

transport mantle melts to the surface.  220 

Even in the absence of anomalous eruption rates, large enhancements in mantle melting 221 

beneath Yellowstone can influence the crustal magmatic system. Bimodal basalt-rhyolite 222 

volcanism in Yellowstone may be explained by the co-existence of a rhyolitic upper crustal sill 223 

and a deeper basaltic reservoir18. The emplacement of mantle-derived melts into or near the 224 

upper crustal sill fuels rhyolitic eruptions, representing a source of heat and mass32.  During the 225 

deglaciation we calculate an additional 815 km3 of mantle melt, ~16% of the 5000 km3 of silicic 226 

melt estimated to be in the upper crustal sill today18. Similarly, the additional 4×1021 J of heat we 227 

calculate could be imparted to the sill during the deglaciation, sufficient to melt an additional 228 

5800 km3 of near-solidus silicic melts, more than doubling the upper crustal sill volume. These 229 

upper-bound estimates illustrate that the emplacement of a large fraction of deglacial melts into 230 

or near the upper crustal sill may influence its dynamics or composition. Alternatively, the effect 231 

on the shallow magmatic system may be imperceptible, if for example the mantle melts travel 232 

slowly through the mantle and crust or are emplaced far from the sill. 233 

 The flux of CO2 released to the surface by the crystallization of mantle melts at depth is 234 

less sensitive to upper crustal processes and may be the most consequential impact of 235 

deglaciation-enhanced melting beneath Yellowstone. The release of an additional 135–230 Gt of 236 

CO2 is likely not instantaneous (as might be implied by Figure 3e).  Instead, CO2 ascension will 237 



be slowed by magmatic and/or hydrothermal processes. For example, if the additional CO2 from 238 

Yellowstone is degassed slowly over 20 kyr (implying melts travel through the lithosphere and 239 

lower crust at a rate of 2 m/yr), the enhanced flux would represent a ~2–4% increase in the 240 

global volcanic CO2 flux12. In this scenario, the present-day Yellowstone flux may still be 241 

elevated by ~7–12 Mt/yr due to enhanced melting during the Pinedale deglaciation. 242 

Alternatively, if the enhanced CO2 flux is degassed rapidly during a 2-kyr deglaciation, the 243 

enhanced flux would represent a ~21–39% increase in the global volcanic CO2 flux12 and could 244 

be accompanied by deglaciation-enhanced fluxes from other volcanoes, such as arcs2,3. The 245 

additional CO2 from Yellowstone would increase the global deglacial CO2 flux from active 246 

subaerial volcanoes since the last glacial maximum2 by 3–23%. For perspective, it has been 247 

proposed that the global deglacial CO2 flux from arc volcanos was responsible for the 40 ppm 248 

increase in atmospheric CO2 between 13–7 ka (ref. 2). It is therefore possible that the enhanced 249 

release of magmatic CO2 from Yellowstone also plays an important role in this positive feedback 250 

between deglaciation and climate. 251 

Another way in which deglaciation, climate warming, and volcanism may be linked is by 252 

the acceleration of ice flow due to volcanically enhanced geothermal heat fluxes (GHF). If heat 253 

associated with the emplacements of melt at depth was transported to the surface, it would be 254 

sufficient to melt 67% of the Yellowstone ice cap and 30% of the Iceland ice sheet. Large GHFs 255 

would maintain a thawed, water-saturated basal till and would soften overlying ice, dynamically 256 

enhancing the mass loss of ice33. Yet in order to influence ice flow in Yellowstone, this 257 

additional heat must travel >10 km through the crust and reach the surface within the 258 

deglaciation interval (~1 kyr). The thermal conduction of heat from intruded basalts is negligible 259 

at ~kyr timescales34. Instead, advective heat transfer would require mass fluxes of magmatic and 260 



hydrothermal fluids of >10 m/yr in order to affect ice dynamics during the deglaciation interval. 261 

The modelled response of the Iceland ice sheet to GHFs enhanced 50% from present-day values 262 

is minimal35. Yet given the colocation of paleo ice streams and geothermal features in Iceland36, 263 

the effect of a larger (as estimated here) and more localized GHF enhancement remains an 264 

important topic to be explored. Beneath Yellowstone, rising melts may induce a response in the 265 

hydrothermal system by imparting heat37 or CO2 (ref. 38). In fact, larger hydrothermal explosion 266 

craters are observed during the last glaciation, although this effect was attributed to changes in 267 

the water table due to lake drainage39. The reactivation of faults due to deglaciation40 268 

conceivably also influences hydrothermal fluid flow.  269 

 270 

Implications for West Antarctica and Greenland 271 

Placing our findings in a broader context, we suggest magmatically-active continental 272 

systems may experience enhanced mantle melting in response to deglaciation.  Moreover, 273 

deglaciation may enhance transient melting anomalies that would not be otherwise productive, 274 

supporting the idea that, if present, remnant melts beneath Greenland may be influenced by 275 

deglaciation7. The transient melting anomaly model (Figure S7) implies deglaciation can 276 

enhance melting in the upper mantle over a range of geodynamic conditions, in settings 277 

characterized by a partially molten mantle. 278 

In particular, West Antarctica is volcanically active41 and characterized by relatively thin 279 

(60–110 km) lithosphere42. Other tectonic similarities between the West Antarctic Rift System 280 

(WARS) and Yellowstone include the possible existence of a mantle plume43 and extensional 281 

lithospheric stresses. During some interglacials, paleo proxies suggest the collapse of the West 282 

Antarctica Ice Sheet (WAIS) (ref. 44) and models predict the loss of millions of km3 of ice over 283 



short (~kyr) timescales45. The horizontal extent of the WAIS also implies deglacial unloading 284 

will generate larger rates of decompression at asthenospheric depths compared to our 285 

calculations for Yellowstone. Finally, while the total flux of CO2 from West Antarctic volcanism 286 

is unconstrained, other continental rift systems are important CO2 emitters12 and the WARS 287 

mantle is rich in CO2 (ref. 46). Thus, melt production rates and associated CO2 fluxes released 288 

into the atmosphere may be greatly enhanced under WAIS collapse and could drive a positive 289 

feedback with climate warming. As modern elevated GHF already influence ice flow8–10, 290 

deglacially enhanced melting may further impart heat to the base of the WAIS and accelerate its 291 

collapse. Understanding the magnitude of deglacially enhanced melting beneath West Antarctica 292 

has implications for global carbon budgets, climate, and the evolution of the WAIS over 293 

millennial time scales. 294 

 295 

 296 

4. Methods 297 

We examine deglaciation-enhanced mantle melting beneath Iceland and Yellowstone using 298 

the mantle convection code ASPECT20,21. The models are sufficiently idealized to facilitate 299 

comparison between both settings, yet capture key geodynamic differences and match various 300 

observations. We estimate CO2 and heat fluxes to understand the surface impact. 301 

The mantle is assumed to behave as a Newtonian visco-elasto-plastic material with a 302 

temperature-dependent viscosity. Viscosities are calculated for dry dislocation creep47 and 303 

converted to a Newtonian form yielding asthenospheric viscosities of 0.5 – 1.0 x 1019 Pa s in the 304 

absence of a plume thermal anomaly. Elasticity is characterized by a shear modulus of 1010 Pa. A 305 



Mohr-Coulomb failure law allows rapid deformation at the Iceland ridge axis during spin-up, 306 

otherwise plasticity is not activated. 307 

Mantle potential temperatures of 1300°C for Iceland and 1320°C for Yellowstone are 308 

assumed in the absence of a plume. Plumes are initiated with a thermal Gaussian anomaly at 600 309 

km depth, centered at x = 0 km (Figure 1). The plumes’ excess temperature and radius at 600-km 310 

depths are 175°C and 100 km for Iceland and 80°C and 70 km for Yellowstone, respectively, in 311 

accordance with previous work benchmarked against geophysical observations48–50. The plume 312 

underneath Iceland is centered beneath a symmetrical ridge axis, while the Yellowstone plume is 313 

located in the middle of an asymmetrical domain. During model spin-up, the top boundary 314 

condition is driven by plate motions (10 mm/yr for Iceland, 20 mm/yr for Yellowstone). The 315 

remaining boundaries are open, with the exception of the free-slip symmetry condition at the 316 

Iceland ridge axis. Domain widths are 1200 km for Iceland and 2700 km for Yellowstone. The 317 

models are run until the thermal structure and flow field stabilize (10–30 Myr). 318 

The flow through the open boundaries is then fixed to the steady-state value, and the top 319 

boundary becomes a free surface that deforms in response to applied pressures. After the glacial 320 

load is applied, the model is again allowed to stabilize to rule out the influence of the glaciation. 321 

The Iceland ice sheet is simulated as a parabola 180 km in radius and 2 km high (as in JM96). 322 

However, we assume the load retreats vertically from the margins, while JM96 kept the load 323 

radius constant and horizontally thinned the ice sheet thickness. We compare the horizontally 324 

thinned load from JM96 (constant radius, decreasing thickness), the vertically retreating load 325 

(decreasing radius, constant maximum thickness) shown in Figure 2, and a horizontally and 326 

vertically retreating smaller load (following refs. 35,51). In vertically retreating simulations, the 327 

melt production rate increases through time as the zone of maximum decompression migrates 328 



towards the ridge axis where the load is centered (Figure S4). For the Yellowstone ice cap, we 329 

use a radius of 100 km and a height of 1.25 km, yielding a volume of 20,000 km3 (ref. 4). 330 

Unloading the ice cap horizontally instead of vertically does not influence melt production rates 331 

(Figure S8a). The dimensions of the Yellowstone ice cap correspond to the most recent and well-332 

constrained Pinedale deglaciation (15–14 ka), we assume the more relevant penultimate Bull 333 

Lake glaciation (~150 ka) retreated similarly. Lengthening the duration of the deglaciation 334 

reduces the melt production rate; however, the total volume of melt produced over the entire 335 

deglaciation is unchanged and depends solely on the volume of ice lost (Figure S8b). 336 

The rate of melt fraction change depends on the material derivative of the pressure field, 337 

which includes both instantaneous (elastic) changes in pressure and isostatic rebound. We also 338 

include the dependence of the melt fraction rate on the temperature field due to the effects of 339 

latent heat (as in ref. 52). We use a dry peridotite solidus53, implying our models underestimate 340 

melt volumes under hydrated mantle conditions. Melt fractions (Figure 1c,d) and their 341 

dependence on pressure/temperature remain relatively constant through time as the deglaciation 342 

time scales are short. 343 

The Iceland melt production rate is approximately scaled to 3-D using a length scale of 344 

100 km (half the plume head width48), although comparisons to the JM96 benchmark are 345 

presented in 2-D. The background melt production rate of 0.115 km3/yr for Iceland is equivalent 346 

to a steady-state crustal thickness 128 km for a 10 mm/yr spreading rate and mantle and crustal 347 

densities of 3000 and 2700 kg/m3, respectively. This is higher than the observed crustal thickness 348 

of 20–40 km (ref 54); but consistent with prior modeling studies that argue the excess crustal 349 

material is redistributed laterally along axis48. Thus our 2-D slice through the plume center 350 

represents the maximum melt production and the total 3-D rate would average with less 351 



productive regions away from the plume center. We ran the same model without the plume and 352 

obtain a crustal thickness of 7 km, typical of slow-spreading mid-ocean ridges55. 353 

The 3-D melt production rate for Yellowstone is calculated by radial integration of melt 354 

fraction rates. The maximum melt fraction is 3.5% and the mantle potential temperature 355 

(including the excess plume temperature) is 1400°C, consistent with geophysical and 356 

geochemical constraints56,57. The absence of melts at depths >90 km in our model is attributable 357 

to the use of a dry solidus. The melts must leave the asthenosphere rapidly to avoid refreezing in 358 

the outer melt region, which reaches depths of 60 km at the shallowest point (Figure 4b; blue 359 

colors). The background melt production rate of 0.022 km3/yr is comparable to the estimated 360 

emplacement rate of basalts into the crust (0.005–0.025 km3/yr) based on uplift rates and thermal 361 

arguments19,29. The simulation in which the plume tail is removed has a smaller background melt 362 

production rate of 0.006 km3/yr, due to the absence of uplift from the lower mantle. Following 363 

alternative estimates derived from chloride58 and CO2 flux59 considerations, we also vary the 364 

mantle temperature (including the excess plume temperature) to 1420°C and 1460°C and obtain 365 

melt production rates of 0.05 and 0.3 km3/yr, respectively (Figure S6).  The simulation with the 366 

1420°C mantle temperature produces an extra 1448 km3 of melt (representing a 13-fold 367 

enhancement) and 99–169 Gt of CO2. The simulation with the 1440°C mantle temperature 368 

produces an extra 3068 km3 of melt (representing a 5-fold enhancement) and 29–54 Gt of CO2. 369 

Under more productive conditions, the extra CO2 released is smaller as we must assume lower 370 

source mantle CO2 concentrations to match modern CO2 fluxes (Figure S6b). 371 

In both Iceland and Yellowstone, we calculate trace element concentrations using a non-372 

modal retained batch melting formulation22, assuming partition coefficients for peridotite 373 

melting60 and a retained melt fraction of 1 wt.%. The element concentrations in the pooled melts 374 



are weighted by the melt production function, and vary during unloading. During the 375 

deglaciation of Iceland, trace element concentrations provide evidence that mantle melting was 376 

enhanced, as incompatible light rare Earth elements (LREE) become more diluted under greater 377 

melting rates1,5,23. We compare the percent change in the LREE compositions between the 378 

unloading period and a background time step (Figure S3). While our method and partition 379 

coefficients differ from those used by JM96, we obtain similar changes before and after 380 

unloading in our benchmark case with otherwise identical assumptions and parameters (~15% 381 

change for La).  In the primary run (Figure 2) the dynamically consistent thermal structure 382 

implies a wider melting region (see Supplementary Information), leading to further depletion of 383 

trace elements during unloading relative to the background (~60%), approaching the observed 384 

depletions of ~70% (Figure S9a). 385 

Using the same approach and assuming CO2 partitions into the melt similarly to barium61, 386 

we estimate the flux of CO2 segregated from the mantle by melts. If the melts are emplaced at 387 

depth, greater lithostatic pressures imply increased solubility of CO2 in the melt. For Iceland, we 388 

assume the melts are erupted or emplaced at shallow depths such that the CO2 is perfectly 389 

outgassed to the surface. Melt inclusion compositions62 indicate the bulk concentration of CO2 in 390 

the Icelandic mantle is a mix of a deep mantle component containing ~1350 ppm CO2 and a 391 

depleted mantle component containing ~120 ppm CO2 (ref. 63). To simulate different mixtures of 392 

these components, we show results for source concentrations of 300 and 500 ppm CO2 in Figure 393 

4d. For Yellowstone, we assume the melts crystallize at 14 km, the base of the upper crustal 394 

sill18. This implies 0.25 wt.% CO2 is retained in carbonate form64, such that 80% of the CO2 395 

segregated from the mantle is released to the surface. We compare the flux of CO2 exsolved to 396 

the surface with published estimates of CO2 released into the atmosphere by magmatic activity 397 



(Figure 3d,e). While we explore different mantle source CO2 concentrations, we do not model 398 

the effect of these different concentrations on the degree of melting. Omission of low-degree 399 

carbonate melting does not affect melt volumes substantially, but could cause underestimates in 400 

CO2 fluxes. 401 

 We use the melt production rates to estimate geothermal heat fluxes. We assume the 402 

basaltic mantle melts have a density of 2800 kg/m3, specific heat of 1500 J/kg/K, and latent heat 403 

of 400 kJ/kg (ref. 65). From our numerical model, we obtain the difference in temperature 404 

between the depths of melt generation and emplacement. For Iceland, we consider the 405 

emplacement of melts at a depth of 10 km (ref. 26) and assume the melts are 300°C warmer than 406 

the surrounding crust. For Yellowstone, we consider the emplacement of all the melts near the 407 

base of the upper crustal sill (~14 km), and assume that the melts are 1000°C warmer than the 408 

surrounding crust. The heat released as melts cool and crystallize is scaled by the emplacement 409 

rate, yielding an estimate of the heat imparted by the melts at the depth of emplacement. We also 410 

assume silicic melts have a latent heat of 300 kJ/kg and density 2300 kg/m3 (ref. 65), and ice has a 411 

latent heat of 334 kJ/kg and density 900 kg/m3. 412 

 413 
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Supplemental Information 597 

S1. Benchmark against Jull and McKenzie 598 



We benchmark our numerical model against the semi-analytical model of melt 599 

production beneath Iceland of Jull and McKenzie1, hereafter JM96. Specifically, we replicate 600 

their constant mantle potential temperature model, using the same parameters – a viscoelastic 601 

half-space of viscosity 8×1018 Pa s and shear modulus 0.25×1011 Pa, and a parabolic ice sheet 602 

extending 180 km in radius and 2 km thick, thinning uniformly over 1000 years. 603 

We reproduce rates of pressure change that are similar in magnitude (compare our Figure 604 

S1 with Figure 3 of JM96, noting different x-axes). During unloading (t = 10–9 ka in JM96; first 605 

two panels in Figure S1) the contours of pressure change follow the same pattern. The depth of 606 

maximum pressure change after unloading (t < 9 ka; bottom panel) is shallower in our model. 607 

This may be attributed to the Cartesian load implied by our 2-D model, whereas JM96 employ a 608 

radially-symmetric load. 609 



 610 

Figure S1: Rates of pressure change, at different time steps during unloading (10–9 ka). 611 

Comparable with figure 3 of JM96. 612 

 613 

We then calculate the total melt production rate (Figure S2). Our 2-D model and melt 614 

production rate should be equivalent to the values they obtain at the ridge axis, at the x-intercept 615 

of their Figure 10a (red stars, Figure S2). JM96 do not specify which solidus they use, but they 616 

do limit the region of melting using a 45° triangle truncated at depths 20-112 km. We obtain 617 



similar results with the dry solidus of Katz et al.53, limited over the same region (compare red 618 

lines and stars in Figure S2). 619 

We examine step-by-step the different assumptions made in the JM96 model and our 620 

primary model, to explain why our estimate is more productive. The main difference arises from 621 

the inclusion of enhanced melting from the wings of the melting region in our model (compare 622 

red and dashed blue lines in Figure S2). JM96 had limited the width of the triangle to 92 km. It is 623 

unclear whether (and how rapidly) these peripheral melts would be focused to the ridge axis. The 624 

inclusion of the temperature derivative in calculating the rate of melt fraction change lessens 625 

melt production considerably (compare dashed and solid blue lines). Finally, the dynamically-626 

consistent plume thermal structure (compare green and blue line) and the inclusion of thermal 627 

buoyancy (compare black and green line) also increase melt production. 628 
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Figure S2: Model runs illustrating step-by-step the effect of modifying assumptions from 630 

JM96 (all under the same glacial forcing). Their results are plotted as red stars. The red line is 631 

the most similar/benchmark run, in which the melting region is limited to a truncated triangle 632 

extending 92 km off-axis. The dashed blue line shows the effect of using the full melt region 633 

predicted by the Katz et al.53 solidus. The solid blue line shows the effect of including the 634 

dependence of melting rate on temperature changes. The green line shows the effect of using the 635 

plume thermal structure, but turning thermal buoyancy off. The thick black line shows the 636 

dynamically-consistent model with the plume thermal structure and buoyancy-driven flow, as 637 

presented in main text. 638 

 639 

Finally, we calculate trace element profiles using the melt fractions and melt production 640 

rates from the JM96 benchmark. Despite using a different method and partition coefficients, we 641 

approximate their reported 15% depletion for the LREE and near 0% for the HREE (Figure S3), 642 

when comparing unloading timesteps to background timesteps. While assuming a larger retained 643 

melt fraction of 3 wt.% yields the best agreement with JM96 (dashed red line, Figure S3), a 644 

smaller value of 1 wt.% (solid lines, Figure S3) better matches observations and is used in the 645 

remainder of this study. A comparison of our JM96 benchmark (solid red line) against that of our 646 

primary model presented in the main text (solid black line) yields larger depletion of trace 647 

elements (~60 %). This may be attributed to the vertical retreat of the ice sheet margins, over a 648 

wider melting region. 649 



 650 

Figure S3: Percent change in trace element concentrations, for an unloading time step 651 

(halfway through deglaciation) relative to the background. Our results for the benchmark model 652 

(red lines) agree with that of JM96 (red stars). Our results for the primary model (black line) 653 

presented in the main text and Figure S9a predict a more important change. 654 

 655 

S2. Iceland 656 

S2.1 Effect of ice sheet history 657 

We model the effect of the different loading functions used by JM96 (thinning parabola), 658 

Eksinchol et al.51 (viscous gravity current), and this study (retreating parabola). For the models in 659 

which the ice sheet retreats inwards, high rates of decompression are initially localized off-axis 660 

and then move inwards to the ridge axis. As the mantle is most productive at the axis, the 661 

horizontal retreat models predict an increase in total melt production rate through time, while the 662 

thinning model from JM96 stays relatively constant during the deglaciation interval (Figure S4a). 663 
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The viscous gravity current function involves smaller ice volumes, leading to lower melt 664 

production rates (green, Figure S4). The total volume of melt produced over the entire deglacial 665 

interval scales with the volume of ice lost. 666 

 667 

 668 

 669 

Figure S4: Effect of different loading functions on melt production rate (a), including a 670 

horizontally thinning parabola as in JM96 (black), a parabola retreating vertically from margins 671 

as in main text (blue), and a viscous gravity current (from ref. 51). Corresponding ice volumes in 672 

2-D are plotted in b). 673 

 674 

S2.2 Effect of spreading rate and mantle temperature 675 

The primary model run presented in the main text of this study (blue line in Figure S5) 676 

has a spreading rate of 10 mm/yr and a mantle potential temperature of 1300 °C, excluding the 677 

excess plume temperature of 175 °C. In the absence of a plume, these parameters yield a steady-678 

state crustal thickness of 7 km. Faster spreading rates of 20 mm/yr (purple line) and warmer 679 
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mantle temperatures of 1320°C (red line) increase rates of melting prior to and during glacial 680 

unloading. 681 

 682 

 683 

Figure S5: Effect of increasing temperature and spreading rate. Melt production rates for the 684 

case presented in the main text (blue), for a doubled spreading rate (red), and for a raised 685 

mantle potential temperature (purple). 686 

 687 

S3 Yellowstone 688 

S3.1 Effect of mantle temperature 689 

 The primary model for Yellowstone presented in the main text has a background mantle 690 

potential temperature 1320°C, plus an excess plume temperature of 80°C (i.e. 1400°C mantle 691 

potential temperature at the plume center). These parameters yield a background mantle melt 692 

production rate of 0.022 km3/yr (black lines in Figures S6a and 3c), within the range of estimated 693 

crustal emplacement rates of basaltic mantle melts19,29. We explore the effect of increasing the 694 
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background mantle temperature to 1340°C and 1380°C, yielding background mantle melt 695 

production rates of 0.05 km3/yr (as in ref. 58) and 0.3 km3/yr (as in ref. 59), respectively. To 696 

calculate CO2 fluxes (Figures S6b and 3e), we use mantle source CO2 concentrations of 300–500 697 

ppm in the 1320°C case, 280–460 ppm in the 1340°C case, and 25–37 ppm in the 1380°C case. 698 

These concentrations yield background CO2 fluxes of 6.0–10.1 Mt/yr, consistent with modern 699 

constraints19. 700 

 701 

 702 

Figure S6: Effect of higher mantle temperatures, on melt production rates a) and CO2 flux b). 703 

Black lines are results presented in the main text. Source mantle CO2 concentrations in b) are 704 

varied to match the modern flux (purple bars). 705 

 706 

S3.2 Yellowstone without plume 707 

While it is established that there is additional melting in the upper mantle beneath 708 

Yellowstone, the presence of a mantle plume extending to depths of 600 km or greater remains 709 
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controversial66. We perform a run in which we remove the plume tail, to understand its effect on 710 

our model.  To do so, we artificially lower the temperature of the mantle at greater depths (>150 711 

km), such that only an upper mantle thermal anomaly remains. Removing the plume tail and 712 

reducing the influx of material lessens upwelling from the lower mantle. We find the rates of 713 

pressure change in the melting region during unloading are similar, implying the 714 

presence/absence of the plume tail itself does not affect our results (they are instead controlled 715 

primarily by the viscosity of the upper mantle in the melting region, and overlying lithosphere). 716 

As the thermal anomaly at the base of the lithosphere was originally set by the plume, this test is 717 

not equivalent to explicitly modeling another mechanism (e.g., edge-driven subduction from the 718 

slab).  719 

 720 

Figure S7: In the absence of a plume, effect of deglaciation of Yellowstone ice cap (green 721 

parabola) on rates of pressure change (a,c, teal-brown colors) and rates of melt fraction change 722 

(b,d, blue-orange colors). The top row shows a model time step prior to any glacial 723 
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loading/unloading, while the bottom row shows a time step halfway through the deglaciation 724 

(1000 years following its onset). Red arrows show mantle flow, the thick black line is the LAB 725 

(T=1300°C). 726 

 727 

S3.3 Effect of loading function 728 

 Given the thickness of the lithosphere and the great depth of melting beneath 729 

Yellowstone, the pressure changes due to unloading are distributed throughout the melting zone. 730 

As a result, the style of the ice cap retreat is unimportant (Figure S8a). Ice caps which are 731 

thinned horizontally yield nearly identical rates of melt production as ice caps which retreat 732 

vertically, upon radial integration. If the ice cap retreats more slowly, the melt production rate 733 

decreases proportionately but the total volume of extra melt produced is unchanged. Our 734 

estimates of the total extra melt and CO2 are produced by the end of the deglaciation does not 735 

depend on the manner in which the ice cap retreats, given a constant initial ice volume. 736 

 737 
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Figure S8: Effect of different loading functions on melt production rate (a), including a 739 

horizontally thinning parabola (red), a parabola retreating vertically from margins as in main 740 

text (black), and a slower deglaciation lasting 3000 years (orange). Corresponding radially-741 

integrated ice volumes are plotted in b). 742 

  743 

S4. Trace elements 744 

We calculate trace element profiles for both Iceland and Yellowstone (Figure S9). These 745 

profiles compare well with erupted basalts, which provides support for the CO2 calculations in 746 

the main text. Our modeled Iceland profiles produce a sufficiently large percent change between 747 

background and unloading time step (Figure S9a). For Yellowstone, trace element compositions 748 

both before and during unloading are within the range of the data (Figure S9b). None of these 749 

basalts were dated to the Bull Lake deglaciation (140-150 ka). The percent change predicted by 750 

the model (~30%) may be too small to be detected, even if basalts dated to the deglaciation were 751 

found. 752 



753 

 754 

Figure S9: Trace element concentrations before and during unloading. a) Iceland model 755 

results compared to data from Maclennan et al.5 b) Yellowstone model results compared to data 756 

from Bennett30. The Iceland and Yellowstone data are normalized to MORB and chondrites, 757 

respectively (using ref. 67), for ease of comparison with the original datasets. 758 

 759 
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