Controls of the lithospheric thermal field of an ocean-continent subduction zone:
the southern Central Andes

Constanza Rodriguez Piceda'?, Magdalena Scheck-Wenderoth.'?, Judith Bott!, Maria Laura
Gomez Dacal*, Mauro Cacace?, Michaél Pons*?, Claudia. Prezzi*, and Manfred Strecker*

! HelmholtzZentrum GFZ — German Research Centre for Geosciences, Potsdam, Germany

2 University of Potsdam, Institute of Geosciences, Potsdam, Germany

3RWTH Aachen University, Aachen, Germany

4 IGEBA-(UBA-CONICET) Facultad de Ciencias Exactas y Naturales, Universidad de Buenos Aires, Buenos
Aires, Argentina.

Corresponding author: Constanza Rodriguez Piceda (piceda@gfz-potsdam.de)

This manuscript has been submitted for publication in Lithosphere. Please note that the
manuscript has not yet undergone peer-review. Subsequent versions of this manuscript may
include revisions based on feedback and the peer-review process. If accepted in a peer-
reviewed journal, the post-review version of this manuscript will be available viathe ‘Peer-
reviewed Publication DOI’ link on the EarthArXiv page for this paper. Please feel free to

contact any of the authors; we welcome feedback.

Abstract

In an ocean-continent subduction zone, the assessment of the lithospheric thermal state is
essential to determine the controls of the deformation within the upper plate and the dip angle
of the subducting lithosphere. In this study, we evaluate the degree of influence of both the
configuration of the upper plate and variations of the subduction angle on the lithospheric
thermal field of the southern Central Andes (29°-39°S). Here, the subduction angle increases
from subhorizontal (5°) north of 33°S, to steep (~30°) in the south. We derived the 3D
temperature and heat flow distribution of the lithosphere in the southern Central Andes
considering conversion of S wave tomography to temperatures together with steady-state
conductive modeling. We found that the orogen is overall warmer than the forearc and the
foreland, and that the lithosphere of the northern part of the foreland appears colder than its
southern counterpart. Sedimentary blanketing and the thickness of the radiogenic crust exert
the main control on the shallow thermal field (< 50 km depth). Specific conditions are present
where the oceanic slab is relatively shallow (< 85 km depth) and the radiogenic crust is thin,
This configuration results in relatively colder temperatures compared to regions where the
radiogenic crust is thick and the slab is steep. At depths >50 km, the temperatures of the

overriding plate are mainly controlled by the mantle heat input and the subduction angle. The
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thermal field of the upper plate likely preserves the flat subduction angle and influences the

spatial distribution of shortening.

1. Introduction

Temperature exerts a first-order control on the rheology of the lithosphere, affecting the
depth of the brittle-ductile transition zone and the occurrence of thermally activated creep
processes (Mareschal & Jaupart, 2013; Turcotte & Schubert, 2002). In an active ocean-
continent convergent plate-boundary system, the assessment of the temperature distribution
within the lithosphere is crucial for understanding the mechanisms controlling subduction
geometry (e.g., slab dip and subduction-zone curvature) and the localization of deformation
within the upper plate, including the vergence of thrust belts (R.W. Allmendinger & Gubbels,
1996; Barrionuevo et al., 2021; F. Ibarra et al., 2021; J. Kley et al., 1999; Kusznir & Park, 1984;
Liu, 2020). Estimating the thermal state of the system is challenging, however, as it requires
deciphering the complex and continuous interplay between different heat-transport mechanisms
(conduction and convection) and heat sources. These across-scales phenomena include heat
conduction, advection of the oceanic plate that steadily supplies colder material, variations of
thermal properties within the plates (radiogenic heat production and thermal conductivity),
frictional heating along the subduction interface, latent heat due to mineralogical phase
transformations within the oceanic plate, and adiabatic heating in the asthenosphere (for a
review, see Goes et al., 2020; Peacock, 2020).

Many modeling studies (Boonma et al., 2019; Cizkova & Bina, 2013; van Keken et al.,
2019) have considered the temperature distribution of the lithosphere as the main driver of the
dynamics of a subduction system. These studies adopted a simplified configuration of the upper
plate in terms of its thickness and rock composition (van Keken et al., 2019). However, the
continental lithosphere is the product of a complex tectonic and magmatic history, involving
terrane amalgamation, trench erosion, crustal thickening during subduction and collision, and
extensional overprinting either during the final stages of orogeny or from deep-seated processes
in the mantle (Rudnick & Gao, 2003; Taylor, 1967). To address these considerations, other
modeling studies have effectively shown how the present-day thermal field varies with respect
to thickness and compositional heterogeneities within the lithosphere (Freymark et al., 2017;
Kaban et al., 2014; Scheck-Wenderoth et al., 2014; Sippel et al., 2017; Spooner et al., 2020;
Tesauro et al., 2009) and how these variations ultimately affect the long-term rheology of the
lithospheric plate (Anikiev et al., 2020; Ibarra et al., 2021; Ibarra & Prezzi, 2019; Tesauro et
al., 2009).



The southern Central Andes (SCA, 27°-40°S, Fig. 1) are a suitable region for studying
the effect of both a heterogeneous configuration of the upper plate and differences in subduction
geometry on the lithospheric thermal field in an ocean-continent convergent plate-boundary
system for several reasons. Bordering the convergent margin between the oceanic Nazca Plate
and the continental South American Plate, the SCA encompass several morphotectonic
provinces across the strike of the subduction zone, each characterized by a distinct pre-Cenozoic
geological history and lithospheric configuration. These differences are rooted in complex
tectonic and magmatic episodes of shortening and extension that span from the Neoproterozoic
to the Quaternary (Astini et al., 1995; Azcuy & Caminos, 1987; Giambiagi et al., 2003; Jordan
etal., 1983; Kay et al., 2006; LLambias et al., 1993; Llambias & Sato, 1990; Mpodozis & Kay,
1990; Ramos et al., 1996). Major pulses of Andean deformation are thought to have occurred
during the Late Cretaceous and Miocene (Boyce et al., 2020; Fennell et al., 2015), when the
style of deformation was significantly influenced not only by the characteristics of the
subducting plate (Jonas Kley & Monaldi, 2002; Oncken et al., 2006; G. Yéafiez & Cembrano,
2004), but also by the reactivation of inherited tectonic heterogeneities, which influenced
Cenozoic phases of erosion, sedimentation, and geomorphic evolution (del Papa et al., 2013).
The SCA are subdivided into four first-order morphotectonic provinces: the forearc, the
magmatic arc, the back-arc, and the foreland (Fig. 1; Allmendinger et al., 1997; Isacks, 1988;
Jordan et al., 1983). These extensive regions are in turn subdivided into morphotectonic
provinces that are characterized by distinct structural and geomorphic features. For the purposes
of this study, we have defined as the Andean orogen only the magmatic arc and backarc
provinces that constitute the orogenic wedge, and thus not included the fold-and-thrust belt of
the Precordillera and the Payenia volcanic province. The main features of the foreland are the
reverse-fault bounded basement uplifts of the Sierras Pampeanas and the Neuquén and Cuyo
basins (Fig. 1).

A distinct feature of the SCA is the variation in the subduction angle along the strike of
the subduction zone, transitioning between 33°S and 34.5°S from subhorizontal (<5°) in the
north (Chilean-Pampean flat-slab area; Ramos et al., 2002) to relatively steep (~30°) in the
south (Fig. 1; e.g., Barazangi & Isacks, 1976; Cahill & Isacks, 1992). Even though the present-
day subduction regime has been active since at least Early Jurassic (Maloney et al., 2013 and
references therein), the flattening of the slab north of 33°S presumably began at ~19 Ma (Jones
et al., 2014, 2015, 2016), finally achieving its subhorizontal configuration at ~7—6 Ma (for a
review see Kay et al., 2006; Kay & Mpodozis, 2002; Ramos et al., 2002). It has been proposed

that this flattening event is responsible for the absence of present-day magmatism between 27°—
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33°S (Fig. 1) (Kay et al., 2006; Kay & Mpodozis, 2002). Several causal mechanisms have been
suggested for triggering flat subduction at these latitudes, including: (i) buoyancy of the slab
due to the subduction of an aseismic ridge (Gutscher, 2002; Kay & Mpodozis, 2002; Yafiez et
al., 2001); (ii) fast trenchward motion of the overriding plate that inhibits slab rollback and
drives the trench to retreat (van Hunen et al., 2000); and (iii) enhanced coupling between the
oceanic and continental plates due to the greater strength of the continental plate (Hu et al.,

2016; Vlad C. Manea et al., 2012; Rodriguez Piceda et al., 2021; Sharples et al., 2014).
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Figure 1. Topography and bathymetry of the region based on the ETOPOL global relief model (Amante
& Eakins, 2009), showing the extent of the subduction segments with steepening subduction angles from
north to south. The boundaries between the subduction segments are indicated with black dashed lines.
The depth contours (km below sea level) of the top of the slab from SLAB2 (Hayes et al., 2018) are
shown in white lines. The black rectangle denotes the extent of the area modeled in this study. The
boundaries between the main morphotectonic provinces are shown in black lines. Red triangles show
the location of active volcanic edifices. The purple dashed lines enclose the back-arc domain, and the
red dashed lines the magmatic arc. The magenta lines show the location of the cross-sections in figure

13. Abbreviations of main tectonic provinces: AO = Andean orogen, CB = Cuyo Basin, ESP = Eastern



Sierras Pampeanas, EAB = extra-Andean basins, FA= forearc, NB = Neuquén Basin, P = Payenia

volcanic province, Prc = Precordillera, WSP = Western Sierras Pampeanas.

In the SCA, surface heat flow, shallow subsurface temperatures, and magmatic activity
vary significantly across the subduction system, which generally has been attributed to the
geometry of the subducting Nazca plate ( Hamza et al., 2005; Hamza & Mufioz, 1996; van
Hunen et al., 2000, 2002, 2004; Marot et al., 2014; Uyeda & Watanabe, 1982; Wagner et al.,
2006; L. S. Wagner et al., 2005; Ward et al., 2013). Early studies (Hamza et al., 2008; Hamza
et al., 2005; Hamza & Muiioz, 1996; Uyeda & Watanabe, 1982), based on lower surface heat-
flow values (20-70 mWm2vs. 50-120 mWm-?), suggested that the flat-slab segment is colder
than its steeper counterparts, a hypothesis which was also supported by geodynamic numerical
modeling (van Hunen et al., 2000, 2002, 2004) and seismic tomography (Marot et al., 2014;
Wagner et al., 2006; Wagner et al., 2005; Ward et al., 2013). According to the latter studies,
low vp/vs ratios (P wave/S wave velocity <1.75) characterize the flat-slab segment in the
northern part of the SCA, in contrast to the higher vp/vs ratios encountered to the south, which
are within the range typically found for most subduction zones (Manea et al., 2017). The
thermal contrast between the two differently dipping segments in the SCA is commonly linked
to variations in the extent of the mantle wedge and arc magmatism, both of which are drastically
reduced in the flat-slab segment (Gutscher et al., 2000; Henry & Pollack, 1988; Kay et al., 2006;
Manea et al., 2017; Manea & Manea, 2011; Prezzi et al., 2014). All previous studies therefore
seem to suggest that the forearc is an area with low surface heat flow in response to the

subduction of cold oceanic crust at shallow depths.

These interpretations have recently been challenged by local-scale studies which
indicate that part of the thermal variations in the lithosphere of the SCA are not related to the
effect of the subducting plate (Astort et al., 2019; Collo et al., 2018; Federico Ibarra & Prezzi,
2019; Sanchez et al., 2018, 2019; Sigismondi, 2012). For example, Sanchez et al., (2018, 2019)
provided evidence for a significant difference in surface heat flow between the orogen (85-95
mWm2) and the foreland (~45-60 mWm) at the latitudes of the flat-slab region and proposed
structural and/or compositional variations within the crust and different heat-flow input at the
base of the lithosphere as possible reasons for this phenomenon. However, none of these
hypotheses have yet been validated by a detailed study of the configuration of the lithosphere

in terms of its geometry and composition.



In light of the open questions, we aim to test in this contribution how mantle thermal
anomalies and first-order structural and lithological heterogeneities in the overriding plate
across and along strike of the subduction system affect the thermal field of the SCA. In order
to do so, we followed a data-based modeling approach. Seismic velocities (Assumpcéo et al.,
2013) were converted to temperatures to obtain the deep thermal field in the mantle and across
the subduction interface. In the model domains shallower than 50 km, where no mantle shear-
wave velocity data are available for conversion to temperatures, we calculated the steady-state
conductive thermal field. To test the assumption of thermal equilibrium, we analyzed the effects
of time-dependent processes related to subduction dynamics by carrying out a transient analysis
for the portion of the model domain with lack of constraints from seismic data. Steady-state
conductive temperatures in the shallow model domain were computed based on an existing 3D
structural and density model of the SCA (Rodriguez Piceda et al., 2021), which is consistent
with available geological and geophysical data. We assigned thermal properties according to
the lithological characteristics of the sedimentary cover rocks, the crystalline crust, continental
lithospheric mantle and oceanic plate, which allowed us to evaluate the control of the
lithospheric structure on the resulting temperature distribution. The validity of the inferred
thermal structure is assessed by comparison with temperature and surface heat flow
measurements available for the studied area and a detailed sensitivity analysis of the model.
One main challenge of this approach is related to the sparse coverage of thermal measurements
in certain parts of the model. To sort this problem, our results are qualitatively compared with
other proxies of the thermal state of the area with larger spatial coverage, including seismic
attenuation and elastic thickness patterns. As a result, we have obtained a 3D thermal model of
the SCA and adjacent foreland regions that describes the relative temperature variations
between the geological units of different composition and lateral and depth extents. Finally, this
model allows us to make a qualitative analysis of the thermal feedback mechanisms between

these different geological units.

1.2. Lithospheric configuration of the southern Central Andes

The main thickness and density variations of the layers constituting the SCA lithosphere
were recently described in a 3D lithospheric-scale, density and structural model of the SCA
(Rodriguez Piceda et al., 2021). This model was constrained by an array of geological and
geophysical data, including seismic reflection and refraction profiles, seismic tomography,
sediment-isopach maps, and gravimetric observations (Assumpcao et al., 2013; Hayes et al.,

2018; Heine, 2007; Ince et al., 2019; Mescua et al., 2016; see references in Rodriguez Piceda
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et al., 2021). The original model covers a region of 700 km by 1100 km with a horizontal
resolution of 25 km and a depth of 200 km below mean sea level (bmsl), comprising the forearc,
the Andean orogen, and the foreland regions. The vertical resolution varies as a function of the
thickness of the corresponding layers, which were mainly defined on the basis of density
contrasts. These layers comprise, from top to bottom: (1) water; (2) marine sediments; (3)
continental sediments; (4) upper continental crystalline crust; (5) lower continental crystalline
crust; (6) continental lithospheric mantle; (7) shallow oceanic crust; (8) deep oceanic crust; (9)
oceanic lithospheric mantle; and (10) oceanic sub-lithospheric mantle. Figure 2 illustrates the

main structural features of the 3D model (see Rodriguez Piceda et al. (2021) for more details)

Overall, maximum sedimentary thickness occurs in the Cuyo and Neuquén basins (Fig. 2a).
The Andean orogen has thicker crystalline crust (55 km) than the forearc (~35 km) and the
foreland (~30 km) (Fig. 2b). The remaining parts of the back-arc and the foreland can be
subdivided into three crustal domains: (i) a thick northern domain (40-60 km); (ii) a thin
southern domain (~20 km); and (iii) a central domain with intermediate crustal thickness (35—
45 km). The areas with the greatest upper crustal thickness comprise the orogen (20-40 km)
and the Payenia volcanic province (20 km). In contrast, in the Neuguén Basin the upper crustal
thickness thins up to 5 km (Fig. 2c). The greatest lower crustal thickness (~30-45 km) exists in
the northern part of the back-arc and foreland regions of the Precordillera and Sierras

Pampeanas (Fig. 2d).
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Figure 2. Main structural features of the studied lithosphere from the model of Rodriguez Piceda et al.
(2020): thickness of (a) marine and continental sediments; (b) continental crystalline crust; (c) felsic
upper continental crystalline crust; (d) mafic lower continental crystalline crust; (e) depth to the
subduction interface, coinciding with the top to the oceanic crystalline crust west of the trench and with
the top surface of the slab east of the trench.

2. Modeling approach

The general workflow followed in this study is illustrated in Figure 3a. Figure 3b shows the
3D model box, where different thermal modeling approaches and corresponding thermal
boundary conditions were applied. To predict the present-day thermal configuration of the SCA
and discuss its controlling factors, we subdivided the model volume into two domains: a deep
domain between a depth of 50 and 200 km bmsl, where temperatures were converted from S
wave seismic velocities (here referred to as ‘vs-to-T conversion’); and, a shallow domain,
including the crust and uppermost mantle down to a depth of ~50 km bmsl, where the steady-
state conductive thermal field was calculated using as input the 3D structural and density model
of the area (Rodriguez Piceda et al., 2021). The reasons for this subdivision are: the vs-to-T
conversion being developed for application to mantle rocks and the limited quality of mantle
velocity data for depths shallower than 50 km.
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Figure 3. (a) General workflow followed in this study to estimate temperatures in the SCA lithosphere.
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close-up of Finite Element mesh used for the steady-state conductive thermal modeling. (d) Upper and
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(e) lower boundary conditions applied to the conductive steady-state model. (1) Rodriguez Piceda et al.
(2021); (2) Assumpgéo et al. (2013); (3) (Goes et al. (2000); Meellen (2017),; (4) Cacace & Jacquey
(2017); Jacquey & Cacace (2017). A = thermal conductivity, S = radiogenic heat production; X = mantle

composition, a = thermal expansion coefficient, Q = anelasticity.

2.1 Calculation of temperatures in the deep domain

To estimate mantle temperatures between 50 km and 200 km, we used the results of the
S wave mantle tomography of Assumpcao et al. (2013). This tomographic model is an updated
version of the S wave tomography of Feng et al. (2007) for the South American region, where
the velocity structure of the upper mantle was constrained through the joint inversion of S and
Rayleigh waveforms and fundamental mode group velocities of Rayleigh waves. The original
data set is restricted to depths between 50 km and 400 km, with a horizontal resolution of
approximately 25 km (Feng et al., 2007). Our choice on the tomography of Assumpcéo et al.
(2013) rather than other global tomographic models covering the study area (Schaeffer &
Lebedev, 2013) stems from the fact that this model has a more refined lateral and vertical
resolution, and offers a better spatial correlation between high-velocity features and the track

of the slab (Hayes et al., 2018; Fig. S1 in supporting information).

To compute temperatures from S wave velocities, we used the python tool
VelocityConversion (Meel3en, 2017) which is a modified version of the original approach by
Goes et al. (2000). The method by Goes et al. (2000) is based on laboratory measurements of
mantle mineral properties and considers anharmonicity and anelasticity of seismic waves. The
equation that relates vs in a rock with a given composition X under a temperature T and a
pressure P condition is written as follows:

uw(P,T,X)
p(P,T.X)

vs(P,T, X, w) = -(1-¢(w,T,a), Q1)

where ® is the wave frequency, p is the shear modulus, p is the density, a the frequency

exponent, and ¢ the attenuation term. € is defined as:

2

E(w' T, a) - Q(w,T).tan(%)

, (2)

with Q being the attenuation due to anelasticity, described as:
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Q(w,T) = A.w® exp [W], 3)

where A and R are the anelastic and universal gas constants, respectively; H is the activation
energy and V is the activation volume.

From equation 1, it is clear that the computation of mantle temperatures requires to define
the mantle composition X described in terms of its main mineral phases (olivine,
orthopyroxene, clinopyroxene, and spinel/garnet) and iron content (Goes et al., 2000). For each
mineral phase, temperature and pressure (up to 6 GPa), the density p and the elastic modulus
M (shear modulus p and/or compressibility k) from their values at the reference state (Po, To)

are calculated as:

p(P.T) = p(Po, Ty). |1 — a(T = Ty) + 22| (4)

and

M(P,T) = M(Po,To) + (T — To). 5+ (P = Py). 2 (5)

where a is the thermal expansion coefficient.

The implementation by Meel3en (2017) calculates the vs and the corresponding density
at each depth in the seismic tomography for temperatures between 300 and 3000 K in steps of
1 K. For the density computation, lithostatic pressure is computed relying on the AK135 seismic
model (Kennett et al., 1995). At each grid point, the algorithm compares the computed vs with
those from the tomographic model, by performing a look- up method over the table and
choosing the two closest values to the velocity from the tomography. Then, the temperatures
and corresponding densities are linearly interpolated to obtain the final values.

For this study, we chose different mantle compositions (spinel or garnet), listed in Table
1, according to the respective stable aluminum phase at depth (Wyllie, 1981). For shallow
depths (50-80 km), a mantle composition corresponding to a spinel Iherzolite was assigned,
based on mantle xenoliths found in the Payenia volcanic province (Conceigéo et al., 2005;
Jalowitzki et al., 2010). Between 80 km and 200 km, the stable composition was assumed to
correspond to garnet lherzolite (Maalge & Aoki, 1977). Mineral properties a, p(Po,To),
M(Po,To), dM/AT and dM/aP were taken Cammarano et al. (2003) and Goes et al. (2000). The

thermal expansion coefficient a was assumed constant for each mineral phase. The frequency
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exponent a and anelasticity parameters A, H and V were taken from (Sobolev et al., 1996)
(Table 2).

Table 1

Mantle composition used for the conversion of vs to temperatures (S Goes et al., 2000; Meelen,
2017)

Mantle unit Lithology | Ol Opx Cpx Sp Gnt Xfe

50-80 km Spinel 0.60 0.17 0.19 0.04 - 0.10
Iherzolite '

80-200km Garnet 0.63 0.30 0.02 - 0.05 0.08
Iherzolite?

Note. Ol = olivine; Opx = orthopyroxene; Cpx = clinopyroxene; Sp = spinel; Gnt = garnet. The
sum of mineral fractions is equal to 1. Xfe = iron content in molar fraction. Xfe is calculated as

(1-Mg#)/100, where Mg# is the magnesium number.

! Conceicdo et al. (2005); Jalowitzki et al. (2010); 2 Maalge & Aoki (1977)

Table 2

Anelasticity parameters used for the conversion of vs to temperatures (Sobolev et al., 1996)

Anelastic constant, A 0.48

Activation energy, H [J mol '] 5-10°

Activation volume, V [m3mol™] 2:10°

Frequency exponent, a 0.15

The temperature configuration derived from the vs-to-T conversion in the parameter
space of vs and depth is shown in Figure 4, which also depicts three 1-D vs profiles
representative of the orogen at the latitudes of the flat slab, the steep slab, and the transition
zone. In general, temperature increases with increasing depth and decreasing velocity. The
largest temperature variations occur for depths shallower than 100 km and high vs (>4.6 km s
1y, which is characteristic of the flat-slab domain.
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VelocityConversion; MeelRen, 2017) overlain by 1-D vs profiles of the seismic tomography of

(Assumpcéo et al., 2013). FS = flat-slab domain; TZ = transition domain; SS = steep-slab domain

2.1.1 Sensitivity of the vs-to-T conversion

Quantifying uncertainties in the vs-to-T conversion is difficult due to the combined
effects of uncertainties related to the conversion parameters (i.e. anelasticity model, mantle
composition, An et al., 2015). An additional source of uncertainty is the S wave tomography,
as a 0.1% perturbation in vs, for example, can translate into temperature variations of 50°—
250°C. Previous studies (An et al., 2015; S Goes et al., 2000) assumed a temperature uncertainty
of 150°C in the vs-to-T conversion at Moho depths, but recognized larger uncertainties at greater
depths. We therefore reexamined the uncertainty of the conversion method of Goes et al. (2000)
by testing the model sensitivity with respect to mantle composition X, thermal expansion
coefficient a and attenuation Q. Regarding the conversion method, although several approaches
exist (Deschamps et al., 2002; K Priestley & Mckenzie, 2006; Steinberger & Calderwood, 2006;
Stixrude & Lithgow-Bertelloni, 2005), we only tested the method of Priestley & Mckenzie
(2006) as implemented by MeelRen (2020) (Model PM). In a first step, we set up a model
(‘reference model’ hereafter) based on the following parametrization: (i) mantle composition X
corresponding to a garnet lherzolite (Table 1); (ii) constant expansion coefficient o and (iii)
anelasticity Q by Sobolev et al. (1996) (Table 2). In a second stage, we tested alternative models
by varying one parameter at a time: (i) mantle composition (spinel model), (ii) thermal
expansion coefficient (o model) and (ii1) attenuation (Q2 Model). In all cases, the conversion

was limited to the depth interval of 50-200 km, as thought to be representative of the
13



lithospheric mantle. A detailed description of the setup of these alternative models is provided
in the Supporting information (Text S1). In section 3.1.1 we discuss in greater details the results
from the same sensitivity analysis as applied to the tomography of Assumpcéo et al. (2013),
while in section 4.1.2 we open a discussion on the implications of this sensitivity analysis on

the modeled deep thermal field.

2.2 Calculation of temperatures in the shallow domain

To estimate temperatures in the shallow domain (that is in the crust and the mantle above
50 km), we used the geometry of the lithospheric layers of the 3D model as described in Section
1.2 (Rodriguez Piceda et al., 2021) as input to solve for the steady state heat conduction equation

(Fig 2). Under steady-state conditions, this equation reads as follows:
div(AVT) = —S (6)

where T is the temperature (K), A is the bulk thermal conductivity (Wm'K™), and S is the
radiogenic heat production (Wm). Equation 6 describes the conservation of internal energy
under the assumption of thermal equilibrium. This last assumption might be over-restrictive
especially for young slabs, where the additional effects from thermal advection from the
advancing megathrust might be relevant. We discuss the influence of deviations from thermal

equilibrium due to advection of the cold subducting plate in Section 4.1.1.

Temperatures were calculated with the finite element code GOLEM (Cacace & Jacquey,
2017; Jacquey & Cacace, 2017). For the thermal computation, three modifications were made
to the original 3D configuration. First, the water layer was removed, thus treating the
topography/bathymetry as the top of the model (cf. Fig. 1). Second, the horizontal resolution
was increased from 25 km in the original structural model to 5 km and, third, the layers were
vertically refined by a factor of 3 to 32 in order to ensure that (i) each layer has at least three
finite elements and (ii) most of the model domain is represented by a cubic finite element to
ensure faster numerical convergence (Fig. 3c). These modifications ensured to properly solve

the temperatures in each node of the mesh without significantly increasing computational time.

Each unit of the 3D lithospheric model was populated with constant thermal properties
(Fig. 3a; bulk conductivity A and radiogenic heat production S) according to its main lithology
(Text S2 in supporting information). The characteristic lithologies, in turn, were selected based

on the comparison between gravity-constrained densities (Rodriguez Piceda et al., 2021) and
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mean P wave velocities (Araneda et al., 2003; Contreras-Reyes et al., 2008; Marot et al., 2014;
Pesicek et al., 2012; Scarfi & Barberi, 2019), combined with rock-property compilations
(Brocher, 2005; Christensen & Mooney, 1995) and other seismic properties (Alvarado et al.,
2007; 2009; Ammirati et al., 2013, 2015, 2018; Gilbert et al., 2006; Wagner et al., 2005). A
range of thermal properties (Cermak & Rybach, 1982; Hasterok & Chapman, 2011; He et al.,
2008; Vila et al., 2010; Xu et al., 2004) related to the chosen lithology for each layer was
additionally tested until the best fit was achieved with a compilation of borehole temperatures
mainly limited to the foreland basins (Collo et al., 2018). Table 3 summarizes the chosen values
for each layer of the final (best fitting) model. A sensitivity analysis of the model results to the
tested range of the thermal properties indicate that the modeled temperatures are most sensitive
to variations in the thermal conductivity of the upper continental crystalline crust and the mantle

(Text S3 in supporting information).

Table 4. Lithology and thermal properties assigned to the units of the 3D structural model
(Rodriguez Piceda et al., 2020).

Layers A[Wm'K'] | S[{Wm?] | Lithology
Continental/oceanic sediments 2.00' 1.00° siliciclastic
Upper continental crystalline crust 3.40' 2.00? dioritoid
Lower continental crystalline crust 2.50' 0.40° mafic granulite
Shallow crust 1.80' 0.35% basalt
Oceanic plate
'cp Deep crust 2.87° 0.25° eclogite
Continental and Oceanic lithospheric 2.24% 0.012 moderately depleted
mantle Iherzolite

Note. A = bulk thermal conductivity; S = radiogenic heat production.

! Cermak & Rybach (1982); 2 Vila et al. (2010); 3 Hasterok & Chapman (2011); 4 Xu et al. (2004); ° He
et al. (2008)

To close equation 6, Dirichlet boundary conditions (i.e., fixed temperatures) were
assigned along the top and base of the model. The upper thermal boundary condition was set at
the topography/bathymetry (Fig. 3b), with temperatures extracted from the ERA-5 land
database (Copernicus Climate Change Service (C3S), 2019; Fig. 3d, Text S4 in supporting
information). The lower boundary condition was set at the depth of the upper bound of the vs-
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to-T conversion: a constant depth of 50 km bmsl for areas where the Moho is shallower than
50 km bmsl and at a surface 5 km deeper than the Moho where this interface is deeper than the
abovementioned threshold (Fig. 3b). The temperature distribution at this boundary was derived

from the vs-to-T conversion (Fig. 3e; Assumpcdo et al., 2013); Section 2.2).

3. Results

3.1 Thermal field of the deep domain

From the conversion of S wave velocities taken from the tomography of Assumpcéo et al.
(2013), we obtained the lower boundary condition of the steady-state conductive model (Fig.
5a) and the mantle-temperature distribution for the ~50-200 km depth interval (Figs. 5b—d).
Across the lower boundary condition, temperatures range between 600°C and 1000°C. Two
domains with temperatures of <700°C are identified: (i) a cold nose (CN) between 70°W and
72°W, beneath the forearc in the central and northern portion of the study area and (ii) a domain
farther to the east where the slab flattens (FS) between 29.5°S and 32.5°S. The CN extends
eastward above the transition zone and the steep-slab segment and is significantly attenuated
above the flat-slab segment (Fig. 5a). With increasing depth (>75 km bmsl), this thermal feature
is no longer visible, while the cold FS domain extends vertically over the entire mantle column
of the overriding plate (Figs. 5a—). At 80 km bmsl, temperature increases to the SW, with
maximum values (~1100°C) located between 37°-39°S and 70°-72°W (Fig. 5b). At 125 km
bmsl, temperatures follow a similar pattern as at 80 km depth, but differ in absolute value, with
the cold FS domain reaching temperatures between 850°C and 900°C (Fig. 5c). Towards the
marine domain and to the south of the study area, temperatures increase up to 1300°C. At the
base of the model (200 km bmsl), temperature ranges between ~1200°C and ~1350°C, with the
lowest temperatures correlating spatially with the track of the slab (Hayes et al., 2018; Fig. 5d).
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Figure 5. Temperature distribution obtained from the vs-to-T conversion using the tomography of
Assumpcao et al. (2013) at depths of: (a) 50 km bmsl and at 5 km below the Moho in the interior of the
area limited by the yellow line (lower boundary condition of the steady-state model); (b) 80 km bmsl;
(c) 125 km bmsl; and (d) 200 km bmsl black lines in a—c indicate the extent of the cold mantle areas:
CN = cold nose, FS = flat slab. Red lines denote the top and the bottom of the slab (Hayes et al., 2018).

We evaluated the effect of uncertainties in the parametrization of the vs-to-T conversion
applied to the seismic tomography of Assumpcéo et al. (2013) by comparing the model described
above with alternative model scenarios (for details, see Text S1 in Supporting Information).
Figure 6 shows these alternative models in terms of the residual temperature at the lower
thermal boundary condition of the steady-state model and at depths of 80, 125 and 200 km. The

S wave velocity distributions (Assumpgé&o et al., 2013) at those depths are also depicted.

Among the alternative models using the conversion method of (Goes et al. (2000), variation
in mantle composition exert the strongest effect on the resulting temperature at shallow depths
and where vs is > 4.5-4.6 km s (up to 200°C difference between the reference and the spinel
models, Figs. 6e-f). In our study region, vs of such high magnitudes characterizes the forearc
and the flat-slab segment in the northern part of the foreland (Fig. 6a). Temperature residuals
decrease with increasing depth, where lateral variations of vs are less distinct. The conversion
method of Priestley & Mckenzie (2006) yields the largest temperature differences among all
the alternative models, predicting up to + 400°C difference for areas with high (>4.5 km s)

and low (<4.5 km s vs, respectively (Figs. 6g-r).
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Figure 6. Results from sensitivity analysis of the vs-to-T conversion (text S1 in supporting information).
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(below mean sea level) showing the distribution of: (a-d) S wave velocity from the seismic tomography

of Assumpcéo et al. (2013) ; (e-t) Temperature residual (difference between the temperature fields of
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the reference model and each alternative configuration). (e-h) spinel model: with mantle composition of
spinel lherzolite (Conceicdo et al., 2005; Jalowitzki et al., 2010); (i-1) oT model: with temperature-
dependent thermal expansion coefficient (Cammarano et al., 2003; S Goes et al., 2000; Saxena & Shen,
1992); (m-p): Q2 model: with anelasticity parameters from Berckhemer et al., (1982); (g-t) PM model:
with vs-to-T conversion following (K Priestley & Mckenzie, 2006). The dotted line in Figs. a, e, i, m
and g marks the 45 km depth contour of the Moho.

3.2 Thermal field of the shallow domain

From the steady-state conductive approach, we computed the thermal field of the crust and
uppermost mantle to the depth of the lower boundary condition. Figure 7 shows the temperature
distribution at depths of 2, 5, 10, 20, 25, 30, 35, 40, 45 km bmsl and of the Moho. At 2 km bmsl,
temperatures range between 15°C and 165°C (Fig. 7a). As expected, the warmest areas are
those with the highest topography (4-6 km height; cf. Fig. 1) and the largest upper crustal
thickness (30—40 km, cf. Fig. 2c), which correspond to the central and northern segments of the
Andean orogen. In addition, the forearc is characterized by an overall lower temperature than
the orogen (40°-80°C), but by a more pronounced lateral gradient with values increasing
toward the Andes. The foreland and low-elevation back-arc regions are characterized by a wide
temperature range (60°-115°C), with warmer temperatures in the Precordillera, the Payenia
volcanic province, and the Cuyo and Neuquén basins. Down to 25 km bmsl, the spatial trends
of temperature distribution are similar to those observed at shallow depths, but with different

absolute values (Figs. 7b-e).

The thermal contrast between the warm orogen and the relatively cold forearc, back-arc, and
foreland regions is more pronounced with increasing depth (e.g., ~110°C at 10 km bmsl and
~200°C at 20 km bmsl.; Figs. 7c—d). From 20 km bmsl downward, the temperature distribution
partially resembles that of the lower boundary condition (Fig. 5a). Lowest temperatures at these
depths correlate spatially with the areas where the mantle is the coldest (CN and FS areas,
Fig. 5a). Here, the temperature minimum also correlates with a thick (~40 km, cf. Fig. 2b)

continental crystalline crust, where the lower crust is also thickened (>30 km, cf. Fig. 2d).
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Figure 7. Modeled temperature distribution below sea level at different depths: (a) 2 km, (b) 5 km, (c)
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From the modeled thermal field, we computed the surface heat flow (Text S5 in
Supporting Information, which varies laterally from minima of ~45-70 mWm- in the oceanic
domain, most of the forearc, and foreland to maxima across the orogen (80-100 mWm; Figure
8). We observe a remarkable spatial correlation between the surface heat-flow distribution and
continental crustal features. Whereas high heat flow corresponds to areas with thick upper
continental crystalline crust (>25 km; e.g., within the orogen and the Payenia volcanic province;
cf. Fig. 2¢), low heat flow characterizes the deep sedimentary basins (~>3 km; e.g., the Neuquén
Basin; cf. Fig. 2a) and/or thick lower continental crystalline crust (>25 km; e.g., most of the

Sierras Pampeanas; cf. Fig. 2d).
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Figure 8. Modeled surface heat flow. Depth contours (km) of the top of the oceanic crust from SLAB2
(Hayes et al., 2018) are shown in white lines. Boundaries of the main morphotectonic provinces are also
marked with black lines; for abbreviations see Fig. 1

3.3 Model validation

As a first step in the validation process, we compared modeled temperature values with the
published borehole measurements of Collo et al. (2018), located mainly in the central and
northern foreland (Fig. 9a). The residual temperature (i.e., the difference between modeled and
measured values) is shown in Fig. 9b. Figure 9c illustrates measured and modeled temperatures
vs. depth, and Figure 9d shows the residual temperature vs. depth. In general, we obtain a good
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fit of approximately +20°C between the borehole data and the modeled temperatures, with the

exception of few outliers (Fig. 9c).

Albeit limited in coverage, in a second step we used available compilations of surface heat-
flow values within the SCA (Hamza & Mufoz, 1996; Lucazeau, 2019; Uyeda & Watanabe,
1982) to validate our thermal model. These measurements are located mainly along the orogenic
axis and show a large variation in their magnitudes (up to 250 mWm-), even between close
measurements (Fig. 9a). Figure 9b depicts the residual surface heat flow, i.e., the difference
between the predicted and the measured surface heat flow, at the location of the measurements.
Figure 9e is a histogram of residuals of surface heat flow. In general, the model underestimates
the surface heat flow with respect to the measured values, with only ~25% of the predictions
matching the observations (Fig. 9e). Due to its purely conductive nature, the model does not
reproduce the extremely high heat flow (>150 mWm-?) reported for some volcanic areas in the
axial sectors of the orogen. Additionally, due to its resolution, the model is not able to reproduce
the observed variations in heat-flow magnitudes between adjacent measurements, which likely

correlate to local features not considered in our regional study (Fig. 9b).
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Figure 9. Shaded-relief image of the study area with superposed location of: (a) borehole temperatures
(diamonds, Collo et al., 2018), (b) residual temperature, (c) observed surface heat flow (circles, Hamza
& Mufioz, 1996; Uyeda & Watanabe, 1982); and (d) residual surface heat flow. Residual values are
obtained from the subtraction between observed and modeled values. Triangles in (a-d) show the
location of active volcanic centers. (¢) Comparison between measured (orange) and modeled (black)

temperatures vs. depth. (d) Residual temperature vs. depth. (e) Histogram of residual heat flow.

4. Discussion

4.1 Model robustness and sensitivity analysis

4.1.1 Steady-state assumption in the shallow lithosphere domain

One main assumption in the calculation of the shallow temperature field was to consider
that the lithosphere is in steady state. However, thermal equilibrium in the overriding plate can
be disturbed by the advection of the cold subducting plate (e.g., Holt & Condit, 2021; Leng &
Mao, 2015). Therefore, a more appropriate modeling strategy would be to additionally account

for these processes. The caveat here is that performing such an analysis requires a detailed
23



knowledge of the past temperature distribution in order to properly initialize the system.
Unfortunately, we lack such constraints in the SCA. Given these considerations, we relied in
our study on the assumption of steady-state conduction, where the results are less affected by
the choice of the initial temperature condition, but are mainly determined by the imposed
boundary conditions (based on available observables in our study) and the model
parameterization. Nonetheless, in an attempt to quantify the validity of this approximation for
the SCA, we also computed a simulation that accounts for the additional effects of advection of
cold temperatures due to the motion of the subducting slab on the present-day thermal field of
the shallow domain. To that end, we first computed the resulting thermal field from the
advection of a cold thermal front along the subduction interface (i.e., top of the oceanic crust).
In a following step, we imposed this thermal evolution as the lower boundary condition on the
3D configuration of the overriding plate, and ran a transient simulation with a duration of 7 Ma,
which represents the past period during which the subduction geometry remained unchanged
(Jordan et al., 1983; Ramos et al., 2002). A detailed description is provided in the supporting
information (Text S6). The comparison between the initial and final time steps at representative
depth slices (10 and 40 km bmsl) indicates that the largest temperature difference (up to 450°C)
is registered in a narrow band within the forearc close to the subduction interface (Fig. 10).
Such a difference is due to the advection of the cold thermal front along this interface. In the
remaining areas, temperatures at 7 Ma are up to 10°C higher than the initial time step due to
diffusion within the thick radiogenic crust in the orogen. In view of these results, we consider
the assumption of thermal equilibrium as an adequate approximation for the thermal

calculations of the shallow domain of the overriding plate in the SCA.
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Figure 10: Transient temperature distribution in the overriding plate at depths of 10 and 40 km (a, b,
and ¢), as induced by the advection at the subduction interface at 0 Ma and 7 Ma time steps. (c) and (f)
show the temperature difference between (b) and (a), and (e) and (d), respectively. Boundaries of the

main morphotectonic provinces are also marked with black lines. For abbreviations see Fig. 1.

4.1.2 Implications of the methodological uncertainties and limitations on the lithospheric
thermal field

The model results depend on the parametrization of physical properties and boundary
conditions. One source of uncertainty is the vs-to-T conversion. Sensitivity analysis of the vs-
to-conversion shows that within the tested alternative models, using the conversion method of
Priestley & Mckenzie (2006) and changing the mantle composition based on Goes et al. (2000)
yield the largest temperature differences with respect to the reference model (Fig. 6). In
contrast, variations in the thermal expansion coefficient o and attenuation Q has a negligible
effect on the inverted thermal field. Since the conversion method of Priestley & McKenzie
(2006) is associated with large uncertainties (250°-360°C) for temperatures <900°C (An et al.,
2015; Priestley & McKenzie, 2013), we limit our discussion to computed temperature variations
due to considered variations in the mantle composition based on the approach by Goes et al.
(2000)

The temperature difference between the reference and alternative models is only

significant in a limited portion of the shallow mantle (<100 km) characterized by high vs (>4.6
km s1), as is the case for the flat-slab segment and the forearc (Fig. 6). Moreover, the regional
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thermal pattern in the mantle (i.e., the thermal contrast between the flat- and steep-slab
segments) is a robust feature common to all model configurations despite variations in mantle
composition. To quantify the sensitivity of the shallow thermal field to imposed variations in
the mantle composition, we carried out an additional model for which we imposed as a lower
boundary condition the resulting temperature distribution obtained from the conversion
considering a garnet Iherzolite mineral composition (Table 1). Temperature maps showing the
difference between the two models are provided in the supporting information (Fig. S10).
Although the model with the alternative lower boundary condition predicts temperatures that
are up to 80°C higher than the reference model described in Section 3.2, the regional thermal
heterogeneity remains unchanged, with contrasts between the forearc, orogen, and foreland,
and between the flat- and steep-slab segments. From these observations, we can conclude that
the modeled trends in temperature variations are within the same order of magnitudes, though
still within its range of uncertainty, even when considering an alternative parametrization other

than the preferred vs-to-T conversion model.

Another limitation of the vs-to-T conversion is related to the thermal structure within the
slab. Although the oceanic plate displays higher Vs and lower temperatures with respect to the
surrounding mantle (e.g. Fig. 5; Fig. S1 in Supporting information), the model thermal gradient
within the plate is not as large as the one predicted by other analytical or numerical
approximations of the thermal structures of subduction zones (England, 2018; van Keken et al.,
2019). The strong lateral contrasts of vs are smoothed due to the resolution of the seismic
tomography. This results in lower vs and therefore higher temperatures than the predictions of
these theoretical thermal models. On the contrary, vs and resulting temperature anomalies
within the continental mantle are of larger wavelength than those of the slab, thus they can be
captured by the longer wavelength surface waves of the seismic tomography. Therefore, our
discussion was limited to the thermal heterogeneities of the overriding plate and subduction

interface.

Additional methodological uncertainties relate to the limited resolution, coverage, and lateral
differentiation of the lithospheric units in the 3D structural model, as well as to imposed thermal
properties. Although there is an inherent non-uniqueness in the way thermal properties
influence the results, the range over which these properties can vary is limited (see Text S3 in
the supporting information). In addition to testing the effect of end-member property values,
the use of a wide variety of independent lithology-constraining data sets, including borehole

temperatures, seismic tomography, seismic reflection and refraction data, and gravity
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anomalies, helped reduce the range of property variability. Future improvement of the definition
of higher-order temperature contrasts relies on more densely spaced seismic experiments
focused on the deep crustal structure of the SCA and more extensive temperature measurements
to cross-check the modeling results. First-order thermal effects proved to be robust even for

tested variations in imposed properties.

4.2 Controlling factors of the lithospheric thermal field

Our results indicate that the shallow thermal field of the lithosphere (<50 km) is largely
controlled by the configuration of the continental crust, with temperatures varying according to
the thickness of the sedimentary rocks and crystalline crust. Close to the surface (<5 km), thick
sedimentary basins (main depocenters of the Cuyo and Neuquén basins) exhibit temperatures
up to ~40°C higher than at the basin margins. This is the effect of thermal blanketing produced
by the low-conductive sedimentary layers (Lucazeau & Le Douaran, 1985; Scheck-Wenderoth
et al., 2014; Sippel et al., 2017; Wangen, 1994). In contrast, the presence of more thermally
conductive crystalline rocks leads to a more efficient heat transport where sedimentary cover
rocks are absent and to colder shallow temperature at the same depth.

In the areas where the sedimentary units are thin (<2 km thick) or absent, the variations
in the topographic relief and in the upper continental crystalline crust exert the primary
influence on the shallow thermal field. This topographic effect is related to the general increase
in temperature with depth, which results in higher temperatures in the orogen than in the
foreland at the same depth below sea level. The positive correlation between thickness of the
upper continental crystalline crust and higher heat budget compared to the other lithospheric
layers stems from these rocks being enriched in radioactive heat-producing elements due to
their felsic composition (Vila et al., 2010). These two superposed effects increase crustal
temperatures in areas with high elevation (>1.5 km above mean sea level, amsl) and pronounced
upper crustal thickness (>20 km). These characteristics are particularly evident in the Andean
orogen, where temperatures at 2 km bmsl are up to 100°C higher with respect to the forearc,
the remaining back-arc, and the foreland regions. Outside of the orogen, the average elevation
and the upper continental crystalline crustal thickness decreases to 700 m amsl and 10 km,
respectively, and consequently the thermal input also decreases. To further examine the effects

of topographic relief and upper crustal thickness on the shallow thermal field, we extracted the
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temperatures at 2 and 20 km below sea level (Tzpmshy) and below surface (Ttopo)) and computed

the difference between the two reference levels (Tqifr) for each depth:

Tdiff = Tz(bmsl) - Tz(topo) (7)

The temperature differences at 2 km and 20 km are shown in Figure 11. We observe that at
shallow depths of 2 km, the temperature differences are indeed affected by variations in the
topography (~100°C in areas of 3-6 km elevation). This effect decreases with greater depth,
although it is still evident at 20 km bmsl, where temperature differences are up to 50°C below
areas of 5-6 km topographic elevation. Below 20 km bmsl, the influence of the upper crustal

thickness outweighs the topographic effect.
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Figure 11. Difference between temperature distributions below sea level and below surface at depths of
(@) 2 km and (b) 20 km, illustrating the topographic effect on the thermal field. Key morphotectonic

provinces are shown. Refer to Fig. 1 for abbreviations.

Our results confirm that the lithospheric thermal field is influenced by both the cooling
effect of the subducting slab and heat input from the mantle, and that below 50 km bmsl these
two factors play a dominant role. The degree to which the slab dynamics affects the temperature
distribution by advective cooling varies with distance from the trench and the subduction angle.
To better illustrate this relationship, we obtained the overall 3D thermal field by combining the
calculated steady-state conductive thermal field above the lower boundary condition (50-km
approximation) with the temperatures deduced from seismic tomography between 50 and 200
km bmsl. From this combined model, the temperatures corresponding to the depth of the
subduction interface as presented by Rodriguez Piceda et al. (2021) and the volumetric extent
of the low-temperature CN and FS mantle domains were extracted (Fig. 12). These domains
were defined according to the regions of the mantle of the overriding plate with temperatures
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lower than those of a typical continental geotherm (McKenzie et al., 2005). The mantle of the
overriding plate exhibits the lowest temperatures close to the trench, within the cold nose of the
forearc, and where the slab flattens (mostly at 85 km bmsl beneath the Sierras Pampeanas). In
contrast, temperatures at depths > 50 km bmsl beneath the Sierras Pampeanas increase towards
areas where the slab dips steeply (~30°). These results are consistent with the lower surface
heat-flow values observed (Hamza et al., 2005, 2005; Valiya M. Hamza & Mufioz, 1996; Uyeda
& Watanabe, 1982) and low vp/vs ratios modeled (Marot et al., 2014; Porter et al., 2012; L. S.

Wagner et al., 2005, 2005) for the flat-slab area. An additional and independent constraint for
the thermal state of the flat-slab area can be derived from the results from 2D thermomechanical
modeling efforts done in the area (Marot et al., 2014), which suggested temperatures of 600°C
at the top of the flat slab (100-120 km bmsl). This value coincides with the lower temperatures
modeled across the subduction interface beneath the Sierras Pampeanas (Fig. 13).
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Figure 12. Upper panel: Topography of the study region superposed with boundaries of the main
morphotectonic provinces (for abbreviations see Fig. 1). The extent of the subduction segments and the
trench are also shown. Lower panel: Temperature at the subduction interface. The 3D configuration of
cold domains in the overriding plate mantle is superimposed and indicated by blue arrows, The red arrow

indicates the warmest part (~1000°C) of the flat-slab segment. The extent of the Moho is shown by the
beige transparent layer.

29



The spatial correlation between the temperature distribution of the overriding plate and
the subduction angle breaks within the northern orogen above the flat slab between 20 and 100
km bmsl (29°-30°S and 70°-70.5°W; Figs. 5, 7, 12). In this domain, a temperature excess of
up to ~250°C is predicted along the remaining flat-slab segment, with values similar to those
of the steep-slab segment (FL warm domain; Fig. 13). To explain the modeled temperature
distribution, an additional forcing factor other than the subduction angle should be considered,
a suggestion that has been discussed previously, albeit not extensively (Sanchez et al., 2018,
2019). Between 30° and 33°S, our results indicate a spatial correlation between the thermal
heterogeneity derived from the vs-to-T conversion (Assumpc¢do et al., 2013) and the
configuration of the upper crust. The lowest temperatures in the sub-horizontal slab segment
occur where the upper crust is thin, while the highest temperatures occur where it thickens (cf.
Fig. 2c). We can therefore postulate that, in the warmer, northern part of the orogen, heating
from a thicker upper continental crystalline crust outweighs the cooling effect of the underlying
flat oceanic slab. Conversely, areas in the flat segment with a thin upper crust and a thick lower
crystalline crust are significantly colder due to a limited volumetric contribution of the lower
crustal unit to the internal heat budget. North of 30°S, the thick upper crust provides an
explanation for the observed patterns of low vs and high temperature in the orogen, but not in
the foreland regions where the upper crust is thinner. It is likely that the resolution of the S wave
tomography could have influenced the results within the latter area. North of the flat slab, high-
resolution tomography (Calixto et al., 2013; Gao et al., 2021) identifies a N-S increase of vs at
27°S with a sharp transition between low vs in the southern Andean Plateau (also known as the
southern Puna Plateau) and high vs in the Sierras Pampeanas. Low vs in the southern Puna is
mainly associated with the delamination of the lower crust and the mantle (Kay et al., 1994;
Schurr et al., 2006). Therefore, we postulate that this sharp velocity transition appears smoothed
in the tomography of Assumpcao et al. (2013) due to the coarser resolution, resulting in lower

modeled vs, and therefore higher temperatures, in the foreland north of 30°S.

To investigate the degree of influence of mantle-related temperature variations in the shallow
thermal field, we compared our results to a steady-state conductive model with a simplified
lower boundary condition derived from a constant geothermal gradient of 5°C km™, which
represents an average value for subduction zones (Syracuse et al., 2010; Fig. S11 in the
supporting information). This allowed us to evaluate variations in the shallow thermal field in
the case of neglecting deep-seated lateral thermal heterogeneities. At depth, there is no
pronounced thermal contrast between the foreland of the flat and steep subduction segments,

indicating that below 50 km bmsl, the main causative factors of the thermal heterogeneity of
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the foreland are the mantle heat input and the cooling effect of the slab. On the other hand, the
model with a simplified boundary condition shows a more pronounced mismatch with the
thermal observations (for instance, modeled temperatures are 5°C to 80°C colder than the
borehole data) than the model with the lower boundary condition from the vs-to-T conversion
(Fig. S13 in the supporting information). This implies that the observed data is fitted not only
with the lithospheric structure above the Moho, but also with laterally variable heat input from
the slab and the lithospheric mantle.

There is an ongoing debate concerning the importance of radiogenic heat production for the
thermal field and the long-term evolution of orogens where the radiogenic crust is thickened
and where thermal effects of shortening, exhumation, and partial melting are observed (e.g.,
(Chen et al., 2019; Furlong & Chapman, 2013; Gerbault et al., 2009; Jaupart et al., 2016;
Mareschal & Jaupart, 2013). Some authors suggest that radiogenic heating has less influence
on the thermal field of the lithosphere in the overriding plate than either shear heating along the
subduction interface (Penniston-Dorland et al., 2015) or episodes of magmatic underplating
(Kaislaniemi et al., 2018). Yet other authors have focused on the general thermal evolution of
subduction orogens and the metamorphic record, proposing that shallow asthenospheric
convection is the main process responsible for elevated temperatures in the lithosphere, while
disregarding any significant contribution from radiogenic heat production (Hyndman, 2005). In
the latter study, for example, it is argued that thermal equilibrium is achieved only 50 Ma after
the main shortening phase, which contradicts the observation that peak metamorphism is
synchronous with thickening (Collins, 2002; Thompson et al., 2001). However, the
interpretations concerning thermal equilibrium conditions in an orogen have recently been
disputed by geodynamic numerical modeling studies (Chen et al., 2019), which suggest that
radioactive heating during crustal thickening is responsible for the observed marked
temperature increase and subsequent partial melting within the mid-crust after 30 Ma of
shortening. The present-day SCA are within this time window after the main phase of
shortening, which implies that crustal thickening that has taken place over more than 30 Ma
could indeed explain a significant part of excessive surface heat flow ( Hamza et al., 2008;
Hamza et al., 2005; Hamza & Mufioz, 1996) and the low seismic velocities observed across the
orogen (Marot et al., 2014; Porter et al., 2012; L. Wagner et al., 2006; L. S. Wagner et al., 2005;
Ward et al., 2013).

In Figure 13, we plot variations in predicted surface heat flow compared to available
observations, together with the modeled thermal field and the configuration of the main
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lithospheric units along three representative E-W cross sections of the flat slab, the transition
zone, and the steep-slab subduction segments. Predicted surface heat flow varies between the
high surface heat-flow domains over both the orogen and the Payenia volcanic province (80—
100 mWm2), and low heat-flow domains over the forearc, the remaining back-arc, and foreland
regions (50-60 mWm2 and 40-70 mWm, respectively). These surface heat-flow variations
correlate spatially with the thickness configuration of the sedimentary strata and upper
crystalline crust, namely high heat flow in areas with thin low-conductive sedimentary rocks
and thick radiogenic upper crust (i.e., Andean orogen, Payenia volcanic province), and low heat
flow in regions with thick sedimentary cover and/or thin upper crust (foreland basins, forearc).
An additional factor leading to low modeled heat flow in most of the forearc is the shallow
depth of the cold oceanic plate. This factor does not play a role in the foreland, however; despite
variable dip angles and temperature distributions along and across strike, no spatial correlation
is observed between the thermal field at the subduction interface and the heat-flow patterns in

the orogen and foreland.

The effects of the spatially variable heat input (either from the deep mantle or from
radiogenic sources) and variable efficient heat conduction demonstrate that surface heat flow
alone is a poor proxy for lower crustal or lithosphere thickness (Scheck-Wenderoth et al., 2014).
Nevertheless, heat-flow estimates are often compared to seismic tomography, where S wave
attenuation (Qs) anomalies correlate to some extent with the thermal field (Artemieva, 2011).
While areas of high heat flow are usually related to low Qs (high attenuation of the vs), low heat
flow is commonly associated with colder areas and hence high Qs (low attenuation of vs). These
spatial correlations were also identified across the SCA. Between 31.5°S and 33.5°S, high
surface heat flow predicted for the orogen coincides with low Qs (650-670; Deshayes, 2008).
Accordingly, low predicted heat flow correlates with high Qs (800-1050) in the forearc and the
foreland (Deshayes, 2008).

Discrepancies between observed surface heat flow (Hamza & Mufioz, 1996; Lucazeau,
2019; Uyeda & Watanabe, 1982) and the steady-state conductive model predictions in the
proximity of active volcanic centers (Figs. 10b, 14) are related to unconsidered transient
advective heat-transport processes, such as fluid migration or the existence of melts (e.g.,
Scheck-Wenderoth et al., 2014 and references therein). Gonzalez-Vidal et al. (2018)
demonstrated that such local effects of partial melting can be interpreted from negative S wave

anomalies imaged below the southern volcanic arc in the SCA area.
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Figure 13. E-W cross sections showing modeled and measured surface heat flow (upper panel) and
temperature distribution (lower panel) representative of the subduction segments of: (a) flat slab; (b)
transition zone and (c) steep slab. For location of the profiles and abbreviations of the main
morphotectonic provinces see Fig. 1.
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4.3 Implications of the thermal field for the deformation modes in the SCA

In view of the sensitivity of rock rheology to temperature, the lithological configuration from
Rodriguez Piceda et al. (2020) and temperature variations derived in this study can be analyzed
qualitatively in terms of their implications for the long-term strength of the lithosphere. In
particular, areas that are colder and of more mafic lithology (i.e., the northern part of the forearc
and foreland) are potentially stronger and can withstand higher levels of horizontal stresses
before deforming viscously (Evgueni Burov, 2007) compared to areas that are warm and more
felsic in composition (i.e., the orogen, the Payenia volcanic province, and the foreland at the
latitudes of the transition to the steeper subduction segment). The general trends in the modeled
temperature distribution of the SCA lithosphere are consistent with independent elastic-
thickness estimates derived from flexure analysis of the gravity field, which are an alternative,
indirect proxy of lithospheric strength (Astort et al., 2019; Federico Ibarra & Prezzi, 2019; Nacif
et al., 2017; Sanchez et al., 2018; Tassara & Yafiez, 2003). High and low elastic thickness are
indicative of a strong and weak lithosphere, respectively (Burov & Diament, 1995; Watts &
Burov, 2003). In the SCA, areas of high elastic thickness (40-60 km) correlate spatially with
the modeled cold forearc and the northern part of the foreland. Conversely, areas of low elastic
thickness (<30 km) correlate spatially with the modeled warm areas of the orogen, the Payenia
volcanic province, and the foreland at the latitude of the transition to the steeper subduction

segment.

The inferred trends in lithospheric strength related to variations in the upper-plate
configuration have strong implications for the long-term deformation processes of the Central
Andes (Barrionuevo et al., 2021; F. Ibarra et al., 2019; Liu, 2020; Meel3en, 2019). For example,
Barrionuevo et al. (2021) argued on the basis of geodynamic numerical modeling that the
vergence of the orogenic wedge at 33°-36°S is mainly controlled by the E-W-oriented
asymmetry of the lithosphere-asthenosphere boundary (LAB). The LAB configuration
proposed by these authors agrees with our study, where a warmer lithospheric mantle, and thus
shallower LAB, is encountered beneath the orogen compared to the adjacent foreland and
forearc, i.e., areas where the mantle is colder and the LAB is located at greater depth.
Furthermore, these authors suggest that heterogeneities in continental crustal composition could
explain the observed N-S-oriented variations in the amounts of shortening and its spatial
distribution within the orogen and the foreland between 33° and 36°S. In the north of their study
region, the upper and lower crustal deformation maxima are aligned vertically with the strongest

crustal thickening (pure-shear or coupled deformation mode), whereas to the south, upper

34



crustal deformation is horizontally displaced with respect to the locus of lower crustal
deformation (simple-shear or decoupled deformation mode). Accordingly, pure-shear
deformation at 33°S would be mainly related to a more felsic and weaker crust; in contrast,
simple-shear deformation at 36°S would result from a mafic and stronger crust (Barrionuevo et
al., 2021). These results are compatible with gravity-constrained density distributions in the
crust in the same region as proposed by Rodriguez Piceda et al. (2021) and with our results of
a N-S-oriented decrease in crustal temperatures.

Furthermore, our results provide insights into the controversial debate over the governing
mechanisms responsible for the formation of the spatially disparate thick-skinned deformation
in the broken-foreland provinces of the Sierras Pampeanas between 27° and 33°S and the Santa
Barbara System farther north. While some authors have proposed that the setting of the flat slab
is responsible for the observed deformation in that area (Horton, 2018; Jordan et al., 1983;
Martinod et al., 2020), others have argued that this style of deformation is controlled by the
compressional reactivation of crustal heterogeneities such as Paleozoic sutures and associated
deformation fabrics between crustal terranes or the inversion of Cretaceous normal faults prior
to slab flattening (Hilley et al., 2005; Hongn et al., 2007; Hongn et al., 2010; Kley et al., 1999;
Jonas Kley & Monaldi, 2002; Meel3en, 2019; del Papa et al., 2013; Pearson et al., 2013; Ramos
et al., 2002; Zapata et al., 2020). In the former case, the role of a flat slab is often assigned to a
‘bulldozer keel,” which continuously transfers the tectonic stresses to the front of the flat
segment where the slab is already steep (Gutscher et al., 2000; Horton, 2018; Jordan et al.,
1983; Ramos & Folguera, 2009). In this scenario, however, the role of the thermal and
rheological fields of the overriding plate in the transmission and localization of stresses is not
taken into account. More recently, Martinod et al. (2020) reinterpreted the role of the flat slab
in the localization of deformation. Contrary to classical interpretations, these authors argue that,
because the lithosphere above the flat slab is colder and stronger, most of it is subject to minor
deformation. Therefore, deformation localizes where the slab starts to resume its steep
subduction angle, triggered by slab-pull forces, rather than where the slab is already steep, as
proposed by the ‘bulldozer-keel’ models (Gutscher et al., 2000; Horton, 2018; Jordan et al.,
1983; Ramos & Folguera, 2009).. The compositional and thermal characteristics of the
lithosphere beneath the Sierras Pampeanas (i.e., mafic-dominated crust and cold lithosphere)
derived from our results suggest that the lithosphere here is strong and may therefore inhibit the
formation of crustal-scale faults, thus dismissing the ‘bulldozer keel’ effect as an efficient
mechanism for propagating deformation. Instead, an additional process, either mechanical

weakening within inherited basement heterogeneities and/or increased slab-pull where the slab
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resumes steep subduction, must be considered to explain the localization of deformation in the
Sierras Pampeanas. The results of our study favor the hypothesis that either inherited
heterogeneities and/or slab steepening controlled the geometry of faults that delimit the spatially
isolated basement uplifts and the intervening sedimentary basins of the broken foreland between
27°S and 33°S, rather than slab flattening. Opting for one or the other hypotheses mentioned
above requires additional geodynamic modeling studies applied to the case of the SCA.

Addressing another aspect of the debate on the mechanisms that have sustained the flat-
subduction setting over the last ~20 Ma in the SCA, it has been proposed on the basis of
geodynamic numerical modeling that the strength of the overriding plate influences the
subduction angle of the oceanic plate (Hu et al., 2016; Manea et al., 2012; Sharples et al., 2014).
This has been suggested to be the case for the northern part of the SCA (27°-33°S), where the
sub-horizontal slab segment underlies the thick and dense crust of the foreland of the South
American plate (Rodriguez Piceda et al., 2021). Interestingly, the cold temperatures modeled
for this area in our study exhibit two effects that might also favor slab shallowing: (i) cooling
of the subduction interface that enhances the coupling between the continental and oceanic
plates; and (ii) efficient E-W stress transmission along the cold and strong overriding plate,
which forces the trench to retreat. In this context, there is a positive feedback between the cold
lithosphere in the northern foreland and the flat-subduction setting: the shallow slab, together
with a thin radiogenic crust, would cause low temperatures in the lithosphere in this domain,

thereby strengthening the overriding plate, which in turn would promote slab shallowing.

5. Conclusions

By means of conversion of S wave seismic tomography to temperatures and steady-state
conductive numerical modeling, we derived the 3D lithospheric-scale temperature distribution
of the southern Central Andes and adjacent forearc and foreland regions, and conclude the

following:

1. Distinct controlling factors of the thermal field are dominant at different depths. At
shallow depth (<50 km bmsl), the thermal contrast between the warm orogen and the
relatively cold areas of the forearc and foreland is modulated by the thickness of the
upper radiogenic continental crystalline crust, which generates lateral changes of heat
production. In the uppermost levels (<5 km), the effect of the sediment thickness is
superimposed, leading to depocenters of the foreland basins being warmer than the
edges due to thermal blanketing. The cool oceanic slab outweighs the heating effect of

the continental crust in regions with relatively shallow slab depth (<85 km bmsl) and
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where the upper continental crystalline crust is thin. This occurs in the forearc and in
most of the northern part of the foreland (29°-33°S) where the slab flattens. At depths
>50 km bmsl, the spatial correlation between crustal features and thermal
heterogeneities is insignificant, and the main controlling factors become the mantle heat
flow and the effect of the cold slab. However, down to 100 km bmsl, temperatures are
additionally affected by the radiogenic contribution of the upper continental crystalline
crust in the northern part of the orogen where this unit has a significant thickness (>30
km).

There exists a strong contrast in surface heat flow between the warm orogen (80-105
mWm2) and the relatively cold forearc and foreland areas (40-75 mWm2). These
variations in heat flow are primarily controlled by the thickness configuration of the
uppermost layers (sediments and upper crystalline crust). The shallow cold slab affects
the pattern of surface heat flow beneath the forearc.

The modeled temperature configuration has implications for the rheology and,
therefore, deformation patterns of the SCA. A cold, mafic, thick, and therefore
potentially strong lithosphere beneath the broken foreland of the Sierras Pampeanas is
prone to deformation processes that are controlled by inherited heterogeneities in the
upper plate or by slab-pull, where the oceanic plate resumes steep subduction. In
addition, such a lithospheric configuration may favor the coupling between the
subducting and overriding plates, potentially contributing to a flat-subduction setting.

. Sensitivity analysis of the vs-to-T conversion shows that, at depths <100 km, mantle
composition has the strongest effect on the vs-to-T conversion for vs larger than 4.6 km
s, asis the case for the flat-slab segment. Nevertheless, compositional variations within
the range of uncertainty do not affect the main temperature and heat-flow trends found

in this study.
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Figure S1. S wave velocity (Vs) distribution at depths of 50, 100, 150 and 200 km from seismic
tomography of (a-e) Assumpcéo et al. (2013) and (e-h) Schaeffer & Lebedev (2013). Dashed lines
indicate the top and bottom of the oceanic slab. There is a higher spatial correlation between high Vs (>
4.4 kms?) and the slab location in the tomography by Assumpcdo et al. (2013) compared to the
tomography by Schaeffer & Lebedev (2013).

Text S1. Sensitivity analysis of the vs-to-T conversion

Four models were defined to evaluate the sensitivity of the vs-to-T conversion results to
variations of different parameters or conversion method: mantle composition (spinel model),
thermal expansion coefficient (o model), attenuation (Q2 Model) and conversion method by

Priestley and Mc Kenzie (2006).

To test the compositional effect on the model, the spinel Iherzolite from Conceigéo et al.
(2005) and Jalowitzki et al. (2010) was selected as alternative mantle composition (spinel
model; Table 1 of main text). In contrast to the reference model, this composition is richer in
clinopyroxene and iron and has spinel, instead of garnet, as aluminium phase. Within the
compositional parameters, seismic velocities are most sensitive to the iron content, where an
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increase in the magnesium number Mg/(Mg+Fe) by 10 is estimated to produce a velocity
increase of 2-3% (Cammarano et al., 2003; Goes et al., 2000).

Secondly, we assessed the effect of the temperature (T) dependence of the thermal
expansion coefficient o on the resulting temperature distribution (aT model; Goes et al., 2000;
Cammarano et al., 2003 based on Saxena & Shen, 1992). Figure S2 shows the variation of a

with T for different mantle minerals.
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Figure S2. Variation of the thermal expansion coefficient a with temperature for the main mineral
phases of the mantle. Values for olivine, orthopyroxene and garnet were taken from Cammarano et al.
(2003). Values for spinel were taken from Goes et al. (2000). Both publications are based on
experimental estimations of Saxena & Shen (1992).

In a third stage, we used the parameters provided by Berckhemer et al. (1982) to
investigate the effect of anelasticity Q (Q2 model; a = 0.25, A = 2E-4, H = 584 kJ mol?, V =
20 cm® mol%). This database is entirely derived from an experimental model for synthetic
forsterite, in contrast to the attenuation parameters by Sobolev et al. (1996), which result from
average values for a wide range of experiments. Therefore, the latter represents a more averaged
Q model than the database of Berckhemer (1982; Goes et al. 2000). The Q2 model has a weaker
attenuation than the reference model, thus the effect on anelasticity is smaller. Both models are
considered to represent extreme values for the anelastic correction and, therefore, they allow
for a rough estimation of the uncertainty in the vs-to-T conversion due to unknowns related to
Q (Shapiro et al., 2004).
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As a final step of the sensitivity analysis, we tested the alternative conversion method of
Priestley & McKenzie (2006; PM model), using the conversion tool VeloDT (Meel3en, 2020).
In contrast to the Goes et al. (2000) mineral-physics-based approach, Priestley & McKenzie
(2006) derived an empirical relationship between S wave and temperature, dependent on
pressure but not on composition. Despite being calibrated mainly for oceanic lithosphere, the
conversion was also applied to continental lithosphere using thermal models from mantle

nodules in kimberlites, thus it was considered appropriate for our study area as well.
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Figure S3. Residual temperature maps showing the difference between the reference model and the
alternative configurations in the vs-depth parameter space. a) Spinel model: mantle composition of spinel
lherzolite (Conceigdo et al., 2005; Jalowitzki et al., 2010); b) aT model: T-dependent thermal expansion
coefficient (Saxena & Shen, 1992); ¢) Q2 model: attenuation parameters by Berckhemer et al. (1982);
d) PM model: vs-to-T conversion method of Priestley & McKenzie (2006). 1-D Vs profiles of the
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tomography of Assumpcéo et al. (2013) are overlain: FS = flat slab area; TZ = transition zone; SS =

steep slab area.

Figure S3 shows the temperature residual (i.e. difference between the reference model
and each alternative configuration tested) as a function of vs and depth. By relying on the Goes
et al. (2000) approach, a modification of the mantle mineral composition yields up to 160°C
difference at depths shallower than 100 km and high Vs (4.6 km s*) with respect to the reference
model (Fig. S3a). Variations in the expansion coefficient or seismic attenuation lead to
temperature differences up to 80°C for Vs of 4.6 km s (Fig. S3b-c). In contrast, the method
by Priestley and Mc Kenzie (2006) predicts higher temperatures for Vs < 4.6 km s-1 than the
reference model, up to 450°C higher for Vs between 4.6 and 4.8 km s-1 (Fig. S3d).

Text S2. Thermal properties for the calculation of the steady-state conductive thermal
field

The assignment of thermal properties to the units of the structural model of Rodriguez
Piceda et al. (2020) was done according to the comparison between gravity-constrained
densities (Rodriguez Piceda et al., 2020) and mean P wave velocities (Vp, Araneda et al., 2003;
Contreras-Reyes et al, 2008; Marot et al., 2014; Scarfi & Barbieri, 2019), combined with rock
property compilations (Brocher, 2005; Christensen & Mooney, 1995).

For the sedimentary layers, based on a mean density of 2350 kg m™ (Rodriguez Piceda et
al., 2020) and a mean velocity of 4.6 km s*! (Araneda et al., 2013), we assigned a siliciclastic
composition (Brocher, 2005). Thus, we attributed to both sedimentary units a thermal
conductivity of 2 Wm™K? (Cermak & Rybach, 1982) and a radiogenic heat production of 1
uWm2 (Vila et al., 2010), consistent with this lithology.

The physical properties of the upper crust (density of 2800 kg m; Vp of 6.3 km s™) are
indicative of diorites (Christensen & Mooney, 1995). According to this lithology, the thermal
conductivity was set to 3.4 Wm™K™? (Cermak & Rybach, 1982) and the heat production to
2 uWm? (Vila et al., 2010).

In the case of the lower crust, its composition is not precisely determined thoughout the
entire region, apart from a modeled density of 3100 kg m (Rodriguez Piceda et al., 2020), a
mean Vp of 6.76 km s (Marot et al., 2014; Pesicek et al., 2012; Scarfi & Barbieri 2019) and
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the occurrence of partial eclogitization suggested by several studies in the region of the flat slab
(e.g. Alvarado et al., 2007, 2009; Ammirati et al. 2013, 2015, 2018; Gilbert et al., 2006; Marot
etal., 2014). The comparison of these physical properties with the compilation of Christensen
& Mooney (1995) points to a mafic granulite composition. Conforming to this rock type, we
used a lower crustal thermal conductivity of 2.5 Wm™?K™? (Cermak & Rybach, 1982) and a heat
production of 0.4 uWm (Hasterok & Chapman, 2011).

For the shallow oceanic crust, a density of 2900 kg m= (Rodriguez Piceda et al., 2020)
and a mean Vp of 6.7 km s (Araneda et al., 2003; Contreras Reyes et al., 2008) suggest that
this layer is represented by a basaltic composition (Chirstensen & Mooney, 1995). Thus, we
chose a thermal conductivity of 1.8 Wm™K™ (Cermak & Rybach, 1982) and radiogenic heat
production of 0.35 uWm™ (Vilaetal., 2010), consistent with this lithology. For the deep oceanic
crust, based on a modeled density of 3200 kg m™ and a mean Vp of 7.1 km s'* (Araneda et al.,
2003; Contreras Reyes et al., 2008), we assumed an eclogitic composition (Christensen &
Mooney, 1995). Hence, we assigned to this layer a thermal conductivity of 2.87 WmK? (He
et al., 2008) and a radiogenic heat production of 0.25 pWm 3 (Vila et al., 2010).

Lastly, for the mantle layers, based on the average density of 3360 kg m= (oceanic
lithospheric mantle) and 3340 kg m™ (continental lithospheric/oceanic sub-lithospheric
mantle), we assigned a composition of moderately depleted Iherzolite (Rodriguez Piceda et al.,
2020). This is also coherent with geochemical data of mantle xenoliths (Bertotto et al., 2003),
Vs of 4.6-4.7 km st (Wagner et al., 2005) and Vp/Vs ratios of 1.75-1.77 (Marot et al., 2014).
Accordingly, we set a mantle radiogenic heat production of 0.01 pWm (Vila et al., 2010). The
thermal conductivity of the mantle was determined based on the empirical relationship of Xu
et al. (2004). This expression quantifies the P(pressure)-T(temperature) dependency of the
thermal conductivity A of olivine from thermal diffusivity measurements at pressures up to 20
GPa and temperatures up to 1373 K and is described as:

298

0.493
A=410(2%)" (1+0.032P) (1)

where Tisin Kand P is in GPa.

Figure S4a shows the variation of thermal conductivity with P and T for the upper mantle (up
to 10 GPa and 1750 K), overlain with 3 representative geotherms of the study area derived from
the vs-to-T conversion (see Section 2.1 of the main text). Overall, thermal conductivity
decreases with increasing temperature and decreasing pressure. The largest variation of A occurs

at low temperatures (< 750 K). Figure S4b depicts the histogram of thermal conductivities for
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the P-T range of the results of vs-to-T conversion. For this range, the mean value of A is
2.24 Wm 1K™ with a standard deviation of 0.12 Wm™K™. Therefore, the variations of A are
sufficiently small to consider taking a constant value of 2.24 Wm™K as a valid assumption for

the entire modeled P-T range of the lithospheric mantle.
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Figure S4. (a) Thermal conductivity vs. pressure and temperature according to eq. 1 (Xu et al., 2004)
overlain with 1-D geotherms of the study area. FS= Flat slab area, TZ=Transition zone, SS=Steep slab
area. (b) Histogram of thermal conductivity calculated for the (P-T) range of the results of the Vs-to-T
conversion (Section 2.1 of main text; Goes et al., 2000; Meeflen, 2017). p is the mean value and o the

standard deviation.

Text S3. Sensitivity analysis of the steady-state conductive thermal modelling

We performed a sensitivity analysis of the modeled temperatures to variations of the thermal
properties (thermal conductivity A and radiogenic heat production S) of the units composing the
structural model. To this end, we carried out a steady-state conductive simulation on alternative
configurations of the final structural model, varying one thermal parameter at a time. The imposed
variations of each property are based on the range of its natural variability according to the composition
of each unit (Table S1, Carter and Tsenn, 1987; Cermak & Rybach, 1982; Hasterok & Chapman, 2011,
He et al., 2008; Russell et al. , 2001; Majorowicz et al. ,2019; Vila et al., 2010; Xu et al., 2004). Figure
S5 displays the temperature difference between the preferred model described in the main text and each
alternative configuration at depths of 10 and 30 km bmsl. A preliminary analysis of these depth slices
shows that the greatest temperature differences occur when varying the radiogenic heat production of
the upper crust. However, since perturbations of different magnitude are imposed to each thermal
property, in order to properly compare the results, we compute a hormalization factor f by dividing the
maximum induced variation in temperature by the relative variation of the thermal property that induced

such temperature perturbation (Table S1). This factor quantifies how the temperature changes according
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to variations in the predefined thermal properties of the units. A comparison of the factor f corresponding
to the thermal conductivity and the radiogenic heat production of each unit is depicted in Figure S6.
Contrary to our preliminary analysis, this approach indicates that temperatures are most sensitive to
perturbations in the thermal conductivity of the upper continental crystalline crust and the mantle (f=10.9
°C/%).

67



Table S1. Summary of results from sensitivity analysis of the steady state conductive thermal modelling to variations in thermal conductivity A and radiogenic heat

production S. The factor f is calculated by dividing the absolute value of the maximum AT (i.e., temperature difference between final and alternative models) by

the relative variation of the thermal property

Thermal conductivity A

Radiogenic heat production S

A [Wm K 1]_{ A_}’S(’l“te » Maximum AT, |Factor f S [;EW.m 1/ Abso!;’ s Maximum AT, |Factor f
Layers variation [m*K]/ abs. value (°C) | [%/°C] varlapon/ [p_le 1/ abs.value (km) | [%/°C]
Relative A variation (%) ' Relative variation (%) '

Continental/oceanic sediments 1.81'/-0.19/9.5 12 1.2 0.12?/-0.88/87.7 5 0.06
2.50'/+0.50/ 25 25 1 2.50%/+1.5/ 150 8 0.05
Upper continental crystalline crust 1.72*/-1.68 /49 65 1.3 0.25%/-1.75/87.4 200 2.30
414/ +0.74/21.8 237 10.9 3.8/+1.8/90 206 2.30
Lower continental crystalline crust 2.10°/ 0.4/ -16 48 3 0.20°/-0.2/ 50 39 0.78
2.80*/+0.3/12 40 2.4 0.75°/+0.35/87.5 60 0.70
_ Shallow crust 1.40'/-0.4/-22.2 53 2.39 0.009%/-0.341/97.4 42 0.43
Oceanic plate 5.33'/+3.53/ 196 63 0.30 1.2/ +0.85/ 243 62 0.26
Deep crust 2.209/-0.67/ -23.3 34 1.46 0.02°/-0.23/90.4 33 0.37
3.608/+0.73/25.4 32 1.26 0.70%/ +0.45 /180 42 0.23
Continental and Oceanic lithospheric [ 2.107/-0.14 / -6.25 38 6.08 0.00? /-0.01 /100 41 0.41
ng::gl Oceanic sub-lithospheric 1 4 505/ 11 06/ 47.3 84 1.78 0.802/+0.79 / 7900 102 0.01

! Cerméak & Rybach (1982); 2 Vila et al. (2010); ® Majorowicz et al. (2019); ; Carter and Tsenn (1987) ° Hasterok & Chapman (2011); ® He et al. (2008); ” Xu et al.

(2004); 8 Russell et al. (2001)
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Figure S5. Slices at depths of 10 and 30 km bmsl (below mean sea level) showing the temperature
residual (i.e. difference between the temperature fields of the final steady-state conductive model and
alternative configurations tested in the sensitivity analysis) for the thermal properties of the sediments
and the continental crystalline crust. A = bulk thermal conductivity; S = radiogenic heat production.

Sed=sediments; uc=upper continental crystalline crust; Ic=lower continental crystalline crust.
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Figure S5 (cont). Slices at depths of 10 and 30 km bmsl (below mean sea level) showing the temperature
residual for thermal properties of the oceanic crust (a-p) and the mantle (g-x). shallowOC= shallow
oceanic crust; deepOC=deep oceanic crust.
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Figure S6. Variation of the sensitivity factor f corresponding to the variation of the thermal properties
of the model units. A = bulk thermal conductivity; S = radiogenic heat production.

Text S4. Upper thermal boundary condition

For the upper thermal boundary condition in the continental domain, we considered the yearly average
surface temperature from 1981 to 2020, provided by the ERA-5 land database (Copernicus Climate
Change Service, 2019). In the oceanic domain, we used a constant temperature of 4 °C, which is an
average estimate at sea floor (Pawlowicz, 2013). Figure S7 illustrates the upper thermal boundary
condition across the entire region, with continental temperatures ranging from -1 °C in the Andean
orogen to 30 °C in the forearc and foreland areas.
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Figure S7. Temperature distribution at the surface obtained from the ERA-5 land data set (Copernicus
Climate Change Service, 2019) and assuming a constant value of 4°C for the oceanic domain. This was
used as the upper thermal boundary condition of the conductive steady-state model to estimate crustal

and uppermost mantle temperatures.

Text S5. Transient thermal modelling approach

S5.1. Advective thermal modelling of the subduction interface

In a first modelling stage, we computed the thermal evolution of the subduction interface
in 7 Ma due to advection and conduction with the Finite Element numerical simulator LYNX
(Jacquey & Cacace, 2019, 2020). We used a 2D mesh that represents a horizontal projection of
the subduction interface with a horizontal resolution of 5 km and an extension of 1400 km by
1400 km. Temperatures are computed in LYNX by solving the energy equation, which accounts
for both heat transfer by conduction and by advection of solid material. If we neglect the effect

of radiogenic heat production and shear heating, the equation reads as follows:

aT A

where T is temperature, t is time, v is the solid velocity, A is the thermal conductivity, Cy is the
heat capacity and p is the bulk density. A was set to 1.8 Wm™K™, p to 2900 kgm™ and C, to
1200 m?s, which is consistent with a basaltic composition representative of the top slab
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(Petitjean et al., 2006). As v we used the absolute velocity of the Nazca Plate at present-day
(vn=0.04 myr?, Sdrolias & Miiller, 2006) projected horizontally by applying the following

equation:
v = cos x. v, (3)

where a is the subduction angle of the oceanic plate extracted from the 3D structural model
(Rodriguez Piceda et al., 2020). v was set to 0 myr™” at the nodes where the depth of the
subduction interface is > 200 km bmsl (i.e., base of the steady-state conductive thermal model
of the main text). The velocity field is shown in Figure S8a. The model was initialized with the
temperature distribution at the subduction interface extracted from the S wave tomography
(Figure S8b, Assumpcéo et al., 2013).
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Figure S8. Set up of the advective-conductive thermal model of the subduction interface. (a) absolute
plate velocity of the oceanic plate projected horizontally according to eq. 3. v was set to 0 cmyr* at the
nodes right of the dashed yellow line since the slab there is deeper than 200 km bmsl.; (b) initial
temperature distribution from the S wave tomography of Assumpcéo et al. (2013). The black rectangle
bounds the study area.

Figure S9 shows the W-E progression of the cold thermal front along the subduction
interface after (a) 2 Ma, (b) 5 Ma and (c) 7 Ma of model run.
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Figure S9. Thermal evolution of the subduction interface in the study area after (a) 2 Ma, (b) 5 Ma and
(c) 7 Ma of the advective-conductive model run.

S5.2. Transient thermal modelling of the upper plate

The second modelling stage aimed to assess the effect of transient conduction and
advection in the thermal field of the overriding plate. We used a subarea of the structural and
density model of Rodriguez Piceda et al. (2020) with the same refinement and resolution of the
model described in the main text (section 2.3) to solve for the conductive transient thermal field
with GOLEM (Cacace & Jacquey, 2017; Jacquey & Cacace, 2017). The formulation that
describes the temperature calculation under transient conditions is:

oT A
x_ V(Cp—_p.w) — S @),

where S is the radiogenic heat production. The thermal properties S and A were applied for each
model unit as described in text S2. Densities were taken from the model of Rodriguez Piceda
et al. (2020). A heat capacity of 1200 m?s* (Petitjean et al., 2006) was assigned for all the

model units. Thermal properties are summarized in Table S2.

Dirichlet thermal boundary conditions were assigned along the top and the base of the
model. The surface temperature of ERA-5 data set described in text S2 was set as fixed upper
boundary condition. As time-dependent lower boundary condition, we used the thermal
progression along this interface previously computed and explained in Text S5.1. We initialized
the simulation with the 3D thermal field of the model presented in the main text and run the

model for 7 Ma. The initial model set up is schematized in Figure S10.

75



89 Table S2. Thermal properties assigned to the units of the 3D structural model (Rodriguez Piceda et al.,

90 2020) to calculate the transient thermal field in the overriding plate.

Layers A WmIK? | Cp[m%s?] | p[kgm®] | S [pWm?]
Continental/oceanic sediments 2.00! 12002 2300/2400 | 1.00°
Upper continental crystalline crust | 3.40? 12002 2800 2.00°
Lower continental crystalline crust | 2.50* 1200? 3100 0.40*
Continental lithospheric mantle 2.24° 12002 3320 0.013

91 Note. A = bulk thermal conductivity; Cp = heat capacity; p = bulk density; S = radiogenic heat
92 production. * Cermak & Rybach (1982); 2 Petitjean et al. (2006); 3 Vila et al. (2010); * Hasterok &
93 Chapman (2011); ® Xu et al. (2004)
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94

95  Figure S10. initial set up of the 3D transient model showing the thermal boundary conditions at the (a)
96 top and (b) bottom of the model. During the simulation, the upper boundary condition was fixed, while
97  the thermal progression along the subduction interface previously computed and explained in Text S5.1
98 was set as the lower transient boundary.
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101 Figure S11. Difference maps between temperature slices using a lower boundary condition from the v;-
102 to-T conversion with spinel and garnet Iherzolite at depths of a) 10 km, b) 20 km, ¢) 30 km and d) 40
103  km. Key tectonic features are overlain (see Fig. 1 of main text for abbreviations).
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Figure S12. Temperature maps at depths of (a) 10 km and (b) 40 km of the model with a lower
boundary condition derived from a linear gradient of 5°C km-1 (Syracuse et al., 2010)
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Figure S13. Comparison between thermal measurements (Collo et al. 2018, Lucazeau, 2019; Hamza
& Mufioz, 1996; Uyeda & Watanabe, 1982) and results from the model with a lower boundary
condition derived from a linear gradient of 5°C km (Syracuse et al. 2010). (a) residual temperature
and residual heat flow, defined as the difference between measured and modeled values, at the location
of the measurements. Triangles show the location of active volcanic centers; (b) comparison between
measured (orange) and modeled (black) temperatures vs. depth; (c) residual temperature vs. depth; and
(d) histogram of residual heat flow
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