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Abstract

The geochemistry of global mantle melts suggests that both mid-ocean ridge basalts
(MORB) and ocean island basalts (OIB) sample lithological and temperature heterogeneities
originating in both the upper and lower mantle. Recently, non-traditional stable isotopes
have been suggested as a new tool to complement existing tracers of mantle heterogeneity
(e.g., major and trace elements, radiogenic isotopes), because mineral- and redox-specific
equilibrium stable isotope fractionation effects can link the stable isotope ratios of melts to
their source mineralogy and melting degree. Here, we investigate five stable isotope sys-
tems (Mg-Ca-Fe-V-Cr) that have shown promise in models or natural samples as tracers of
mantle temperature and/or lithological heterogeneity. We use a quantitative model, combin-
ing thermodynamically self-consistent mantle melting and equilibrium isotope fractionation
models, to explore the behaviour of the isotope ratios of these elements during melting of
three mantle lithologies (peridotite, and silica-excess and silica-deficient pyroxenites), re-
sponding to changes in mantle mineralogy, oxygen fugacity, temperature and pressure. We
find that, given current analytical precision, the stable isotope systems examined here are
not predicted to be sensitive to mantle potential temperature variations through equilibrium
isotope fractionation processes. By contrast, source lithological heterogeneity is predicted
to be detectable in some cases in the stable isotope ratios of erupted basalts, although gen-
erally only at proportions of > 10% MORB-like pyroxenite in the mantle source, given
current analytical precision. Magnesium and Ca stable isotopes show most sensitivity to

a garnet-bearing source lithology, and Fe and Cr stable isotopes are potentially sensitive
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to the presence of MORB-like pyroxenite in the mantle source, although the behaviour of
Cr isotopes is comparatively under-constrained and requires further work to be applied with
confidence to mantle melts. When comparing the magnitude and direction of predicted equi-
librium isotopic fractionation of peridotite and pyroxenite melts to natural MORB and OIB
data, we find that aspects of the natural data (including the mean Mg-Ca-Fe-V isotopic com-
position of MORB, the range of Mg-Ca isotopic compositions seen in MORB data, the mean
Mg-Ca-Cr isotopic composition of OIB, and the range of Mg-V-Cr isotopic compositions in
OIB data) can be matched by equilibrium isotope fractionation during partial melting of
peridotite and pyroxenite sources — with pyroxenite required even for some MORB data.
However, even when considering analytical uncertainty on natural sample measurements,
the range in stable isotope compositions seen across the global MORB and OIB datasets
suggests that kinetic isotope fractionation, or processes modifying the isotopic composition
of recycled crustal material such that it is distinct from MORB, may be required to ex-
plain all the natural data. We conclude that the five stable isotope systems considered here
have potential to be powerful complementary tracers to other geochemical tracers of the
source lithology of erupted basalts. However, continued improvements in analytical preci-
sion in conjunction with experimental and theoretical predictions of isotopic fractionation
between mantle minerals and melts are required before these novel stable isotopes can be

unambiguously used to understand source heterogeneity in erupted basalts.

1 Introduction

A key window into Earth’s mantle is through the petrology and geochemistry of its melts, which
include both mid-ocean ridge basalts (MORB) and ocean island basalts (OIB). MORB may be
able to tell us about the composition and temperature of the upper mantle across multiple length
scales (e.g., Allegre et al., 1984; Zindler and Hart, 1986; Mahoney et al., 1994; Agranier et al.,
2005; Janney et al., 2005; Herzberg et al., 2007; Gale et al., 2013; Shorttle, 2015). Key ques-
tions about MORB-source mantle concern the various roles of temperature, crustal thickness,
lithological heterogeneity, melt mixing and melt-rock reaction and the degree to which they can
explain the trace, major element, and radiogenic isotope arrays of global MORB. Decades of in-
vestigation have produced a broad consensus that in the MORB-source mantle thermally-driven
variations in melting degree create global signals in major and/or trace elements (Klein and

Langmuir, 1987; Dalton et al., 2014; Gale et al., 2014). On a local scale MORB also show con-
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siderable isotopic and trace element variability, linked to small-scale lithological heterogeneity in
the upper mantle (e.g., Zindler et al., 1984; Langmuir et al., 1986; Fornari et al., 1988; Hekinian
et al., 1989; Schiano et al., 1997; Castillo et al., 2000; Waters et al., 2011; Gill et al., 2016; Liu
and Liang, 2017; Jiang et al., 2021; Zhong et al., 2021). OIB also sample a heterogeneous mantle
over short and long lengthscales including significant lithological heterogeneity (e.g., Cohen and
O’Nions, 1982; Weaver, 1991; Chauvel et al., 1992; Kogiso et al., 2003; Sobolev et al., 2007; Jack-
son and Dasgupta, 2008; Dasgupta et al., 2010; Day and Hilton, 2011; Shorttle and Maclennan,
2011), elemental and isotopic heterogeneity (e.g., Zindler and Hart, 1986; Dupuy et al., 1988;
Hauri and Hart, 1993; Hofmann, 1997, 2003; Stracke et al., 2005; Willbold and Stracke, 2006;
Prytulak and Elliott, 2007; Jackson and Dasgupta, 2008; Maclennan, 2008; Dasgupta et al.,
2010; Jackson et al., 2012; Mundl et al., 2017), and record large temperature variations relative
to MORB (e.g., Putirka, 2005; Herzberg et al., 2007; Putirka, 2008a,b; Herzberg and Gazel,
2009; Herzberg and Asimow, 2015; Matthews et al., 2021).

In this study, we investigate the use of novel stable isotopes of major and minor elements in
basalts (magnesium [§26/24Mg], calcium [§*4/40Ca], iron [6°7/5*Fe], vanadium [§°1/°0V], chromium
[553/ 2Cr]) as new tools for studying temperature and lithological heterogeneity in the mantle,
complementary to existing work on MORB and OIB mantle sources using major and trace el-
ements (e.g., Klein and Langmuir, 1987; Langmuir et al., 1992; McKenzie et al., 2004; Putirka,
2005; Herzberg et al., 2007; Jackson and Dasgupta, 2008; Niu and O’Hara, 2008; Dasgupta et al.,
2010; Le Roux et al., 2011; Jackson et al., 2012; Lambart et al., 2013; Gale et al., 2014; Yang
et al., 2019; Mallik et al., 2021). The chosen isotope systems may trace thermal and mineralogi-
cal heterogeneity in the source region of melts through their temperature and mineral-dependent
equilibrium fractionation factors (e.g., Schauble, 2004; Young et al., 2015), and we include detail

on the choice of these isotope systems in Section 1.3.

1.1 Temperature and lithological heterogeneity in the mantle

Mantle-derived melts, particularly MORB, show global geochemical arrays that can be explained
by the conditions of melt generation in the mantle (e.g., temperature, lithology; Klein and Lang-
muir, 1987; Langmuir et al., 1992; Niu and O’Hara, 2008; Arevalo Jr and McDonough, 2010;

Gale et al., 2014) and/or subsequent melt transport and storage processes (e.g., melt mixing,
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melt-rock reaction, fractional crystallisation; Devey et al., 1994; Arevalo Jr and McDonough,
2010; Liang et al., 2011; Kimura and Sano, 2012; Till et al., 2012; Shorttle, 2015; Bo et al.,
2018; Mallik et al., 2021; Stracke, 2021). Once corrected for crystal fractionation, moderately
incompatible element concentrations (e.g., Na, Al) in global MORB correlate positively with
ridge depth, commonly interpreted to equate to a control by mantle potential temperature
variations of around 220°C (Klein and Langmuir, 1987; Langmuir et al., 1992; Brandl et al.,
2013; Gale et al., 2014). Correlations between fractionation-corrected major element composi-
tions in MORB (e.g., FeO-NapO, Ca0-Al03) are consistent with the same mantle temperature
variations (Langmuir et al., 1992; Gale et al., 2014). Although mantle composition has also
been invoked instead of temperature variation to explain these trends (by applying a different
fractionation correction; Niu and O’Hara, 2008), major element compositions measured in OIB
and their constituent olivine, as well as olivine crystallisation thermometry and geophysical ob-
servations, argue in favour of there being regions of mantle up to 250 °C hotter than typical
mid-ocean ridge mantle (e.g., Putirka, 2005; Herzberg et al., 2007; Putirka, 2008a; Dalton et al.,
2014; Herzberg and Asimow, 2015; Spice et al., 2016; Ball et al., 2021; Matthews et al., 2021).

Although temperature may be a dominant control on MORB geochemical variability, man-
tle compositional heterogeneity is also clear in the elemental and isotopic compositions of
both MORB and OIB. For example, in MORB highly incompatible element enrichment (e.g.,
fractionation-corrected K concentrations) correlates roughly with radiogenic isotopes, which
must relate to source heterogeneity, such as through the addition or removal of low-degree
melts (e.g., McKenzie and O’Nions, 1995; Donnelly et al., 2004; Gale et al., 2011, 2013, 2014).
Radiogenic and stable isotopes and trace elements have also been used to argue for the pres-
ence of incompatible trace element-enriched, recycled components in the MORB source (e.g.,
Hirschmann and Stolper, 1996; Schiano et al., 1997; Salters and Dick, 2002; Bezard et al., 2016).
In OIB, there is extensive evidence for mantle heterogeneity in the form of radiogenic and stable
isotope compositions and the concentrations of major elements in basalt and trace elements in
olivine (e.g., Zindler and Hart, 1986; Weaver, 1991; Hauri, 1996; Hofmann, 1997; Sobolev et al.,
2005; Stracke et al., 2005; Sobolev et al., 2007; Jackson and Dasgupta, 2008; Day et al., 2009;
Herzberg, 2011; Shorttle and Maclennan, 2011; Konter et al., 2016; Mundl et al., 2017; Neave
et al., 2018; Nebel et al., 2019; Gleeson et al., 2020). This mantle heterogeneity is thought to

relate largely to the recycling of crust, and the reaction between recycled lithologies (and their
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melts) and ambient mantle peridotite (e.g., Cohen and O’Nions, 1982; Hofmann and White,
1982; Allegre and Turcotte, 1986; Schiano et al., 1997; Sobolev et al., 2005, 2007; Herzberg,
2011; Mallik and Dasgupta, 2012; Stracke, 2012; Rosenthal et al., 2014; Lambart, 2017).

Many tools are available to study the contributions of temperature and lithological heterogeneity
in these two types of basalts, for example: rare earth element inversion modelling (INVMEL:
McKenzie and O’Nions, 1991, 1995), major element calculations (PRIMELT: Herzberg and Asi-
mow, 2008, 2015; the thermodynamic model of Jennings and Holland, 2015; Jennings et al.,
2016), trace element and radiogenic isotope composition forward modelling (REEBOX PRO:
Brown and Lesher, 2016), and models combining trace elements, crystallisation temperatures
and magma productivity (Shorttle et al., 2014; Matthews et al., 2016, 2021). However, achiev-
ing success in linking the elemental and radiogenic isotope variability in MORB and OIB to
temperature and/or lithological heterogeneity is complicated by uncertainty in the nature of
enriched lithologies, metasomatism by small volumes of melt (which are usually highly enriched
in incompatible elements, so can overwhelm evidence of the original source lithology), magma
recharge and mixing, diffusional re-equilibration and fractional crystallisation (e.g., Niu and
O’Hara, 2003; Workman et al., 2004; Niu and O’Hara, 2008; Lambart et al., 2013; Matzen et al.,
2017; Gleeson and Gibson, 2019). Stable isotopes of major and minor elements complement
radiogenic isotopes and major element calculations and could provide new constraints on under-
standing global basalt chemistry: stable isotope systems are time-independent, and since their
equilibrium partitioning is a function of mineral chemistry, they are the natural extension of
major element calculations based on thermodynamic data. In addition, some of these stable
isotopes are major elements whose budgets in the mantle source and subsequent erupted melts
reflect contributions from both enriched and depleted lithologies, and are not dominated by

small-degree melt metasomatism.

1.2 Stable isotopes as a probe of mantle temperature and compositional

heterogeneity

Stable isotopes may trace thermal and mineralogical heterogeneity in the mantle through their
temperature and mineral-dependent equilibrium fractionation factors (e.g., Schauble, 2004; Young

et al., 2015). Our understanding of the equilibrium high temperature fractionation effects ex-
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perienced by novel stable isotope systems is improving, and many studies (both theoretical and
from natural samples) suggest controls from mantle temperature and lithology on the isotopic
composition of the melts produced. Previous studies have shown considerable variability in
stable isotope ratios in MORB and OIB even where the geochemical signals of fractional crys-
tallisation are considered to be negligible, or have been removed (Fig. 1), but understanding
the origin of the variability remains challenging. For example, Fig. 1 shows that natural basalt
stable isotope data for the isotope systems considered here have different systematics relative
to the bulk silicate Earth (BSE). Magnesium and V stable isotope compositions in MORB and
OIB scatter both sides of the BSE value, whereas Fe stable isotope compositions of basalts are
heavier than the BSE, and for Cr and Ca basalts are (mostly) isotopically lighter than the BSE.
The Mg and Fe stable isotope compositions of OIB show greater variability than MORB for the
same isotope system, whereas the opposite is true for V stable isotopes (although this may be

a sampling bias, given the greater amount of V isotope data for MORB than OIB).

Modelling of expected stable isotopic behaviour has led to questions about the origin of isotopic
signatures observed in natural samples. For example, some studies have modelled Ca stable
isotope fractionation using composition-dependent inter-mineral fractionation factors and con-
cluded that partial melting of eclogite cannot produce the variability measured in OIB (Chen
et al., 2020a), whereas others have predicted and measured that garnet has a higher §**Ca than
coexisting clinopyroxene (Antonelli et al., 2019; Huang et al., 2019; Kang et al., 2019; Wang
et al., 2019; Chen et al., 2020a; Dai et al., 2020; Smart et al., 2021; Tappe et al., 2021), and have
used this observation to predict that melts from recycled oceanic crust (garnet-bearing eclogite)
will have low §4*Ca, thus explaining the low §**Ca measured in some OIB (Kang et al., 2019;
Dai et al., 2020). Lithological heterogeneity (specifically, recycled pyroxenite) has also been
linked to Mg and Fe isotope variability in MORB and OIB (e.g., Williams and Bizimis, 2014;
Konter et al., 2016; Zhong et al., 2017; Stracke et al., 2018; Nebel et al., 2019; Gleeson et al.,
2020; Sun et al., 2020; Zhong et al., 2021). However, some recent models of Fe and Mg isotope
fractionation have led to uncertainty in whether equilibrium fractionation associated with the
presence of garnet can unambiguously identify a garnet-bearing pyroxenite source lithology in
natural OIB samples (Stracke et al., 2018; Soderman et al., 2021), and whether the heaviest
Fe isotope data in the global dataset can be matched by models of mantle melting (Sun et al.,

2020; Soderman et al., 2021).
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Figure 1: Literature MORB and OIB data for the isotope systems (for sources, see Table S1). Samples are filtered
for 7.2 < MgO wt % < 16, but included if MgO is not known, to limit the effects of fractional crystallisation and
olivine accumulation. Where MORB type is known, samples are classified as N-/T- or E-type (as classified by
Teng et al., 2013); if classification is not known, samples are plotted as N-/T-type. Ca and Mg isotope data is
filtered to exclude samples with 87Sr/ 86Qr > 0.7037, which excludes samples with > 1% carbonate component in
the source (Huang et al., 2011b). The main axis shows the variability in natural data from the BSE value for each
isotope system, scaled by the difference in the atomic mass units (a.m.u.) of the isotopes being measured (e.g.,
for 62%/24Mg, this a.m.u. factor is 2). The coloured bars show 2 S.D. on the BSE estimates. BSE values used are
§%5Mg = —0.24 4 0.06 %o (Stracke et al., 2018), 6**Ca = 0.94 & 0.10 %o (Kang et al., 2017; Chen et al., 2019), 6° Fe
= 0.05 & 0.04 %o (Sossi et al., 2016), 6°*V = —0.91 % 0.09 %0 (Qi et al., 2019), §°3Cr = —0.12 & 0.04 %o (Jerram
et al., 2020). The pale secondary axis for each isotope shows the raw isotope ratios. The isotope ratios and
reference materials used in the delta notation throughout are: §2%/2*Mg [DSM3]; §*4/4°Ca [SRM915a]; §°7/>4Fe
[IRMM-014]; 6°1/5°V [AA]; 6°3/52Cr [NIST979].

Given the framework of MORB and OIB data that we now have (Fig. 1), growing theoretical
information on bond strength and predicted inter-mineral fractionations for multiple stable iso-
tope systems, and a variety of published isotope fractionation models that both can and cannot

explain all the natural data, it is timely to develop a self-consistent model for the behaviour of
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multiple stable isotopes during mantle melting. Here we use a thermodynamically self-consistent
model for mantle melting of three lithologies (peridotite and two different pyroxenites), combined
with a model for equilibrium Mg-Ca-Fe-V-Cr stable isotope fractionation responding to changes
in mantle mineralogy, intrinsic variations in oxygen fugacity (i.e., at constant O content), tem-
perature and pressure. These models allow us to investigate the potential for the stable isotope

composition of basalts to be a tracer of mantle temperature and lithological heterogeneity.

1.3 Approach

This contribution explores the behaviour of Mg-Ca-Fe-V-Cr stable isotopes during mantle melt-
ing, expanding on work on Fe stable isotope behaviour presented in Soderman et al. (2021).
These isotope systems were chosen as they have been documented to show resolvable mineral-
specific fractionation effects that may make them sensitive to partial melting or source lithology
effects (e.g., Konter et al., 2016; Xia et al., 2017; Stracke et al., 2018; Wu et al., 2018; Kang
et al., 2019; Nebel et al., 2019; Dai et al., 2020; Gleeson et al., 2020; Shen et al., 2020; Novella
et al., 2020), and their bonding environments and/or expected isotopic fractionation in mantle
minerals and melt are sufficiently well-studied to provide reasonable inputs for an isotopic frac-
tionation model. The isotope systems represent both major and trace elements in basalts, and
monovalent and heterovalent elements. The major elements (Mg, Ca, Fe) are abundant in the
mantle with comparable or lower concentrations in pelitic sediments and crustal material (Plank
and Langmuir, 1998; Rudnick and Gao, 2003; Workman and Hart, 2005), meaning the isotopic
signatures of mantle components are not easily affected by metasomatism, and their isotopic
compositions in basalts should track the bulk mass contributions of both fertile and depleted
mantle lithologies to the melt. This is an important property of major element stable isotope
systems that contrasts with radiogenic isotope systems of incompatible trace elements, which
cannot probe the proportions of different lithologies directly, as incompatible element concen-
tration vary widely between enriched and depleted mantle lithologies. We note that carbonates,
whose presence have been invoked in the source regions of mantle melts (e.g., Huang et al.,
2011b; Liu et al., 2017a; Wang et al., 2018), have Ca concentrations ~ 10 times higher than
the mantle (e.g., Huang et al., 2011b), but we do not discuss carbonates here; instead we filter

natural data used in this study by 37Sr/30Sr to exclude significant contributions from carbonate
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components.

Section 2 contains a description of the combined thermodynamic melting and equilibrium isotope
fractionation model. The model was used to calculate the equilibrium isotopic composition of
mantle melts from different lithologies over P-T space, and a summary of the results is presented

in this section.

Sections 3 and 4 address the degree to which different stable isotope measurements (individual
isotope systems, or in combination) can identify the relative importance of mantle temperature
variability and mantle lithological heterogeneity in generating the observed variability in basalts.
We also discuss where stable isotope systems have the potential to be useful in identifying these

processes, if measurement uncertainties can be reduced.

Finally, Section 5 combines MORB and OIB data for the isotope systems studied with the
modelled equilibrium melts, to assess to what extent our present understanding of the isotope
behaviour can explain global basalt variability. We do not include arc basalts in our discussion
for a number of reasons, including but not limited to the complicating effects of HoO, slab fluids
and redox variability in an arc setting, which have been linked to stable Fe and Mg isotope
variability recorded in arc basalts (e.g., Dauphas et al., 2009; Nebel et al., 2013, 2015; Sossi
et al., 2016; Teng et al., 2016; Li et al., 2017; Brewer et al., 2018; Hu et al., 2020) and which

are beyond the applicable scope of the modelling presented here.

2 Modelling equilibrium isotopic composition of mantle melts

We calculated the equilibrium melting isotopic fractionation over P-T space for 526/ 2Mg,
§44/40Ca, §57/54Fe, §51/50V and §53/52Cr for three representative mantle lithologies, following
the model outlined in Soderman et al. (2021). We used the calculated modal mineralogies over
P-T space of KLB1 peridotite (a commonly used experimental composition used as an analogue
for the upper mantle; Davis et al., 2009) and G2 silica-excess pyroxenite (an important MORB-
like bulk composition in melting experiments and models from Pertermann and Hirschmann,
2003a,b and Lambart et al., 2016) presented in Soderman et al. (2021). Following the methods

used for KLLB1 and G2, we also calculated the P-T-dependent modal mineralogy of MIX1G, a
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silica-deficient pyroxenite which plots close to the average global pyroxenite composition and
can be considered as a mixture between KLB1 and MORB (Lambart et al., 2016), i.e., recycled
crust mixed with ambient mantle. Calculations were performed using the dataset of Holland and
Powell (2011) and activity-composition (a-X) models of Holland et al. (2018), implemented in
THERMOCALC (Powell et al., 1998); see Section 2 in Appendix for details. This set of lithologies
spans a range of fertile compositions, both ambient mantle and those derived from recycled crust,
thought to be present in the mantle (Hirschmann and Stolper, 1996; Shorttle and Maclennan,
2011; Lambart et al., 2016; Mallik et al., 2021).

The THERMOCALC output includes the proportion of each phase present and information on the
composition of each phase at any P-T point, including the distribution of elements on available
cation sites. These results allow the equilibrium isotopic composition of the phases present
(including melts) to be calculated for each isotope system, based on calculated equilibrium

isotope fractionation factors, a* B, between the phases A and B that are present, where

e (),

— N 0 (1)
(Tl)B

and X represents the amount of each isotope 1 or 2 of an element. To facilitate comparisons

>

| >
e

between different lithologies and isotope systems, results are all expressed relative to a bulk
system of 0 %o, for convenience (although we recognise that different mantle components may
have non-zero initial bulk stable isotope compositions for the stable isotope systems considered
here). Iron isotope compositions of minerals and melts were calculated for MIX1G, following
Soderman et al. (2021); and Ca, Mg, Cr and V isotope compositions were newly calculated for
all three lithologies (full set of results for isotopes and lithologies in Section 3 of the Appendix,
and Electronic Annex). The approach of the model for each isotope is described briefly below,

with full details in the Appendix.

We cannot consider HoO in our phase-equilibrium calculations, as the THERMOCALC peridotite
dataset used does not account for HoO accommodation in the mantle phases (Holland et al.,
2018). However, for the comparison of our models to MORB and OIB, we consider this dry
system to be suitable: non-arc mantle is generally considered to have small amounts of water

stored in nominally anhydrous minerals (Bell and Rossman, 1992; Hirschmann et al., 2005).
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While H2O, if present in the mantle source, would result in a deeper onset of melting than in
dry melting, it does not result in significant changes to the maximum extent of melting and
most water would be extracted in the first degrees of melting (e.g., Hirth and Kohlstedt, 1996;
Hirschmann et al., 1999; Katz et al., 2003), so we consider that the HyO concentrations will be
very low throughout most of the melting region. Therefore, the conclusions reached here will

not be significantly changed by the inclusion of water in the thermodynamic system.

2.1 Ca, Mg and Fe

The partitioning of Ca, Mg and Fe (Fe?t and Fe3T) between the phases present at any P-T
point was taken from the THERMOCALC results. To calculate the isotope fractionation factors
() for Ca and Mg isotopes between each phase, published temperature-dependent S-values (a

reduced partition function ratio; Young et al., 2015) are used, where

ar P = : (2)

Bulk g-values for each mineral (i.e., not using crystal site occupancy information) are calculated
based on vibrational frequencies from first-principle calculations, and are taken from Antonelli
et al. (2019) for Ca isotopes and Huang et al. (2013) for Mg isotopes. Where suitable [-values
are not published, as for Fe, a factors can be calculated using cation-oxygen bond force constants
in each crystal site for the minerals,

[Ka — K]

In(a*B)=C PR

(3)

where C is a constant dependent on the isotopes and element being considered (e.g., Sossi and
O’Neill, 2017), T is the temperature in Kelvin, and K5 and Kg refer to the cation-oxygen force
constants in minerals A and B. These force constants are based on an ionic bonding model for
Fe (Sossi and O’Neill, 2017), as employed in Macris et al. (2015); Young et al. (2015); Soderman
et al. (2021); Williams et al. (2021).
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2.2 V and Cr

The THERMOCALC a-X models of Holland et al. (2018) do not model V partitioning, nor het-
erovalent Cr (Cr is assumed to have a valence of 3+ in the Holland et al., 2018 models). There-
fore, the proportion of V3+/4+/5+ was calculated following Toplis and Corgne (2002), using the
FeO/Fey03 ratio of the melt (calculated in THERMOCALC) at each point in P-T space. The

2+/3+ was calculated using the parameterisation of Berry et al. (2021), with

proportion of Cr
fO5 at each point calculated using the ‘fOomelt’ software (Holland et al., 2018), hence Cr spe-
ciation also depends on the Fe redox equilibria. Here, we note that the requirement to handle
heterovalent Cr and V outside of the THERMOCALC calculations means that the calculations
of the redox state (hence, ultimately isotopic fractionation) are not fully self-consistent for the
redox-sensitive elements. The Cr3t /Cr, V4T /V and V3T /V ratios change across P-T space
without taking oxygen from anywhere else (i.e., the Fe3T /Fer ratio calculated at each P-T point
does not vary when Cr and V redox equilibria are considered). Instead, the calculations of the
valence states of Cr and V at each P-T point are dictated by the calculated Fe redox equilibria
at that point. Nonetheless, tying the redox equilibria of Cr and V to that of Fe is a reasonable
approximation of the natural system, given that the abundance of Fe in the mantle is signifi-
cantly greater than that of the other redox-variable elements (Anenburg and O’Neill, 2019; see
also Appendix Section 3.5 for the oxygen distribution in our models). As a consequence of our
model’s implentation of Cr/V redox, the changes in Cr/V speciation in the model will represent
upper limits: i.e., in a more complex system coupled Fe-Cr-V redox equilbria will dampen the

variability of Fe* /Fer, Cr3t /Crr and V45t /V1 compared to our models.

The total V and Cr in the system were partitioned, dependent on the relative proportions of
each valence state, between the phases present based on valence-specific partition coeflicients
from Mallmann and O’Neill (2009). The « factors for V were calculated following the approach
used for Mg and Ca above, using 3V values for V in solution systems from Wu et al. (2015),
extrapolated to magmatic systems at high temperature following Wu et al. (2018). For Cr, «
factors were calculated from Cr-O force constants following an ionic model (Shen et al., 2018,

2020), as for Fe isotopes (Soderman et al., 2021).
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2.3 Results

The results of the THERMOCALC calculations and subsequent melt stable isotope composition
calculations are given in the Electronic Annex and Section 3 of the Appendix. A summary of
the modelled equilibrium isotopic fractionation of peridotite melts (relative to the source), is
shown in Fig. 2. Melt isotope ratios are shown along isentropic decompression melting paths
calculated from THERMOCALC output — the isentropic approach (McKenzie, 1984; McKenzie
and Bickle, 1988) assumes the adiabatic upwelling of the mantle is reversible, which is generally
considered to be a good approximation of decompression melting in the mantle (e.g., McKenzie,

1984; McKenzie and Bickle, 1988; Asimow, 2002).

5 KLB1 F=0.18 F=025 F=0.35 Anmeit — source: A"Mg (%o) A*Ca (%o) ASFe (%o) A5V (%o) ASCr (%o)
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Figure 2: The left hand panel shows the pseudosection for KLLB1 peridotite calculated in THERMOCALC, with the
solidus and liquidus marked in bold, and three isentropic melting paths also calculated using THERMOCALC. The
average pressure of melting for each isentrope (see Appendix Section 6) is shown by the small circles, and maximum
melt fraction (F) labelled at the top of each isentrope. The right hand panels show the modelled instantaneous
equilibrium melt isotopic fractionation relative to the bulk isotopic composition along both isentropes. Key
mineralogical controls on the isotopic composition of the melt are highlighted (colour-coded by the isentropic
path they refer to; here both for T, = 1530°C). Vertical grey bars show the source composition (0 %o) with
typical sample 2 S.E. analytical precision for each isotope system. The analytical precisions used are based on
representative errors from recent studies: for Mg from Wang et al. (2021), for Ca from Zhu et al. (2018, 2020a);
Chen et al. (2020a), for Fe from Soderman et al. (2021), for V from Wu et al. (2018); Novella et al. (2020), for
Cr from Sossi et al. (2018). Note that long-term analytical 2 S.D. uncertainty is usually greater than sample 2
S.E. for each isotope system; see Table 1.

Table 1 summarises how the modelled stable isotope compositions of pyroxenite melts compare
to the peridotite melts from Fig. 2. Due to the wider range of melting degrees reached by

pyroxenites compared to peridotite for a given T, generally the pyroxenite melts show a wider
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range of isotope ratios than peridotite melts for the same T,.

Table 1: Maximum magnitude Amelt—source for modelled isentropic decompression melting of KLB1 (peridotite),
MIX1G (silica-deficient pyroxenite) and G2 (silica-excess pyroxenite), all following KLB1 isentropes, when T, =
1300°C (‘cold’), T}, = 1400 °C (‘mid’) and T), = 1530 °C (‘hot’). Typical analytical uncertainties used throughout
this study are also given.

Maximum modelled melt-source fractionation

Lithology  Temperature AMg  A*Ca ASFe APV AP3Cr
cold —0.019 —-0.092 0.058 0.092 —0.031
KLB1 mid —0.015 —0.083 0.058 0.078 —0.029
hot —0.012 —0.085 0.052 0.067 —0.026
cold —0.081 —0.081 0.050 0.093 —0.058
MIX1G mid —0.024 —-0.137 0.045 0.090 —0.049
hot 0.099 —0.087 0.026 0.022 —0.036
cold 0.088 —0.125 0.048 0.074 —0.095
G2 mid 0.088 —0.113  0.036  0.041 —0.054
hot 0.00 0.00 0.00 0.00 0.00
1 S.D. long-term analytical precision  0.03 0.07 0.025 0.04 0.02
2 S.E. typical sample error 0.02 0.05 0.02 0.05 0.01

3 Stable isotope sensitivity to mantle temperature variations

To explore the sensitivity of stable isotopes in basalts to variations in mantle potential tem-
perature, we use the results of the equilibrium melt fractionation model for KLBI1, since for
MORB, the dominant source lithology is peridotite (Hirschmann and Stolper, 1996; Sobolev
et al., 2007). Generally, all equilibrium source-melt isotopic fractionations are expected to de-
crease in magnitude with increased temperature (e.g., Bigeleisen and Mayer, 1947), although
this effect will be small at high temperatures (typically scaling with 1/T?). However, the com-
plexity of mineral reactions during melting and the mineral-specific fractionation effects shown
by the stable isotope systems means some isotopes may show larger temperature (and extent
of melting) sensitivity than others as modal mineralogy and mineral chemistry changes across
P-T space. When using stable isotopes as a tool to understand mantle melting processes and
source compositions, we are interested in two aspects of equilibrium stable isotope fractionation:
1) the mineralogy-dependent fractionation on melting, and 2) the degree-of-melting-dependent

fractionation.

MORB generated from different mantle potential temperatures will vary in 1) the modal miner-
alogy of their mantle source, 2) source oxygen fugacity (fO2), as this changes with pressure and

temperature (e.g., Stolper et al., 2020), and 3) the degree of partial melting of the mantle source
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(Fig. 2; also Fig. S9). For MORB, the mean pressure and composition of melts produced in
the mantle, hence the aggregate MORB composition, can be calculated using equations for 2D
melting regimes (e.g., Klein and Langmuir, 1987; McKenzie and Bickle, 1988; Langmuir et al.,
1992; Asimow et al., 2001), and show that the mean melting pressure varies from ~ 12kbar
for mantle potential temperatures around 1300 °C, to > 25 kbar for potential temperatures over
1500°C. The THERMOCALC results show that increasing mantle temperature, with a corre-
sponding deepening of the average pressure of melting reflecting the ‘aggregate’ melt, leads to
progressively increasing melt fraction and progressively decreasing Fe* /Fer in the melt (due
to changing mineral chemistry; Stolper et al., 2020), with minimal changes in the proportions
of solid phases in the stable assemblage at the mean melting pressure for each T, (Figs. 2,
3: see Section 6 in Appendix for details of the average melt pressure calculation). Therefore,
the stable isotope compositions of melts could be dependent on mantle temperature through
an fO9 dependence, which will arise due to the existence of multiple valence states, and the
different melt partitioning behaviour of each valence state of the cation (e.g., Fe, Cr and V).
Isotopes that are most sensitive to melting degree, such as those with large magnitude melt-
source isotope fractionations at low melting degrees, may also show temperature-related melt

isotope composition variations.

Fig. 4 shows how the estimated isotopic composition of aggregate melts relative to the source,
taken as the isotope ratio of the melt at the mean pressure of melting for each temperature,
varies with mantle potential temperature. Using the mean melting pressure approach, which
is a simplification of polybaric melting occurring in the Earth (Langmuir et al., 1992), gives
similar results to polybaric decompression melting (see Appendix Section 6 for a comparison of
the approaches). The approach used here does not reflect accumulated fractional melting — the
mean pressure of melting is in the spinel stability field, and therefore the isotope ratios of the
final aggregate melts do not show a clear garnet signature. The isotope fractionation models
show that relatively large magnitude temperature-related effects are seen in the heterovalent
Fe and V isotope systems, in agreement with predictions above that fOs sensitivity will be the
driver of T)-related isotopic fractionation variation. The Cr isotope ratio of the melt does not
show large variability with potential temperature despite being a heterovalent system — this is
because the Cr?* /Crr ratio in the system is dependent on pressure and temperature, as well as

fO2 (Berry et al., 2021). Therefore, the fO; effect is not dominant when changing T,,, in contrast
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Figure 3: The mass fraction of phases present in the equilibrium KLB1 mineral assemblage and melt Fe** /Fer,
at the mean pressure of melt generation calculated for increasing mantle potential temperature. Mantle potential
temperature, T, is calculated by assuming a linear interpolation between the isentropes calculated in THER-
MocALc for T, = 1300, 1400 and 1530 °C. The solid phase proportions are fractions of the whole assemblage
(including melt). The average pressure of melting was calculated for T}, = 1300, 1400 and 1530 °C (see details in
Appendix Section 6), and interpolated between.

to V stable isotopes where the V valence state parameterisation is only linked to the Fe3* /Fer
at any point. Calcium isotope compositions of accumulated mantle melts also show dependence
on temperature. This variation is linked to the increase in average melt fraction with increasing
temperature; this effect is large for Ca compared to Mg isotopes, the other monovalent system,
because of the much larger magnitude of melt-source Ca isotope fractionation (nearly 0.1 %o at

low melt fraction), which results in an increased sensitivity to melting degree.

The relative enrichment of the heavy stable isotopes of Fe and V in the melt relative to the
source (because oxidised, isotopically heavy cations behave more incompatibly during mantle
melting than the reduced, isotopically lighter cations of the same element; Canil, 1999; Toplis
and Corgne, 2002; Williams et al., 2004; Dauphas et al., 2009; Mallmann and O’Neill, 2009,
2013; Davis et al., 2013) decreases with increasing T, (Fig. 4), and is qualitatively consistent
with the positive §°1V-Nagg correlation in global MORB (Wu et al., 2018; Qi et al., 2019;
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Novella et al., 2020; Nag g is the NasO content corrected for crystallisation to MgO = 8 wt %, and
therefore removes the variable chemical effects of low-pressure processes allowing for more direct
comparison between samples). However, the predicted magnitude of V isotope variability with
T, is smaller than the range of MORB V isotope data presented by Wu et al. (2018). Due to the
enrichment of melts with heavy isotopes, MORB should have a higher §°'V than fertile mantle.
This is in agreement with observed data: Wu et al. (2018) measure an average global MORB
value of —0.84 £ 0.10 %o (2 S.D.), Qi et al. (2019) propose BSE is —0.91 & 0.09 %o (2 S.D.) based
on the isotopic composition of peridotite xenoliths and komatiites. Similar behaviour is observed
for Fe isotopes: global MORB, after correction for fractional crystallisation, has §°"Fe = 0.10 +
0.01%0 (2 S.E.); BSE is estimated at 0.05 £ 0.01 %o (2 S.E.) from primitive lherzolites (Sossi
et al., 2016). The magnitude of the modelled A°'V it source and A%TFeeit —source Of aggregate
KLB1 melts at T}, ~ 1300°C (~ 0.055 %o for both isotope systems) is similar to the 0.07 %o
and 0.05 %o difference observed between BSE and average MORB for V and Fe, respectively.
However, we note that the large uncertainties on the §°'V values estimated for the BSE and
MORB mean that the A°'V, it —source predicted by the model would match the BSE and MORB

data for all T,

Fig. 4b shows how the magnitude of isotopic variability across the T, range compares to
typical long-term analytical precision for each isotope system (see Table 1 for the errors used),
highlighting that the magnitude of variability in the isotope ratio of melts produced between
T, = 1300°C and 1530 °C (a reasonable T), range for melt generation at mid-ocean ridges and
mantle plumes) is currently analytically unresolvable. Even considering analytical uncertainty
in individual measurement sessions (i.e., the typical sample 2 S.E. rather than the long-term
uncertainty; Table 1), the temperature-related variations associated with varying melt Fe3* /Fer
and modal mineralogy are not resolvable in the modelled average melt isotope ratios. The
analytical precision therefore currently precludes mantle temperature variations in the global
MORB dataset being resolved; this is consistent with Sossi et al. (2016) finding a homogenous
global MORB 6°7Fe, despite global MORB major element chemistry indicating 200 °C variability
(Gale et al., 2014). We note that the Mg and Cr stable isotope compositions of basalts are
unlikely to be sensitive to temperature effects even with improved analytical precision; significant
improvements in V and Ca analytical precision (both currently systems with relatively large

errors), down to 2 S.D. of < 0.04 %o, offer the most potential to resolve the predicted temperature-
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related variations.
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Figure 4: a) The estimated average isotopic fractionation of accumulated model peridotite melts relative to the
source, across reasonable mid-ocean ridge and mantle plume temperatures. Mantle potential temperature, T,
is calculated as in Fig. 3, and the average melt fractionation is taken as the fractionation at the mean melting
pressure at each temperature (see details in the text, Fig. 3, Appendix Section 6). b) The z score is calculated
as (Amelt—source(T) — Ameit—source (T =1400°C))/1 o typical analytical precision, for each isotope system. This
calculation reflects how the magnitude of expected isotopic variability compares to reasonable measurable isotopic
differences: a z score of 1 represents predicted isotopic variability resolvable at typical 1o uncertainty. The errors
used are the representative long-term analytical uncertainty for each isotope system; see Table S2.

4 Lithological heterogeneity

We next investigate the use of stable isotopes as tracers of lithological heterogeneity in the
mantle, using two pyroxenite lithologies, MIX1G (silica deficient, SD pyroxenite) and G2 (silica
excess, SE pyroxenite). Silica-deficient pyroxenites may be the most representative type of
pyroxenites found in the convecting mantle (the majority of pyroxenite xenoliths sampled in
OIB are SD; Lambart et al., 2016 — natural SD pyroxenites are considered to be formed by
metasomatism of peridotite by eclogite melts, as shown in experiments; Yaxley and Green, 1998;
Yaxley, 2000; Mallik and Dasgupta, 2012). Natural SE pyroxenites include eclogites (Lambart
et al., 2016).
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4.1 Mineralogic control on melt isotope composition

Fig. 5 shows the pseudosections and melt isotope ratios along peridotite isentropic decom-
pression melting paths (see Fig. 2) for the two pyroxenite lithologies considered in this study.
We have used peridotite isentropes since the thermal budget of multi-lithologic mantle will
be buffered by melting of the dominant lherzolitic peridotite lithology, not pyroxenite melting
(Phipps Morgan, 2001; Katz and Rudge, 2011). For example, peridotite (lherzolite + harzbur-
gite) is estimated to make up > 95 % of the multi-lithologic mantle in the MORB mantle source
(e.g., Hirschmann and Stolper, 1996; Matthews et al., 2016), and > 90 % of the Icelandic mantle
source (e.g., Shorttle et al., 2014). While a multi-lithologic mantle will not follow pure peri-
dotite isentropic decompression paths, we consider this approach the most realistic reflection
of mantle melting processes. Isentropic decompression melting paths for pure MIX1G and G2
are shown in Figs. S10 and S11 for reference. The melt isotope ratios shown in Fig. 5 are
all calculated relative to a bulk system isotopic composition of 0 %o, for convenience. In this
respect Fig. 5 is strictly looking at the direct lithological (i.e., mineralogic) control on the stable
isotope composition of melts independent of any additional source compositional effects that
may have been imprinted by the processes forming the source in the first place. For example,
MORBSs (and hence MORB-derived mantle components) are isotopically distinct from the BSE,
due to their formation by partial melting (Fig. 2), crystal fractionation, and low temperature
alteration by the time of their subduction (e.g., as for 6°"Fe; Teng et al., 2013; Sossi et al.,
2016, 6**Ca; Zhu et al., 2018; Chen et al., 2020b; Antonelli and Simon, 2020 and 6°'V; Wu
et al., 2018). If MORB, or MORB-derived components, then form part of the mantle source
during a subsequent melting episode, the new melts will be isotopically fractionated compared
to lherzolite melts both because of their distinct mineralogy and their inherited initial isotope

compositions. This subject is considered further in Sections 4.2 and 5.

We first consider how the isotopic composition of pyroxenite melts compares to peridotite melts
(Table 1) in the context of the two questions posed in Section 3: the magnitude of melt-source
isotopic fractionation, and how melt-source isotopic fractionation varies with progressive melting.
Generally, the pyroxenite melts show a wider range of melt isotope ratios than peridotite melts
for the same T, (compare Figs. 2 and 5; see also Fig. S13), because the pyroxenite melts

represent a wider range of melting degrees than the peridotite and a greater proportion of
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Figure 5: As in Fig. 2, the left hand panels show the pseudosections calculated in THERMOCALC for MIX1G
(top) and G2 (bottom) pyroxenites, with the solidus and liquidus marked in bold. Isentropic melting paths for
peridotite calculated using THERMOCALC for T, = 1300 °C, 1400 °C and 1530 °C are superimposed. For MIX1G,
maximum melt fractions (F) are marked at the top of each isentrope (for G2 F = 1). The right hand panels
show the modelled instantaneous equilibrium melt isotopic fractionation relative to the bulk isotopic composition
(Amelt—source) along the isentropes. The T, = 1530 °C isentrope has not been shown on G2 as the isentrope
sits hotter than the liquidus. Key mineralogical controls on the isotopic composition of the melt are highlighted
(colour-coded by the isentropic path they refer to). Vertical grey bars show the source composition (0% for
convenience) with typical 2 S.E. sample error for each isotope system — see Table S2 for details.

9 these melts are generated in the garnet stability field (garnet generally imparts a large isotopic
w0 fractionation compared to olivine and pyroxene; see full results in Appendix). While we find

w61 that V stable isotopes are predicted to have no direct sensitivity to different source lithologies
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(because the modelled APV a1t —source for peridotite and pyroxenite lithologies are both similar
to each other and well within current analytical precision), our results show that Fe, Cr, Ca and
Mg could show some direct sensitivity to mantle lithology (Fig. S13). Progressive melting of a
garnet-bearing source (such as G2, or MIX1G at depth) produces the opposite sense of melt-
source isotope fractionation in Mg and Ca isotopes (both in direction, i.e., positive or negative
Apelt—sources and trend, i.e., Apelt—source DeCOmMing more negative or more positive; Figs. 2, 5)
due to the presence of isotopically light and heavy garnet respectively (A%Mggametfsource ~
—0.3 %o; A44Cagamet_soume ~ 0.25%¢). Therefore, if lithological heterogeneity (specifically, the
proportion of garnet in a melt source) is the principal control on the chemical heterogeneity of
a suite of basalts, the two isotope systems should show a negative correlation. This relationship
is shown in Fig. 6 for MIX1G melts. Fig. 6 also shows how the isotopic compositions of the
melts might be predicted to relate to a more traditional geochemical tracer of garnet in the
source region, Sm/Yb ratio (e.g., Pertermann et al., 2004; details of the calculation in Appendix
Section 7), and similar patterns would be predicted for other garnet tracers such as Dy/Yb
(Fig. S10). The correlation between Ca isotopes and garnet-sensitive trace element ratios is in
agreement with measurements and predictions by Wang et al. (2019); Antonelli et al. (2021).
Magnesium-Ca isotope systematics of basalts could therefore have future potential as a tracer
of garnet (hence, depth of melting and/or lithological heterogeneity) in the mantle source, as
predicted for both stable isotope systems individually (e.g., Stracke et al., 2018; Kang et al.,
2019; Wang et al., 2019; Dai et al., 2020; Antonelli et al., 2021).

However, further work on the effect of garnet on A**Cayelt—source Dy taking garnet composi-
tion into account, following measurements by Chen et al. (2020a) and predicted composition-
dependent 3 from Antonelli et al. (2019), is required. We note that Antonelli et al. (2019) pre-
dict that composition-dependent isotope fractionation effects (‘concentration effects’) for other
mineral solid solutions (olivine, pyroxene) are smaller using their PBE (Perdew, Burke, Ernz-
erhof) functionals to calculate g relative to previous studies that have employed different ap-
proaches (LDA functionals; e.g., Feng et al., 2014; Wang et al., 2017), which supports only small
concentration effects in garnet. Currently, typical analytical precision on Ca isotope measure-
ments (long-term external 2 S.D. of §*4Ca = 0.14 %o on the SRM915b standard, although typical
2 S.E. on measurements of individual samples is smaller, average 0.05 %o, Chen et al., 2019; Dai

et al., 2020) precludes some of the predicted equilibrium variability in A*Capelt—source due to
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the presence of garnet from being resolved (Fig. 6). However, as analytical precision improves,

the garnet signature in Mg-Ca isotopes could be further tested.

MIX1G melts
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Figure 6: Instantaneous equilibrium melt-source Mg and Ca stable isotope fractionation for MIX1G melts pro-
duced at depths greater than 70km (i.e., where garnet is present in the source) along a peridotitic isentropic
decompression melting path (T, = 1400°C). Grey shading shows the source (0%0) + typical 1 S.D. long-term
analytical error (Table S2). Details of trace element modelling in Section 7 of the Appendix.

However, whether melts from pyroxenite lithologies will ultimately be resolvable in an erupted
melt will depend on two factors in addition to the direct mineralogic control: the bulk isotope
composition of a pyroxenite lithology relative to peridotite, and the amount of each element

that each of the melting lithologies contributes to the final melt.

4.2 Resolving pyroxenite source components in erupted melts

Fig. 7 shows the results of mass balance calculations for the aggregate bulk melt-source isotope
fractionation of a multi-lithologic mantle relative to a pure pyroxenite source, with varying

proportions of pyroxenite. The peridotite lithology is taken to have a bulk isotope composition
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equal to BSE (see Fig. 5 caption for data sources; isotopic reference materials used are DSM3,
SRM915a, IRMM-014, AA, NIST979 for Mg-Ca-Fe-V-Cr respectively); pyroxenite lithologies
are taken to have a bulk isotope composition of average MORB for each isotope, except for
Cr where no known MORB data are published and the modelled aggregate KLB1 melt isotope
composition for T, = 1300 °C is used. Full details of the mass balance calculation are found in
Section 9 of the Appendix. The right hand panels show the same data referenced to the pure
peridotite melt, allowing a simple assessment of the required analytical precision if pyroxenite
is to be detected by each system. Fig. S14 shows the same data as Fig. 7, instead scaled to
typical current 1 S.D. analytical precision. Each isotope system is shown with a range of isotope
compositions, reflecting two end-member conditions of thermal behaviour of the pyroxenite in
multi-lithologic mantle. The bold line reflects a pyroxenite decompressing along a peridotite
decompression path, as used in Fig. 5. This approximation will be most valid for small (<
10 %) pyroxenite fractions. The other end-member is pyroxenite following its own decompression
melting path (the paths shown in Figs. S10 and S11). We acknowledge that these results are still
an approximation, as peridotite is assumed to be melting along its own geotherm regardless of
pyroxenite fraction. From Figs. 7 and S14, we find that none of the considered isotope systems
will be able to resolve the presence of minor (less than ~ 5 %) pyroxenite components in mantle

source regions, given levels of current analytical precision as given in Table S2.

4.2.1 Isotope systems with minimal sensitivity to pyroxenite: V and Ca

Our results show that the presence of even moderate amounts of pyroxenite in the mantle
source cannot be resolved using V stable isotopes, assuming a MORB-like bulk pyroxenite
isotope composition. This result is consistent with Novella et al. (2020) who show that §°'V
cannot detect pyroxenite in the source of Reykjanes Ridge basalts. Given the similar predicted
V isotope compositions of pyroxenite and peridotite melts, with pyroxenite fractions up to 40 %
producing bulk melt isotope compositions that only differ from a peridotite source by < 0.03 %o
(Fig. 7), improvements in V stable isotope analytical precision are unlikely to make V isotopes

sensitive to the pyroxenite lithologies modelled here.

We also predict that partial melting of peridotite and pyroxenite produces unresolvable Ca iso-

topic fractionation relative to the source (for peridotite, A*Cappelt—source Smaller than —0.09 %o;
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Figure 7: Aggregate bulk melt isotope fractionation (relative to a pure peridotite source, left hand panels; relative
to pure peridotite melt; right hand panels) for multi-lithologic mantle. At each T, the aggregate melt composition
(including isotope composition, and element proportion) at the average pressure and temperature of melting for
each lithology is used to calculate the resulting bulk melt isotope composition by mass balance. A range of bulk
melt-source isotope fractionations are given for each isotope system, reflecting two endmembers for the thermal
behaviour of pyroxenite upwelling in a peridotite host. The bolder line represents the case for pyroxenite following
peridotite geotherms (as used throughout this study); the paler line reflects pyroxenite following its own geotherm,
as in Figs. S10 and S11.
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Fig. 2, in agreement with Kang et al., 2017; Chen et al., 2019 but smaller than A**Capelt _residue
= —0.09 — —0.2 %o suggested by Zhu et al., 2018; Ionov et al., 2019; Chen et al., 2020b). Al-
though bulk MORB-like pyroxenite may have an isotopically lighter composition than peridotite
(see Fig. 8), which is further amplified by negative melt-source isotopic fractionation to produce
pyroxenite melts that are isotopically lighter than peridotite melts, Fig. 7 suggests that Ca
isotope ratios measured with current typical long-term uncertainty will only be able to detect
MORB-like pyroxenite in a mantle source if the proportion of pyroxenite is greater than 30 %
(which may be unrealistic of multi-lithologic mantle, e.g., Sobolev et al., 2005; Pietruszka et al.,
2013; Shorttle et al., 2014; Matthews et al., 2016; Brown et al., 2020). When considering a cur-
rent best 2 S.E., this detection limit only improves to ~ 20% of pyroxenite in the source. The
small variability in melt isotope ratios with increasing pyroxenite fraction compared to resolv-
able variability is consistent with DMM, EM1 and HIMU basalts recording no resolvable §44Ca
variability (Valdes et al., 2014), and measured mantle pyroxenites and associated peridotites
recording indistinguishable §**Ca (Dai et al., 2020). However, even a small improvement in
analytical precision could enable greater sensitivity to pyroxenite fraction: for example Figs. 7a
and S14 show that ~ 15 % of G2 pyroxenite in a mantle source produces an isotopic offset in the
bulk melt of —0.05 %o relative to a pure peridotite source. Given that the typical 2 S.E. for §*4Ca
is around 0.05 %o (Table S2), there is potential for these small pyroxenite fraction signatures to
be theoretically resolved with only minor improvements in analytical precision. We note that
currently resolvable variability in the measured §44Ca of igneous rocks is found (specifically in
ultramafic rocks including dunites and komatiites), but that pyroxenite source contributions are

not proposed to be the origin of this §*4Ca heterogeneity (Antonelli and Simon, 2020).

4.2.2 Distinguishing lithologies: Fe, Mg, Cr

The Fe isotope variability of MORB and OIB has been previously linked to source heterogeneity
(e.g., Williams and Bizimis, 2014; Konter et al., 2016; Nebel et al., 2019; Sun et al., 2020; Zhong
et al., 2021), through the inherent (initial; presumably derived from its formation or protolith)
Fe isotope compositions of the different source components, rather than directly through any
large mineralogy-dependent partial melting Fe isotope fractionation. Consistent with these

conclusions, we find that the calculated partial melting A% Fe fractionations are small (< 0.06 %o)
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for peridotite and pyroxenite lithologies (in agreement with previous studies, e.g., Dauphas et al.,
2009; Williams and Bizimis, 2014; Sossi et al., 2016; Gleeson et al., 2020; Soderman et al., 2021).
We also find that the main driver of melt Fe isotope ratio sensitivity to pyroxenite fraction
(Fig. 7) is the expectation that MORB-like pyroxenite will have a heavier bulk Fe isotope
ratio than peridotite, which in combination with a positive melt-source isotopic fractionation
drives pyroxenite melts to heavier isotope compositions than peridotite melts. The contribution
of high §°"Fe pyroxenite melts (from both SD and SE pyroxenites) compared to melting of a
pure peridotite source is resolvable at greater than 8-9 % pyroxenite with current typical 1 S.D.
(Figs. 7, S14), making Fe isotopes one of the most sensitive systems to source considered here,
although it should be noted that equilibrium isotopic fractionation associated with pyroxenite
sources cannot generate the full range of natural stable isotope OIB data from a single stage
melting model (Soderman et al., 2021, see Section 5). For G2 pyroxenite however, the choice of
thermal behaviour of the pyroxenite (i.e., whether the upwelling pyroxenite component follows
a peridotite or pyroxenite decompression path) strongly affects the sensitivity to pyroxenite
fraction. At high proportions of G2 pyroxenite, when a pyroxenite decompression path becomes
more appropriate, the multi-lithologic mantle melt may no longer be resolvable from a pure

peridotite source (Fig. 7d).

In agreement with most existing studies (e.g., Teng et al., 2007, 2010; Huang et al., 2011a;
Stracke et al., 2018), but in contrast to Zhong et al. (2017), we find that partial melting of
peridotite produces unresolvable Mg isotopic fractionation (A26Mg < 0.02 %o; Fig. 2). Melting
of MIX1G and G2 pyroxenite lithologies produces larger magnitude melt-source fractionations
than peridotite (Fig. 5) due to the presence of isotopically light garnet and isotopically heavy
clinopyroxene in the source, in varying proportions over P-T space (Fig. S1). By compari-
son, olivine and orthopyroxene, which dominate peridotite melting, have less extreme §26Mg
compositions. The presence of garnet producing more extreme isotopic fractionations than a
non-garnet-bearing source is consistent with melting models from Stracke et al. (2018); however,
a key difference is that the modelled melting of garnet pyroxenite by Stracke et al. (2018) pro-
duces isotopically light melts (i.e., a negative Ay elt—source), compared to the mostly isotopically
heavy (Amelt—source > 0%0) melts at depths where garnet is present in the source in this model
(Fig. 5). This difference in behaviour is due to the choice of initial aupelt—source = 1 in Stracke

et al. (2018). We do not use this initial condition, and in the melting assemblage considered
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here, garnet is largely a residual phase (i.e., not contributing to melting), and therefore initial
melts are isotopically heavy relative to the source. Both models agree that with progressive
melting of isotopically light garnet in the source, melts will become isotopically lighter. Some
isotopically light (i.e., AZMg, 1t souce < 0 %0) melts are produced by melting G2 and MIX1G
in this model, but these are at depths where garnet is nearly or completely absent from the
stable assemblage (Fig. 5). It is this garnet effect that is responsible for the opposite behaviours
of AZ5Mg,clt—source in Fig. 7d, f compared to Fig. 7e: the aggregate pyroxenite melt sits in
the spinel stability field for MIX1G at T, = 1300°C (Fig. 7b), but in the garnet stability
field for MIX1G at T, = 1400°C (Fig. 7c) and G2 at T}, = 1300°C (Fig. 7d). Melting of
multi-lithologic mantle (with MIX1G pyroxenite) is resolvable from pure peridotite at current 1
S.D. at ~ 10-15% pyroxenite fraction (Fig. S14); our results show that Mg isotopes are more
sensitive to MIX1G than G2 pyroxenite. With continued improvements in analytical precision,
such as the 0.02 %o 2 S.E. reported by Wang et al. (2021), pyroxenite fractions < 10 % could be
resolved in the Mg isotope composition of the bulk melt, as a 10 % pyroxenite fraction produces

a bulk melt > 0.02 %o different from a pure peridotite melt (Figs. 7e, f).

Chromium stable isotope fractionation during partial melting of different lithologies is relatively
understudied compared to Mg and Fe, however Fig. 7 shows that melt Cr isotopic composi-
tion could show resolvable sensitivity to the fraction of pyroxenite in the source. This is due
both to variable modelled melting fractionations dependent on lithology, and comparatively
small analytical uncertainty. Equilibrium Cr stable isotope fractionation is controlled by both
bonding environment and redox conditions (e.g., Shen et al., 2018, 2020; Bonnand et al., 2020).
Chromium stable isotope fractionation during partial melting of peridotite is probably small
(magnitude of A%3Cr < 0.07 %o; Schoenberg et al., 2016; Xia et al., 2017; Shen et al., 2018; Bon-
nand et al., 2020), in agreement with our results. Isotopically heavy spinel, where present, has a
large influence on the isotopic fractionation between melt and residue due to the compatibility
of Cr in spinel, and this has been used to explain observations from peridotite xenoliths that
partial melting appears to generate isotopically light melts (A53Crmelt,source < 0) and heavy
residues (Xia et al., 2017; Shen et al., 2020). However, due to the small area of the KLB1
melting regime in which spinel is stable in our model (Figs. 2, S4), spinel does not control the
magnitude of stable isotope fractionation associated with melting in this case. We find a slightly

larger magnitude of melting-induced Cr stable isotope fractionation for MIX1G pyroxenite than
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for peridotite (as large as —0.06 %o). Like MIX1G, G2 pyroxenite melts all have a negative
AP3Cr with respect to the source, with melting fractionations as large as A®*Cr = —0.1 %o (Fig.
5). This is because the main Cr bearing phase in much of the melting region is isotopically
heavy (relative to olivine) clinopyroxene, and this produces consistently isotopically light melts,
consistent with observations by Xia et al. (2017); Shen et al. (2020). Therefore, combined with
a predicted bulk pyroxenite isotope composition that is also isotopically lighter than peridotite,
bulk melts are predicted to become progressively Cr-isotopically lighter with increasing pyrox-
enite fraction in the mantle source. This effect is generally small (< 0.04 %o offset from pure
peridotite melts even at 30 % pyroxenite; Fig. 7) and at current typical 2 S.D. is only resolvable
at more than 20 % MIX1G in the source at comparatively low temperatures (T, = 1300°C).
However, as with Mg, recent improvements in analytical precision for Cr isotopes (Sossi et al.,
2018; Wagner et al., 2021) may permit greater sensitivity to pyroxenite components: for a 2
S.E. of 0.01 %o, multi-lithologic mantle melts become resolvable from pure peridotite melts at
around 8 % pyroxenite upwards, assuming upwelling pyroxenite follows the peridotite geotherm

(Figs. 7, S14).

5 Comparisons to natural data

Fig. 8 shows how literature MORB and OIB data compare to modelled melts. The modelled
melts are filtered for those produced at cooler temperatures than the T, = 1530 °C peridotite
isentrope for a given pressure, to limit the contribution of unrealistic high melt fraction and high
pressure melts. The same potential temperature isentrope has been chosen for all lithologies
for consistency, although because of its fusibility this filter includes some 100 % melts of G2 at
all pressures. Natural samples are filtered for those with 7.2 < MgO (wt%) < 16 to minimise
the effects of fractional crystallisation and olivine accumulation, which can result in measurable
isotopic fractionations in several isotope systems (e.g., Sossi et al., 2016; McCoy-West et al.,
2018; Nebel et al., 2019; Shen et al., 2020). The KLB1 melts are shown as the calculated
melting fractionation applied to an accessible mantle isotopic composition (presumptive bulk
silicate earth, BSE); G2 and MIX1G melts are shown as the melting fractionation applied to
the average fresh MORB isotopic composition, since G2 is a MORB-like eclogite in composition.

For Cr, where we can find no published MORB data, we use the isotope ratio of BSE + the
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aggregate KLB1 melt isotope ratio for T}, = 1300 °C (Fig. 4) to predict the isotopic composition
of fresh MORB, and reference G2 and MIX1G melts to this value.

5.1 Can peridotite melting explain MORB Mg-Ca-Fe-V isotope ratios?

The mean MORB Mg isotope ratio agrees well with the average peridotite melt produced (BSE
plus the melt-source isotope fractionation) when T, = 1300°C. The mean MORB Ca and V
isotope ratios are also well within analytical uncertainty of the average peridotite melt produced
(BSE plus the melt-source isotope fractionation) when T, = 1300 °C (see Figs. 4, 8), since both
Ca and V have relatively large analytical uncertainties. For Fe, the isotope ratios of mean
MORB and average peridotite melt at T}, = 1300°C agree just within analytical uncertainty,
requiring almost the maximum long-term error on natural sample measurements to match. Con-
sidering typical 2 S.E. analytical precision, mean MORB 6°7Fe are slightly higher than predicted
by the model even when considering only extremely small melt fractions (hence maximum par-
tial melting isotopic fractionation). This discrepancy could be due to the effect of fractional
crystallisation on the Fe isotope ratio of melts, since even high MgO MORB are almost never
primary liquids (e.g., Langmuir et al., 1992), and fractional crystallisation produces isotopically
heavy residual melts compared to the primary liquid (Teng et al., 2008; Chen et al., 2019b).
Sossi et al. (2016) use a fractional crystallisation correction on the MORB dataset and calculate
an average primitive MORB liquid with 6°"Fe = 0.10 %o, compared to 0.15 %o in the uncorrected
(and non-MgO filtered) dataset (maximum correction on individual samples is ~ 0.07 %¢). This
result matches well with our calculated average peridotite melt at T}, = 1300 °C. However, the
fractional crystallisation correction applied by Sossi et al. (2016) (e.g., A% Feol_mers ~ —0.18 %o
at T = 1200°C) is likely to represent the maximum limit of isotopic fractionation during olivine

differentiation (Soderman et al., 2021).

In addition to comparing our results with mean MORB isotope compositions, we also examine
how the ranges of measured MORB stable isotope compositions (for the systems Mg-Ca-Fe-
V) compares to the spread of modelled melts. MORB samples have a wider range of isotopic
compositions than the equilibrium KLB1 model melts (Fig. 8). In the Ca isotope system,
some of this variability may be attributed to analytical uncertainty on measurements: here the

width of the measured distributions of MORB data are within long-term analytical precision of
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Figure 8: Literature MORB (N- and T- MORB, if classification is known) and OIB data for the isotope systems
(data sources in Table S1), compared to the model instantaneous melts (all data shown as %o variation from the
reference materials outlined in Fig. 1). Samples are filtered for 7.2 < MgO wt % < 16, but included if MgO is
not known. ‘n’ refers to the total number of samples included, and the number of OIBs given shows how many
unique ocean island settings are sampled. The central darker violin shows a more limited subset of samples: 9-12
wt % MgO in OIB, 8-10 wt % MgO in MORB, to highlight isotope compositions of the most primitive lavas. Ca
and Mg isotope data is filtered to exclude samples with 87Sr/®%¢Sr > 0.7037, which excludes samples with > 1%
carbonate component in the source (Huang et al., 2011b). Modelled melts are filtered for those cooler than the
T, = 1530 °C peridotite isentrope at any given pressure. KLB1 melts are shown assuming a bulk source isotope
composition of BSE; G2 and MIX1G melts are shown assuming a bulk source isotope composition of average
MORB (for Cr, the isotope ratio of BSE + the aggregate KLB1 melt isotope ratio for T, = 1300 °C is used due
to the lack of published MORB data). BSE values are §**Mg = —0.24 %0 (Stracke et al., 2018), §**Ca = 0.94 %o
(Kang et al., 2017; Chen et al., 2019), §°"Fe = 0.05 %o (Sossi et al., 2016), 6°'V = —0.91 %o (Qi et al., 2019), 6**Cr
= —0.12%0 (Jerram et al., 2020). The pale outer shaded grey region shows typical long term 2 S.D. analytical
uncertainty in recent studies, the darker inner shaded grey region shows typical sample 2 S.E. (S.E. = S.D.//n)
in recent studies (see Table 1). The fractionation arrows for Fe and Cr isotopes represent the direction and
approximate magnitude of isotopic fractionation associated with differentiation to form samples with minimum 7
wt % MgO. Fractionation information from Sossi et al. (2016) for Fe, Teng et al. (2007, 2010); Wang et al. (2021)
for Mg, Zhang et al. (2018) for Ca, Shen et al. (2020) for Cr, Ding et al. (2020) for V.
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the modelled KLB1 melt compositions (although, the errors on individual sample Ca isotope
measurements are smaller and hence cannot account for all the difference between MORB and
peridotite melts). In the Fe, Mg and V systems, the variability of measured MORB isotope com-
positions relative to the single-stage equilibrium peridotite melts is greater than can be explained
by analytical uncertainty alone (Sossi et al., 2016) — this is particularly evident in 6°'V (Fig. 8).
Stable isotope fractionation during differentiation may play a role, as discussed for Fe isotopes
above, but V isotopes are not thought to be significantly fractionated by olivine differentiation
(Prytulak et al., 2013; Ding et al., 2020). Fractional crystallisation of clinopyroxene and Fe-Ti
oxides, although unlikely for the MgO-filtered data here, is shown to drive melts to higher §51V
(Wu et al., 2018; Ding et al., 2020), which may explain some of the samples with high §°'V.
However, the isotopically light (relative to BSE) MORB §°'V values remain unexplained by our
calculations of peridotite melting. For Fe, even with a large Fe isotope fractionation correction
applied (up to 0.07 %o for some MORB samples; Sossi et al., 2016) some MORB samples with
extreme high 6°7Fe values still remain isotopically heavy relative to modelled KLB1 melts that
we consider most realistic of mantle melting (Soderman et al., 2021; see also Chen et al., 2019b).
We find that neither long-term analytical uncertainty nor equilibrium peridotite partial melting
from realistic regions of P-T space (see Fig. 6 in Soderman et al., 2021) can reproduce the

heaviest MORB Fe isotope ratios.

The Mg-Ca-Fe-V-Cr stable isotope compositions of mantle-derived melts are not expected to
show large heterogeneity as a consequence of the mantle potential temperature variability (with
associated changes in mineralogy and melt redox state; Fig. 4) of around 220°C known from
major and trace element studies in MORB (Klein and Langmuir, 1987; Langmuir et al., 1992;
Gale et al., 2014). Therefore, we do not predict that the differences in either mean MORB
stable isotope composition or the variance in MORB isotope ratios from predicted peridotite
melts generated at T), = 1300 °C can be explained by potential temperature variability. Instead,
additional processes beyond single-stage equilibrium peridotite partial melting are required to
explain the full range of Mg-Ca-Fe-V stable isotope ratios of MORB. In some cases, the ad-
dition of single-stage pyroxenite melts (derived from a source with a MORB-like bulk isotope
composition) may explain some of the MORB range, and small amounts of pyroxenite in the
MORB source is consistent with conclusions using other tracers of lithological heterogeneity

(e.g., Zindler et al., 1984; Langmuir et al., 1986; Castillo et al., 2000; Waters et al., 2011). For
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example, 10% pyroxenite in the MORB source (at T), = 1300°C) could produce melts with
626Mg = 0.02 %o and 0**Ca = 0.04 %o (using G2 pyroxenite) lower than, and °"Fe = 0.03 %o
higher than (using MIX1G pyroxenite), pure peridotite melts (Fig. 7), explaining some but not
all of the MORB data range for these three isotope systems. However, some of the MORB Fe
isotope data (including the seamounts and E-MORB data), would require the source of pyroxen-
ite melts to be isotopically fractionated relative to a protolith of pristine MORB (~ 0.05-0.15 %o
heavier than mean MORB to explain the full range of data, depending on proportion of pyrox-
enite contributing to the final melt and P-T conditions of melting). A pyroxenite component in
the MORB source that is isotopically fractionated from pristine recycled MORB has previously
been proposed to explain MORB Fe and Mg isotope data (Sun et al., 2020; Zhong et al., 2021).
Multi-stage melting processes and reaction of pyroxenite-derived melts with ambient peridotite
have also been proposed to fractionate the bulk Fe isotope composition of mantle pyroxenite
away from that of the subducted material (e.g., Konter et al., 2016; Nebel et al., 2019; Sun et al.,
2020), although achieving the suggested large isotopic fractionations (e.g., ASTFe et —source >

0.1 %o; Konter et al., 2016) during repeated partial melting events may be unrealistic (Soderman

et al., 2021).

We note that the large range in MORB V isotope ratios cannot be explained by pyroxenite in
the source, and that the lowest §**Ca pyroxenite melts (which appear able to explain the full
range of Ca isotope MORB data not matched by peridotite melting, Fig. 8) are only generated
at pressures > 35kbar. For T, = 1300°C, pyroxenite fractions in the MORB source would
need to be > 40 % to match all the Ca isotope MORB data (Fig. 7); alternatively, a pyroxenite
component with a bulk isotope composition ~ 0.05 %o lighter than average pristine MORB could
reduce the pyroxenite fraction required in the source to explain the Ca isotope data to lower
levels. While the 87Sr/%6Sr filter we use where Sr isotope data is available attempts to remove
effects from recycled carbonates, we also note that since marine carbonates can have very light
§*Ca (up to 2 %o lighter than BSE; e.g., DePaolo, 2004; Fantle and DePaolo, 2005; Antonelli and
Simon, 2020), a contribution from recycled carbonates could also be involved in the generation
of light Ca isotopic compositions of basalts, as reported by e.g., Huang et al. (2011b); Liu et al.
(2017a).

The range of Mg-Ca-Fe-V isotopic compositions of MORB with respect to modelled equilibrium
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melts leaves open the possibility of disequilibrium processes playing a role in the erupted stable
isotope composition of MORB. Disequilibrium associated with melt transport can arise as low
melt fractions are extracted from the mantle and rapidly migrate (Faul, 2001; Connolly et al.,
2009), as has been recorded using U-series disequilibria in MORB (e.g., McKenzie, 1985; Lund-
strom, 2003; Van Orman et al., 2006), and could be responsible for some major element trends
in the global MORB dataset (Oliveira et al., 2020). As disequilibrium during melt extraction
and transport is related to the timescales of chemical diffusion of major and trace elements in
the melt, disequilibrium could generate kinetic (rather than equilibrium) stable isotope frac-
tionation as seen in chemical diffusion studies (e.g., Richter et al., 2003, 2009; Watkins et al.,
2017). Disequilibrium processes could therefore influence both the isotopic composition of melt
source regions via metasomatism, and the isotopic composition of melts as they migrate and
erupt. In samples recording kinetic isotope fractionation signatures, the direction of isotopic
fractionation from the source isotope ratio will be the same for all isotope systems which behave
similarly during mantle melting, as the light isotopes of a given element will diffuse faster than
the heavier isotopes of the same element (e.g., Dauphas, 2007; Richter et al., 2008, 2009; Teng
et al., 2011), and the recorded isotopic fractionation should scale with the mass of the isotopes
considered. Kinetic processes in melts can produce much larger isotopic fractionations than
equilibrium processes (see Watkins et al., 2017) even for small concentration gradients in the
diffusing element (and therefore can be seen even in the diffusion of major elements in silicate
melts; Richter et al., 2003; Xiao et al., 2013; Watkins et al., 2014; Kang et al., 2020). We would
expect to see positive correlations between all isotope ratios measured for the same samples if
their isotope ratio was controlled by kinetic fractionation and chemical diffusion during disequi-
librium (for pairs of elements diffusing in the same direction, such as solid to melt), as reported
in e.g., Zhao et al. (2017a,b); Kang et al. (2020). Key pairs of isotopes to investigate to identify
a kinetic vs equilibrium process recorded in suites of natural samples would be those that be-
have similarly (from an elemental perspective) during partial melting but would show opposite
directions of isotopic fractionation from the source under equilibrium conditions (e.g., Fe and
Ca, with positive and negative melt-source isotopic fractionation respectively). Supporting this
prediction, kinetic effects during metasomatism have been proposed to generate positively cor-
related §**Ca-0°"Fe values measured in ultramafic rocks (with a low §#*4Ca, §°"Fe metasomatic

endmember; Zhao et al., 2017a).
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Low temperature alteration (relative to mantle temperatures) could also be responsible for caus-
ing significant stable isotope variability in measured MORB. Due to the 1/T? dependence of
equilibrium stable isotope fractionations (Bigeleisen and Mayer, 1947), low temperature pro-
cesses generate larger magnitude isotope fractionation effects than magmatic processes. For
example, Fe leaching during hydrothermal fluid circulation is generally shown to preferentially
remove light Fe isotopes from the host rock, recorded in low §°"Fe hydrothermal fluids (e.g.,
Rouxel et al., 2003; Severmann et al., 2004). Correspondingly high 6°7Fe is measured in heavily
leached basalts (up to 2.05 %0 with 80 % Fe loss; Rouxel et al., 2003), although Rouxel et al.
(2003) also show that on a scale larger than a few metres, bulk hydrothermally altered oceanic
crust is indistinguishable in 6°"Fe from MORB. Without significant Fe loss, altered crust may
not show such extreme Fe isotope variations (Williams et al., 2009), although alteration can
generate measurable Fe isotope fractionation in komatiites (Dauphas et al., 2010). By contrast,
Ca isotope data from mid-ocean ridge hydrothermal fluids suggest that the fluids and MORB
have similar §%4Ca (Schmitt et al., 2003; Amini et al., 2008; Scheuermann et al., 2018). A Mg
isotope study of altered oceanic crust from the East Pacific Rise also shows that limited bulk
rock Mg isotope fractionation occurs during alteration, irrespective of alteration temperature
(Huang et al., 2015), but we note that the measured §2°Mg range of altered crustal samples does
exceed the range of MORB data. Altered oceanic crust also records MORB-like 51V (Wu et al.,
2018), and Prytulak et al. (2013) show that 6°!V is generally insensitive to the range of common
alteration processes (serpentinisation, seafloor weathering — although an effect of increased §°'V
by 0.2-0.3 %0 may be seen in extreme cases — and hydrothermal alteration) in the oceanic crust.
By contrast, alteration and serpentinisation in near-surface settings generate large variations
in 0°3Cr in ultramafic rocks (Farkas et al., 2013; Wang et al., 2016), but altered oceanic crust
does not show the same isotopic variability (Wang et al., 2016). Given these studies, for the iso-
tope systems considered here mildly altered MORB is not expected to show significant isotopic
fractionation from erupted values, but given the potential for large low temperature isotopic
fractionations, alteration (both of the basaltic rocks analysed and oceanic crustal material that

serves as a protolith for mantle pyroxenite components) remains a consideration.
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5.2 Understanding the diversity of OIB Mg-Ca-Fe-V-Cr stable isotope com-

positions

For Mg, Ca and Fe, measured OIB stable isotope ratios are more variable relative to those
measured in MORB (Fig. 8). This variability in OIB compared to MORB has been interpreted
as a potential signature of lithological heterogeneity in the OIB source (Mg: Zhong et al., 2017;
Stracke et al., 2018; Wang et al., 2018, Ca: Kang et al., 2019; Wang et al., 2019, Fe: Williams
and Bizimis, 2014; Konter et al., 2016; Nebel et al., 2019; Gleeson et al., 2020). Carbonates
and/or their derived melts have also been invoked for Mg and Ca isotopic heterogeneity in OIB
(e.g., Huang et al., 2011b; Liu et al., 2017a; Wang et al., 2018) but this topic is not discussed
here. An important caveat of interpreting data from Fig. 8 is that the ocean islands sampled
for each isotope system are different, and therefore the same localities are not present in each
OIB dataset — Mg, Ca and Fe have data for a wider range of OIBs than V and Cr, and so it
is possible that more variability would be seen in both V and Cr if more OIB are explored.
However, despite the wide variability, the mean OIB is analytically indistinguishable (using

long-term 2 S.D.) from mean MORB for Mg, Ca and V isotopes.

The mean measured OIB values can be explained both by modelled peridotite and pyroxenite
melts for the Mg, Ca, V and Cr stable isotope systems. For Fe, modelled pyroxenite melts
match mean OIB isotopic compositions better than peridotite melts, due to the use of mean
MORB as the bulk isotopic composition for the pyroxenites, offsetting the resulting pyroxenite
melts to heavier isotope ratios than peridotite melts. This potential Fe isotope signature of
lithological heterogeneity in some OIB data due to a bulk isotopic offset of the source relative
to ambient mantle has been suggested for several mantle plume systems (e.g., Hawaii, Williams
and Bizimis, 2014; Samoa, Konter et al., 2016; Pitcairn, Nebel et al., 2019; Galapagos, Gleeson
et al., 2020).

The greater diversity of OIB Mg-Ca-Fe-V-Cr stable isotope compositions displayed in OIB com-
pared to MORB and the modelled melts raises further questions, and we discuss only a few
here. Firstly, for Cr, the contribution of isotopically light pyroxenite melts to multi-lithologic
mantle melting means that a peridotite 4+ pyroxenite mantle source is better able to explain the

measured OIB data range than pure peridotite melts, especially considering the good analytical
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precision (2 S.D. < 0.04 %0) compared to sample variability achieved in the Cr isotope studies
shown in Fig. 8. However, it is possible that the apparently better fit of a pyroxenite model seen
here is instead a result of fractionation from a peridotite-derived melt, as cotectic crystallisation
of olivine and spinel in basalts has been proposed to drive residual melts to lighter Cr isotope
ratios (Shen et al., 2020). Given the MgO filter used for OIB data in Fig. 8 however, spinel crys-
tallisation is unlikely to have affected all the OIB samples. The Cr stable isotope data therefore
provide tantalising evidence for the presence of lithological heterogeneity in OIB mantle source
regions, particularly in the case of the lightest measured Cr isotope compositions. Nonetheless,
without equivalent MORB Cr isotope data for comparison, and with a very limited published
sample set, it is difficult to confirm how well natural Cr isotope data matches equilibrium iso-
tope fractionation models. Fig. Tf suggests that even 20 % SD pyroxenite in a mantle source
melting at T) = 1400 °C will produce a bulk melt only 0.02 %o lighter than a pure peridotite
melt, which would not be able to explain the full range of Cr isotope OIB data. An expanded
study of MORB and OIB Cr isotope ratios would be an important step in both learning more
about Cr isotope behaviour and exploring stable isotopes as a new tool for studying mantle
melting conditions, given the potential for Cr isotope sensitivity to lithology discussed in this

study.

For Mg stable isotopes, the extra range in isotope composition displayed by OIB relative to
MORB is small (< + 0.05 %o) relative to analytical precision, and the extreme MORB and OIB
isotope ratios are only resolvable from each other using a typical sample 2 S.E., rather than values
quoted for long-term reproducibility (see Table S2). The pyroxenite melts show a much wider
range of melt stable Mg isotope ratios than peridotite melts, and therefore could be contributing
to the small extra variability in OIB compared to MORB: for example, Fig. 7 shows that 10—
20 % pyroxenite could generate melt isotopic variability of + 0.04-0.05 %o compared to a pure
peridotite source. Noticeably in the Mg isotope data, and particularly in comparison to Fe, the
natural data is less variable than the full range predicted for pyroxenite melts by our models (Fig.
8). This is despite the sampled OIB including St Helena, Society and the Cook-Austral Islands,
thought to sample various recycled crustal components (which will form pyroxenites in the
mantle) based on multiple studies including radiogenic isotopes, trace elements and other stable
isotopes (e.g., Chauvel et al., 1992; Stracke et al., 2005; Kawabata et al., 2011; Teng et al., 2013;

Hanyu et al., 2014). The limited Mg isotope variability in OIB compared to possible pyroxenite
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melts could relate to the location of the melting region, and the dilution of pyroxenite melts with
peridotite, as highlighted in Fig. 7. For example, the most negative A?Mgc1t—source for MIX1G
is generated at low melt fraction close to the solidus, at temperatures of around 1200-1250°C
and pressures of 8-15kbar, and the most positive AZoMgmelt—source at depths of over 100 km
(Fig. S1). The isotopically lightest melts are not sampled by pyroxenite decompressing along
a peridotite isentrope even at T), = 1300°C (Fig. 5), and it is unlikely that deep, isotopically
heavy melts will be extracted without mixing with shallower, isotopically lighter melts. This
is in agreement with Fig. 7, which shows that typical aggregate melts from melting of multi-
lithologic mantle at 1300-1400 °C will have a much narrower range in isotopic composition than
the full range of pyroxenite melts shown in Fig. 8. Therefore, the process of melt extraction
and mixing from a multi-lithologic mantle will act to minimise the isotopic signature from any
deep pyroxenite melts, and result in relatively homogeneous OIB Mg isotope ratios seen in the

OIB erupted at the surface.

In contrast to the Mg isotope system, OIB isotope ratios for Fe, Ca and V extend outside the
range of any of the modelled peridotite or pyroxenite melts. For Ca and V isotopes, some
OIB data fall to the opposite side of BSE than expected for mantle melting. In both cases,
measurement uncertainties (particularly long-term 2 S.D.) are large and could account for all
the difference between modelled melts and natural data, and it will be important to continue
to improve analytical precision to better understand the natural data and be able to make
comparisons between OIB sample sets, especially given the minimal sensitivity to lithology
predicted for these isotope systems (Section 4.2.1). In the case of V, fractional crystallisation
of Fe-Ti oxides has been shown to drive melts up to 0.3 %o higher than their initial isotope
composition, therefore able to match the spread of V isotope data to values higher than BSE,
although this effect has only been recorded in basalts with < 5wt % MgO (Wu et al., 2018; Ding
et al., 2020). Therefore it is unlikely that the basalts with V isotope ratios heavier than BSE
shown in Fig. 8 reflect Fe-Ti oxide crystallisation. For Ca, non-pyroxenitic origins of isotopic
variability have been proposed for komatiite data, such as the generation of §**Ca as low as
0.64 %o from serpentinised oceanic crust in the mantle source (John et al., 2012; Amsellem et al.,
2019). If improved analytical precision confirms the Ca isotope data variability shown in Fig. 8
is real, similar non-pyroxenitic origins may be able to explain some or all of the spread of OIB

data.
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For Fe, measurement uncertainties are small compared to the variability in the OIB Fe isotope
data, which extends to much higher 6°"Fe values than matched by the melts presented here
(Fig. 7; see also Soderman et al., 2021). Heavier Fe stable isotope compositions than can be
explained by single-stage melting of garnet-bearing lithologies are also seen in seamounts from
close to the EPR (Sun et al., 2020) — the heaviest isotope ratios are found in samples with <
7 wt % MgO, and therefore not shown in Fig. 8, but Sun et al. (2020) find that these are still
isotopically heavier than can be explained by single-stage melting once they correct their samples
for differentiation. One solution to explaining the heavy Fe isotope data could be to invoke a
mantle source with unusually high §°“Fe (i.e., Fe-isotopically heavier than average MORB as
assumed in Figs. 7 and 8), generated for example as a frozen melt that has been through multiple
melting and remobilisation stages, and now stalled in the lithosphere. While the limitations
of multiple melting events with regards to mass balance and plausible melting degrees are
discussed in Soderman et al. (2021), multiple melting stages of garnet-bearing lithologies and
reaction with ambient mantle have been proposed to generate the required isotopically heavy
mantle sources (0°"Fe > 0.3%0) to explain some of the highest §°“Fe in the global dataset
(Nebel et al., 2019; Sun et al., 2020), although based on our modelled small melt-source isotope
fractionations the isotopically heaviest Fe isotope OIB data would require a mantle source with
an even heavier overall bulk composition of §°"Fe > 0.4 %0. Alternatively, large stable isotope
effects may be attributed to disequilibrium and/or low temperature alteration processes, as
discussed for MORB above. A further possibility to explain heavy Fe isotope ratios in OIB
could be the mixing of isotopically heavy components derived from the lower mantle (such as
bridgmanite cumulates with 6°"Fe ~ 0.3 %o, Williams et al., 2021) into upwelling plumes. High
§*4Ca lower mantle components from Ca-perovskite crystallisation related to early Earth magma
ocean processes have also been proposed as the origin of isotopically heavy Ca isotope komatiite

data (up to 1.54 %o; Amsellem et al., 2019).

6 Summary

We have combined a thermodynamically self-consistent model for mantle melting of peridotite
and pyroxenite with a model for equilibrium Mg-Ca-Fe-V-Cr stable isotope fractionation to

quantitatively predict melt-source stable isotope fractionation over P-T conditions relevant to
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mantle melting at mid-ocean ridges and within mantle plumes. The results allow us to assess
the potential of these stable isotope systems for investigating mantle temperature variations,

source heterogeneity, and their record in the erupted basalts (MORB, OIB).

We used our results for the melting of KLB1 peridotite to explore the sensitivity of melt sta-
ble Mg-Ca-Fe-V-Cr isotope compositions in each isotope system to variations in mantle po-
tential temperature. Redox-sensitive isotopes (Fe, V) show most variability in accumulated
melt isotopic composition with potential temperature, due to the variation in Fe3* /Fer (and
V45F /V 1) as the average depth of melting increases with T,. The predicted variability in the
V isotopic composition of melts is qualitatively consistent with §°'V-Nag trends in natural
data. However, analytical precision improvements upon current levels would be necessary for
variability to be clearly resolved in the compositions of erupted basalts. At present, the equi-
librium fractionation of the stable isotopes considered here during peridotitic mantle melting is
not predicted to be a useful tool in identifying temperature variations in MORB or OIB melting

regimes.

We also obtained model results for Mg-Ca-Fe-V-Cr fractionation during melting of MIX1G
silica~deficient pyroxenite and G2 silica-excess pyroxenite. Our results show that Mg and Ca
isotopes have the most sensitivity to the presence of garnet in a melt source, with melts pre-
dicted to record a negative Mg-Ca isotope correlation if garnet is present in the mantle source,
although improvements in analytical precision would be needed to clearly resolve this trend.
Our results also demonstrate that Fe, Mg and Cr stable isotopes are sensitive to the proportion
of pyroxenite (with a MORB-like bulk isotope composition) in a mantle source, although with
current analytical precision only pyroxenite fractions greater than around 10 % are resolvable.
Moderate improvements in analytical precision could result in Ca stable isotopes being added to
this list, and potentially allow pyroxenite fractions < 10 % to be identified in these isotope sys-
tems. However, Cr stable isotope partitioning in the mantle is generally understudied (both in
measurements of natural samples, and studies of its bonding and fractionation in relevant man-
tle phases): while this system has the potential to be sensitive to lithological heterogeneity, we
require improvements in the certainty of model inputs and/or more natural data to confidently

use this isotopic tool in the mantle.

Comparison of the global datasets of stable isotope data for MORB and OIB with modelled
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melt isotope ratios generated by equilibrium fractionation highlight both agreements and dis-
agreements between equilibrium melting models and measured data. Generally, mean MORB
Mg-Ca-Fe-V-Cr stable isotope compositions, within typical long-term analytical precision, can
be matched to the mean peridotite melt isotope ratio produced for a mantle potential temper-
ature of 1300°C. However, the range of MORB data is wide compared to modelled peridotite
melts — even after analytical uncertainty on data and fractional crystallisation are considered,
some MORB record stable isotope ratios that appear unable to be matched by equilibrium peri-
dotite melting (notably in Mg, Fe and V, and Ca may show a similar result as measurement
precision improves). Lithological heterogeneity (pyroxenite) in the MORB source can contribute
to some of this variability but not all, and disequilibrium and/or low temperature processes may
also be required to match the observed data. For OIB, the variability in natural data, even for
isotope systems such as Fe and Cr where analytical precision is good compared to the data
variability, could suggest that the involvement of pyroxenite may be recorded in the existing
Mg, Fe and Cr stable isotope datasets. However, differences between the range of natural data
and modelled pyroxenite melts suggest that additional processes such as the offset of the isotope
ratio of recycled components from pristine MORB values and kinetic fractionations may also
be important in understanding the current Mg-Ca-Fe-V-Cr stable isotope datasets available for

primitive global oceanic basalts.

We conclude that stable isotopes in basalts have variable potential as a tracer of heterogeneity
in the mantle, complementing existing tools well — however there are knowledge and data gaps

that need to be filled before we can use these systems to their full potential.
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APPENDIX

Supplementary Material to ‘Global trends in novel stable isotopes in basalts:
theory and observations’ by Soderman et al.

1 Data sources

The data sources used in the natural data compilation in Figs. 1 and 8 in the main text are
given in Table S1.

Table S1: Literature data sources for stable isotope data compilation.

Isotope Type Literature sources

§Mg  MORB  Wiechert and Halliday (2007); Bourdon et al. (2010); Teng et al. (2010); Zhong et al. (2021b)
OIB Bourdon et al. (2010); Teng et al. (2010); Zhong et al. (2017); Wang et al. (2021)

§*Ca MORB  Zhu et al. (2018); Chen et al. (2020b); Zhu et al. (2020a)
OIB Huang et al. (2011b); Valdes et al. (2014, 2019); Feng et al. (2017); Chen et al. (2020b)

8°"Fe MORB  Teng et al. (2013); Nebel et al. (2013); Zhong et al. (2021) (seamounts: Sun et al., 2020)
OIB Teng et al. (2008); Schuessler et al. (2009); Konter et al. (2016); Nebel et al. (2019)
Peters et al. (2019); Gleeson et al. (2020); Soderman et al. (2021)

85V MORB  Prytulak et al. (2013); Wu et al. (2018); Novella et al. (2020)
OIB Prytulak et al. (2013); Ding et al. (2020)

§58Cr OIB Bonnand et al. (2020); Shen et al. (2020)

Table S2 gives the references for the typical sample 2 S.E. and long-term 2 S.D. used throughout
the manuscript.

Table S2: Literature data sources for stable isotope data errors.

Isotope Type Value (%) Literature sources
§°Mg  sample 2 S.E. 0.02 Wang et al. (2021)
long-term 2 S.D. 0.06 Wang et al. (2021)
0**Ca  sample 2 S.E. 0.05 Zhu et al. (2018, 2020a)
long-term 2 S.D. 0.14 Chen et al. (2019)
§5"Fe sample 2 S.E. 0.02 Soderman et al. (2021)
long-term 2 S.D. 0.05 Soderman et al. (2021)
Y sample 2 S.E. 0.05 Wu et al. (2018); Novella et al. (2020)
long-term 2 S.D. 0.08 Qi et al. (2019)
§%3Cr sample 2 S.E. 0.01  Sossi et al. (2018)

long-term 2 S.D. 0.04 Xia et al. (2017); Sossi et al. (2018)
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2 Phase equilibria calculations

In order to explore stable isotope fractionation taking place during the melting of pyroxenite
and peridotite lithologies within the mantle, we first constructed pseudosections and calculated
mineral chemistries for MIX1G (KLB1 and G2 calculations are presented in Soderman et al.,
2021). The calculations were performed in the KNCFMASTOCr system using THERMOCALC
v3.47 (Powell et al., 1998), and the latest version of the thermodynamic dataset of Holland and
Powell (2011) with the a-X models of Holland et al. (2018).

The composition of the MIX1G lithology (Hirschmann et al., 2003; Lambart et al., 2016) used
in the phase-equilibria calculations is given in Table S3. The ferric iron content is taken as
between that of KLB1 peridotite and MORB, following the approach used for KG1 by Jennings
et al. (2016), where Fe3t /Fer = 0.1.

Table S3: MIX1G composition, in KNCFMASTOCTr system (mol % oxides). Composition from Lambart et al.
(2016), renormalised without MnO.

mole % oxide
SiOQ A1203 CaO MgO FeOt KQO NaQO TiOz CI‘203 O

38.5 1.78 2.82 50.58 5.52 0.01 0.25 0.07 0.11 0.09

After calculation of the phase boundaries, THERMOCALC was run over a grid of P-T space, from
5-40kbar and 1100-1730°C.

3 Details and results of the main stable isotope fractionation
model

The equilibrium isotopic composition of the phases present at any point in P-T space (including
melts) was calculated for each isotope system, based on calculated equilibrium isotope fraction-
ation factors, a®* B, between the phases that are present. o B was calculated either from
reduced partition function ratios (8 factors), or from calculated cation-oxygen force constants,
as outlined for Mg, Ca, V and Cr isotopes below. The Fe isotope fractionation input parameters
are presented in the supplementary information of Soderman et al. (2021). The mineral abbre-
viations used in the figures in the following subsections are: olivine (ol), clinopyroxene (cpx),
orthopyroxene (opx), spinel (spn), garnet (g), plagioclase (pl).

3.1 Mg

The SM# factors used for Mg-bearing mantle minerals (spinel, clinopyroxene, orthopyroxene,
olivine, garnet) are given in Table S4. These M factors are taken from Huang et al. (2013), with
the exception of spinel, which is taken from Schauble (2011) and scaled relative to a reference
BMe of olivine which is calculated in both studies. Pigeonite (a stable phase in MIX1G) is
modelled with the same 3M8 as clinopyroxene; liquid (melt) is taken as having no fractionation
from olivine in the main model (Stracke et al., 2018, see Appendix Section 4 for discussion), so

Mg _ gMg
ﬁmelt - Bolivine‘

The full results of the Mg model, showing the isotopic composition of each phase calculated in
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Table S4: Parameters for 3M& factors from Huang et al. (2013). 1000In8 = a/T% 4 b/T* + ¢/T?, where T =
temperature (Kelvin).

Mineral a b ¢
spinel —2.74 x 10 2.08 x 10" 2.93 x 10°
orthopyroxene —8.10 x 10'%  6.65 x 10 2.25 x 10°
clinopyroxene  —1.17 x 10*® 1.03 x 10** 2.24 x 10°
olivine —1.19 x 10 1.05 x 10" 2.07 x 10°
garnet —5.50 x 10'®  4.92 x 10'° 1.30 x 10°
melt —1.19 x 10 1.05 x 10** 2.07 x 10°

o KLB1, MIX1G and G2, are in Fig. S1.
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Figure S1: Full results of the Mg isotopic fractionation model, A%Mgphase_somce, for the three lithologies.



41

42

43

44

45

46

47

48

49

50

51

52

Submitted to GEOCHIMICA ET COSMOCHIMICA ACTA

Table S5: B factors (given as 1000Inj, at a temperature of 1000K) from Antonelli et al. (2019).

Mineral Structure used 10001ng3
plagioclase anorthite 1.06
orthopyroxene Ca/Mg = 1/32 1.84
clinopyroxene  diopside 1.32
olivine forsterite Ca/Mg = 1/64 2.11
garnet pyrope Ca/Mg = 1/24 2.00
liquid 1.19

3.2 Ca

The 5 factors used for Ca-bearing mantle minerals (plagioclase, clinopyroxene, orthopyroxene,
olivine, garnet) are given in Table S5, and are taken from Antonelli et al. (2019). Where options
exist for minerals with different structures and/or compositions, we use those with most similar
Ca/Mg to the typical phase compositions calculated by THERMOCALC for KLB1. Pigeonite (a
stable phase in MIX1G) is modelled with the same (€2 as clinopyroxene; liquid is taken as having
° intermediate between clinopyroxene and plagioclase (anorthite), following observations from
natural samples (Zhang et al., 2018; Antonelli et al., 2019b) and consistent with the approach
used by Antonelli et al. (2021). 3 factors are made temperature-dependent by

10°
InBry = InB1000K) X T2 (1)
following Antonelli et al. (2021).

The full results of the Ca model, showing the isotopic composition of each phase calculated in
KLB1, MIX1G and G2, are in Fig. S2.
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Figure S2: Full results of the Ca isotopic fractionation model, A44Caphase_source, for the three lithologies.
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3.3 V

The proportion of V3+/4+/5% was calculated following Toplis and Corgne (2002), using the
FeO/Fey03 ratio of the melt (calculated by THERMOCALC) at each point in P-T space with

log(X V3T /XVAT) = log(XFe?t /XFe3t) — 2.4 (2)

and
log(X V4T /XV5T) = log(XFe?" /XFe3") — 0.3 (3)

where X is the mole fraction of cation.

The partition coefficients and 8V factors of each valence state of V in the V-bearing mantle
minerals (olivine, clinopyroxene, orthopyroxene, garnet, spinel) are given in Table S6. Partition
coefficients are from Mallmann and O’Neill (2009), with garnet assumed to have similar V
partitioning to clinopyroxene (Mallmann and O’Neill, 2007, 2009). The 3V factors are taken from
Wu et al. (2015) for V in different coordination environments in solution systems; alternative
choices of 3V due to uncertainties in V coordination number are discussed in Section 4 below.
Pigeonite (a stable phase in MIX1G) is modelled as clinopyroxene.

Table S6: Parameters for V partitioning and isotopic fractionation. Partition coefficients (D) from Mallmann and
O’Neill (2009). B8 factors are from Wu et al. (2015). 1000Iln8 = a/T® + b/T* + ¢/T?, where T = temperature
(Kelvin).

Mineral Valence  Dmin—liq a b c
olivine vt 0.18 1.0 x 10'* —7.70 x 10° 6.28 x 10°
Vit 0.0227 4.0 x 10 —1.80 x 10*® 9.43 x 10°
Vit 0.00255 7.0 x 10" —3.06 x 10 1.26 x 10°
orthopyroxene V3t 1 1.0 x 10" —7.70 x 10° 6.28 x 10°
Vit 0.674 4.0 x 10** —1.80 x 10 9.43 x 10°
Vot 0.00338 7.0 x 10" —3.06 x 10 1.26 x 10°
clinopyroxene V3T 3.88 1.0 x 10"  —7.70 x 10° 6.28 x 10°
Vit 1.13 4.0 x 10"  —1.80 x 10'° 9.43 x 10°
Vot 0.0142 7.0 x 10'* —3.06 x 10'° 1.26 x 10°
spinel V3t 15.3 1.0 x 10"  —7.70 x 10° 6.28 x 10°
Vit 1.44 4.0 x 10" —1.80 x 10'° 9.43 x 10°
V5t 0.00303 7.0 x 10'* —3.06 x 10'° 1.26 x 10°
garnet V3T 3.88 1.0 x 10"  —7.70 x 10° 6.28 x 10°
Vit 1.13 4.0 x 10'*  —1.80 x 10'° 9.43 x 10°
Vot 0.0142 7.0 x 10'* —3.06 x 10'° 1.26 x 10°
melt vt 1 1.0 x 10" —7.70 x 10° 6.28 x 10°
Vit 1 4.0 x 10" —1.80 x 10*® 9.43 x 10°
Vot 1 7.0x 10" —=3.06 x 10 1.26 x 10°

The full results of the V isotope model, showing the isotopic composition of each phase calculated
in KLB1, MIX1G and G2, are in Fig. S3. Note that stable isotope fractionation can only be
calculated where there is liquid present, i.e., where the proportion of each V valence state can
be calculated.

3.4 Cr

2+/3+

The proportion of Cr was calculated using the parameterisation given in Berry et al. (2021)

Cr+ B 1 A
Crp 14 10(0-2510gfO2 +logK’) (4)
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Figure S3: Full results of the V isotopic fractionation model, Aslvphase_soume, for the three lithologies.
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Table S7: Optical basicity values for each oxide, from Mills (1993).

optical basicity, A
SiOz TiOz Ales F6203 CI‘QO3 FeO CaO MgO NaQO KQO

0.48  0.61 0.60 0.75 0.58 1 1 0.78 1.15 1.4

with fOy calculated at each P-T point using the fO2 melt software (Holland et al., 2018), and
the modified equilibrium constant calculated by

9770 900P — 172P2
logK' = 2= — 7.60 + 6.22A + ( - ) (5)

where T is in Kelvin, P is in GPa. A is the optical basicity, a composition-dependent term (Duffy,
1993) which reflects equilibrium between bridging oxygens, non-bridging oxygens and free oxide
anions in a melt (Humphreys et al., 2015). Since optical basicity values can be assigned to
individual oxides (Duffy, 1993), an ideal optical basicity for a melt can be calculated, following
Mills (1993), as

A > Xini Ay (6)
> Xin;
where X; is the mole fraction of oxide i, n is the number of O associated with oxide i, and A is
the theoretical A of oxide i (see Table S7). At each P-T point, the calculated A was used with
equations 3 and 4 to calculate Cr redox state.

The partition coefficients of each valence state of Cr in the Cr-bearing mantle minerals (olivine,
clinopyroxene, orthopyroxene, garnet, spinel) are given in Table S8. Partition coefficients for
olivine, clinopyroxene, orthopyroxene are from (Mallmann and O’Neill, 2009); for spinel from
the supplement of Shen et al. (2018), for garnet from Sutton et al. (2008). The ionic model
inputs (Table S8) are based on the supplement of Shen et al. (2018); for garnet, where no ionic
inputs are presented in Shen et al. (2018), we take coordination information from Deer et al.
(2013), and use the relevant ionic radii as used by Shen et al. (2018). The force constants for
Cr-O bonds were then calculated based on the equations presented in Sossi and O’Neill (2017)
for Fe isotopes.

Table S8: Parameters for Cr partitioning and isotopic fractionation model. Partition coefficients (D) from Mall-
mann and O’Neill (2009); Shen et al. (2018); Sutton et al. (2008). Mineral site and bonding information is based
on Shen et al. (2018). cpx = clinopyroxene, opx = orthopyroxene.

Mineral Cr species  Dmin—mert Site  Cr coordination Bond length (A) O coordination No. sites

spinel 2+ 0 n/a n/a n/a n/a n/a
spinel 3+ 220 M 6 1.995 4 2
garnet 2+ 0 n/a n/a n/a n/a n/a
garnet 3+ 12 M2 6 1.995 4 2
olivine 2+ 0.85 M2 6 2.18 4 1
olivine 3+ 0.85 M1 6 1.995 4 1
opx 2+ 0.843 M2 7 2.305 3.57 1
opx 3+ 3.52 M1 6 1.988 3.67 1
cpx 24 0.587 M2 7 2.305 3.57 1
cpx 3+ 12.6 M1 6 1.988 3.67 1
liquid 2+ 1 4 1.913 4

liquid 34+ 1 6 1.995 4

The full results of the Cr model, showing the isotopic composition of each phase calculated in
KLB1, MIX1G and G2, are in Fig. S4. Note that stable isotope fractionation can only be
calculated where there is liquid present, i.e., where the proportion of each Cr valence state can
be calculated.
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Figure S4: Full results of the Cr isotopic fractionation model, A**Crphase—source, for the three lithologies.
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3.5 Consistency of valence state calculations

As discussed in the main text, the calculated Fe?* /Fer, Cr3*/Crr and V45+ /V1 are not fully
self-consistent, as the speciation of both Cr and V are calculated based on the Fe3t/Fer at
any point. This means that O (oxygen) is being partitioned into the oxidised Cr and V oxides
without affecting Fe redox state. We consider tying the Cr and V valence states to the Fe redox
equilibria to be reasonable, as Fe is the dominant redox-sensitive element in the mantle with an
abundance considerably greater than that of Cr or V. To quantify this, we have calculated the
fraction of oxygen associated with oxidised valence states of the each redox-sensitive element
out of the total oxygen associated with the oxidised valence states, e.g.,

Opes+
Opes+ + Ocpa+ + Ovat + Oy

(7)

where Ox represents the number of moles of oxygen associated with cation X at any given P-T
point. At T = 1300°C and P = 12kbar, we calculate that 73 % of the oxygen associated with
oxidised cations is associated with Fe3*, 27 % with Cr®*, and < 0.01 % with V45, for total
Fe, Cr and V contents in peridotite (Davis et al., 2009; Salters and Stracke, 2004).

However, although our use of the Fe redox equilibria to calculate Cr and V speciation is a
reasonable approximation, it is important to note that considering the combined Fe-Cr-V redox
equilibria as in real systems would reduce the variability in the redox state of each element across
P-T space compared to our model. This is because the combined effect of considering three redox
equilibria able to accommodate oxygen via their oxidised cations together is that each system
will have to shift its redox equilibria less compared to a scenario where only one redox-sensitive
element is considered. To approximately quantify the effect of this redox feedback, we took an
extreme case of reducing all the CryO3 in the melt at a given P-T point, accommodating the
released oxygen by increasing the amount of FesO3 and reducing the amount of FeO accordingly.
We then calculated the fOy of this new composition through the fOsmelt software (Holland
et al., 2018), and recalculated the expected Cr®* /Crr given the new fOs. We find that, for this
calculation performed using at T = 1350°C and P = 12kbar, the fOs change produces a 1%
change in Cr3* /Cry and negligible impact on the calculated 6°3Cr.

4 Alternative input parameters and results

The inputs into the isotope fractionation models are better constrained for some of the stable
isotope systems considered relative to others. These uncertainties limit our ability to predict the
behaviour of some isotope systems in high temperature settings, and therefore limit the utility
of stable isotopes as a tool for exploring global basalt systematics. Here we discuss the results
of using alternative inputs.

4.1 Mg Qorthopyroxene—melt — 1

While the bonding of Mg in crystal lattices can be used to calculate a self-consistent set of M8
factors (Schauble, 2011; Huang et al., 2013) to input into the melting model, M factors do not
exist for silicate liquid. However, Stracke et al. (2018) show that glivine, orthopyroxene—melt ~ 1
based on equilibrated peridotite xenoliths. Mg is also similarly coordinated ([5-6] fold) in melt
and olivine/orthopyroxene (George and Stebbins, 1998; Shimoda et al., 2007; Stracke et al.,
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2018), providing further evidence for minimal olivine/orthopyroxene — melt Mg stable isotope
fractionation at magmatic temperatures.

We have chosen to use qglivine—melt = 1; i.€., using the same Mg values for liquid as for olivine.
The alternative is to use Qorthopyroxene—melt = 1. Fig. S5 compares the AZMg el —source for an
input of aglivine—meit = 1 (left hand panels; these are the results used in the main text) with an
input of (orthopyroxene—melt = 1 (right hand panels). The new input parameters replace the melt
in Table S4 with Table S9.

Table S9: Alternate parameters for Mg isotope SM# factors from Huang et al. (2013). 1000Ilng8 = a/T° + b/T*
+ ¢/T?, where T = temperature (Kelvin).

Mineral a b [¢

melt —8.10 x 10 6.65 x 10'° 2.25 x 10°

For KL.B1 peridotite, the magnitude of the difference in melt isotope composition between the
two models is &~ 0.05 %o (small compared to the average analytical uncertainty of 0.1 %o suggested
in Stracke et al., 2018, and similar to the long-term 2 S.D. of 0.06 %o given in Wang et al., 2021),
however the direction of partial melting fractionation is different. In the case of qglivine—melt = 1,
KLB1 melts are isotopically lighter than the bulk, and get heavier with increasing degree of
melting (the latter part of this behaviour is consistent with fractional melting modelled by
Stracke et al., 2018). For arthopyroxene—melt = 1, partial melts are isotopically heavier than the
bulk, and get progressively lighter with increasing degree of melting (the former part of this
behaviour is consistent with Stracke et al., 2018).

For KLB1, the similar differences in modelled melting isotopic fractionation relative to the ana-
lytical uncertainty means that the choice of alivine—melt = 1 0T Qorthopyroxene—melt = 1 for liquid
does not greatly alter any conclusions drawn from the peridotite melting. Minimal difference
between the models is also seen for MIX1G. However, low pressure melts from G2 (< 15kbar)
show effectively no stable isotope fractionation when qrthopyroxene—melt = 1 is used, compared
to fractionations as large as A?Mg = —0.1 %o with livine—melt = 1. This is because, for these
shallow depths, the only stable Mg-bearing phases in G2 are clinopyroxene and liquid (garnet
is not stable). Orthopyroxene and clinopyroxene have similar fM& factors and therefore, when
liquid is given the same BM® factor as orthopyroxene, the coexisting liquid and clinopyroxene
are only minimally isotopically fractionated from each other. These results highlight how impor-
tant accurate experimental cupineral—melt are for understanding the behaviour of stable isotope
systems, and the important role analytical precision plays in being able to identify these effects
in nature. Magnesium stable isotopes would benefit from further work in both of these areas.

4.2 Ca

The 2 value approach reduces uncertainties associated with an ionic model, as the bond lengths
and Ca, O coordination numbers in the relevant mineral structures required for the ionic model
are variable in the literature (e.g., Feng et al., 2014; Huang et al., 2019). Huang et al. (2019)
present an alternative set of 3°® values for the Ca-bearing minerals we are concerned with,
although Antonelli et al. (2019) argue that the PBE functionals used in their own study better
represent Ca isotope fractionation between species than the less accurate LDA functionals used
by Huang et al. (2019). Additionally, Antonelli et al. (2019) calculate 3 for pyrope garnet,
which is more representative of mantle garnet than the grossular endmember used in Huang

et al. (2019). Our model uses Iﬁglzgioclase < Bl < ﬁgﬁlopyroxene (see explanation in Section
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Figure S5: AQGMgmelt_source compared for a model where Qolivine—mels = 1 (left hand plots) and qorthopyroxene—melt
= 1 (right hand plots) for all three lithologies considered.

3.2), but some studies do suggest that s = 52 (e.g., Chen et al., 2019) based on

melt clinopyroxene
observations from natural equilibrated peridotite and pyroxenite samples that there is minimal
Ca isotope fractionation between clinopyroxene and basaltic melt. Independent estimates of the
force constants in silicate liquids and further experimental constraints on the behaviour of Ca
isotopes in silicate melts are therefore needed to improve the Ca isotope fractionation model.
Fig. S6 shows the results of using the 3“® values from Huang et al. (2019) with g%%, =

melt

ﬁgf}lopymxene (equivalent to Oclinopyroxene—melt = 1). The use of isotopically lighter grossular
garnet and isotopically heavier melt (relative to the Antonelli et al. (2019) inputs) result in

overall less negative melt-source isotope fractionation than in the main model, making all Ca
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isotope fractionations harder to resolve with current analytical precision. However, none of the
conclusions presented in the main text are altered by these alternative parameter choices.
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Figure S6: Model results of A*Cappase—source for f<* inputs from Huang et al. (2019), and using 85, =

Sianopymxene. Generally, the calculated A**Caphasesource 18 less negative than using the 8% inputs from Antonelli

et al. (2019) as shown in Fig. S2.

The composition of the phases involved further complicates models of Ca isotope fractiona-
tion. Feng et al. (2014) and Wang et al. (2017) show that Ca-O bond strength, hence isotopic
fractionation, in orthopyroxene is dependent on the Ca and Fe content of the pyroxene, al-
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though the concentrations of these elements in natural orthopyroxenes may produce negligible
concentration effects on isotopic fractionation (Wang et al., 2017). The isotopic fractionation
associated with garnet, in particular, is sensitive to Ca content for typical mantle compositions,
with a garnet-composition-sensitive fractionation factor produces smaller melting fractionations
in eclogite than using a fixed composition model (Chen et al., 2020a). Our model has not
implemented composition-specific fractionation factors, although does use the pyrope garnet
endmember which is most representative of mantle garnet. We also note that Antonelli et al.
(2019) calculate compositional effects for olivine and pyroxene solid solutions that are smaller
than those predicted using LDA functionals (e.g., Feng et al., 2014; Wang et al., 2017).

4.3 Fe

The model inputs for Fe isotope fractionation are relatively well constrained. The bonding
environment of Fe in mineral phases is well studied, making an ionic model approach possible
(e.g., Sossi and O’Neill, 2017). The model based on ionic inputs produces isotopic fractionation
and force constant predictions consistent with predictions by other methods and observations
(e.g., Dauphas et al., 2014; Macris et al., 2015). In addition, the Fe-O force constants in
basaltic glass as a function of Fe* content have been experimentally determined (Dauphas
et al., 2014), allowing the melt isotopic fractionation to be independently parameterised into
the model (although we note the potential complication induced by quenching effects, and by
melt generation in the mantle at non-atmospheric pressure). As discussed by Sossi and O’Neill
(2017), some terms in the ionic model approach (such as the ionicity of the bonds) are less well
constrained than the bonding environment of Fe in mineral structures, however the resultant
fractionation factors are minimally affected by these uncertainties.

4.4 V: VS = [4] coordinated

e

It has been suggested that vanadium isotopes may track magmatic redox (Prytulak et al., 2013,
2017; Sossi et al., 2018b; Wu et al., 2018) due to the existence of three valence states (3+, 4+,
5+) in terrestrial magmatic systems (Canil, 1999), though a better understanding of V isotope
behaviour during magmatic processes is required to exploit the system’s full potential as a redox
tracer (Prytulak et al., 2017). The successful modelling of V isotope fractionation therefore relies
on an understanding of the behaviour of each valence state of V.

Although slightly variable V partition coefficients for each valence state into mineral phases
can be found from experimental studies (Mallmann and O’Neill, 2009), these variations make
no significant difference to the calculated melt isotopic compositions. The main uncertainty
in the V fractionation model inputs is the coordination of V4* and V®* in silicate melts (and
associated Y factors). V4* in silicate liquid is [5-6] coordinated (Sutton et al., 2005), and
V4* coordination of both [5.33] and [6] have been used in existing studies discussing V isotope
behaviour during melting (Qi et al., 2019; Wu et al., 2018 respectively). V°* coordination in
silicate melts is [4-6] (Sutton et al., 2005; Righter et al., 2006), with Qi et al. (2019) quoting
an average of [5] coordination. As one of the main causes of V isotope fractionation during
melting is predicted to be the relative compatibility of V°F (and to a lesser extent V4*) in
melts relative to minerals (e.g., Canil, 2002; Mallmann and O’Neill, 2009; Wu et al., 2018), the
bonding environment and force constants of V species in the melt is a particularly important
input. The choice of coordination number for the V species controls the In 8 value chosen for
that species: 3V values are taken from those calculated for different bonding environments in
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aqueous solutions (Wu et al., 2015), assumed to be a good approximation to the case of silicate
melts following Wu et al. (2018). [5] coordination of V°T is not modelled in Wu et al. (2015),
and therefore only the cases of Vo in [4] and [6] coordination can be used, for which 3V values
have been calculated. No calculations are available for V4* in [5] coordination, and therefore
the model only considers V4* in [6] coordination.

Fig. S7 compares the A%V cli—source for an input of an'zlt = [6]-fold coordination (left hand
panels; these are the results used in the main text) with an input of V>t = [4]-fold coordination
(right hand panels). There are two aqueous complexes with 4-fold V°* in Wu et al. (2015). Here
we have chosen the BV factors for the [VTOo(OH)3]~ (Table S10) complex since this complex
has the greatest IngV difference from the [6]-fold coordinated case, therefore covering the greatest

range of input uncertainty.

40 T 40
melt c/ ‘\ melt
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|
|
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Figure ST7: APV et —source compared for a model where Vfﬂtlt = [6] coordinated (left hand plots) and Vf’;lt =

[4] coordinated (right hand plots) for KLBI1.

Table S10: Alternate parameters for V isotope 8V factors from Wu et al. (2015). 1000ln3 = a/T® + b/T* +
¢/T?, where T = temperature (Kelvin).

Mineral Valence a b C

melt Vot 7.00 x 10**  -3.25 x 10'°  1.42 x 10°

The model discussed in the main text is the result of using the upper limit of [6] coordinated
V5+: this will provide the minimum melting fractionation, since a higher coordination number
results in weaker V-O bonds, and less extreme isotopic fractionation. Using an input of [4]
coordinated V1 results in isotopically heavier melts, with the maximum KLB1 melting stable
isotope fractionation increasing from ~ 0.1 %o in the [6] coordinated case to ~ 0.15 %o close to
the solidus around 10kbar (Fig. S6 for full results) in the [4] coordinated case. However, the
difference between the two models decreases at higher temperature, and for the temperature
range of interest here (potential temperatures from 1300 — 1530°C), at 5kbar the difference
in melt isotopic composition between the two models is ~ 0.01 %o, and therefore negligible.
However, to improve understanding of high temperature V behaviour and link natural data to
specific processes, experimental and/or theoretical work on equilibrium isotopic fractionation
factors for silicate melt and minerals for different V species is needed.
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4.5 Cr: Cr%f, = [6] coordinated

melt

As chromium is a first-group transition element, the properties controlling isotopic fractionation
behaviour (e.g., valence, ionic radius hence bonding environment) of Cr?* and Cr3* ions may
be expected to be similar to Fe?™ and Fe3t ions (Xia et al., 2017). The main Cr-bearing
phases in the mantle are spinel, garnet and pyroxenes, although some Cr will partition into
olivine (Mallmann and O’Neill, 2009), and as with vanadium, partition coefficients depend on
the valence state of Cr (Mallmann and O’Neill, 2009).

As a set of B factors for mantle minerals does not exist, our models of Cr stable isotope
fractionation use force constants in each mineral calculated from an ionic bonding model (Shen
et al., 2018), following the approach used for Fe isotopes. An ionic model has been shown to
produce inter-mineral fractionation in agreement with the magnitude of isotope fractionation
inferred from studies of lherzolite mineral pairs (Shen et al., 2018). As with V isotopes, the
main uncertainty relating to species coordination is in liquid. Cr?T in silicate melt is reported
to be in [4] coordination (Miletich et al., 1999; O’Neill and Berry, 2006; Shen et al., 2020), but
may also be in [6] coordination in a square planar arrangement (O’Neill and Berry, 2006). The
isotope fractionation model presented here calculates force constants using effective anionic and
cationic radii based on Shannon (1976), following the approach outlined in Shen et al. (2018),
and these radii depend negatively on the coordination number chosen (Gibbs et al., 2014).

Fig. S8 compares the AP Cryelt—source fOr an input of Crfntlt = [4] coordinated (left hand panels;
these are the results used in the main text) with an input of Cr2f. = [6] coordinated (right

hand panels). The input parameters for the [6] coordinated case are in Table S8.

Table S11: Alternate parameters for Cr isotopic fractionation model. Mineral site and bonding information is
based on Shen et al. (2018).

Mineral ~ Cr species Site Cr coordination Bond length (A) O coordination

melt 24+ n/a 6 2.18 4

The model presented in the main text uses an input of Cr?" in [4] coordination in the melt.
Inputting [6] coordinated Cr?* in the melt results in isotopically lighter peridotite melts across
all of P-T space (Fig. S8) than the [4] coordinated case as a consequence of weaker Cr-O bonds
in a [6] coordinated environment than [4] coordinated. A similar effect is seen in MIX1G and
G2 melts. The melt-source isotopic fractionation is always negative, consistent with modelling
by Shen et al. (2018), and melts get progressively isotopically heavier (towards 0 %o fractiona-
tion from the source) with increasing degree of melting, consistent with observations from OIB
(Bonnand et al., 2020). The cationic radii are likely to be overestimates, as the radii for [6]
coordinated Cr used in Shen et al. (2018) assume octahedral, not square planar, coordination.
Square planar bonds would be expected to be longer than octahedral, and this would result
in even isotopically lighter melts. Therefore, although the model uses the most appropriate
available inputs for the more commonly quoted [4] coordination of Cr?* in melts, our under-
standing of the behaviour of Cr isotopes in silicate melts would benefit from further work on
the force constants of Cr?* in glasses, or the inputs required to calculate these such as bonding
environment or effective Cr-O bond lengths.
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Figure S8: A®*Crpmett—source compared for a model where Cr’f = [4] coordinated (left hand plots) and Cr’f), =
[6] coordinated (right hand plots) for all three lithologies.

5 Other potential isotopes

Other stable isotope systems not considered here might also have potential for investigating
mantle heterogeneity (in either lithology or temperature). However, we require a better under-
standing of the bonding environment in melts or relevant minerals before these isotope systems
can be implemented into the stable isotope fractionation models used here.

Like other stable isotope systems, the equilibrium §%°Si value of a phase will depend on the
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strength of the Si-O bonds. A more polymerised (or, more Si-rich) phase will have more Si-O
bonds, therefore a stronger average Si-O bond force constant, hence high §3°Si (Grant, 1954).
However, density functional theory (DFT) calculations show this simple prediction is compli-
cated by the role of other network-modifying cations in silicates (Méheut et al., 2009; Méheut
and Schauble, 2014). Silicon isotope fractionation factors have been calculated using DFT for
appropriate mantle minerals (Huang et al., 2014), however there is a lack of work on the crucial
mineral-melt fractionation information required for the equilibrium fractionation model here.
Furthermore, it has been suggested that Si isotopic fractionation in liquids may be correlated
with chemical composition (Qin et al., 2016), an effect that is too complicated (and under-
constrained) to model here. This knowledge gap could provide scope for future work, however
the mantle is currently thought to be homogeneous in Si isotopes (within current limits of an-
alytical precision), and there seems to be only a small partial melting effect (Savage et al.,
2014).

Titanium stable isotopes have been suggested as tracer of magmatic processes (Millet et al.,
2016), since Ti can exist in multiple coordination states in silicate melts and Ti-oxides (Farges
and Brown Jr, 1997). However, Ti stable isotope fractionation in magmatic systems is dominated
by the behaviour of Fe-Ti oxides, with no partial melting fractionation from mantle lithologies
expected unless under conditions of Ti-oxide saturation. DFT calculations predict no significant
Ti isotope fractionation between pyroxenes, olivine or garnet (Wang et al., 2020), and both
eclogites and MORB have the same measured §*°Ti value (Millet et al., 2016). Therefore, Ti
isotopes are not discussed further here, as there is no existing data to support for their use in
tracing temperature or lithological heterogeneity in the mantle associated with MORB or OIB.

6 Average depth of melting

The mean melt pressure, P, for isentropic melting at any T, is calculated by the following
integral, based on Asimow et al. (2001) with an additional geometric weighting factor to account
for the triangular shape of the melting region

Joi P AF g dP

P = P
Jpd AF g dP

(8)
where Py and Py are the initial and final pressures of melting respectively, AF is the amount
of melt produced at each pressure step (dP) along the isentropic melting path, and g is the
geometric weighting factor. Py is taken as the intersection of the isentrope with the solidus,
P; is used as 5kbar in this model as melt compositions have not been calculated for shallower
pressures - this is an overestimate (i.e., final melting will be shallower) for T}, = 1300 °C and an
underestimate for T), = 1530°C (Asimow et al., 2001), but will provide the correct behaviour.
Pressure steps used are the 0.5kbar intervals used in the P-T grid. AF is calculated for each
step from the difference in melt fractions calculated by THERMOCALC for consecutive dP steps.
The geometric weighting factor is a linear scaling running from 1 at the base of the melting
region to 0 at the top, to account for the wider base of the triangular melting region beneath
ridges. We calculate the average melting pressure for the three T)s for which we have calculated
isentropes in KLB1, and lineally interpolate between them (this will not be a linear relationship
in reality, e.g., Asimow et al., 2001, but our approach will provide a good approximation) to
get average melt pressures for temperatures between T, = 1300°C and 1530 °C. For KLB1, we
calculate an average melting pressure of approximately 12kbar at T, = 1300°C, and 28 kbar
at T, = 1530°C. The average Apelt—source for €ach T, is then taken as the A elt—source at the
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calculated average melting pressure.

The approach above, however, uses an equilibrium melt isotope composition at a single pressure
to approximate the fractional, multibaric melting thought to occur in the mantle (McKenzie,
1984; von Bargen and Waff, 1986; Langmuir et al., 1992; Asimow et al., 2001). To assess the
suitability of the equilibrium melting at single pressure approach, we have also calculated the
average melt isotopic composition by considering the stable isotope composition and elemental

concentration for each new step of melt generated during isentropic decompression at T, =
1300 °C and 1530°C by

. S5 Ax ¢ AF g dP
melt—source — flfof ¢ AF o ap

9)

where Ay is the Apeit—source Of the melt produced in the pressure step, and c is the wt % of
the element being considered in the melt, and other terms as above. The approach of equation
7, while considering polybaric melting, is still not a fractional melting model, but fractional
melting is beyond the scope of this work. Nonetheless, the chemical composition of pooled
fractional melts from a ridge melting regime has been shown to closely resemble that of a simple
equilibrium batch melt (Langmuir et al., 1992). Equation 7 therefore allows us to broadly assess
whether the approach taken in equation 6 produces estimates of mean melt isotope ratios very
different from a more realistic polybaric approach, although it should be noted that the polybaric
method of equation 7 only allows us to calculate the average melt isotopic composition for the
two T,s for which we have calculated isentropes.

Fig. S9 shows the comparison of the two calculations of average A pelt—source- Lhe dots show the
average melt isotope composition when calculated as a sum along the isentrope; the solid lines
show the approximation using the melt composition at the average pressure of melting. The
calculation using the average melt pressure is a good approximation of the calculated average
melt isotope compositions. Therefore we use this pressure approach in the main text: the
limitation of the calculated average melt isotope composition is that we only have information for
the T,s for which we have calculated isentropes, hence use a linear interpolation between them,
whereas the average pressure approach allows us to use more information from the calculated
P-T map of melt compositions, reflecting the changing of stable mineral assemblage, for example.

7 Trace element calculations

Table S12 gives the mineral-melt partition coefficients and mantle concentrations for Sm and
Yb used in this model.

Table S12: Input parameters (partition coefficients relative to melt, mantle concentrations) for calculating the
Sm, Dy and Yb concentration of trace elements in the model melts. Dgt cpx,o1,0px and element concentrations from
Gibson and Geist (2010); Dgpiner from Liu et al. (2019) (average values from high P experiments); Dplag from
Aigner-Torres et al. (2007) (from ‘run 31’); Dyytite from Klemme et al. (2005) (Sm), Foley et al. (2000) (Dy, Yb);
Dilmenite from Zack and Brumm (1998). Conc.pm = concentration in depleted mantle; mineral abbreviations as
previous with rut. = rutile, ilm. = ilmenite.

Element Dg  Depx Dot Dopx  Dspn  Dplag Drut Diim  Conc.pm
Sm 0.25 0.293 0.0011 0.02 0.198 0.081 0.00135 0.00059 0.299
Dy 2.2 0.4 0.0027 0.011 0.069 0.049 0.00076 0.01 0.525

Yb 6.6 0.4 2 0.08 0.812 0.025 0.0093 0.17 0.347
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Figure S9: Amelt—source for KLB1 calculated by taking the isotopic fractionation at the average melt pressure
(solid lines) compared to a calculation of the average melt composition by considering polybaric melts (equation
7), shown as coloured dots.

The concentration of each element in the melt was calculated at each P-T point by:

C Chulk
liquid =
Z Dmineral Fmineral + Fliquid

where C = concentration, D = partition coefficient, F = fraction of phase.

8 Additional reference figures

Fig. S10 provides a reference for how oxygen fugacity, melt fraction, and selected trace element
ratios vary along the isentropes shown in Figs. 1 and 4 of the main text. The trace element
concentrations are calculated using depleted mantle (DM) inputs for KLB1, and plume inputs
for the enriched MIX1G and G2 lithologies (see Table S12).

We choose to use peridotite isentropic decompression paths for the two pyroxenite lithologies, as
discussed in the main text. Figs. S11, S12 show results for the other endmember case for the two
pyroxenite lithologies, i.e., where the lithologies decompress along isentropic paths calculated
for each pure pyroxenite lithology.

Fig. S13 compares the melt-source isotope fractionation with progressive melting (along peri-
dotite isentropes) for pairs of isotopes in each lithology, allowing assessment of the ‘direct’
sensitivity to lithology. By direct lithological sensitivity, we refer to sensitivity related to miner-
alogy — these isotope systems may still trace lithology via each lithology’s different bulk isotope
composition. On balance, given that melts from any pyroxenite lithology are likely to be diluted
with ambient peridotite melts when extracted from the mantle (e.g., Hirschmann and Stolper,
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Figure S10: Parameters along the peridotite isentropic decompression paths for all three lithologies: oxygen
fugacity (from the fO2melt software; Holland et al., 2018), melt fraction (from THERMOCALC output), and selected
trace element ratios in the melts (calculated using the model described in the section above). The isentropes match
those in Figs. 2 and 5 in the main text.
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1996; Sobolev et al., 2005; Shorttle and Maclennan, 2011; Soderman et al., 2021), our results
in Fig. S13 are probably representative of maximum isotope fractionation signatures we might
see in natural systems, and Fig. 7 in the main text (which takes into account both this dilution
effect and non-identical bulk isotope compositions of the lithologies) may better represent the
predicted resolvability of each isotope system to lithology. Generally, Fig. S13 suggests that the
stable isotopes considered here may have poor direct sensitivity to lithological heterogeneity in
the source regions of basalts, assuming equilibrium fractionation behaviour and in the absence
of any pre-imposed source heterogeneity (i.e., where all lithologies have the same bulk isotope
ratio).

A25Mg (%o) A25Mg (%o)
—-0.05 0.00 0.05 0.10 -0.05 0.00 0.05
1 1 1 1 1 1 1
000 u + 1 S.D. from source
- 0.06
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o — . >
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~ M
o —0.06 2
3 S
< —0.08 A L 0.02 &
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.y 17 kbar cl|d @ KLB1 004
F0.02
0.08 -@- MIX1G
_._ G2 - O‘OO
"8* 0.06 A % >
N r—-0.02 X
S 0.04 — 00 g
a r—0.04
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- —0.06
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Figure S13: Melting fractionation (Amelt—source) plotted along the T, = 1300 °C isentrope; squares in Mg-Ca
space show T, = 1530 °C isentrope for reference. High or low pressure end of isentrope is marked, and arrows
show the direction of progressive melting (decompression). Markers are plotted every 3 pressure steps (each
pressure step is 0.5 kbar). Grey shaded regions show the source (0 %) %+ typical long-term analytical 1 S.D. (see
Table S2 for details).

9 Element budgeting between lithologies

To produce Fig. 7 in the main text, we use a mass balance calculation for each isotopic system,
X, where
OXpulk = (Ff)(yroxenite X 6Xpyr0xenite) + (Fi)(eridotite X 5Xperidotite) (11)

and FX is the fraction of the total element in the final melt coming from each lithology, O Xlithology
is the isotopic composition of each lithology (bulk isotope composition of lithology + melt-source
isotope fractionation). The F term considers both the amount of the element in the melt from
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Table S13: Inputs used to calculate bulk melt-source isotope fractionation in Figs. 7 and S14. * indicates inputs
using the pure pyroxenite isentropes at that Tp, rather than peridotite isentropes. The MIX1G 1400* inputs
are actually for an isentrope of T, = 1436 °C. The P-T given are the closest P-T pair in the model output files
to the average P-T of melting along each isentrope, as calculated in Section 6. For V and Cr, where element
partitioning is not calculated by THERMOCALC, the melt element concentrations are calculated as described in
Appendix Section 3, using the following bulk compositions for each lithology: KLB1 Cr2Os = 0.32wt %, G2
Cr203 = 0.08 wt %, MIX1G Cr203 = 0.11wt % (Jennings et al., 2016); KLB1 V = 85 ppm (typical primitive
mantle value from Lee et al., 2003; Prytulak et al., 2013), MIX1G and G2 V = 350 ppm (typical MORB value;
Prytulak et al., 2013).

KLB1 MIX1G G2
T, (°C): 1300 1400 1300 1300% 1400 1400% 1300 1300%*
Pressure (kbar) 12 17.5 15 13.5 24.5 22 27 25.5
Temperature (°C) 1300 1400 1317 1248 1440 1380 1345 1269
Melt fraction 0.061 0.099 0.323 0.093 0.369 0.155 0.458 0.048
Melt element conc.
Mg (mol % oxide) 16.50 20.43 1544 11.01 19.42 16.59 5.92 4.48
Ca (mol % oxide) 12.72 13.62 12.66 10.63 13.09 11.83 9.47 7.53
Fe (mol % oxide) 6.36 7.64 8.93 7.46 9.27 10.21 4.22 3.07
V (wt % element) 0.002 0.003 0.014 0.008 0.015 0.009 0.021 0.011
Cr (wt % element)  0.005 0.009 0.004 0.001 0.007 0.002 0.004 0.001
Melt-source isotopic fractionation (%)
A%Mg —0.02 —0.02 —0.08 —0.10 0.08 0.02 0.06 0.09
A*Ca —0.09 —-0.08 —0.04 —-0.05 —-0.08 —0.08 —0.08 —0.12
A®"Fe 0.06 0.04 0.03 0.06 0.03 0.04 0.03 0.06
APV 0.05 0.03 0.03 0.08 0.02 0.05 0.03 0.07
A%3Cr —0.03 —-0.02 —-0.05 —0.06 —0.04 —0.05 —0.03 —0.12
Bulk isotopic composition of lithology (%o)
5%%Mg —0.24 —0.25 —0.25
5**Ca 0.94 0.83 0.83
5°"Fe 0.05 0.14 0.14
Y —0.91 —0.92 —0.92
5%3Cr —0.12 —0.15 —0.15

each lithology, and the melt fraction of each lithology. Table S13 gives the inputs used: these
inputs are taken from the full model results at the average P-T melting condition (as in Section
6) for each T),. This calculation cannot be done for a T, of 1530°C (MIX1G & G2) or 1400°C
(G2) because the isentropic melting paths intersect the solidus at pressures below the base of
our model, so an accurate average pressure of melting cannot be calculated. The bulk isotope
compositions of each lithology are the BSE values for peridotite (see Fig. 1 caption in main text
for sources), and average MORB composition for pyroxenite (except for Cr where no known
MORB data are published and the modelled aggregate KLB1 melt isotope composition for T,
= 1300°C is used).

Fig. S14 is an alternative to Fig. 7 in the main text, with the right hand panels scaled to typical
current 1 S.D. analytical precision.
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Figure S14: Aggregate bulk melt isotope fractionation (relative to a pure peridotite source, left hand panels;
relative to a pure peridotite melt and scaled to current typical long-term analytical 1 S.D., right hand panels) for
multi-lithologic mantle. At each T), the aggregate melt composition (including isotope composition, and element
proportion) at the average pressure and temperature of melting for each lithology is used to calculate the resulting
bulk melt isotope composition by mass balance. A range of bulk melt-source isotope fractionations are given for
each isotope system, reflecting two endmembers for the thermal behaviour of pyroxenite upwelling in a peridotite
host. The bolder line represents the case for pyroxenite following peridotite geotherms (as used throughout this
study); the paler line reflects pyroxenite following its own geotherm, as in Figs. S10 and S11. Grey horizontal
bars in the right hand panels highlight 1 S.D.
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APPENDIX

Supplementary Material to ‘Global trends in novel stable isotopes in basalts:
theory and observations’ by Soderman et al.

1 Data sources

The data sources used in the natural data compilation in Figs. 1 and 8 in the main text are
given in Table S1.

Table S1: Literature data sources for stable isotope data compilation.

Isotope Type Literature sources

§Mg  MORB  Wiechert and Halliday (2007); Bourdon et al. (2010); Teng et al. (2010); Zhong et al. (2021b)
OIB Bourdon et al. (2010); Teng et al. (2010); Zhong et al. (2017); Wang et al. (2021)

§*Ca MORB  Zhu et al. (2018); Chen et al. (2020b); Zhu et al. (2020a)
OIB Huang et al. (2011b); Valdes et al. (2014, 2019); Feng et al. (2017); Chen et al. (2020b)

8°"Fe MORB  Teng et al. (2013); Nebel et al. (2013); Zhong et al. (2021) (seamounts: Sun et al., 2020)
OIB Teng et al. (2008); Schuessler et al. (2009); Konter et al. (2016); Nebel et al. (2019)
Peters et al. (2019); Gleeson et al. (2020); Soderman et al. (2021)

85V MORB  Prytulak et al. (2013); Wu et al. (2018); Novella et al. (2020)
OIB Prytulak et al. (2013); Ding et al. (2020)

§58Cr OIB Bonnand et al. (2020); Shen et al. (2020)

Table S2 gives the references for the typical sample 2 S.E. and long-term 2 S.D. used throughout
the manuscript.

Table S2: Literature data sources for stable isotope data errors.

Isotope Type Value (%) Literature sources
§°Mg  sample 2 S.E. 0.02 Wang et al. (2021)
long-term 2 S.D. 0.06 Wang et al. (2021)
0**Ca  sample 2 S.E. 0.05 Zhu et al. (2018, 2020a)
long-term 2 S.D. 0.14 Chen et al. (2019)
§5"Fe sample 2 S.E. 0.02 Soderman et al. (2021)
long-term 2 S.D. 0.05 Soderman et al. (2021)
Y sample 2 S.E. 0.05 Wu et al. (2018); Novella et al. (2020)
long-term 2 S.D. 0.08 Qi et al. (2019)
§%3Cr sample 2 S.E. 0.01  Sossi et al. (2018)
long-term 2 S.D. 0.04 Xia et al. (2017); Sossi et al. (2018)
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2 Phase equilibria calculations

In order to explore stable isotope fractionation taking place during the melting of pyroxenite
and peridotite lithologies within the mantle, we first constructed pseudosections and calculated
mineral chemistries for MIX1G (KLB1 and G2 calculations are presented in Soderman et al.,
2021). The calculations were performed in the KNCFMASTOCr system using THERMOCALC
v3.47 (Powell et al., 1998), and the latest version of the thermodynamic dataset of Holland and
Powell (2011) with the a-X models of Holland et al. (2018).

The composition of the MIX1G lithology (Hirschmann et al., 2003; Lambart et al., 2016) used
in the phase-equilibria calculations is given in Table S3. The ferric iron content is taken as
between that of KLB1 peridotite and MORB, following the approach used for KG1 by Jennings
et al. (2016), where Fe3t /Fer = 0.1.

Table S3: MIX1G composition, in KNCFMASTOCTr system (mol % oxides). Composition from Lambart et al.
(2016), renormalised without MnO.

mole % oxide
SiOQ A1203 CaO MgO FeOt KQO NaQO TiOz CI‘203 O

38.5 1.78 2.82 50.58 5.52 0.01 0.25 0.07 0.11 0.09

After calculation of the phase boundaries, THERMOCALC was run over a grid of P-T space, from
5-40kbar and 1100-1730°C.

3 Details and results of the main stable isotope fractionation
model

The equilibrium isotopic composition of the phases present at any point in P-T space (including
melts) was calculated for each isotope system, based on calculated equilibrium isotope fraction-
ation factors, a®* B, between the phases that are present. o B was calculated either from
reduced partition function ratios (8 factors), or from calculated cation-oxygen force constants,
as outlined for Mg, Ca, V and Cr isotopes below. The Fe isotope fractionation input parameters
are presented in the supplementary information of Soderman et al. (2021). The mineral abbre-
viations used in the figures in the following subsections are: olivine (ol), clinopyroxene (cpx),
orthopyroxene (opx), spinel (spn), garnet (g), plagioclase (pl).

3.1 Mg

The SM# factors used for Mg-bearing mantle minerals (spinel, clinopyroxene, orthopyroxene,
olivine, garnet) are given in Table S4. These M factors are taken from Huang et al. (2013), with
the exception of spinel, which is taken from Schauble (2011) and scaled relative to a reference
BMe of olivine which is calculated in both studies. Pigeonite (a stable phase in MIX1G) is
modelled with the same 3M8 as clinopyroxene; liquid (melt) is taken as having no fractionation
from olivine in the main model (Stracke et al., 2018, see Appendix Section 4 for discussion), so

Mg _ gMg
ﬁmelt - Bolivine‘

The full results of the Mg model, showing the isotopic composition of each phase calculated in



Table S4: Parameters for 3M& factors from Huang et al. (2013). 1000In8 = a/T% 4 b/T* + ¢/T?, where T =
temperature (Kelvin).

Mineral a b ¢
spinel —2.74 x 10 2.08 x 10" 2.93 x 10°
orthopyroxene —8.10 x 10'%  6.65 x 10 2.25 x 10°
clinopyroxene  —1.17 x 10*® 1.03 x 10** 2.24 x 10°
olivine —1.19 x 10 1.05 x 10" 2.07 x 10°
garnet —5.50 x 10'®  4.92 x 10'° 1.30 x 10°
melt —1.19 x 10 1.05 x 10** 2.07 x 10°

o KLB1, MIX1G and G2, are in Fig. S1.
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Figure S1: Full results of the Mg isotopic fractionation model, A%Mgphase_somce, for the three lithologies.



41

42

43

44

45

46

47

48

49

50

51

52

Table S5: B factors (given as 1000Inj, at a temperature of 1000K) from Antonelli et al. (2019).

Mineral Structure used 10001ng3
plagioclase anorthite 1.06
orthopyroxene Ca/Mg = 1/32 1.84
clinopyroxene  diopside 1.32
olivine forsterite Ca/Mg = 1/64 2.11
garnet pyrope Ca/Mg = 1/24 2.00
liquid 1.19

3.2 Ca

The 5 factors used for Ca-bearing mantle minerals (plagioclase, clinopyroxene, orthopyroxene,
olivine, garnet) are given in Table S5, and are taken from Antonelli et al. (2019). Where options
exist for minerals with different structures and/or compositions, we use those with most similar
Ca/Mg to the typical phase compositions calculated by THERMOCALC for KLB1. Pigeonite (a
stable phase in MIX1G) is modelled with the same (€2 as clinopyroxene; liquid is taken as having
° intermediate between clinopyroxene and plagioclase (anorthite), following observations from
natural samples (Zhang et al., 2018; Antonelli et al., 2019b) and consistent with the approach
used by Antonelli et al. (2021). 3 factors are made temperature-dependent by

10°
InBry = InB1000K) X T2 (1)
following Antonelli et al. (2021).

The full results of the Ca model, showing the isotopic composition of each phase calculated in
KLB1, MIX1G and G2, are in Fig. S2.
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Figure S2: Full results of the Ca isotopic fractionation model, A44Caphase_source, for the three lithologies.
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3.3 V

The proportion of V3+/4+/5% was calculated following Toplis and Corgne (2002), using the
FeO/Fey03 ratio of the melt (calculated by THERMOCALC) at each point in P-T space with

log(X V3T /XVAT) = log(XFe?t /XFe3t) — 2.4 (2)

and
log(X V4T /XV5T) = log(XFe?" /XFe3") — 0.3 (3)

where X is the mole fraction of cation.

The partition coefficients and 8V factors of each valence state of V in the V-bearing mantle
minerals (olivine, clinopyroxene, orthopyroxene, garnet, spinel) are given in Table S6. Partition
coefficients are from Mallmann and O’Neill (2009), with garnet assumed to have similar V
partitioning to clinopyroxene (Mallmann and O’Neill, 2007, 2009). The 3V factors are taken from
Wu et al. (2015) for V in different coordination environments in solution systems; alternative
choices of 3V due to uncertainties in V coordination number are discussed in Section 4 below.
Pigeonite (a stable phase in MIX1G) is modelled as clinopyroxene.

Table S6: Parameters for V partitioning and isotopic fractionation. Partition coefficients (D) from Mallmann and
O’Neill (2009). B8 factors are from Wu et al. (2015). 1000Iln8 = a/T® + b/T* + ¢/T?, where T = temperature
(Kelvin).

Mineral Valence  Dmin—liq a b c
olivine vt 0.18 1.0 x 10'* —7.70 x 10° 6.28 x 10°
Vit 0.0227 4.0 x 10 —1.80 x 10*® 9.43 x 10°
Vit 0.00255 7.0 x 10" —3.06 x 10 1.26 x 10°
orthopyroxene V3t 1 1.0 x 10" —7.70 x 10° 6.28 x 10°
Vit 0.674 4.0 x 10** —1.80 x 10 9.43 x 10°
Vot 0.00338 7.0 x 10" —3.06 x 10 1.26 x 10°
clinopyroxene V3T 3.88 1.0 x 10"  —7.70 x 10° 6.28 x 10°
Vit 1.13 4.0 x 10"  —1.80 x 10'° 9.43 x 10°
Vot 0.0142 7.0 x 10'* —3.06 x 10'° 1.26 x 10°
spinel V3t 15.3 1.0 x 10"  —7.70 x 10° 6.28 x 10°
Vit 1.44 4.0 x 10" —1.80 x 10'° 9.43 x 10°
V5t 0.00303 7.0 x 10'* —3.06 x 10'° 1.26 x 10°
garnet V3T 3.88 1.0 x 10"  —7.70 x 10° 6.28 x 10°
Vit 1.13 4.0 x 10'*  —1.80 x 10'° 9.43 x 10°
Vot 0.0142 7.0 x 10'* —3.06 x 10'° 1.26 x 10°
melt vt 1 1.0 x 10" —7.70 x 10° 6.28 x 10°
Vit 1 4.0 x 10" —1.80 x 10*® 9.43 x 10°
Vot 1 7.0x 10" —=3.06 x 10 1.26 x 10°

The full results of the V isotope model, showing the isotopic composition of each phase calculated
in KLB1, MIX1G and G2, are in Fig. S3. Note that stable isotope fractionation can only be
calculated where there is liquid present, i.e., where the proportion of each V valence state can
be calculated.

3.4 Cr

The proportion of Cr2t/3+ was calculated using the parameterisation given in Berry et al. (2021)
Cr?* B 1 A
Crp 14 10(0-2510gfO2 +logK’) (4)

6
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Figure S3: Full results of the V isotopic fractionation model, Aslvphase_soume, for the three lithologies.
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Table S7: Optical basicity values for each oxide, from Mills (1993).

optical basicity, A
SiOz TiOz Ales F6203 CI‘QO3 FeO CaO MgO NaQO KQO

0.48  0.61 0.60 0.75 0.58 1 1 0.78 1.15 1.4

with fOy calculated at each P-T point using the fO2 melt software (Holland et al., 2018), and
the modified equilibrium constant calculated by

9770 900P — 172P2
logK' = 2= — 7.60 + 6.22A + ( - ) (5)

where T is in Kelvin, P is in GPa. A is the optical basicity, a composition-dependent term (Duffy,
1993) which reflects equilibrium between bridging oxygens, non-bridging oxygens and free oxide
anions in a melt (Humphreys et al., 2015). Since optical basicity values can be assigned to
individual oxides (Duffy, 1993), an ideal optical basicity for a melt can be calculated, following
Mills (1993), as

A > Xini Ay (6)
> Xin;
where X; is the mole fraction of oxide i, n is the number of O associated with oxide i, and A is
the theoretical A of oxide i (see Table S7). At each P-T point, the calculated A was used with
equations 3 and 4 to calculate Cr redox state.

The partition coefficients of each valence state of Cr in the Cr-bearing mantle minerals (olivine,
clinopyroxene, orthopyroxene, garnet, spinel) are given in Table S8. Partition coefficients for
olivine, clinopyroxene, orthopyroxene are from (Mallmann and O’Neill, 2009); for spinel from
the supplement of Shen et al. (2018), for garnet from Sutton et al. (2008). The ionic model
inputs (Table S8) are based on the supplement of Shen et al. (2018); for garnet, where no ionic
inputs are presented in Shen et al. (2018), we take coordination information from Deer et al.
(2013), and use the relevant ionic radii as used by Shen et al. (2018). The force constants for
Cr-O bonds were then calculated based on the equations presented in Sossi and O’Neill (2017)
for Fe isotopes.

Table S8: Parameters for Cr partitioning and isotopic fractionation model. Partition coefficients (D) from Mall-
mann and O’Neill (2009); Shen et al. (2018); Sutton et al. (2008). Mineral site and bonding information is based
on Shen et al. (2018). cpx = clinopyroxene, opx = orthopyroxene.

Mineral Cr species  Dmin—mert Site  Cr coordination Bond length (A) O coordination No. sites

spinel 2+ 0 n/a n/a n/a n/a n/a
spinel 3+ 220 M 6 1.995 4 2
garnet 2+ 0 n/a n/a n/a n/a n/a
garnet 3+ 12 M2 6 1.995 4 2
olivine 2+ 0.85 M2 6 2.18 4 1
olivine 3+ 0.85 M1 6 1.995 4 1
opx 2+ 0.843 M2 7 2.305 3.57 1
opx 3+ 3.52 M1 6 1.988 3.67 1
cpx 24 0.587 M2 7 2.305 3.57 1
cpx 3+ 12.6 M1 6 1.988 3.67 1
liquid 2+ 1 4 1.913 4

liquid 34+ 1 6 1.995 4

The full results of the Cr model, showing the isotopic composition of each phase calculated in
KLB1, MIX1G and G2, are in Fig. S4. Note that stable isotope fractionation can only be
calculated where there is liquid present, i.e., where the proportion of each Cr valence state can
be calculated.
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Figure S4: Full results of the Cr isotopic fractionation model, A**Crphase—source, for the three lithologies.
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3.5 Consistency of valence state calculations

As discussed in the main text, the calculated Fe?* /Fer, Cr3*/Crr and V45+ /V1 are not fully
self-consistent, as the speciation of both Cr and V are calculated based on the Fe3t/Fer at
any point. This means that O (oxygen) is being partitioned into the oxidised Cr and V oxides
without affecting Fe redox state. We consider tying the Cr and V valence states to the Fe redox
equilibria to be reasonable, as Fe is the dominant redox-sensitive element in the mantle with an
abundance considerably greater than that of Cr or V. To quantify this, we have calculated the
fraction of oxygen associated with oxidised valence states of the each redox-sensitive element
out of the total oxygen associated with the oxidised valence states, e.g.,

Opes+
Opes+ + Ocpa+ + Ovat + Oy

(7)

where Ox represents the number of moles of oxygen associated with cation X at any given P-T
point. At T = 1300°C and P = 12kbar, we calculate that 73 % of the oxygen associated with
oxidised cations is associated with Fe3*, 27 % with Cr®*, and < 0.01 % with V45, for total
Fe, Cr and V contents in peridotite (Davis et al., 2009; Salters and Stracke, 2004).

However, although our use of the Fe redox equilibria to calculate Cr and V speciation is a
reasonable approximation, it is important to note that considering the combined Fe-Cr-V redox
equilibria as in real systems would reduce the variability in the redox state of each element across
P-T space compared to our model. This is because the combined effect of considering three redox
equilibria able to accommodate oxygen via their oxidised cations together is that each system
will have to shift its redox equilibria less compared to a scenario where only one redox-sensitive
element is considered. To approximately quantify the effect of this redox feedback, we took an
extreme case of reducing all the CryO3 in the melt at a given P-T point, accommodating the
released oxygen by increasing the amount of FesO3 and reducing the amount of FeO accordingly.
We then calculated the fOy of this new composition through the fOsmelt software (Holland
et al., 2018), and recalculated the expected Cr®* /Crr given the new fOs. We find that, for this
calculation performed using at T = 1350°C and P = 12kbar, the fOs change produces a 1%
change in Cr3* /Cry and negligible impact on the calculated 6°3Cr.

4 Alternative input parameters and results

The inputs into the isotope fractionation models are better constrained for some of the stable
isotope systems considered relative to others. These uncertainties limit our ability to predict the
behaviour of some isotope systems in high temperature settings, and therefore limit the utility
of stable isotopes as a tool for exploring global basalt systematics. Here we discuss the results
of using alternative inputs.

4.1 Mg Qorthopyroxene—melt — 1

While the bonding of Mg in crystal lattices can be used to calculate a self-consistent set of M8
factors (Schauble, 2011; Huang et al., 2013) to input into the melting model, M factors do not
exist for silicate liquid. However, Stracke et al. (2018) show that glivine, orthopyroxene—melt ~ 1
based on equilibrated peridotite xenoliths. Mg is also similarly coordinated ([5-6] fold) in melt
and olivine/orthopyroxene (George and Stebbins, 1998; Shimoda et al., 2007; Stracke et al.,

10
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2018), providing further evidence for minimal olivine/orthopyroxene — melt Mg stable isotope
fractionation at magmatic temperatures.

We have chosen to use qglivine—melt = 1; i.€., using the same Mg values for liquid as for olivine.
The alternative is to use Qorthopyroxene—melt = 1. Fig. S5 compares the AZMg el —source for an
input of aglivine—meit = 1 (left hand panels; these are the results used in the main text) with an
input of (orthopyroxene—melt = 1 (right hand panels). The new input parameters replace the melt
in Table S4 with Table S9.

Table S9: Alternate parameters for Mg isotope SM# factors from Huang et al. (2013). 1000Ilng8 = a/T° + b/T*
+ ¢/T?, where T = temperature (Kelvin).

Mineral a b [¢

melt —8.10 x 10 6.65 x 10'° 2.25 x 10°

For KL.B1 peridotite, the magnitude of the difference in melt isotope composition between the
two models is &~ 0.05 %o (small compared to the average analytical uncertainty of 0.1 %o suggested
in Stracke et al., 2018, and similar to the long-term 2 S.D. of 0.06 %o given in Wang et al., 2021),
however the direction of partial melting fractionation is different. In the case of qglivine—melt = 1,
KLB1 melts are isotopically lighter than the bulk, and get heavier with increasing degree of
melting (the latter part of this behaviour is consistent with fractional melting modelled by
Stracke et al., 2018). For arthopyroxene—melt = 1, partial melts are isotopically heavier than the
bulk, and get progressively lighter with increasing degree of melting (the former part of this
behaviour is consistent with Stracke et al., 2018).

For KLB1, the similar differences in modelled melting isotopic fractionation relative to the ana-
lytical uncertainty means that the choice of alivine—melt = 1 0T Qorthopyroxene—melt = 1 for liquid
does not greatly alter any conclusions drawn from the peridotite melting. Minimal difference
between the models is also seen for MIX1G. However, low pressure melts from G2 (< 15kbar)
show effectively no stable isotope fractionation when qrthopyroxene—melt = 1 is used, compared
to fractionations as large as A?Mg = —0.1 %o with livine—melt = 1. This is because, for these
shallow depths, the only stable Mg-bearing phases in G2 are clinopyroxene and liquid (garnet
is not stable). Orthopyroxene and clinopyroxene have similar fM& factors and therefore, when
liquid is given the same BM® factor as orthopyroxene, the coexisting liquid and clinopyroxene
are only minimally isotopically fractionated from each other. These results highlight how impor-
tant accurate experimental cupineral—melt are for understanding the behaviour of stable isotope
systems, and the important role analytical precision plays in being able to identify these effects
in nature. Magnesium stable isotopes would benefit from further work in both of these areas.

4.2 Ca

The 2 value approach reduces uncertainties associated with an ionic model, as the bond lengths
and Ca, O coordination numbers in the relevant mineral structures required for the ionic model
are variable in the literature (e.g., Feng et al., 2014; Huang et al., 2019). Huang et al. (2019)
present an alternative set of 3°® values for the Ca-bearing minerals we are concerned with,
although Antonelli et al. (2019) argue that the PBE functionals used in their own study better
represent Ca isotope fractionation between species than the less accurate LDA functionals used
by Huang et al. (2019). Additionally, Antonelli et al. (2019) calculate 3 for pyrope garnet,
which is more representative of mantle garnet than the grossular endmember used in Huang

et al. (2019). Our model uses Iﬁglzgioclase < Bl < ﬁgﬁlopyroxene (see explanation in Section
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Figure S5: AQGMgmelt_source compared for a model where Qolivine—mels = 1 (left hand plots) and qorthopyroxene—melt
= 1 (right hand plots) for all three lithologies considered.

3.2), but some studies do suggest that ﬁgilt = ﬁgﬁlopymxene (e.g., Chen et al., 2019) based on
observations from natural equilibrated peridotite and pyroxenite samples that there is minimal
Ca isotope fractionation between clinopyroxene and basaltic melt. Independent estimates of the
force constants in silicate liquids and further experimental constraints on the behaviour of Ca
isotopes in silicate melts are therefore needed to improve the Ca isotope fractionation model.

Fig. S6 shows the results of using the S“® values from Huang et al. (2019) with nglt =
ﬁgf}lopymxene (equivalent to Oclinopyroxene—melt = 1). The use of isotopically lighter grossular
garnet and isotopically heavier melt (relative to the Antonelli et al. (2019) inputs) result in

overall less negative melt-source isotope fractionation than in the main model, making all Ca

12
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Figure S6: Model results of A*Cappase—source for f<* inputs from Huang et al. (2019), and using 85, =

Sianopymxene. Generally, the calculated A**Caphasesource 18 less negative than using the 8% inputs from Antonelli

et al. (2019) as shown in Fig. S2.
The composition of the phases involved further complicates models of Ca isotope fractiona-

tion. Feng et al. (2014) and Wang et al. (2017) show that Ca-O bond strength, hence isotopic
fractionation, in orthopyroxene is dependent on the Ca and Fe content of the pyroxene, al-
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though the concentrations of these elements in natural orthopyroxenes may produce negligible
concentration effects on isotopic fractionation (Wang et al., 2017). The isotopic fractionation
associated with garnet, in particular, is sensitive to Ca content for typical mantle compositions,
with a garnet-composition-sensitive fractionation factor produces smaller melting fractionations
in eclogite than using a fixed composition model (Chen et al., 2020a). Our model has not
implemented composition-specific fractionation factors, although does use the pyrope garnet
endmember which is most representative of mantle garnet. We also note that Antonelli et al.
(2019) calculate compositional effects for olivine and pyroxene solid solutions that are smaller
than those predicted using LDA functionals (e.g., Feng et al., 2014; Wang et al., 2017).

4.3 Fe

The model inputs for Fe isotope fractionation are relatively well constrained. The bonding
environment of Fe in mineral phases is well studied, making an ionic model approach possible
(e.g., Sossi and O’Neill, 2017). The model based on ionic inputs produces isotopic fractionation
and force constant predictions consistent with predictions by other methods and observations
(e.g., Dauphas et al., 2014; Macris et al., 2015). In addition, the Fe-O force constants in
basaltic glass as a function of Fe* content have been experimentally determined (Dauphas
et al., 2014), allowing the melt isotopic fractionation to be independently parameterised into
the model (although we note the potential complication induced by quenching effects, and by
melt generation in the mantle at non-atmospheric pressure). As discussed by Sossi and O’Neill
(2017), some terms in the ionic model approach (such as the ionicity of the bonds) are less well
constrained than the bonding environment of Fe in mineral structures, however the resultant
fractionation factors are minimally affected by these uncertainties.

4.4 V: VS = [4] coordinated

e

It has been suggested that vanadium isotopes may track magmatic redox (Prytulak et al., 2013,
2017; Sossi et al., 2018b; Wu et al., 2018) due to the existence of three valence states (3+, 4+,
5+) in terrestrial magmatic systems (Canil, 1999), though a better understanding of V isotope
behaviour during magmatic processes is required to exploit the system’s full potential as a redox
tracer (Prytulak et al., 2017). The successful modelling of V isotope fractionation therefore relies
on an understanding of the behaviour of each valence state of V.

Although slightly variable V partition coefficients for each valence state into mineral phases
can be found from experimental studies (Mallmann and O’Neill, 2009), these variations make
no significant difference to the calculated melt isotopic compositions. The main uncertainty
in the V fractionation model inputs is the coordination of V4* and V®* in silicate melts (and
associated Y factors). V4* in silicate liquid is [5-6] coordinated (Sutton et al., 2005), and
V4* coordination of both [5.33] and [6] have been used in existing studies discussing V isotope
behaviour during melting (Qi et al., 2019; Wu et al., 2018 respectively). V°* coordination in
silicate melts is [4-6] (Sutton et al., 2005; Righter et al., 2006), with Qi et al. (2019) quoting
an average of [5] coordination. As one of the main causes of V isotope fractionation during
melting is predicted to be the relative compatibility of V°F (and to a lesser extent V4*) in
melts relative to minerals (e.g., Canil, 2002; Mallmann and O’Neill, 2009; Wu et al., 2018), the
bonding environment and force constants of V species in the melt is a particularly important
input. The choice of coordination number for the V species controls the In 8 value chosen for
that species: 3V values are taken from those calculated for different bonding environments in
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aqueous solutions (Wu et al., 2015), assumed to be a good approximation to the case of silicate
melts following Wu et al. (2018). [5] coordination of V°T is not modelled in Wu et al. (2015),
and therefore only the cases of Vo in [4] and [6] coordination can be used, for which 3V values
have been calculated. No calculations are available for V4* in [5] coordination, and therefore
the model only considers V4* in [6] coordination.

Fig. S7 compares the A%V cli—source for an input of an'zlt = [6]-fold coordination (left hand
panels; these are the results used in the main text) with an input of V>t = [4]-fold coordination
(right hand panels). There are two aqueous complexes with 4-fold V°* in Wu et al. (2015). Here
we have chosen the BV factors for the [VTOo(OH)3]~ (Table S10) complex since this complex
has the greatest IngV difference from the [6]-fold coordinated case, therefore covering the greatest

range of input uncertainty.
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Figure ST7: APV et —source compared for a model where Vfﬂtlt = [6] coordinated (left hand plots) and Vf’;lt =

[4] coordinated (right hand plots) for KLBI1.

Table S10: Alternate parameters for V isotope 8V factors from Wu et al. (2015). 1000ln3 = a/T® + b/T* +
¢/T?, where T = temperature (Kelvin).

Mineral Valence a b C

melt Vot 7.00 x 10**  -3.25 x 10'°  1.42 x 10°

The model discussed in the main text is the result of using the upper limit of [6] coordinated
V5+: this will provide the minimum melting fractionation, since a higher coordination number
results in weaker V-O bonds, and less extreme isotopic fractionation. Using an input of [4]
coordinated V1 results in isotopically heavier melts, with the maximum KLB1 melting stable
isotope fractionation increasing from ~ 0.1 %o in the [6] coordinated case to ~ 0.15 %o close to
the solidus around 10kbar (Fig. S6 for full results) in the [4] coordinated case. However, the
difference between the two models decreases at higher temperature, and for the temperature
range of interest here (potential temperatures from 1300 — 1530°C), at 5kbar the difference
in melt isotopic composition between the two models is ~ 0.01 %o, and therefore negligible.
However, to improve understanding of high temperature V behaviour and link natural data to
specific processes, experimental and/or theoretical work on equilibrium isotopic fractionation
factors for silicate melt and minerals for different V species is needed.
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4.5 Cr: Cr%f, = [6] coordinated

melt

As chromium is a first-group transition element, the properties controlling isotopic fractionation
behaviour (e.g., valence, ionic radius hence bonding environment) of Cr?* and Cr3* ions may
be expected to be similar to Fe?™ and Fe3t ions (Xia et al., 2017). The main Cr-bearing
phases in the mantle are spinel, garnet and pyroxenes, although some Cr will partition into
olivine (Mallmann and O’Neill, 2009), and as with vanadium, partition coefficients depend on
the valence state of Cr (Mallmann and O’Neill, 2009).

As a set of B factors for mantle minerals does not exist, our models of Cr stable isotope
fractionation use force constants in each mineral calculated from an ionic bonding model (Shen
et al., 2018), following the approach used for Fe isotopes. An ionic model has been shown to
produce inter-mineral fractionation in agreement with the magnitude of isotope fractionation
inferred from studies of lherzolite mineral pairs (Shen et al., 2018). As with V isotopes, the
main uncertainty relating to species coordination is in liquid. Cr?T in silicate melt is reported
to be in [4] coordination (Miletich et al., 1999; O’Neill and Berry, 2006; Shen et al., 2020), but
may also be in [6] coordination in a square planar arrangement (O’Neill and Berry, 2006). The
isotope fractionation model presented here calculates force constants using effective anionic and
cationic radii based on Shannon (1976), following the approach outlined in Shen et al. (2018),
and these radii depend negatively on the coordination number chosen (Gibbs et al., 2014).

Fig. S8 compares the AP Cryelt—source fOr an input of Crfntlt = [4] coordinated (left hand panels;
these are the results used in the main text) with an input of Cr2f. = [6] coordinated (right

hand panels). The input parameters for the [6] coordinated case are in Table S8.

Table S11: Alternate parameters for Cr isotopic fractionation model. Mineral site and bonding information is
based on Shen et al. (2018).

Mineral ~ Cr species Site Cr coordination Bond length (A) O coordination

melt 24+ n/a 6 2.18 4

The model presented in the main text uses an input of Cr?" in [4] coordination in the melt.
Inputting [6] coordinated Cr?* in the melt results in isotopically lighter peridotite melts across
all of P-T space (Fig. S8) than the [4] coordinated case as a consequence of weaker Cr-O bonds
in a [6] coordinated environment than [4] coordinated. A similar effect is seen in MIX1G and
G2 melts. The melt-source isotopic fractionation is always negative, consistent with modelling
by Shen et al. (2018), and melts get progressively isotopically heavier (towards 0 %o fractiona-
tion from the source) with increasing degree of melting, consistent with observations from OIB
(Bonnand et al., 2020). The cationic radii are likely to be overestimates, as the radii for [6]
coordinated Cr used in Shen et al. (2018) assume octahedral, not square planar, coordination.
Square planar bonds would be expected to be longer than octahedral, and this would result
in even isotopically lighter melts. Therefore, although the model uses the most appropriate
available inputs for the more commonly quoted [4] coordination of Cr?* in melts, our under-
standing of the behaviour of Cr isotopes in silicate melts would benefit from further work on
the force constants of Cr?* in glasses, or the inputs required to calculate these such as bonding
environment or effective Cr-O bond lengths.
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Figure S8: A®*Crpmett—source compared for a model where Cr’f = [4] coordinated (left hand plots) and Cr’f), =
[6] coordinated (right hand plots) for all three lithologies.

5 Other potential isotopes

Other stable isotope systems not considered here might also have potential for investigating
mantle heterogeneity (in either lithology or temperature). However, we require a better under-
standing of the bonding environment in melts or relevant minerals before these isotope systems
can be implemented into the stable isotope fractionation models used here.

Like other stable isotope systems, the equilibrium §%°Si value of a phase will depend on the
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strength of the Si-O bonds. A more polymerised (or, more Si-rich) phase will have more Si-O
bonds, therefore a stronger average Si-O bond force constant, hence high §3°Si (Grant, 1954).
However, density functional theory (DFT) calculations show this simple prediction is compli-
cated by the role of other network-modifying cations in silicates (Méheut et al., 2009; Méheut
and Schauble, 2014). Silicon isotope fractionation factors have been calculated using DFT for
appropriate mantle minerals (Huang et al., 2014), however there is a lack of work on the crucial
mineral-melt fractionation information required for the equilibrium fractionation model here.
Furthermore, it has been suggested that Si isotopic fractionation in liquids may be correlated
with chemical composition (Qin et al., 2016), an effect that is too complicated (and under-
constrained) to model here. This knowledge gap could provide scope for future work, however
the mantle is currently thought to be homogeneous in Si isotopes (within current limits of an-
alytical precision), and there seems to be only a small partial melting effect (Savage et al.,
2014).

Titanium stable isotopes have been suggested as tracer of magmatic processes (Millet et al.,
2016), since Ti can exist in multiple coordination states in silicate melts and Ti-oxides (Farges
and Brown Jr, 1997). However, Ti stable isotope fractionation in magmatic systems is dominated
by the behaviour of Fe-Ti oxides, with no partial melting fractionation from mantle lithologies
expected unless under conditions of Ti-oxide saturation. DFT calculations predict no significant
Ti isotope fractionation between pyroxenes, olivine or garnet (Wang et al., 2020), and both
eclogites and MORB have the same measured §*°Ti value (Millet et al., 2016). Therefore, Ti
isotopes are not discussed further here, as there is no existing data to support for their use in
tracing temperature or lithological heterogeneity in the mantle associated with MORB or OIB.

6 Average depth of melting

The mean melt pressure, P, for isentropic melting at any T, is calculated by the following
integral, based on Asimow et al. (2001) with an additional geometric weighting factor to account
for the triangular shape of the melting region

Joi P AF g dP

P = P
Jpd AF g dP

(8)
where Py and Py are the initial and final pressures of melting respectively, AF is the amount
of melt produced at each pressure step (dP) along the isentropic melting path, and g is the
geometric weighting factor. Py is taken as the intersection of the isentrope with the solidus,
P; is used as 5kbar in this model as melt compositions have not been calculated for shallower
pressures - this is an overestimate (i.e., final melting will be shallower) for T}, = 1300 °C and an
underestimate for T), = 1530°C (Asimow et al., 2001), but will provide the correct behaviour.
Pressure steps used are the 0.5kbar intervals used in the P-T grid. AF is calculated for each
step from the difference in melt fractions calculated by THERMOCALC for consecutive dP steps.
The geometric weighting factor is a linear scaling running from 1 at the base of the melting
region to 0 at the top, to account for the wider base of the triangular melting region beneath
ridges. We calculate the average melting pressure for the three T)s for which we have calculated
isentropes in KLB1, and lineally interpolate between them (this will not be a linear relationship
in reality, e.g., Asimow et al., 2001, but our approach will provide a good approximation) to
get average melt pressures for temperatures between T, = 1300°C and 1530 °C. For KLB1, we
calculate an average melting pressure of approximately 12kbar at T, = 1300°C, and 28 kbar
at T, = 1530°C. The average Apelt—source for €ach T, is then taken as the A elt—source at the
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calculated average melting pressure.

The approach above, however, uses an equilibrium melt isotope composition at a single pressure
to approximate the fractional, multibaric melting thought to occur in the mantle (McKenzie,
1984; von Bargen and Waff, 1986; Langmuir et al., 1992; Asimow et al., 2001). To assess the
suitability of the equilibrium melting at single pressure approach, we have also calculated the
average melt isotopic composition by considering the stable isotope composition and elemental

concentration for each new step of melt generated during isentropic decompression at T, =
1300 °C and 1530°C by

. S5 Ax ¢ AF g dP
melt—source — flfof ¢ AF o ap

9)

where Ay is the Apeit—source Of the melt produced in the pressure step, and c is the wt % of
the element being considered in the melt, and other terms as above. The approach of equation
7, while considering polybaric melting, is still not a fractional melting model, but fractional
melting is beyond the scope of this work. Nonetheless, the chemical composition of pooled
fractional melts from a ridge melting regime has been shown to closely resemble that of a simple
equilibrium batch melt (Langmuir et al., 1992). Equation 7 therefore allows us to broadly assess
whether the approach taken in equation 6 produces estimates of mean melt isotope ratios very
different from a more realistic polybaric approach, although it should be noted that the polybaric
method of equation 7 only allows us to calculate the average melt isotopic composition for the
two T,s for which we have calculated isentropes.

Fig. S9 shows the comparison of the two calculations of average A pelt—source- Lhe dots show the
average melt isotope composition when calculated as a sum along the isentrope; the solid lines
show the approximation using the melt composition at the average pressure of melting. The
calculation using the average melt pressure is a good approximation of the calculated average
melt isotope compositions. Therefore we use this pressure approach in the main text: the
limitation of the calculated average melt isotope composition is that we only have information for
the T,s for which we have calculated isentropes, hence use a linear interpolation between them,
whereas the average pressure approach allows us to use more information from the calculated
P-T map of melt compositions, reflecting the changing of stable mineral assemblage, for example.

7 Trace element calculations

Table S12 gives the mineral-melt partition coefficients and mantle concentrations for Sm and
Yb used in this model.

Table S12: Input parameters (partition coefficients relative to melt, mantle concentrations) for calculating the
Sm, Dy and Yb concentration of trace elements in the model melts. Dgt cpx,o1,0px and element concentrations from
Gibson and Geist (2010); Dgpiner from Liu et al. (2019) (average values from high P experiments); Dplag from
Aigner-Torres et al. (2007) (from ‘run 31’); Dyytite from Klemme et al. (2005) (Sm), Foley et al. (2000) (Dy, Yb);
Dilmenite from Zack and Brumm (1998). Conc.pm = concentration in depleted mantle; mineral abbreviations as
previous with rut. = rutile, ilm. = ilmenite.

Element Dgt Dcpx Dol Dopx Dspn Dplag Drut Dilm COI’IC.D]\d
Sm 0.25 0.293 0.0011 0.02 0.198 0.081 0.00135 0.00059 0.299
Dy 2.2 0.4 0.0027 0.011 0.069 0.049 0.00076 0.01 0.525
Yb 6.6 0.4 2 0.08 0.812 0.025 0.0093 0.17 0.347
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Figure S9: Amelt—source for KLB1 calculated by taking the isotopic fractionation at the average melt pressure
(solid lines) compared to a calculation of the average melt composition by considering polybaric melts (equation
7), shown as coloured dots.

The concentration of each element in the melt was calculated at each P-T point by:

C Chulk
liquid =
Z Dmineral Fmineral + Fliquid

where C = concentration, D = partition coefficient, F = fraction of phase.

8 Additional reference figures

Fig. S10 provides a reference for how oxygen fugacity, melt fraction, and selected trace element
ratios vary along the isentropes shown in Figs. 1 and 4 of the main text. The trace element
concentrations are calculated using depleted mantle (DM) inputs for KLB1, and plume inputs
for the enriched MIX1G and G2 lithologies (see Table S12).

We choose to use peridotite isentropic decompression paths for the two pyroxenite lithologies, as
discussed in the main text. Figs. S11, S12 show results for the other endmember case for the two
pyroxenite lithologies, i.e., where the lithologies decompress along isentropic paths calculated
for each pure pyroxenite lithology.

Fig. S13 compares the melt-source isotope fractionation with progressive melting (along peri-
dotite isentropes) for pairs of isotopes in each lithology, allowing assessment of the ‘direct’
sensitivity to lithology. By direct lithological sensitivity, we refer to sensitivity related to miner-
alogy — these isotope systems may still trace lithology via each lithology’s different bulk isotope
composition. On balance, given that melts from any pyroxenite lithology are likely to be diluted
with ambient peridotite melts when extracted from the mantle (e.g., Hirschmann and Stolper,
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Figure S10: Parameters along the peridotite isentropic decompression paths for all three lithologies: oxygen
fugacity (from the fO2melt software; Holland et al., 2018), melt fraction (from THERMOCALC output), and selected
trace element ratios in the melts (calculated using the model described in the section above). The isentropes match
those in Figs. 2 and 5 in the main text.
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1996; Sobolev et al., 2005; Shorttle and Maclennan, 2011; Soderman et al., 2021), our results
in Fig. S13 are probably representative of maximum isotope fractionation signatures we might
see in natural systems, and Fig. 7 in the main text (which takes into account both this dilution
effect and non-identical bulk isotope compositions of the lithologies) may better represent the
predicted resolvability of each isotope system to lithology. Generally, Fig. S13 suggests that the
stable isotopes considered here may have poor direct sensitivity to lithological heterogeneity in
the source regions of basalts, assuming equilibrium fractionation behaviour and in the absence
of any pre-imposed source heterogeneity (i.e., where all lithologies have the same bulk isotope
ratio).

A25Mg (%o) A25Mg (%o)
—-0.05 0.00 0.05 0.10 -0.05 0.00 0.05
1 1 1 1 1 1 1
0.00 u + 1 S.D. from source
- 0.06
—0.02 ~ 20 kbar ‘ 34 kbar
o — . >
O\g 0.04 F0.04 <
~ M
© —0.06 o
3 S
< —0.08 A L 0.02 &
—0.10 A
-0.12 - - 0.00
0.10 1 17 kbar cl|d ~@- KLB1 004
F0.02
0.08 -@- MIX1G
_._ G2 - 0.00
3 0.06 - % "
N r—-0.02 X
S 0.04- L oo e
a r—0.04
< 0.02 A K>
- —0.06
0.00 A
34 kbar - —0.08
—0.02 A
T T T T T T T _0.10
—-0.05 0.00 0.05 0.10 —-0.05 0.00 0.05
A25Mg (%o) A25Mg (%)

Figure S13: Melting fractionation (Amelt—source) plotted along the T, = 1300 °C isentrope; squares in Mg-Ca
space show T, = 1530 °C isentrope for reference. High or low pressure end of isentrope is marked, and arrows
show the direction of progressive melting (decompression). Markers are plotted every 3 pressure steps (each
pressure step is 0.5 kbar). Grey shaded regions show the source (0 %) %+ typical long-term analytical 1 S.D. (see
Table S2 for details).

9 Element budgeting between lithologies

To produce Fig. 7 in the main text, we use a mass balance calculation for each isotopic system,
X, where
OXpulk = (Ff)(yroxenite X 6Xpyr0xenite) + (Fi)(eridotite X 5Xperidotite) (11)

and FX is the fraction of the total element in the final melt coming from each lithology, O Xlithology
is the isotopic composition of each lithology (bulk isotope composition of lithology + melt-source
isotope fractionation). The F term considers both the amount of the element in the melt from
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Table S13: Inputs used to calculate bulk melt-source isotope fractionation in Figs. 7 and S14. * indicates inputs
using the pure pyroxenite isentropes at that Tp, rather than peridotite isentropes. The MIX1G 1400* inputs
are actually for an isentrope of T, = 1436 °C. The P-T given are the closest P-T pair in the model output files
to the average P-T of melting along each isentrope, as calculated in Section 6. For V and Cr, where element
partitioning is not calculated by THERMOCALC, the melt element concentrations are calculated as described in
Appendix Section 3, using the following bulk compositions for each lithology: KLB1 Cr2Os = 0.32wt %, G2
Cr203 = 0.08 wt %, MIX1G Cr203 = 0.11wt % (Jennings et al., 2016); KLB1 V = 85 ppm (typical primitive
mantle value from Lee et al., 2003; Prytulak et al., 2013), MIX1G and G2 V = 350 ppm (typical MORB value;
Prytulak et al., 2013).

KLB1 MIX1G G2
T, (°C): 1300 1400 1300 1300% 1400 1400% 1300 1300%*
Pressure (kbar) 12 17.5 15 13.5 24.5 22 27 25.5
Temperature (°C) 1300 1400 1317 1248 1440 1380 1345 1269
Melt fraction 0.061 0.099 0.323 0.093 0.369 0.155 0.458 0.048
Melt element conc.
Mg (mol % oxide) 16.50 20.43 1544 11.01 19.42 16.59 5.92 4.48
Ca (mol % oxide) 12.72 13.62 12.66 10.63 13.09 11.83 9.47 7.53
Fe (mol % oxide) 6.36 7.64 8.93 7.46 9.27 10.21 4.22 3.07
V (wt % element) 0.002 0.003 0.014 0.008 0.015 0.009 0.021 0.011
Cr (wt % element)  0.005 0.009 0.004 0.001 0.007 0.002 0.004 0.001
Melt-source isotopic fractionation (%)
A%Mg —0.02 —0.02 —0.08 —0.10 0.08 0.02 0.06 0.09
A*Ca —0.09 —-0.08 —0.04 —-0.05 —-0.08 —0.08 —0.08 —0.12
A®"Fe 0.06 0.04 0.03 0.06 0.03 0.04 0.03 0.06
APV 0.05 0.03 0.03 0.08 0.02 0.05 0.03 0.07
A%3Cr —0.03 —-0.02 —-0.05 —0.06 —0.04 —0.05 —0.03 —0.12
Bulk isotopic composition of lithology (%o)
5%%Mg —0.24 —0.25 —0.25
5**Ca 0.94 0.83 0.83
5°"Fe 0.05 0.14 0.14
Y —0.91 —0.92 —0.92
5%3Cr —0.12 —0.15 —0.15

each lithology, and the melt fraction of each lithology. Table S13 gives the inputs used: these
inputs are taken from the full model results at the average P-T melting condition (as in Section
6) for each T),. This calculation cannot be done for a T, of 1530°C (MIX1G & G2) or 1400°C
(G2) because the isentropic melting paths intersect the solidus at pressures below the base of
our model, so an accurate average pressure of melting cannot be calculated. The bulk isotope
compositions of each lithology are the BSE values for peridotite (see Fig. 1 caption in main text
for sources), and average MORB composition for pyroxenite (except for Cr where no known
MORB data are published and the modelled aggregate KLB1 melt isotope composition for T,
= 1300°C is used).

Fig. S14 is an alternative to Fig. 7 in the main text, with the right hand panels scaled to typical
current 1 S.D. analytical precision.
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Figure S14: Aggregate bulk melt isotope fractionation (relative to a pure peridotite source, left hand panels;
relative to a pure peridotite melt and scaled to current typical long-term analytical 1 S.D., right hand panels) for
multi-lithologic mantle. At each T), the aggregate melt composition (including isotope composition, and element
proportion) at the average pressure and temperature of melting for each lithology is used to calculate the resulting
bulk melt isotope composition by mass balance. A range of bulk melt-source isotope fractionations are given for
each isotope system, reflecting two endmembers for the thermal behaviour of pyroxenite upwelling in a peridotite
host. The bolder line represents the case for pyroxenite following peridotite geotherms (as used throughout this
study); the paler line reflects pyroxenite following its own geotherm, as in Figs. S10 and S11. Grey horizontal
bars in the right hand panels highlight 1 S.D.
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