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Key Points 

● Rift inception and evolution is controlled by a spatial and temporal competition 
between tectonic drivers, resisting factors and weakening processes. 

● Continental rifting is an intrinsically transient process involving distinct evolution 
phases that overprint each other.  

● Weakening feedbacks act on a shorter time scale than variations in driving forces and 
therefore exert key control on rift success.  

● Failed rifts should be considered dormant rather than dead as they may get 
reactivated when the local force balance changes.  

● Understanding rift processes is crucial for identifying seismic hazards and the 
distribution of georesources in rifts worldwide.  

 
Abstract 
A rift is a nascent plate boundary where the continental lithosphere is extended and possibly 
broken. In this review, we focus on fundamental rift processes and how they evolve through 
time. We aim at providing a modular overview of the driving forces, resisting factors, and 
weakening processes as well as how their interaction generates the large variety of rifts on 
Earth. Rifting initiates when the joint contribution of lithospheric buoyancy forces, mantle 
tractions, and subduction-related forces overcome the lithospheric strength. Subsequently, 
rifting is facilitated by softening mechanisms, such as frictional weakening, diking and surface 
processes, but also by inherited rheological weaknesses, such as those coinciding with 
currently active rifts in East Africa. These positive feedback effects may however be counter-
balanced by dynamic processes resisting deformation such as isostatic forces or lithospheric 
cooling, which may ultimately lead to the abandonment of a rift. A fundamental understanding 
of the force balance in rifts is required to assess their controls on rift-wide stress fields, which 
is essential when georesources like geothermal energy are to be exploited in a responsible 
way. These cross-scale interactions can only be understood through multidisciplinary 
approaches that integrate geophysical and geochemical data with modern modelling 
techniques. 
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1. Introduction  
Continental rifts are emergent plate boundaries where the lithosphere gets thinned, where the 
crust is broken and where melting and magmatism occurs until eventually a new ocean basin 
might form. These geological processes induce a strong economical and societal relevance 
of rifts. Subsurface water reservoirs in rifts may feature anomalously high temperatures, 
making them prime targets for geothermal energy generation1. Surface depressions of rifts 
create accommodation space for sedimentary basins, which may hold sediment-hosted ore 
deposits2,3 like zinc, lead and copper that are of strategic relevance for implementing the 
global energy transition through metal-intensive green technologies4 (e.g. solar photovoltaic, 
wind turbines). Rift sediments as well as rift basalts and peridotites show great potential for 
carbon capture and storage5 [G]. This is in ironic contrast to the fact that rifts and rifted margins 
have traditionally been heavily exploited for hydrocarbons6.  Finally, rift processes may 
exhume mantle rocks whose chemical alteration leads to the creation of natural hydrogen [G]. 
Whether past or present rifts can serve as an economically viable source of hydrogen is still 
unclear, but currently investigated7. In contrast to these positive examples, rifts also pose 
considerable hazards ranging from natural earthquake activity8, volcanism9 to large-scale 
carbon dioxide degassing10 and landslides11. Understanding the cross-scale links between the 
geodynamic processes that control rift initiation and evolution hence also holds relevance for 
sustainable and safe utilisation of rift environments. 
Continental rifts and rifted margins have often been classified in terms of their geometry12, the 
amount of sedimentation6 and magmatism13. These categories, however, apply only to a given 
moment while recent surveys, models and concepts show that rift dynamics can change 
dramatically through time. Magma-poor rifts for example can turn into magmatic rifts, such as 
the Norwegian-Greenland margins14 and the Southern South Atlantic15, in particular upon the 
impingement of a mantle plume16,17 [G]. Also it has become clear that the classical rift 
typecasts of wide and narrow rifts18 can not be directly linked to wide and narrow rifted 
margins, as laterally migrating narrow rifts can indeed generate a wide continental margin19,20. 
Finally, many rifts do not evolve into a rifted margin. In these so-called failed rifts tectonic 
activity has eventually ceased before continental rupture was complete6. In extending existing 
rift classifications to a process-based view, it is equally important to analyse the reasons for 
rift failure as deducing the causes for success. 

 
 

Fig. 1 | Key processes and 
forces controlling rift 
dynamics. Continental rifts 
are affected by a multitude of 
processes ranging from grain 
scale deformation in ductile 
shear zones and plate 
boundary-scale faults to 
plate-scale drivers of 
deformation. We describe 
these factors and their 
interaction in terms of driving 
forces (Sec. 2), resisting 
factors (Sec. 3) and 
weakening processes (Sec. 
4). Image based on a 
numerical forward model 
from Ref. 21. 
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Box 1 | Conceptual model for the inception and evolution of continental rifts.  
Breaking the continental lithosphere is an intrinsically transient process. Rifting hence 
progresses continuously, involving several major phases.   

Rift initiation. Rifts localise when tensional stresses exceed the strength of the continental 
lithosphere. Deformation can be accommodated by brittle faults, ductile shear zones, and 
magmatic dikes. Incipient rifting occurs for instance at the Okavango Rift in the south-eastern 
termination of the East African Rift and in the Central European Eger Rift. Structures inherited 
from previous deformation episodes often facilitate and guide deformation.  

Basin evolution. Neighbouring faults compete and ultimately coalesce into an array of 
dominant faults. The strike-perpendicular extent of a rift can vary from less than hundred 
kilometres in narrow rifts, such as the Main Ethiopian Rift in East Africa, to several hundred 
kilometres in wide rifts, like in the Basin and Range region of North America. Slip along major 
faults and ductile thinning of the lower lithosphere causes hanging wall subsidence, which 
creates sedimentary basins. Hot, sublithospheric mantle (i.e. asthenosphere) rises in 
response to lithospheric thinning and causes decompression melting. These melts migrate 
rapidly through the lithosphere generating dikes, sills, and volcanoes.  

Oceanisation. When the crust is thinned sufficiently, deformation progressively focusses 
migrating towards the location of future break-up. Enhanced decompression melting at a 
successively larger depth range intensifies magmatic emplacement in the rift centre. 
Eventually, magmatic segments may accommodate most extensional deformation, such as in 
the Afar region in East Africa or the Woodlark Rift in southeastern Papua New Guinea. When 
the continental lithosphere is separated and replaced by upwelling mantle and basaltic melt 
intrusions, the transition to mid-ocean spreading takes place.  

Post rift. Once the newly formed mid-ocean ridge accommodates all plate divergence, the 
former rift turns into a rifted continental margin. This margin, however, continues to deform: 
on the one hand, proximal [G] and distal [G] parts of the margin cool at different rates, causing 
the distal part to subside slightly faster, leading to margin tilting. On the other hand, sediments 
transported by onshore river networks may load the proximal margin inducing subsidence. 
Additional processes, like along-shore sediment transport or glacial loading and unloading as 
in the North Atlantic, continue to shape rifted margins long beyond the original rift phase. 
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The processes driving continental rifts and shaping their surface expressions can only be 
understood through multidisciplinary approaches. These efforts comprise classical geological 
mapping22,23, geophysical surveys for imaging deep rift structures24,25, geodetic surveys to 
identify current plate kinematics26, and major drilling campaigns27,28. Advances in the field of 
igneous petrology29 and thermochronology30 allow for detailed tracking of rift activity through 
time31–33. This wealth of information has been integrated in plate kinematic reconstructions34,35, 
which provide high-resolution quantitative models from the onset of rifting to mature ocean 
basins. Finally, the development of analytical36,37, analogue38,39, and numerical40,41 modelling 
approaches provide an impactful way to integrate observational data and fundamental 
physical laws within one framework. These advances allow for an unprecedented 
understanding of the tectonic drivers of rifting. 
Here we review key factors and processes affecting rift tectonics and how they evolve through 
time (Fig. 1). Instead of a structural template, we aim at providing a modular review of the 
driving forces [G], resisting factors [G], and weakening processes [G]. This approach is 
particularly useful for rifts, since in contrast to most other plate boundaries like subduction 
zones and mid-ocean ridges, rifts can never achieve a quasi steady-state configuration (Box 
1). In contrast, the balance between driving forces and resisting strength evolves 
continuously, which shapes the characteristic normal faults, sedimentary basins and 
magmatic features documented in presently active rifts, failed rifts and rifted margins 
worldwide. 
 
2. Driving forces 
Forces arising in several ways may drive lithospheric rifting and we group them into three 
categories: lithospheric buoyancy forces, mantle tractions, and subduction-related forces (Fig. 
2). Below we describe these three categories and how they relate to rifting processes. 
Evidence strongly suggests that lithospheric buoyancy forces (Fig. 2B) contribute to rifting in 
some settings, while the relative roles of mantle tractions [G] (Fig. 2C) and subduction-related 
forces (Fig. 2D) has been debated for decades. The types of forces can be related, as for 
example, when upwelling of a hot mantle plume (via mantle traction) generates dynamic uplift 
(Fig. 2C, right). The heat supplied by the plume can eventually thin the lithosphere causing 
uplift due to what we term a lithospheric buoyancy force.   
2.1 Lithospheric buoyancy forces 
Lithospheric buoyancy forces arise from lateral variations in topography and lithospheric 
structure, which generate stresses from gravitational potential energy (GPE) [G] gradients 
within the lithosphere that drive lithospheric deformation42–44. Topography variations are 
partially supported by vertical tractions from mantle flow and are discussed in Sec. 2.2. 
Lithospheric structure variations arise from heterogeneities in crustal thickness (Fig. 2B, left), 
lithospheric thickness (Fig. 2B, right), temperature, composition, and density.  
An example where lithospheric buoyancy forces due to elevated topography dominate the 
force balance driving rifting is the East African Rift System. The high topography is partially 
supported by vertical mantle tractions. A recent geodynamic investigation of the continental 
East African Rift System uses 3D computational modelling to suggest lithospheric buoyancy 
forces are the main driver of large-scale east-west extension that is constrained by geodetic 
observations45 (Fig. 3). This work supports previous 2D modelling46–48 and 3D modelling 
approaches49,49 that estimate 10-15 MPa of stress from lateral variations in topography and 
density heterogeneities.  
Crustal thickening produces extensional stresses and this is likely driving the broad region of 
extension of the Basin and Range Province in the western United States where paleoelevation 
data have been used to quantify GPE gradients50. The collapse of regions of thick crust has 
also been suggested as a cause of the broad zones of rifting inferred to have occurred in West 
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Antarctica51,52. In these cases where lithospheric buoyancy forces dominate rifting, the rift 
systems are largely isolated from active subduction zones. Each example is also affected by 
elevated topography either in the present (East Africa) or in the recent past (Basin and Range, 
West Antarctica), thus GPE gradients have played an important role in their rift dynamics. 
2.2 Mantle tractions 
Convection and density variations in the sub-lithospheric mantle can affect the mantle 
tractions that drive plate tectonics in general and rifting specifically. Here, we describe mantle 
tractions that act normal to and parallel to the base of the lithosphere as vertical and horizontal 
tractions, respectively. Horizontal tractions result when the asthenosphere moves laterally 
relative to the overlying lithosphere. The horizontal traction on a plate is given by integrating 
basal shear stresses [G] over area.  
2.2.1 Horizontal tractions 
The magnitude of horizontal tractions on plates is disputed. If mantle convection cells are 
small compared to tectonic plates then one would assume that horizontal tractions slow the 
motion of the plate. This idea combined with the fact that the largest plate, the Pacific plate, 
moves faster than other plates led several groups to conclude that horizontal tractions are 
negligible53,54. In contrast, global models of plate motions55 conclude that horizontal tractions 
help drive plate motions and rifting. At a global scale, the interaction of cratonic roots with the 
convecting mantle plays an important role in the relative role of horizontal tractions on the 
lithosphere56. Thus, it is theoretically possible that horizontal tractions could play an important 
role in rift settings where cratonic roots exist, although this process has not been 
demonstrated conclusively.    
2.2.2 Vertical tractions 
Vertical tractions are produced by sub-lithospheric lateral density variations that drive mantle 
convection, which we separate into normal stress and lateral pressure variations. Normal 
stresses are generated by vertical gradients in vertical velocity where convective upwellings 
or downwellings meet the lithosphere. Pressure variations at the top of convecting mantle also 
contribute to vertical tractions. The topography produced by vertical tractions below the 
lithosphere is termed dynamic topography57,58. It is dynamic since the relief is produced by 
flow of the mantle.  
The magnitude of dynamic topography is difficult to measure, and the best ways to estimate 
it are controversial59,60. Straightforward estimates of the amplitude and wavelength of dynamic 
topography come from regions where there are good geophysical constraints on isostatic 
topography. This approach assumes that dynamic topography is what is left when the 
estimated isostatic topography is removed from the observed topography. The ocean basins 
offer a relatively homogeneous and geophysically well-characterised example region to study 
dynamic topography. Isostatic topography was recently calculated using an extensive dataset 
of seismic constraints on crustal thickness and lithospheric density variation in oceanic 
lithospheric lithosphere58. This study concludes that the magnitude of dynamic depth 
variations in the ocean basins is +/- 1000 m which translates to +/-700 dynamic topography 
without water loading. This uplift could result in about 3 TN/m of extensional line force [G].   
Dynamic uplift in rift settings is inferred over many regions where mantle plumes have been 
identified in the present and in the past, which are areas of mantle upwelling and melting61 
(Fig. 2C, right). The association of large plume-related flood basalt outpouring with major 
rifting events, indicates an important role of plumes in producing the vertical and horizontal 
mantle tractions needed to rift continents16,62. Examples of this association include the 
separation of North America and Africa that accelerated at the time of the eruption of Central 
Atlantic magmatic province63 ~201 million years ago (Ma), the break-up of South America and 
Africa associated with the Paraná and Etendeka flood basalts64 that erupted ~133 Ma; as well 
as the breakup of North America and Eurasia and the opening of the North Atlantic65 
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associated with the Brito-Arctic Province between 61 and 56 Ma. We note that mantle plumes 
can aid continental rifting, but that they are not a requirement, as shown by, for example, the 
break-up of Iberia-Newfoundland and Australia-East Antarctica, that proceeded without flood 
basalt eruptions. 

 
Fig. 2 | Drivers of extension. Simplified representation of major processes and forces that 
contribute to tensional stresses in the lithosphere. Panel A gives an overview that indicates 
how stresses of different sources may superpose in one setting. Panels B-D illustrate the 
individual key drivers of rifting. 
 

2.3 Subduction-related forces  
Forces related to the subduction (Fig. 2A) of dense lithospheric plates into the sub-lithospheric 
mantle can potentially add significant far-field stresses that drive rifting. The pull of subduction 
zones on the attached plates (“slab-pull”) is likely to be significant since Earth’s subducting 
plates move 3 to 4 times faster than plates without attached subducting slabs66. During “slab 
rollback”, where a subducting slab migrates in the direction opposite to its overall plate motion, 
the upper plate (that is the plate above the downgoing plate) can be put into extension. “Slab 
pull” and “slab rollback”, like all driving forces, results from gravity acting on lateral variations 
in density, i.e. GPE gradients, whereas resisting forces are due to the strength of the mantle 
and crust67. The magnitude of the “slab pull” is related to the negative buoyancy of a 
subducting oceanic plate and can be on the order of several tens of TN/m (Ref. 68). However, 
since mantle viscosity is thought to increase below the asthenosphere, the dynamic resistance 
to the downward motion of the plate may be nearly as large as the slab pull force69. The sum 
of these effects may put the trailing part of the down-going plate into extension.  
An example of a place where ongoing rifting may be driven by “slab pull” is the Woodlark 
Basin region of Papua New Guinea. There, the initiation of a new subduction zone located a 
few hundred kilometres to the north is roughly synchronous with the 10 Ma initiation of 
Woodlark rifting70,71. Another example where subduction may facilitate rifting is the Afro-
Arabian Rift system. As noted above, the East African part of the broader Afro-Arabian Rift 
system seems not to be directly affected by subduction, but the Red Sea is. The African 
continent is separating from Arabia across the Red Sea while the Arabian Plate subducts 
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beneath the Eurasian Plate. The Red Sea is rifting about an order of magnitude faster than 
the rest of East Africa72 and this may relate to the pull of the subducting plate. 
In these two examples, the rift is adjacent to a plate that is being subducted. Subduction can 
also affect rifts on the upper plate. In places of “slab rollback”, a back arc rift can form. Many 
marginal basins around the Pacific such as the Japan Sea are products of such back-arc 
rifting73,74. 

 

 
Fig. 3 | East African kinematics. 
A dynamic model of the East 
African Rift45 that predicts rigid 
plate motion and East-West 
extension from lithospheric 
buoyancy forces as black vectors. 
White vectors represent rigid plate 
motions derived from the 
geodetically constrained kinematic 
model26. The comparison 
illustrates that lithospheric 
buoyancy forces are a key factor in 
driving continental rifting in East 
Africa. 

 
3. Resisting factors 
Breaking the strong continental lithosphere requires overcoming a large resistance. In stable 
interiors of tectonic plates, resisting factors are larger than the drivers of deformation, which 
is why tectonic motion is focussed along weak plate boundaries. Continental rifts, however, 
can be considered as nascent plate boundaries where resisting resistance plays an equally 
important role as the driving forces. In the following, we discuss resisting factors in terms of 
static strength, inherited weakness, and dynamically resisting forces which arise as a natural 
consequence of extension. 
3.1 Static resisting factors 
Forming a rift requires bringing the entire continental lithosphere to its yield [G] point, which 
at low temperatures involves breaking new fractures and faults, and at higher temperatures 
requires the activation of ductile creep processes75. At the lithosphere scale, this can be 
conceptualised as applying a driving force that matches or exceeds the strength [G] of the 
plate. The strength is primarily a function of brittle crustal thickness and crustal temperature, 
but also of overall lithosphere thickness and is determined by brittle and ductile deformation.  
 



 9 

 
Fig. 4 | Rheological weakening and inheritance. Strength heterogeneities affect rift 
evolution at all stages and scales. (a) Mohr circles showing the mechanical conditions for the 
formation of faults or the reactivation and exploitation of inherited (pre-rift) planes of weakness 
(modified after Ref. 86–88). The friction angle (ϕ) and cohesive strength (C) are shown for 
formation of new planes of failure in intact isotropic rocks (ϕ’,C’) and for 
reactivation/exploitation of existing ones (ϕr,Cr). The range of orientations for failure of pre-
existing planes of weakness is broader (β1≤ϒ≤β2) than in intact isotropic rock where θ is the 
most optimal orientation for brittle failure. The diagram also highlights the role of fluid pressure 
(ΔPp) on the failure of rocks. (b) A small shear zone in a metagranite protolith, Neves Glacier, 
Italy (photo by Samuele Papeschi). (c) Sheared metadioritic gneisses along the ~15 km-wide 
Precambrian Mughese Shear Zone (from Ref. 89). Inset: Regional aeromagnetic and hillshade 
topographic maps showing the extent of the Mughese Shear Zone and location of the 
photograph (black star). The southern extension of the shear zone has been exploited by 
normal faults of the Malawi Rift. 
 

At shallow levels (~15 km and above), but potentially also in the uppermost portion of the 
lithospheric mantle, normal faults break when applied stresses reach a frictional threshold that 
increases linearly with ambient pressure76. Faults damage the lithosphere in a highly non-
linear way and localise strain over characteristic widths ranging from tens of micrometres to 
tens of metres77. Brittle failure of crustal rocks is well described by the theory of Mohr-Coulomb 
elasto-plasticity. This model involves an angle of internal friction ϕ ––which represents the 
pressure dependence of rock strength–– and rock cohesion C (Fig. 4). It predicts that faults 
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optimally form at an angle of 45º-ϕ/2 to the most compressive stress σ1 (Ref. 76), which in rift 
contexts, amounts to dips near 60º assuming most rocks have an angle of friction near 30º 
(Ref. 78,79). Other structural orientations dipping less than 45º from σ1 may also be 
mechanically admissible as a result of fault zone dilatancy80,81. 
By contrast, ductile viscous-like deformation dominates in hot domains such as the lower 
continental crust82 or the lower portion of the lithospheric mantle83 and is characterised by rock 
strength decreasing non-linearly with temperature. Focussed viscous deformation occurs due 
to the formation of ductile shear zones at large depths. The width of these shear zones can 
range from millimetres to tens of kilometres84. Ductile deformation within the deep lithosphere 
is predominantly accommodated by two creep processes acting at the grain scale84,85: (1) 
diffusion creep where atoms diffuse along grain boundaries and through the crystal lattice, 
and (2) dislocation creep where imperfections of the crystalline lattice structure migrate. 
Diffusion creep strain rates increase proportionally to stress, which manifests macroscopically 
as grain size-sensitive, Newtonian [G] viscous flow. For dislocation creep, however, that 
relationship is nonlinear and leads to non-Newtonian effective viscosities. Although grain size-
insensitive, dislocation creep can drive a reduction in grain size that promotes localisation of 
deformation generating ductile shear zones (Fig. 4b,c). 
To understand the force balance in rifts and how it affects tectonic evolution, we need to 
estimate the total strength of the lithosphere by considering both brittle and ductile deformation 
mechanisms. For simplicity, we only account for the dominant process - the one that requires 
less stress (Fig. 5a). For given lithospheric pressure and temperature profiles as well as by 
assuming typical friction angles and ductile rheologies, a vertical yield stress profile can be 
approximated. The total strength of the lithosphere corresponds to the surface beneath this 
yield strength envelope. Some active rifts, such as in the Balangida segment of Northern 
Tanzania or beneath Lake Tanganyika, feature high rift strength90. Here, brittle deformation 
appears to be dominant in the entire crust and perhaps even in the uppermost mantle as 
evidenced by the occurrence of deep earthquakes. The efficient localisation of normal faults 
results in strongly coupled deformation of the crust and mantle, which ultimately leads to the 
growth of a narrow rift18. In the Basin and Range area, however, with little rift strength and 
predominantly ductile deformation, crust and mantle are decoupled by a low-viscosity lower 
crust91. Here deformation occurs in a distributed, wide rift mode18. 
3.2 Structural inheritance 
Suture zones, remnants from previous plate collision events, often constitute a zone of 
weakness that may get reactivated [G] during eventual extensional deformation. Such pre-rift 
strength anisotropy in the crust is multi-scale, and can include faults, dike contacts, shear 
zones, foliation, bedding, joints, lamination, cleavage, and mineralized veins, commonly 
referred to as basement fabrics. The fact that rifts preferentially develop in previously 
deformed lithosphere is now well documented across many Wilson cycles92,93 [G]. Inherited 
structures severely modify the static lithospheric strength at the inception of rifting (Fig. 5a) 
and thereby affect the geometry of the nascent rift on multiple scales. 
To first order, deformation of the pre-rift lithosphere is typically associated with previous 
compressional orogenic events, and is compartmentalised into discrete basement 
terranes86,93 (Fig. 6a). Different structural and thermal evolutions of basement terranes may 
impose a large-scale mechanical contrast in the bulk rheology and yield strength between 
terranes, which may allow rifts to preferentially nucleate in a terrane94. For example, the 
Walker Lane trans-tensional rift belt selectively nucleated within the Sierra Nevada Ancestral 
Cascades, propagated northward along the terrane and has begun to exploit the collinear 
present-day Cascades Arc terrane95. The concept of inherited weakness also explains the 
common localization of continental rifts within orogenic belts; examples of which include the 
large-scale localization of the East African Rift System in the orogenic belts that bound the 
Tanzania Craton86, the Central and West African Rift Systems in the Trans-Saharan Mobile 
Belt and metacratonized lithosphere, the South Atlantic Rift System along the Rio Pardo-West 



 11 

Congo Belt96, the Mid-Continent Rift along the orogenic belts that bound the Superior Craton97, 
and the North Sea along the Caledonian and Variscan orogens98.  
Within upper crustal rocks, structural inheritance affects the formation of fault patterns as it 
often leads to the reduction of frictional parameters (ϕr and Cr in Fig. 4a) compared to the bulk 
rock strength. Hence, favourably-oriented pre-existing planes of strength contrast will fail first 
and localise deformation prior to the nucleation of discontinuities in the pristine portions of the 
rock88. In a normal faulting stress regime, inherited fabrics are ubiquitously exploited [G] by 
normal or oblique-normal rift faults99–101. The exploitation behaviour can however be very 
complex, as faults form as a result of 3D anisotropies interacting with the 3D stress field. Field 
observations show that newly formed fault surfaces may align with the fabrics along-strike and 
down-dip, while faults may also follow fabrics along-strike, but cut across the fabrics obliquely 
down-dip89,102,103. In the East African Rukwa Rift, where basement shear zones strike obliquely 
to the regional extension direction (parallel to regional σ3), the low stiffness of the shear zones 
can also cause a local re-orientation of the principal compressive stresses to facilitate 
exploitation of the shear zones by normal faulting103,104. Structural inheritance affects the multi-
scale segmentation of rift basins105 and therefore plays a vital role both for the long-term 
evolution of a rift and its short-term seismicity.  
 
3.3 Dynamic resisting processes 
Prolonged lithosphere stretching at a rift generates forces that dynamically interact with the 
drivers of extension. This interaction takes the form of negative or positive feed-back loops, 
which we represent here in terms of dynamic resisting (Fig. 5b-d) or dynamic weakening 
processes (Fig. 5e-g, Sec. 4), respectively. 
A major resisting process is isostatic adjustment (Fig. 5b), where crustal thinning generates 
pronounced surface depressions. Within a mature rift basin with a deep valley, gravitational 
forces acting at the rift flanks put the rift centre into relative compression. While this force 
component is usually smaller than the extensional force, it nevertheless opposes continued 
rifting, which may occasionally lead to inversion events within extensional basins106. Flexural 
isostasy and rift shoulder uplift (Fig. 5c) dynamically change the stress field in the vicinity of a 
normal fault. This happens in a way that more stress is required to maintain fault activity107–
109, which ultimately impedes continued deformation.  
Lithospheric cooling takes place through conductive heat loss and leads to strengthening of 
ductile domains (Fig. 5d), due to their temperature-dependent rheology110. Conduction of heat 
outpaces heat advection in slow rifts111, which means that slowly extending lithosphere, where 
thinning crust is replaced with rheologically stronger mantle rocks, is exposed to a gradual 
increase of rift strength. Due to cooling, the increasing strength of the rift may eventually 
exceed the available driving force so that deformation ceases. In this case, the extensional 
area becomes a so-called failed rift that continues to increase its strength as it cools and 
subsides. If however the tectonic setting changes, for instance by an increase in tensional 
forcing, failed rifts may get reactivated. One such example is the Norwegian-Greenland rift, 
which ceased in the Early Cretaceous after the prominent Møre and Vøring basins off mid-
Norway were formed112. Eventually, extension reactivated in latest Cretaceous-Paleocene 
times adjacent to the original basin that had cooled and strengthened in the meantime113. 
Another example is the northern Kenya Rift, where thermochronological data suggest 
extensional activity in early Cenozoic times31,114 (60-50 Ma). This phase of rifting however 
ceased leading to a seemingly failed rift until the latest phase of extension initiated in middle 
Miocene times (ca. 15 Ma). 
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Fig. 5 | Lithospheric strength and response to deformation. Strength envelopes illustrate 
the conceptual strength distribution within the lithosphere and allow for estimating the first-
order impact of geodynamic processes on rifting. (a) Simplified representation of lithospheric 
yield strength envelopes. (b-d) Dynamic processes impeding deformation. (e-g) Dynamic 
processes facilitating deformation. The relative magnitude of resisting and weakening 
processes as well as their interaction with driving forces is site and time-dependent. Panels 
b-g are modified from Ref. 40.   
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4. Weakening processes 
Extending continental lithosphere is accompanied by a range of weakening processes. These 
processes involve weakening associated with strain localisation, such as, grain-size reduction 
in mylonitic shear zones, gouge formation in crustal faults, and lithospheric necking, as well 
as dike-related magmatic weakening, and surface processes. It is the dynamic interaction 
between these processes that generates the complex surface expressions during rift 
evolution.  
4.1 Strain localization 
The axes of continental rifts are delineated by a population of normal faults whose lengths 
and offsets typically follow exponential or heavy-tailed distributions115–117. This means that 
while small faults are extremely pervasive, slip on one or two crustal scale “master” faults 
dominates the creation of relief118,119, i.e., a sedimentary basin on the hanging wall side (e.g., 
major lakes in the East African Rift, the Gulf of Corinth) and a mountain range on the footwall 
side (e.g., the Teton range in Wyoming). In some instances, prolonged slip on a major normal 
fault inevitably prompts the initiation of a new master fault in its vicinity, because prolonged 
warping of fault-bounded blocks drives them to failure107,108. This enables rapid shifts in the 
location of rift axes120, which can culminate in the development of wide rifts such as the Basin 
and Range Province, where no clear axis can be defined18. On the other hand, the 
accumulation of slip on a master fault can be a stable process: a necessary condition for the 
formation of narrow rifts as well as core complexes [G] bounded by very-large offset (10+ km) 
detachment faults18,121. These structures are examples of extreme strain localization in the 
brittle upper crust, possibly accompanied by localised viscous fault roots or mylonitic shear 
zones in the lower crust and mantle122. In the field, they manifest as topographic domes 
capped by low-angle fault surfaces that expose deep structural levels, e.g., the Whipple 
Mountains in the Southwestern United States123.    
Once rift faults are established, further fault weakening may occur through a reduction in fault 
cohesion and/or friction (Fig. 4g), for example due to strain-assisted fluid-rock reactions that 
precipitate frictionally weak phyllosilicates in fault gouges124–126. It should be noted, however, 
that such weak phases may not be frictionally stable in hotter portions of the brittle upper crust 
(e.g., beyond ~200ºC for some clay minerals). Elevated pore fluid pressures may also reduce 
the differential stress [G] required for slip on faults by decreasing their effective normal 
stress127–129 (Fig. 4a). While this effect is often invoked as a weakening mechanism in 
compressional settings127,130, elevated fluid pressures in a rifting context can easily lead to net 
tensile stresses, which would drive hydro-fracturing and lower pore pressures down to a 
hydrostatic state125,131. Finally, frictional softening during rifting can also occur due to 
serpentinisation [G] of mantle rocks132,133. This process requires water to be transported from 
the surface to the top of the mantle via active faults cutting through the entire crust. 
Serpentinisation-induced weakening has been particularly well documented at the West 
Iberian rifted margin134,135 and is thought to occur only during the late stages of rifting when 
the crust is sufficiently cool to become entirely brittle136,137. 
Beyond fault weakening, fluid flow also plays a vital role in the formation of georesources. The 
extensional stress field within rift fault networks provides ideal conditions for enhanced 
permeability and widespread fluid circulation at depth138,139. The elevated heat flow in rift 
systems can therefore be efficiently exploited for geothermal energy production, which is 
already done for instance in the Basin and Range140, the Kenya Rift141, and the Rhine 
Graben142 but large exploration potentials exist in other rifts as well1. Furthermore, fluid flow 
along rift faults constitutes a pathway to release deeply sourced carbon dioxide10,143, which 
may affect long-term climate evolution144 and can additionally reduce the strength of normal 
faults129,145. 
In numerical models of rift evolution, a rapid drop in effective strength with accumulated strain 
enables faults to stay active under low differential stresses (Fig. 6), and flexurally rotate to 
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dips less favourable than 60º as the faulted blocks deform109,146–149. In models where the brittle 
upper crust overlies a weak, nearly inviscid lower crust, cohesion loss appears sufficient to 
sustain slip on an infinitely long-lived fault109,150. This is not the case in models that account 
for a strong lower crust or mantle where viscous flow exerts a defocusing effect on brittle 
deformation151. In this class of models, friction weakening appears necessary to keep brittle 
deformation localised19,133,152.  
Weakening mechanisms have also been proposed to facilitate strain localization at ductile 
levels84,153. High-temperature, non-Newtonian ductile creep processes may aid strain 
localization by reducing the rock's effective viscosity as its deformation rate increases. High 
strain rates may also reduce grain size, making rocks effectively weaker when deforming in 
the diffusion creep regime154,155. In numerical simulations, the development of a localised, low-
viscosity channel in the lower crust enables the position of localised strain in the upper crust 
to migrate laterally over hundreds of km, resulting in the formation of asymmetric (wide and 
narrow) conjugate margins at the late stages of rifting20,156.  
At lithospheric scales, brittle and ductile weakening lead to successive focussing of 
extensional strain within the rift (Box 1). Accumulated thinning or so-called necking of the 
lithosphere constitutes a large-scale thermal weakening process that replaces cold and strong  
lithosphere with hot and weak asthenosphere157. Numerical models have assessed the 
relative impact of strain softening versus lithospheric thinning and found that necking 
dominates the loss of lithospheric strength due to the highly non-linear dependence of rock 
viscosity on temperature158. The prominent reduction in lithospheric strength during rift 
evolution may even generate a feed-back on plate kinematics such that the loss of rift strength 
induces an acceleration of the involved plates159,160. This process may explain the speed-up 
of North America during Central Atlantic rifting161, of South America during rifting of the South 
Atlantic15, and of Australia during its separation from Antarctica162. 
4.2 Surface processes 
The creation of topography is an integral part of localised deformation at continental rifts. 
Crustal thinning and slip on crustal-scale faults result in basin subsidence and rift shoulder 
uplift through flexural isostasy118. Such relief is continuously reworked by surface processes, 
with fluvio-glacial erosion, gravitational mass wasting and hillslope diffusion acting to level 
positive topography while transport and deposition of the resulting sediment blankets and fills 
subsiding areas163. Such redistribution of surficial masses impacts the stress and thermal 
state of the crust in a manner that can influence its tectonic evolution.  
Numerical models where long-term tectonic simulations are coupled with landscape evolution 
models have played a prominent role in investigating feedbacks between tectonics and 
surface processes. Early models in the 1990s focused on the plate boundary scale and relied 
on diffusive parameterizations of surface processes164,165 to show that topographic 
redistribution could influence lower crustal flow by altering lateral pressure gradients. 
Sedimentation facilitates this process by warming the geotherm through "thermal blanketing", 
thereby reducing the effective viscosity of the lower crust. In a mechanical sense however, 
sedimentation alleviates the dynamic resistance that develops through isostatic thinning of 
the continental crust166 (Fig. 5b,c). In this framework, sedimentation favours the narrow rifting 
mode, which for example characterises deformation in the highly sedimented Gulf of 
California. 
As models became able to resolve individual fault zones, additional feedbacks were 
recognized between surface processes and brittle strain localization. Efficient surface 
processes can alleviate a portion of the energy required to warp faulted blocks and grow 
relief167. This process delays shifts in strain localization, particularly in weak crust168,169. 
Erosion and sedimentation thus result in longer-lived half-graben master faults which 
accommodate larger offsets prior to being abandoned. This phenomenon was also recognized 
in subsequent rift-scale simulations, which showed that enhanced brittle strain localization 
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combined with sedimentation-induced reduction in lower crustal viscosity could accelerate the 
timing of continental breakup compared to a setup with inefficient surface processes170,171. 
Surface processes therefore act as an external weakening mechanism that promotes strain 
localisation both for individual normal faults and at the plate boundary scale. 
 

 
Fig. 6 | Weakening processes in a continental rift. A wide range of rheological, thermal, 
and mechanical softening processes enable strain localization at lithospheric, crustal, and 
fault zone scales. (a) Simplified 3-dimensional illustration of a continental rift zone, highlighting 
the various weakening structures and processes. The arrows on the side of the 3D block 
represent the regional minimum compressive principal stress (regional σ3) and the regional 
maximum horizontal extension (regional ε3) directions. (b) Strength profile of the crust and 
lithosphere, showing the relatively lower yield strength imposed by the presence of 
mechanical anisotropy. 
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4.3. Magmatic weakening 
The generation of magma within the asthenosphere and deep lithosphere of continental rifts 
can be caused by two processes. On the one hand, decompression melting can be induced 
by the adiabatic ascent of mantle rocks due to the thinning of continental lithosphere, with the 
production of higher melt volumes at greater stretching factors172. On the other hand, melts 
can also be generated due to elevated mantle potential temperatures that may either be 
induced by the impingement of mantle plumes on the lithosphere17, by broad asthenospheric 
upwelling associated with lithospheric thinning173,174 (Fig. 6), or by small-scale convection at 
lithospheric edges175,176. Melting can be further enhanced by the presence of fusible 
metasomes in the lithospheric mantle177.  
Buoyant melts are thought to ascend by porous flow faster than the mantle upwells, and to 
accumulate beneath permeability barriers, which in the mantle may closely align with the 
1240ºC isotherm178. This focuses melt towards the region of lithospheric necking, and possibly 
produces a decompaction boundary layer179 at the lithosphere-asthenosphere boundary. 
Modes of melt transport through the lithosphere are still poorly understood, but likely involve 
the propagation of magma-filled fractures from pressurised magma pockets180 (Fig. 6a). The 
latent heat associated with repeated dike intrusions near the lithosphere-asthenosphere 
boundary may drive significant thermal erosion that thins the lithosphere181, and weakens it 
much more rapidly than amagmatic upwelling due to stretching alone. Another key effect of 
pervasive diking is to drastically alleviate the force needed to drive rifting. Because basaltic 
magmas typically produced at rifts are slightly less dense than the continental crust, opening 
a dike with magma-static pressure across the brittle crust requires much less force than 
breaking normal faults (Fig. 5f). Such processes are thought to have controlled the 
development of the Red Sea and Ethiopian rift, and may play a role in keeping the axes of 
these rifts remarkably straight62,182. In addition, regional changes in stress state due to volume 
changes within mid-crustal magmatic mush zones during large intra-rift caldera eruptions, 
appear to temporally promote slip on the rift faults within their vicinity183 (Fig. 6a).  
 
5. Force balance and rift evolution 
The timing and location of rift initiation can be understood when considering the interplay  
between the geodynamic drivers of extension and the mechanical resistance of the 
continental lithosphere. In most continental areas, tectonic driving forces are smaller than 
lithospheric strength, generating continental interiors that remain stable over hundreds of 
million years. However, a critical change in the geodynamic environment can lead to an 
increase of the driving forces or to a decrease of the resisting strength so that the force 
balance eventually tips and tectonic activity commences. Such a tipping point might be 
generated by the impingement of a mantle plume17 beneath the lithosphere, whereby the 
topographic deflection due to the plume’s buoyancy increases the tensional force, while 
elevated mantle temperatures generate melts that weaken the lithosphere. A prominent 
example of plume-rift interaction is East Africa184. Another reason can be a change in the plate 
boundary configuration such as the transition from subduction to continental collision that 
alters the continental stress field in a critical way. For instance, the collision of the Adriatic 
plate with Eurasia that is responsible for the formation of the European Alps also induced the 
tensional stress regime that generated the Rhine Graben and the Eger Rift in Central 
Europe185. 
Whether or not a rift system evolves to break-up is controlled by the non-linear feedbacks 
between weakening and strengthening processes. One key variable in this interplay is rift 
velocity: fast rifting such as in the Gulf of Corinth186 with ~15 mm/yr or the Woodlark Rift187 
with up to 30 mm/yr leads to fast heat advection that can not be counteracted by conductive 
cooling111. High temperatures within the rift lead to rheological weakening and enhance partial 
melting, both of which decrease rift strength and thus enhance tectonic activity. In contrast, 
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slow rifts like the Rhine Graben188 or the Rio Grande Rift189 with only ~1 mm/yr divergence 
velocity will likely evolve into failed rifts eventually.  
The balance between tectonic driving forces and lithospheric strength is different for each rift 
and often difficult to quantify, particularly for past rifting phases. But since the dynamic 
feedback relationships between all involved factors are the same for all rifts, we can 
nevertheless deduce some overarching rules for the evolution of rifts in general. One such 
rule is that rifts, which experience plume impingement always become successful and 
ultimately form ocean basins93. This effect results from the simultaneous plume-induced 
increase of driving force and decrease of rift strength. Another general rule is that successful 
continent-scale rifts feature a prominent abrupt acceleration once the lithosphere is sufficiently 
weakened159. This behaviour marks the transition from a state where the extension velocity is 
limited by rift strength to a state where the velocity is controlled by the plate-scale force 
budget. Concerning failed rifts we infer that lithospheric weaknesses can be inherited over 
hundred millions of years so that failed rifts actually constitute dormant rifts that eventually 
reactivate once the tensional driving forces become sufficiently large. 
 
6. Summary and future directions 
In this review we apply a geodynamic perspective to investigating controls on rift localization 
and evolution. We view continental rifts as a product of driving and resisting forces, modified 
by both weakening and strengthening processes, that ultimately lead to rift success (the plate 
breaks) or failure (the rift is abandoned). Two immediate conclusions can be drawn from this 
perspective: First, that continental rifting is not a steady-state process, but instead rifts evolve 
non-linearly in phases that can overprint each other as their force equilibrium shifts, and 
second that rift evolution is a spatial and temporal scale-dependent competition between the 
driving and resisting forces and their modifiers. 
Continental rifts evolve where and when lithospheric strength is overcome. Lithospheric 
strength varies across continents and over time as a function of crustal and lithospheric 
thickness, lithology, and the state variables velocity, temperature, and pressure. A 
geodynamic understanding of rift evolution thus requires evaluation of these strength controls 
as well as a careful choice of how strength is quantified and compared110,113. We should keep 
in mind that strength minima on a regional scale are not necessarily strength minima on a 
plate scale. This implies that rift systems may ‘try out’ different strength minima 
simultaneously, until one system takes over and the other becomes dormant. The North 
Atlantic rift system, for example, was not only active in the North Atlantic Ocean190 (break-up 
ca. 54 Ma, still active), but also in the Labrador Sea191 (seafloor-spreading ca. 65 to 35 Ma, 
now inactive) and the North Sea192 (failed). The Eastern and Western branches of the East 
African Rift System are currently still competing as to which branch will focus stress to the 
stage of continental break-up. Even though we have made progress in understanding how the 
interaction of evolving driving and resisting forces controls rifting, the ultimate recipe of rift 
success, or rift failure, is not yet written. 
Rift abandonment can occur prior to break-up, but also after, as illustrated by the Atlantic rifts 
west and east of Greenland and the jump from spreading west of the Jan Mayen 
microcontinent (offshore East Greenland) to east. We argue that the causes of rift 
abandonment are to be found in the force balance of the region, and thus its lithospheric 
strength evolution, but the question of the spatial and temporal scales at which this balance 
should be addressed is still open. We encourage future studies to search for tipping points in 
the force balance by studying not only the successful systems, but also the systems that failed. 
This requires a close integration of quantitative modelling techniques with observational 
approaches. 
Observational constraints on rift controls will help unravel the evolution of lithospheric strength 
during rifting and break-up through quantifications of crustal and lithospheric thickness, 
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thermal state, and topography. This can include thermochronological dating of fault surfaces 
and river networks to reveal vertical motion changes193,194, joint inversion of seismic, 
tomographic and satellite data to reveal lithosphere structure195, and inversion for lithospheric 
rheology and temperature structure from topography, gravity, horizontal and vertical surface 
velocities196. 
As numerical techniques and access to computational power improve, dynamic rift studies 
increasingly address rifting in 3D. We have found that most rift systems develop with oblique 
kinematics rather than purely orthogonal197, but questions remain as to how strain is 
partitioned in oblique systems, how the 3D character of shear zone coalescence198 controls 
along-strike structural and thermal differences, and how rifts propagate laterally and along-
strike. In addition to increasingly higher numerical resolution, recent technical improvements, 
such as the mesh-insensitive implementation of shear zones199 and the integration of 
lithospheric with mantle dynamics160, allow more detailed comparisons of numerical with 
observation statistical datasets. New insights may also be expected from close comparisons 
with analogue models, as this technique is becoming increasingly more quantitative, with new 
approaches examining scissor-opening and rotational dynamics200 of rifts as well as the 
influence of including an asthenosphere201. 
A geodynamic perspective of the force balance involved in rift initiation and rift evolution will 
help understand how supercontinents, as Pangea, can break apart, ultimately feeding back 
into quantitative constraints on plate tectonic reconstructions. Identifying the controls on 
lithospheric strength, and their temporal weakening or strengthening processes, will improve 
our understanding of crustal and lithospheric stress build-up that determines seismic hazard 
in rift regions. Advancing monitoring techniques of fault-related volatile release are required 
to quantify the connection between fault strength and the subsurface flow of fluids and 
volatiles, also allowing for more precise estimates of rift-induced carbon dioxide degassing. 
Finally, a more profound knowledge of the interaction between fault networks, sedimentary 
processes and fluid flow will lead to better understanding of rift-related geothermal energy 
systems and the formation of strategic mineral deposits needed for green energy 
technologies. 
 
7. Glossary 
Basal shear stress: A stress that is imposed by viscous mantle flow at the base of the 
lithosphere. It is defined by the vertical gradient of horizontal velocity times the viscosity at the 
lithosphere-asthenosphere boundary. 
Carbon capture and storage: A climate mitigation strategy to reduce effective carbon 
emissions by long-term storage of carbon in the underground. 
Core complex: Exposure of metamorphosed lower crustal rocks that are exhumed to the 
surface along long-offset normal faults. 
Differential stress: The difference between the maximum and minimum principal stresses.  
Distal margin: The near-ocean domain of rifted margins. Characterised by thin continental 
crust, titled continental blocks and regions of exhumed lithospheric mantle. 
Driving forces: Plate tectonic driving forces result from gravity acting on lateral variations in 
density. These variations are caused by the topography of Earth’s surface or of internal layers 
and by thermal or compositional heterogeneities like subducting slabs or mantle plumes. 
Exploitation: A process by which extensional brittle rift structures (faults and joints) develop 
along pre-existing strength anisotropies of a ductile regime that was inherited from an older 
compressional tectonic event. 
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Gravitational potential energy (GPE): The energy of an object owing to its position in a 
gravitational field. GPE gradients constitute a force that emerges due to lateral topography 
and density variations. 
Line force: Force per plate boundary length with typical units TN/m. 
Lithospheric strength: The vertical integral of the maximum differential stress (i.e., the yield 
stress) between Earth’s surface and the lithosphere-asthenosphere boundary. Often 
described as a line force. 
Mantle plume: An upwelling in the mantle characterised by higher temperature and lower 
density relative to the adjacent mantle. Classically depicted with a columnar tail and a 
mushroom-shape head. The depth of origin of mantle plumes is debated, with the deepest 
origin placed at the core-mantle-boundary. 
Mantle traction: The force per area exerted by mantle flow along the base of a plate. A vector 
variable with units of stress (MPa). 
Natural hydrogen: Hydrogen that is generated by natural processes such as serpentinization 
of ultramafic rocks or water radiolysis. 
Newtonian rheology: A type of fluid deformation where viscous stresses arising from the flow 
are linearly correlated to the local strain rate. The viscosity of a Newtonian fluid is therefore 
constant as a function of strain rate or stress, but typically depends on temperature. 
Proximal margin: The near-coastal domains of rifted margins that are thought to record the 
early phases of extension. Often characterised by sedimentary basins and steep normal 
faults. 
Reactivation: A process by which old brittle structures (faults and joints) that are inherited 
from older tectonic events (e.g., earlier rift phase) are rejuvenated as extensional rift 
structures. 
Resisting factors: Factors that oppose tectonic deformation. Resistance can be exerted 
statically or through dynamic processes. 
Serpentinisation: Serpentinization is a chemical alteration process of ultramafic rocks where 
olivine, pyroxene and water react to serpentine minerals under the release of natural 
hydrogen. This process affects tectonic deformation by decreasing frictional rock strength and 
increasing its volume. 
Weakening processes: Processes that reduce the strength of the lithosphere for instance 
due to temperature increase, mechanical damage, or increased fluid pressure. Weakening 
processes are often interlinked by non-linear feedbacks. 
Wilson cycle: Represents the concept that the same plate boundaries are involved 
repeatedly during plate tectonic history, which implies that inherited plate weaknesses persist 
over geological times. 
Yield: The maximum differential stress that a material can sustain before it deforms by brittle 
fracture or ductile flow. 
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