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Abstract 16 

Clay mineral isotope paleothermometry is fundamental to understanding Earth's climate 17 

system and landscape evolution. Status quo methods, however, assume constant factors, such 18 

as temperature and water isotopic compositions, and ignore seasonality, soil water evaporation 19 

and depth dependent temperature changes. We propose first-order modifications to address 20 

these factors and test them in a modeling framework using published data from various settings. 21 

Our forward model reveals that neglecting evaporation and temperature variability may lead to 22 

significant underestimations of clay formation temperatures, especially in Mediterranean 23 

settings. Our inverse model indicates that high-latitude Eocene clay formation temperatures 24 

were ~8°C warmer than modern, while Eocene river sediments in the Sierra Nevada show 25 

evaporation-influenced trends, suggesting that previous paleoelevation estimates were 26 

underestimated. Our framework demonstrates that explicit consideration of soil pore water 27 

evaporation and temperature variability is necessary when interpreting clay mineral isotope data 28 

in the context of temperature, hydroclimate and elevation reconstructions. 29 

 30 

Introduction  31 

Stable oxygen and hydrogen isotope methods are valuable tools for understanding 32 

Earth’s system processes, such as temperature fluctuations and changes in the water cycle1-5. 33 

These methods rely on the isotopic fractionation that occurs during phase changes in the water 34 

cycle6-10 and the equilibrium precipitation of minerals from surface waters preserved in geologic 35 

records11-13. However, few geologic records capture both oxygen and hydrogen stable isotope 36 

ratios in the same phase. To address this issue, researchers developed fluorination and 37 

pyrolysis methods for measuring oxygen and hydrogen stable isotope ratios in clay minerals in 38 

the 1970s14,15.  39 

In the field of clay mineral thermometry, scientists have used clay minerals as single 40 

mineral thermometers or in combination with other mineral phases to study terrestrial 41 

paleoclimate and paleoaltimetry16-34. Similar approaches have been applied to marine and 42 

lacustrine cherts35-38, and iron oxides39-40.  43 

In the field of stable isotope hydrology, the global meteoric water line (GMWL δ2H = 44 

8xδ18O +10) serves as the starting point for understanding hydrological processes3,5,6. Recent 45 

studies have considered the role of evaporated soil waters in both field and modeling studies 42-46 
46. However, the impact of evaporated soil waters on clay mineral thermometry has not been 47 

extensively examined in a systematic fashion (cf. ref. 27). Conversely, the implications of the 48 

temperatures and isotopic compositions at which clays form within the framework of evaporated 49 

soil waters in hydrology and weathering studies remain unexplored. Together with 50 

developments in analytical laboratory capabilities, an integrated framework between the fields of 51 

clay mineral thermometry and stable isotope hydrology could yield new tools for understanding 52 

clay formation processes in modern weathering profiles. But, to our knowledge, no such explicit 53 

attempts have been made. Here, we propose a cross-disciplinary approach between these two 54 

fields. We reevaluate key assumptions in both fields and suggest a refined methodology for 55 

interpreting clay mineral stable isotope datasets from past and present weathering profiles. We 56 

do so by incorporating recent advances in critical zone water stable isotope systematics5,43-45. 57 

In the following we begin by reviewing the common thermometry assumptions used 58 

when interpreting clay mineral D/H and 18O/16O variations in modern and paleo-weathering 59 



profiles. Next, we develop theories that account for the following three factors as first-order 60 

modifications to the status quo method: 1) co-variations in the seasonality of temperature and 61 

the isotopic composition of meteoric waters along the local meteoric water line (LMWL); 2) the 62 

role of pore water evaporation trends away from the LMWL; and 3) the impact of seasonal soil 63 

temperature variations with depth. Our point of departure is that these factors are important for, 64 

and relatively well constrained in, describing broad patterns across modern weathering and 65 

paleo-weathering datasets. Finally, as an example of our approach we test our developed 66 

theories within a modeling framework that calculates clay δ18O and δ2H using measured soil 67 

pore water δ18O and δ2H (forward model), and vice versa (inverse model). 68 

 69 

What is the status quo? 70 

Isotopic fractionation of oxygen and hydrogen during clay mineral precipitation is 71 

valuable for thermometry applications. What we collectively describe here as the status quo 72 

method is extensively documented in previous studies14,47-49,18,27,29. Importantly, due to vapor 73 

pressure differences of water isotopologues, the fractionation factor (αclay-water = Rclay/Rwater) of 74 

hydrogen between clays and water is less than unity at Earth surface temperatures. This results 75 

in clay minerals being more depleted in δ2H than the isotopic composition of their putative 76 

source waters. The fractionation factor for oxygen, however, is greater than unity, resulting in 77 

isotopically enriched clay mineral δ18O (see ref. 47 for further discussion). Together, the result is 78 

that clay minerals in equilibrium with waters during weathering and soil formation fall below and 79 

to the right of waters from which they form in δ18O-δ2H cross plots (Box 1).  80 

The simplicity of the status quo method has allowed researchers to infer mineral 81 

formation temperatures (gray lines parallel to LMWL, Box 1), which in turn, have been used to 82 

back-calculate the isotopic compositions of the putative ‘source water’. That is, the meteoric 83 

water from which the clay mineral would have formed. As such, the location of an inferred 84 

source water on the LMWL, alternatively the GMWL, informs an interpretation regarding the 85 

elevation, temperature and paleoenvironment associated with mineral formation (Box 1). Clay 86 

minerals δ18O and δ2H, therefore, have been used as geochemical proxies in paleoclimate and 87 

paleoaltimetry research.    88 

 89 

Box 1: The temperature-dependence of hydrogen and oxygen fractionation between 90 

clays and water 91 

Temperature-dependent fractionation factors require an assumption about the 92 

covariation of δ18O and δ2H in source waters. Historically, this covariation has been assumed to 93 

be consistent with the LMWL or GMWL18,27,29,47,48,. This assumption creates a system with three 94 

equations and three unknowns. Solving this system uses previously determined, mineral-95 

specific fractionation factors12,47,65,104. This results  in characteristic monotonic relationships in 96 

the form of 1000lnα versus 1/T or 1/T2 at different temperatures (clay lines and temperatures, 97 

respectively, in the figure).  98 

By using the GMWL as a key constraint, previous researchers established single-mineral 99 

thermometer relationships between temperature and measured δ18O and δ2H of clay minerals. 100 

For example, the empirically derived kaolinite fractionation factors determined by ref. 48 for 101 

oxygen is: 102 

 103 



1000 x ln18ɑkaol-water = 2.76x106 x T-2 - 6.75            (1)  104 

 105 

and for hydrogen is: 106 

 107 

1000 x ln2ɑkaol-water = -2.2x106 x T-2 - 7.7            (2)  108 

 109 

Combining these equations with the GWML (δ2H = 8xδ18O + 10) results in a single 110 

mineral thermometry equation as presented by ref. 29: 111 

 112 

3.0350 x 106T-2 = δ18Okaolinite -0.1250xδ2Hkaolinite + 7.0375           (3)  113 

 114 

Ref. 47 presented an analogous relationship for smectite: 115 

 116 

 3.54 x 106T-2 = δ18Osmectite -0.125xδ2Hsmectite + 8.95           (4) 117 

 118 

 In the case of kaolinite, solving for Equations 1-3 results in an array of clay minerals that 119 

would have formed at different temperatures (clay lines and temperatures in the figure). The 120 

status quo method, however, assumes that clay minerals form from waters that covary along the 121 

GMWL, and fractionate at the mean annual temperature of a given location. Thus, a given array 122 

of measured δ18O and δ2H of kaolinite would invariably correspond to a source water that plots 123 

on the GMWL. A source water that is enriched in the heavy isotopes (i.e., more positive δ value) 124 

informs an interpretation that the mineral must have formed under characteristic climatological 125 

(e.g., high temperature) and topographic (e.g., low elevation) conditions (red filled circle on 126 

GMWL). Similarly, a source water that is depleted in the heavy isotopes (i.e., more negative δ 127 

values) informs an interpretation that the mineral must have formed under characteristic 128 

climatological (e.g., low temperature) and topographic (e.g., high elevation) conditions (blue 129 

filled circle on GMWL). 130 

    131 



 132 
[Box 1 ends here]  133 

 134 

What is wrong with the status quo? 135 

Notwithstanding the simplicity of the status quo method, it invokes several key 136 

assumptions that may or may not be applicable in all settings. Firstly, the method assumes 137 

complete isotopic exchange of oxygen and hydrogen during weathering reactions. This 138 

assumption may only be plausible at high molar water/rock ratios50,51 (other complications on 139 

the proxy fidelity of the method are detailed in the Supplemental Information). Secondly, the 140 

status quo method assumes that clay minerals form from waters that covary along the GMWL, 141 

or LMWL, and fractionate at the mean annual temperature of a given location. Previous studies, 142 

however, have shown that individual studies across different times and locations violate this 143 

assumption. That is, rather than clays (e.g., kaolinite and smectite) falling along slopes of ~8, 144 

many studies demonstrated δ18O versus δ2H arrays that were either steeper or shallower than 145 

expected18,22,20,21,27,29. Ref. 27 proposed a graphical framework for interpreting the effects of 146 

aridity and mean temperature changes. These effects, however, have not been formally tested 147 

within the framework of single-mineral clay thermometer calculations. 148 

 Further, previous work has not considered seasonal variability in the isotopic 149 

compositions of meteoric waters and temperature in greater detail. Thus, in the following we 150 

develop new theories [essentially ‘thought experiments’] exploring the impact of several 151 

confounding factors on clay δ18O-δ2H arrays. Our thought experiments, organized as cases in 152 

increasing complexity, take into account the following: 1) the role of seasonal co-variations of 153 

temperature and meteoric water isotopic composition; 2) the role of evaporatively enriched soil 154 

waters; and, 3) the role of seasonal soil temperature variability with depth. 155 



 156 

Case 1. The role of seasonal co-variations of temperature and meteoric water isotopic 157 

composition 158 

 The amount and isotopic composition of precipitation co-vary both positively and 159 

negatively on a seasonal basis with temperature across Earth’s land masses5. Such variations 160 

are generally set by changing precipitation regimes as a function of latitude such as monsoonal 161 

versus synoptic precipitation delivery2,52,53. For example, δ18O and δ2H of precipitation decrease 162 

during tropical summers due to the ‘amount effect’ dominating monsoon rainfall5. This leads to 163 

negative covariation between temperature and the δ18O and δ2H values of precipitation. 164 

Conversely, in mid- to high-latitudes, changes in moisture source, humidity and temperature of 165 

precipitation typically lead to a positive covariation between temperature and δ18O and δ2H 166 

values of precipitation, with the most depleted values occurring during the winter. In 167 

mediterranean climates on the west side of major continents, winters also often correspond to 168 

the wet season. In the subsequent hypothetical calculations shown below, we isolate the impact 169 

of seasonal positive and negative covariation between temperature and the isotopic composition 170 

of precipitation with respect to the single-mineral clay thermometers presented in equations 1 171 

and 2 (cf. ref. 48). 172 

 173 

Case 2: The role of evaporatively enriched soil waters 174 

Some of the precipitation water that infiltrates the soil may evaporate, leading to an 175 

enrichment of heavy isotopes in the remaining soil water due to kinetic fractionation. That is, the 176 

preferential transport of lighter water isotopologues away from a liquid source during 177 

evaporation (i.e., H2
16O > HD16O > H2

18O). As a result, the relationship between δ18O and δ2H 178 

for water subjected to evaporation will diverge from the GMWL. Ref. 53 defined the divergence 179 

from GMWL as deuterium excess (d-excess =  δ2H - 8xδ18O). This means that the smaller the d-180 

excess value the larger is the effect of evaporation on a water sample.  181 

A meta-analysis of 65 peer-reviewed papers between 1990 and 2017 showed a 182 

systematic increase in the median d-excess of soil waters with soil depth across climate types42. 183 

This suggests that soil waters close to the surface tend to experience more evaporation than 184 

soil waters in deeper parts of the soil profile54. Furthermore, in a δ18O-δ2H cross plot, it was 185 

predicted55 that the evaporation slopes of soil water globally range between 2 and 3. This range 186 

is much shallower than the 4-5 range of evaporation slopes for lakes and agrees with available 187 

data at the time. The 2-3 range of evaporation slopes for soils also approximates the 3.1-3.4 188 

range in a later modeling study44. In this study, we examine the influence of modern evaporated 189 

soil waters on clay mineral thermometry. We focus on soil evaporation slopes between 2 and 3, 190 

as this approach avoids assuming that all evaporated soil water samples come from a single 191 

source44. As a result, we can determine the isotopic compositions during clay formation without 192 

the need to extrapolate the intersections of modern soil water samples with the LMWL.  193 

 To model soil pore water evaporation, we implement the model described by ref. 56 for 194 

steady state evaporation and diffusion. Our application of the ref. 56’s model follows that of ref. 195 

57 who modeled soil carbonate δ18O in semiarid regions. The following equation describes an 196 

asymptotic relationship with depth (zi) between the amount weighted average precipitation value 197 

(δ18Oprecipation) with a surface soil water value (δ18Osurface) set by an assumed soil evaporation 198 

slope and seasonal precipitation δ18O and δ2H variation56: 199 



 200 

 δ18Oi = (δ18Osurface - δ18Oprecipitation) x (exp(-zi/z*)) + δ18Oprecipitation          (5). 201 

 202 

The decrease in δ18O and δ2H with depth is caused by the upward wicking of water as the soil 203 

dries. The decrease in δ18O and δ2H with depth is a function of a characteristic decay length (z*) 204 

that is set by the evaporation rate, effective diffusivity, tortuosity and porosity of a soil profile56-59. 205 

In the calculations presented below, we solve equation 5 on a monthly basis for our hypothetical 206 

arrays. We assume evaporation slopes of between 2 and 4, while varying precipitation δ18O and 207 

δ2H seasonally. We then solve equation 5 for wet and dry seasons in our data-model 208 

comparison using modern field measurements. 209 

 210 

Case 3: The role of seasonal soil temperature variations with depth  211 

 In addition to the complication that depth trends in pore water δ18O and δ2H composition 212 

imposes, the isotopic composition of authigenic soil minerals (i.e., minerals that form as a result 213 

of in situ processes within the soil environment) records the soil temperature at the time in which 214 

those minerals precipitate, not the instantaneous or annual average air temperature. An 215 

analogous example includes recent studies focused on carbonate clumped isotope signatures 216 

(Δ47) of soil carbonates, which have noted the potential bias in soil carbonate formation 217 

temperatures whereby soil temperatures recorded by carbonates may be warmer than annual or 218 

seasonal air temperatures due to radiative heating effects60-63. Nonetheless, clay minerals in 219 

weathering profiles and soils are likely less seasonally biased than carbonates, a fact that has 220 

been previously leveraged when measured together with carbonates in the same profile and/or 221 

stratigraphic sections and time intervals30,31,34. Seasonal (and daily) air temperature variability is 222 

damped and lagged with depth in the soil column using a heat diffusion equation at a given 223 

depth (z) and time (t)64: 224 

 225 

 Tz,t = Tavg + Ao[sin(ωt - z/d)]/ez/d              (6), 226 

 227 

where Tavg is the mean annual air temperature, Ao is the seasonal amplitude, ω is radial 228 

frequency (2π/year), and d is the damping depth. The damping depth is a function of the 229 

thermal conductivity and volumetric heat capacity of the soil61,64. Recently, ref. 59 estimated an 230 

average value of 153 cm based on typical thermal conductivity and heat capacity values. In this 231 

work, for the theoretical and applied calculations presented below, we follow ref. 59 and assume 232 

a damping depth of 153 cm and implement equation 6 monthly for our hypothetical arrays, and 233 

seasonally for our data-model comparison. 234 

 235 

Applications 236 

In the next section, we present simulation results obtained by implementing our three 237 

conceptual models, Cases 1-3. We then test the validity of these models with data from modern 238 

and paleo soil water datasets. We refer to the models that underpin our data-model 239 

comparisons as forward and inverse models. The forward model uses modern soil water δ18O 240 

and δ2H data (δ18Osw and δ2Hsw, respectively) as input to generate δ18O and δ2H values of 241 

kaolinite (δ18Okaol and δ2Hkaol, respectively) as output: 242 

 243 



δ18Okaol = δ18Osw + 1000ln18αkaol-water      (7) 244 

δ2Hkaol = δ2Hsw + 1000ln2αkaol-water      (8) 245 

       246 

where the second terms in Equations (7) and (8) are the same as in Equations (1) and (2). We 247 

underline that these calculations, following ref. 65,, assume that 1000lnα is the difference 248 

between the water and clay mineral composition, which is a commonly used approximation. The 249 

inaccuracy introduced by this approximation is comparatively minor, less than 2 °C depending 250 

on the initial composition of the source water and the temperature of clay formation. The forward 251 

model seeks to answer the question: Given δ18Osw and δ2Hsw measurements, resulting from 252 

relatively well-constrained processes that lead to a sample plotting on or below the LMWL, to 253 

what extent can the calculated δ18Okaol and δ2Hkaol agree or disagree either with the status quo 254 

method or any of the model conceptualizations (Cases 1-3)? We implement the forward model 255 

at two locations: one at a low-latitude site in Luquillo, Puerto Rico66, and another at a mid-256 

latitude site in Oregon67.  257 

Conversely, the inverse model uses δ18Okaol and δ2Hkaol data to predict the plausible 258 

values of δ18Osw and δ2Hsw that best explain the observed kaolinite observations. The inverse 259 

model seeks to answer the question: Given δ18Okaol and δ2Hkaol measurements, resulting from 260 

somewhat poorly-constrained processes, to what extent can the calculated δ18Osw and δ2Hsw 261 

agree or disagree with the relatively well-constrained physics of covariations on or below the 262 

LMWL? We implement the inverse model using datasets from two studies: Eocene high latitude 263 

Finland21, and another from the Eocene mid-latitudes in the western United States29. 264 

 265 

Seasonality controls on clay fractionation lines 266 

 Figure 1 shows the simulation results from our model conceptualization (Case 1) that 267 

considers the seasonality of precipitation isotopic composition and temperature at which the 268 

clay [here using kaolinite] has formed. Case 1 presents some modifications of the status quo 269 

method concerning kaolinite lines that were used widely in previous works18,27,48,21,29. First, we 270 

look at the case where the waters from which the clay form fall along a defined meteoric water 271 

line (the GMWL in this case) with no evaporation (open black circles in Figure 1A). Variations 272 

parallel to clay lines of constant temperature are due to seasonal changes in meteoric waters 273 

(black circles in Figure 1B) only. Long term changes in the mean annual isotopic composition of 274 

precipitation with no change in temperature, as described by ref. 27, would also fall along arrays 275 

parallel to clay lines (Box 1). Such changes due to elevation on tectonic timescales, however, 276 

are also likely to be accompanied by changes in temperature68. 277 

 Next, we implement covariation in the seasonality of the isotopic composition of 278 

precipitation and temperature both positively and negatively (green and orange points in Figure 279 

1B, based on the temperature and isotope insets). Mid-latitude locations, particularly 280 

mediterranean climates, are positively correlated due to the influence of temperature on 281 

equilibrium condensation fractionation processes during precipitation. Implementing such a 282 

monthly calculation results in rotation around the mean annual temperature line where the 283 

calculated seasonal clay line is steeper than the status quo clay lines with a slope of ~12.1 284 

(green points). Conversely, if the isotopic composition of precipitation and temperature are 285 

negatively correlated, a less likely scenario but possible to some extent in high elevation 286 

monsoon dominated regions, rotation around the status quo leads to a shallower slope of ~5.9 287 



(orange points). Note that the precise slope of rotation in this example is dependent on the 288 

degree of seasonality in the isotopic composition of precipitation and temperature. In the below 289 

section we modify this approach by incorporating the depth dependent trends in soil pore water 290 

stable isotopes and temperature fluctuations. 291 

 292 

Impact of soil water evaporation and soil temperature variations 293 

  Except in the case of inceptisols clay minerals typically do not form near the surface of 294 

soil and weathering profiles due to the depletion of primary minerals from which they form and 295 

instead clay mineral weathering fronts are typically found associated with weathering fronts at 296 

10s of cm to 100s of cm depth depending on climate, lithology and soil age69-78. However, 297 

processes including soil pore water evaporation and temperature fluctuations likely influence the 298 

isotopic composition of clay minerals with depth near, at and below the weathering front. Our 299 

work here represents the first attempts to model the expected depth profile of the clay mineral 300 

isotopic composition accurately as a function of both processes, but does not infer at what 301 

depths clay mineral formation is occurring. Such work would require a depth-dependent reactive 302 

transport model.  303 

Figure 1A shows the results of soil evaporation trajectories seasonally. The maximum 304 

evaporative values along monthly evaporation slopes of 3 set the δ18Osurface and δ2Hsurface values 305 

in Equation 5 leading to an enrichment towards the surface in pore water values as shown in 306 

Figure 1C for δ18O. Additionally, temperature variation at the surface is set to co-vary positively 307 

with the δ18O and δ2H of precipitation (e.g., a mid-latitude type system), and is propagated 308 

downward as described by Equation 6 in Figure 1D. Due to the differences in fractionation factor 309 

magnitudes (kinetic evaporation slopes versus clay mineral formation temperatures) the result is 310 

that the monthly modeled δ18O of kaolinite trends with depth cross (Fig. 1E), whereas the less 311 

sensitive δ2H system is primarily a translation of the pore water depth trend (Fig. 1F).  312 

Translating these calculations into monthly δ18Okaolinite versus δ2Hkaolinite trajectories in 313 

comparison to the status quo thermometry clay line contours (Fig. 2G) illustrates several key 314 

potential issues with the status quo methodology. Most significantly the effect of significant 315 

evaporation away from the GMWL results in widely variable trajectories dependent on the 316 

relationship between the timing of the evaporation of soil pore waters and the timing of clay 317 

mineral formation. It is entirely possible that soil pore waters that are evaporatively enriched are 318 

those most likely to have sufficiently long residence times to carry out net weathering reactions 319 

to form clays in the soil profile79, and thus are the most likely to be recorded. As will be 320 

discussed subsequently, such trends have been robustly observed in the geologic record29. 321 

However, as a counterpoint, if that is not the case and pore waters falling close to the meteoric 322 

water line are the dominant isotopic composition from which clays form, the influence of soil 323 

temperature variability in response to seasonal temperature fluctuations is non-linear and 324 

produces monthly trajectories counter (and in some cases perpendicular) to the status quo clay 325 

line thermometry contours. Such trends have also been previously observed in some Cenozoic 326 

clay isotope datasets20,27. 327 

 328 

Application to modern soil pore water datasets 329 

Figure 2 shows results of the forward model, implemented at Luquillo, Puerto Rico (Fig. 330 

2A and Fig. 2B) and Corvallis, Oregon (Fig. 2C and Fig. 2D). Average monthly precipitation 331 



δ18O and air temperature are generally negatively correlated at Luquillo (Fig. 2B inset) and 332 

positively correlated at Corvallis (Fig. 2D inset).  333 

Using soil depth-dependent temperatures of between 25 and 26.6 °C, the forward model 334 

estimates status quo clay formation temperatures at Luquillo between 12 and 30 °C (Fig. 2A 335 

and 2B). These estimates, however, cluster around 24 °C, close to the modern mean annual 336 

temperature of ~26 °C. The estimated trendline slope of all kaolinite δ18O and δ2H (6.06 ±0.22 337 

s.e.; Fig. 3B) – which accounts for modeled soil temperature gradients and evaporative isotopic 338 

enrichment – approximates the slope of the kaolinite line (6.01 ±0.23; Fig3D, dashed blue line) – 339 

which accounts for monthly seasonality in air temperature and the isotopic compositions of 340 

meteoric water. The reduction in slope reflects the slight negative covariation between monthly 341 

precipitation δ18O and temperature. This suggests that, at this location where precipitation water 342 

δ18O and air temperature are negatively correlated, purely atmospheric considerations (Case 1) 343 

should sufficiently describe kaolinite formation temperatures to first order. We interpret this as 344 

underlining the importance of precipitation water δ18O and air temperature seasonal variability in 345 

estimating kaolinite formation temperatures. That said, sufficient data, ideally depth resolved, 346 

would be necessary to define the kaolinite trend as the most evaporatively enriched pore water 347 

data from Luquillo translate to temperatures <20 °C if taken at face value. 348 

Using soil depth-dependent temperatures of between 8.4 and 16.4 °C down to 100 cm 349 

for the dry season, the forward model estimates status quo clay formation temperatures at 350 

Corvallis between 0 and 20 °C (Fig. 2C and 2D). These estimates, however, cluster around 10 351 

°C, close to the modern mean annual temperature of ~9 °C. The estimated trendline slope of all 352 

kaolinite δ18O and δ2H (6.1 ±0.18 s.e.; Fig. 2D) – which accounts for modeled soil temperature 353 

gradients and evaporative isotopic enrichment – is shallower than the slope of the kaolinite line 354 

(11 ±1.4; Fig. 3D, dashed blue line) – which accounts for monthly air temperature and isotopic 355 

compositions of meteoric water. This suggests that, at this location where precipitation water 356 

δ18O and air temperature are positively correlated with a large seasonal amplitude, purely 357 

atmospheric considerations (Case 1) will tend to underestimate kaolinite formation 358 

temperatures; whereas atmospheric and soil evaporation considerations (combined Cases 2 359 

and 3) more closely approximate the plausible expectation that kaolinite formation temperatures 360 

derived from theses soils are likely to be warmer than the case would be in a purely 361 

atmospheric sense. Patterns of kaolinite formation temperatures are also apparent with depth 362 

following the pore water dataset, suggesting a depth-dependent decrease in temperature. That 363 

is, evaporatively enriched soils close to the surface tend to correspond to warmer clay formation 364 

temperatures, systematically from 20 cm down. There is, however, an apparent departure of 365 

kaolinite values from Case 2 that accounts for purely soil evaporation (Fig. 2D, green dashed 366 

line). This example demonstrates the importance of both soil temperature gradients, in addition 367 

to the role of precipitation water δ18O and air temperature seasonal variability, in setting the 368 

isotopic composition of kaolinite and thus the inferred kaolinite formation temperatures. 369 

Additionally, it is clear from this example that pairing soil pore water and kaolinite stable isotope 370 

datasets with inferred weathering front advance depths71,74 would provide insights into the timing 371 

(seasonality) and dominant depth(s) of clay mineral formation. 372 

 373 

 374 

 375 



Application to paleo weathering profile datasets 376 

 Next, to illustrate the concepts developed in this paper we turn to two geologic clay 377 

stable isotope datasets from the literature. As far as we are aware, no paired soil pore water 378 

and modern clay stable isotope exists in the published literature to allow benchmarking of our 379 

model. We note that Holocene and Last Glacial Maximum soil kaolinite datasets from Colombia 380 

were previously published by ref. 17 but no accompanying soil pore water data is available. 381 

Both of the geologic datasets contain paired kaolinite hydrogen and oxygen isotope values, 382 

however, the trends relative to the GMWL are opposite, displaying steeper and shallower slopes 383 

(e.g., Fig, 1B). 384 

In Figure 3A we plot Eocene kaolinite data from ref. 21 derived from weathering profiles 385 

in Finland80-81. These data come from deep weathering zones, where we anticipate minimal 386 

influence of evaporation. Surprisingly the δ18O-δ2H array of the kaolinite data appears nearly 387 

vertical. Applying the approach outlined in Figure 1B and increasing the formation temperatures 388 

and isotopic compositions seasonally form a clay array with a slope of ~31. To derive a 389 

parsimonious explanation for the vertical nature of the data in equilibrium with the modern local 390 

meteoric water requires a uniform shift in the temperature seasonality to ~8 °C warmer on 391 

average. The inference of warmer temperatures was made by ref. 21, but the kaolinite array 392 

slope >8 was not described. Isotope-enabled global climate model simulations suggest that 393 

while a compressed GMWL would have been present in the Eocene the slope and intercept of 394 

the GMWL would have been similar to today82. As such, the counterclockwise rotation about the 395 

GMWL observed in the Finland kaolinites suggests: 1) no role for evaporation in a deep 396 

weathering zone, 2) positive covariation in the seasonality of temperature and δ18O-δ2H 397 

variations, and 3) formation temperature ~8 °C warmer than modern, though as we illustrate in 398 

the example from Corvallis above, interpreting such data with respect to paleotemperatures 399 

requires a nuanced approach.  400 

 The second contrasting example is from weathered Eocene river sediments from the 401 

west flank of the northern Sierra Nevadas29,83-86. The δ2H of the kaolinites were originally 402 

published by Mulch et al. (2006) to illustrate relatively high Eocene elevations, which were also 403 

confirmed by δ2H analyses of volcanic glass and organic biomarkers87,88. Subsequently, ref. 29 404 

paired the kaolinite δ2H measurements on the same samples used by ref. 83 and found a 405 

shallower inferred δ18O gradient and an apparent δ18O-δ2H trend that reflected evaporation in 406 

the weathering zone with a slope of ~2.3 across the entire dataset (Fig, 3B). This finding is not 407 

surprising given that these Eocene river gravels represent immature weathering profiles; 408 

however, waters along the windward side of a mountain range such as the Eocene Sierra 409 

Nevada should fall along a meteoric water line similar to today (slope of ~7.3)89. As such, in 410 

Figure 3B we apply our methodology here to explain how previous estimates by ref. 29 likely 411 

used source water values too enriched than the local meteoric values causing an underestimate 412 

in past elevation. To do so requires assuming a warmer temperature of formation, ~33 °C than 413 

previously estimated 23.2±6.4 °C29 and correcting the calculated pore water values along the 414 

inferred evaporation slope (~2.3). This assumes a summertime Eocene formation temperature 415 

and a strongly evaporative system (although actual sampling depths in the various weathering 416 

profiles were not quantified). Doing so places the most depleted samples near the modern local 417 

meteoric water line and calculation of source waters are presented in histograms in Figure 3. 418 

This set of calculations demonstrates that with some assumptions, such as warmer (likely 419 



summertime) formation temperatures during the Eocene hothouse and maximally evaporative 420 

soil pore water conditions, applying our inverse model approach better aligns the previously 421 

published clay δ18O-δ2H stable isotope data with the volcanic glass and organic biomarker 422 

paleoelevation estimates (cf. ref. 90). 423 

 424 

Outlook and Conclusions 425 

 The framework developed here extends the utility of paired clay δ18O and δ2H datasets 426 

from geologic and modern weathering profiles. While the factors described here necessarily 427 

complicate the use of δ18O and δ2H measurements as a single mineral thermometer, the work 428 

here outlines the approaches needed to develop a robust ‘proxy system model’59,91-93 for 429 

geologic use and demonstrates how such measurements on modern weathering profiles, which 430 

are currently limited, may provide important insights into weathering profile development and 431 

clay formation processes. Additionally, further work pairing the modeling developed here to a 432 

reactive transport weathering framework for primary mineral dissolution, clay mineral formation 433 

and weathering front advance71,74,78 will be necessary to fully describe the system. 434 

To conclude, the work here demonstrated the effect of three processes previously not 435 

considered but widely observed in modern systems: 1) surface temperature seasonality and 436 

covariation of temperature with meteoric water δ18O-δ2H variations, 2) soil pore water 437 

evaporation, and 3) soil temperature variations with depth. We demonstrated using both a 438 

forward model of modern soil pore waters and an inverse model of geologic data how all three 439 

processes may play a role in the interpretation and utility of clay δ18O and δ2H datasets. While 440 

these effects have been discussed qualitatively or schematically/graphically in previous 441 

work27,94, this work provides the first modeling framework to refine this methodology based on 442 

modern and paleo observations across a diversity of climatological locations and pedogenic 443 

settings where clays are formed. 444 

 445 
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Figures and Figure Captions 735 

 736 

 737 
Figure 1. Conceptual framework for projection and interpretation of clay stable isotope data. A) 738 

Global meteoric water line (MWL) with monthly precipitation values (blackcircles) falling along 739 

the meteoric water and monthly evaporation slopes of 3 (gray line) intercepting an empirical 740 

slope of 5 (blue circles, light blue line). B) Impact of seasonal temperature variations on waters 741 

falling along the MWL in A) for constant temperature, positive covariance and negative 742 

covariance between the isotopic composition of water and assumed fractionation temperatures. 743 

Inset is the assumed MWL seasonal variation and hypothetical temperature variations used in 744 

B). C) Monthly soil pore water oxygen isotopic composition as a function of depth (Equation 5). 745 

D) Monthly propagation of seasonal temperature fluctuations with depth in a soil profile 746 

(Equation 6). E) Calculated monthly kaolinite δ18O in equilibrium with soil pore water and 747 



monthly temperature depth trends. F) As in E) for kaolinite δ2H. G) Cross plot of monthly 748 

kaolinite δ18O-δ2H (E and F) overlaid on status quo kaolinite lines (as in Box 1). 749 

 750 

 751 

 752 
Figure 2. δ18O-δ2H crossplots showing the application of the forward model to two 753 

modern soil water profiles. A) Modern soil water (filled light gray circles) and calculated 754 

kaolinite (filled dark gray circles) isotopic compositions in Luquillo, Puerto Rico (data from ref. 755 

66). The solid red line represents the local meteoric water line (LMWL). The dashed blue line 756 

represents a regression through calculated kaolinite isotopic compositions, informed by monthly 757 

variability in air temperature and precipitation δ18O and δ2H. B) Magnified view of the dashed 758 

polygon in A, showing the kaolinite formation temperatures 0°C, 10°C, 20°C, and 30°C; inset 759 

shows mean monthly values of precipitation δ18O (top), air temperature (middle), and daily 760 

precipitation (bottom). C) As in A for Corvallis, Oregon (data from ref. 67). D) As in B; calculated 761 

kaolinite isotopic compositions are presented per soil depth; larger circles and error bars 762 

represent mean and 1𝛔, respectively; raw values are also shown in corresponding soil depth 763 

colors, in reduced transparency for visualization. The dashed green line represents a regression 764 

through calculated kaolinite isotopic compositions, informed by monthly variability in soil depth-765 

dependent temperature (as in Figure 1G) and constrained by evaporation line slope (3.4) and 766 

maximum isotopic compositions of residual soil water derived from the Craig-Gordon model 767 

(using the algorithm of ref. 44).  768 



 769 

 770 
Figure 3. δ18O-δ2H crossplots showing the application of the inverse model to two paleo 771 

soils. A) Calculated modern soil water (filled light gray circles) and measured kaolinite (filled 772 

dark gray circles) isotopic compositions in Finland (data from ref. 21). The solid red line 773 

represents the local meteoric water line (LMWL). The dashed blue line represents a regression 774 

through measured kaolinite isotopic compositions. B) As in A for sites in the Sierras (data from 775 

ref. 29). Also shown in A and are the kaolinite formation temperatures 0°C, 10°C, 20°C, and 776 

30°C. C) Mean monthly values of precipitation δ18O (top), air temperature (middle), and monthly 777 

precipitation (bottom) for the Finland sites. D) As in C for sites in the Sierras. E) Histogram of 778 

calculated soil water δ18O. F) Histogram of calculated precipitation source water δ18O of E. G) 779 

Histogram of calculated soil water δ2H. H) Histogram of calculated precipitation source water 780 

δ2H of G. Values calculated in F and H are constrained by the soil evaporation line slope (here 781 

set at 3) and tracing the source water isotopic composition as the intersection between the soil 782 

evaporation line and the LMWL. The star symbols and dashed lines represent the isotopic 783 

compositions of precipitation source waters using the approach of simply running a trendline 784 

across all soil water data demonstrating an overestimate, particularly with respect to δ18O. 785 

 786 
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This Supplementary Information (S.I.) presented below elaborates further on the 13 

rationale and methodology that underpin the study as well as providing associated caveats and 14 

limitations where further model development may be necessary. We first provide a derivation of 15 

the status quo equations, demonstrate the effect of the fractionation factor approximation that is 16 

commonly used, describe caveats and limitations of the three cases presented in the main text, 17 

and elaborate on assumptions made in the forward and inverse modeling approaches used as 18 

examples in this work. R code to implement the thought experiments and calculations in Box 1, 19 

Figure S1, S2 and S3, and MATLAB to implement the forward and inverse model calculations 20 

are provided as supplementary files. 21 

 22 

Extended Methods   23 

I. Derivation of status quo paleothermometry equations 24 

 While previous work has presented abbreviated derivations of the clay mineral 25 

thermometers based on hydrogen and oxygen isotopes14, 22, 26, 27, 29, 47 the mathematical 26 

operations required to go from two fractionation factor equations and the meteoric water line 27 

(equations 1 and 2) to the single mineral thermometry equations (equations 3 and 4) are not 28 

formally derived in the peer review literature. For completeness we do so here using kaolinite as 29 

the example mineral. Starting from the kaolinite fractionation factors from ref. 48 for oxygen: 30 

 31 

1000 x lnɑkaol-water-O = 2.76x106 x T-2 - 6.75          (S1)  32 

 33 

and for hydrogen: 34 

 35 

1000 x lnɑkaol-water-H = -2.2x106 x T-2 - 7.7         (S2). 36 

 37 

Then taking the global meteoric water line as our third constraint: 38 

 39 

δ2H = 8xδ18O + 10            (S3),  40 

 41 

and the approximation for 1000lnα (see next section) as the difference between two phases, we 42 

are left with the following two equations: 43 



 44 

 δ18Okaol -  δ18Osw  = 2.76x106 x T-2 - 6.75         (S4)  45 

 46 

and  47 

 48 

δ2Hkaol - δ2Hsw = -2.2x106 x T-2 - 7.7           (S5). 49 

 50 

Assuming waters fall along the meteoric water line (a key assumption questioned by this work), 51 

and plugging equations 4 and 5 into the GMWL, equation 3, gives the following expanded 52 

equation: 53 

 54 

 δ2Hkaol + 2.2x106 x T-2 - 7.7 = 8*(δ18Okaol - 2.76x106 x T-2 - 6.75) + 10      (S6). 55 

 56 

Rearranging for 106 x T-2 and simplifying terms leads to equation 3 from the main text: 57 

 58 

 3.0350 x 106T-2 = δ18Okaolinite -0.1250xδ2Hkaolinite + 7.0375        (S7). 59 

 60 

The analogous derivation holds for smectite47. 61 

 62 

II. Approximation of 1000lnα = δclay - δsw 63 

A commonly used assumption to simplify mathematical operations in isotope 64 

geochemistry is that 1000lnα is the difference between two phases. In the case of clay mineral 65 

thermometry this approximation is between the clay mineral and the source water (equations 7 66 

and 8). This approximation breaks down at extremely large fractionation factors (i.e. >100‰) 67 

because the mole fraction of the minor isotope is non-linear with the delta notation (as defined 68 

and used by the field; e.g., ref. 104). As such, the exact expression for the fractionation factor 69 

(α), based on the isotopic ratios (R) are described as: 70 

 71 
18αkaol-water  = 18Rkaol / 18Rsw = (δ18Okaol + 1000) / (δ18Osw + 1000)        (S8) 72 
2αkaol-water = 2Rkaol / 2Rsw = (δ2Hkaol + 1000) / (δ2Hsw + 1000)           (S9) 73 

 74 

As discussed in the main text 18αkaol-water is greater than 1 and 2αkaol-water is less than 1 resulting in 75 

clay minerals falling below and to the right of the GMWL or LMWL in δ18O-δ2H crossplot space. 76 

In Figure S1 we demonstrate the consequence of this inaccuracy caused by the commonly used 77 

approximation by plotting clay lines produced from the precise expression (equations S8 and 78 

S9) versus the approximation (equations 7 and 8). Across Earth's surface temperatures and 79 

typical meteoric water values (Fig. S1A), inaccuracies in the calculated temperature are typically 80 

<2 °C, and are dependent on both the temperature of formation and the initial source water’s 81 

isotopic composition (Fig. S1B). 82 

 83 



 84 
Figure S1. Sensitivity of calculations to 1000lnα = δclay - δsw approximation. A) Fractionation of 85 

global meteoric water line (blue line) to clay lines at 0 to 30 °C using the 1000lnα = δclay - δsw (as 86 

typically assumed; gray lines) compared to the precise definition for α (Equations 8 and 9). B) 87 

Difference between the approximate and precise fractionation formulations with respect to 88 

kaolinite δ18O values for a given source water composition as a function of temperature. C) As 89 

in B) for δ2H. 90 

 91 

III. Elaboration on assumptions and limitations 92 

In the following sections we elaborate on a few assumptions and limitations associated 93 

with the effects described in the main text. We also provided additional contextual figures 94 

associated with the calculations.  95 

 96 

Case 1. The role of seasonal co-variations of temperature and meteoric water isotopic 97 

composition 98 

The amount and isotopic compositions of precipitation are known to display both positive 99 

and negative covariation with temperature depending on the region and season53. In tropical 100 

areas, a negative covariation tends to occur during monsoon rainfall due to the 'amount effect' 101 

(e.g., ref. 5). Mid- to high-latitudes, however, tend to exhibit positive covariation as factors such 102 

as moisture source, humidity, and temperature change53. Case 1 isolates the impact of these 103 

seasonal covariations on single-mineral clay thermometers without the inclusion of soil pore 104 

water evaporation or temperature variations (Figure S2). 105 



 106 
Figure S2. Impact of seasonal temperature variations of waters falling along the meteoric water 107 

line (MWL) on clay formation isotopic compositions as shown in Figure 1B. A) The case where 108 

precipitation isotopic compositions and monthly air temperatures are positively correlated. B) 109 

The case where precipitation isotopic compositions and monthly air temperatures are negatively 110 

correlated. Images in enclosed circles are illustrative depictions of the two cases. White circles 111 

in both panels represent the constant temperature case. 112 

 113 

In Figure S3 we calculate the end-member evaporatively enriched waters (blue circles in 114 

Figure 1A) with positive and negative seasonality with respect to temperature variations. This 115 

does not yet resolve depth-dependent behavior but rather the maximum impact of surface 116 

temperature variations leading to changes in the clay line slope formed from evaporatively 117 

enriched waters. As in Figure S2 these assumed slopes are purely for illustrative purposes. With 118 

no seasonality of temperature imposed the result is that as water samples and the calculated 119 

clay line move away from the meteoric water line (i.e. have a lower d-excess value) the 120 

calculated clay values fall across the status quo contour lines (blue points, Figure 1A). Imposing 121 

a positive (negative) relationship between isotopic composition of precipitation and temperature 122 

results in steeping (shallowing) of slopes (green and orange points) rotated around the no 123 

temperature seasonality case. The trajectories shown in Figure 1C represent potential 124 

maximum cases, which if taken at face value with the status quo thermometry calculations 125 

would give temperatures dominantly less than freezing in the scenario described here. 126 

Incorporating the depth dependent trends in soil pore water stable isotopes and temperature 127 

fluctuations. 128 

 129 

 130 



 131 
Figure S3. Impact of seasonal temperature variations of evaporated waters (see blue circles in 132 

Figure 1A of main text) on clay formation isotopic compositions. A) The case where precipitation 133 

isotopic compositions and monthly air temperatures are positively correlated. B) The case 134 

where precipitation isotopic compositions and monthly air temperatures are negatively 135 

correlated. Images in enclosed circles are illustrative depictions of the two cases. White circles 136 

in both panels represent the constant temperature case. 137 

 138 

Case 2: The role of evaporatively enriched soil waters 139 

For the purposes of determining the isotopic composition of soil minerals, as modeled in 140 

this work, this formulation does not account for the presence of the vapor phase in the upper 141 

most unsaturated zone in a soil that causes a decrease in δ18O and δ2H in the upper few 142 

centimeters56, 57, 58. It is most likely that a majority of clay mineral formation occurs below these 143 

depths [where evaporation predominates] based on weathering front profiles from 144 

chronosequences (e.g., ref. 74), justifying this simplifying assumption. 145 

 146 

IV. Forward and inverse models 147 

Forward model. We use measured modern soil pore water δ18O and δ2H (δ18Osw and 148 

δ2Hsw, respectively) as input to calculate δ18O and δ2H values of kaolinite (δ18Okaol and δ2Hkaol, 149 

respectively) as output. δ18Osw and δ2Hsw are obtained from two published studies in Luquillo, 150 

Puerto Rico66 and Corvallis, Oregon67. The results are visualized in Figure 2 of the main text. 151 

See MATLAB codes and pertinent input files used to calculate δ18Okaol and δ2Hkaol.  152 



 153 
 154 

Figure S4. Soil pore water δ18O depth profile for A) Luquillo and B) Oregon. Open gray circles 155 

represent pore water δ18O data with depth. Filled circles represent corresponding mean values, 156 

connected by a line for emphasis. Note that the scales on the x-axis are not the same for both 157 

plots.  158 

 159 

We underline a caveat in interpreting the Luquillo and Oregon soil pore water datasets. 160 

Figure S4 shows an apparent depth trend in the Oregon dataset. That is, soil pore water δ18O 161 

decreases exponentially with depth. An empirical fit to the data (fit not shown) is approximated 162 

by a two-parameter exponential regression (R2 0.994, RMSE 3.11). A decrease in soil pore 163 

water δ18O with depth is a relatively common observation in settings with pronounced 164 

seasonality (e.g., ref. 105) and in soils undergoing evaporation58. The site in Oregon is in a 165 

Mediterranean climate with relatively strong precipitation and temperature seasonality. In 166 

kaolinite (clay formation) space (see Figure 2D in main text), the apparent depth trend at 167 

Oregon manifests as warmer clay formation temperatures closer to the surface, except at 10 168 

cm. No such apparent depth trend exists in the Luquillo dataset, perhaps because Luquillo is 169 

considerably less seasonal than Oregon, or other sites where isotopic depletion of soil pore 170 

water with depth has been documented. 171 

 172 

Another caveat that we underline in interpreting the Luquillo and Oregon soil pore water 173 

datasets is that our work assumes fidelity of soil pore water extraction techniques. Pore waters 174 

from both Luquillo and Oregon soil samples were reported to have been extracted using 175 

cryogenic vacuum distillation (CVD) technique106. In laboratory spiking experiments that 176 

subjected soils to extended high-temperature oven drying, some researchers have raised 177 

potential issues associated with the CVD technique’s ability to extract the ‘true’ soil pore water 178 

isotopic compositions107-109. Other researchers, however, have questioned the transferability of 179 

findings from laboratory experiments to soils under natural conditions. For example, ref. 110 and 180 

111 showed that in field studies whereby soils have not been subjected to the same conditions, 181 

the CVD technique could reliably reproduce the isotopic compositions of the original source 182 

water. In light of the ongoing debate in the literature regarding the fidelity of the CVD technique, 183 



our work assumes that CVD is a reliable extraction technique for field soils, consistent with the 184 

determination made by ref 110. 185 

  186 

Finally, we calculate depth-associated soil temperatures using Hillel’s heat diffusion 187 

equation that includes a sinusoidal term, accounting for seasonal temperature fluctuations (ref. 188 

64; Equation 6 in main text). For Luquillo, we use wet and dry season air temperatures of 26.8 189 

and 25.1 °C, respectively [the two sampling points in ref. 66], as inputs to model the soil 190 

temperatures at corresponding δ18Osw and δ2Hsw sampling depths. For Oregon, we use the 191 

mean annual temperature of 8.7 °C. Given that modeling δ18Okaol and δ2Hkaol is sensitive to 192 

temperature (Equations S4 and S5), we emphasize that our assumptions that go into calculating 193 

depth-associated soil temperatures64 are general approximations that may not be realistic 194 

(Figure S5). In the absence of measured soil temperatures with depth, our approach here must 195 

be treated purely as a first-order approximation. Future work could focus on in situ 196 

measurements of soil temperature at various depths in the soil profile. 197 

 198 

 199 
Figure S5. Modeled soil temperature profiles at respective sites in A) Luquillo and B) 200 

Oregon.  201 

 202 

Inverse model. We use δ18Okaol and δ2Hkaol data to predict the plausible values of δ18Osw 203 

and δ2Hsw that best explain the observed kaolinite observations. δ18Okaol and δ2Hkaol are obtained 204 

from two published studies in Finland21 and the Sierras in western United States29. The results 205 

are visualized in Figure 3 of the main text. See MATLAB codes and pertinent input files used to 206 

calculate δ18Osw and δ2Hsw. 207 

 208 

To model δ18Osw and δ2Hsw using measured δ18Okaol and δ2Hkaol (Equations S4 and S5), 209 

several soil temperature values were assumed. The solutions to the inverse problem are 210 

constrained by the relatively well-constrained physics of covariations on or below the LMWL 211 

(alternatively, GMWL). That is, δ18Osw and δ2Hsw plotting ‘on’ the LMWL, by definition, 212 

approximate meteoric water isotopic compositions. Whereas, δ18Osw and δ2Hsw plotting ‘below’ 213 

the LMWL indicate evaporative isotopic enrichment. We therefore consider as unrealistic any 214 

calculated δ18Osw and δ2Hsw that fall ‘above’ the LMWL, which would otherwise represent the 215 

isotopic composition of the evaporate.  216 

 217 

In Figure S6A, we see that if we assume a soil temperature of ~11 °C (which is similar to 218 

the long-term average air temperature of Auburn, CA), the modern soil pore waters are shown 219 



to be above the LMWL on the ‘evaporate space’. On the other hand, assuming a soil 220 

temperature of 50 °C shows that the soil pore waters are too enriched due to evaporation. Such 221 

a temperature would be unreasonably warm even for Eocene hothouse conditions (cf. ref. 29). 222 

However, if we assume a soil temperature of 33 °C, the soil pore waters plot close to the LMWL. 223 

We consider this to be more realistic than the other two extreme temperatures. Nevertheless, 224 

some data points still plot on the evaporate space (Figure S6B). We assume that these points 225 

are unrealistic values from which kaolinite would have formed. Thus, considering only the data 226 

points that plot on or below the LMWL, we determine the source waters of each modeled soil 227 

pore water (Figure S6C). That is, the meteoric water from which the clay mineral would have 228 

formed.  229 

 230 

In tracing the source water isotopic composition, we assume that each calculated soil 231 

pore water must have evaporated along a soil evaporation line (SEL), following the approach of 232 

ref. 44. Figure S6C assumes an SEL slope of 3, close to the slopes of between 2 and 3 reported 233 

by ref. 112, and 3.1-3.4 reported by ref. 44. The approach of ref. 44 is a departure from the 234 

‘trendline approach’ of earlier studies113-117, which assumed that all evaporated waters originate 235 

from a single source water. The trendline approach is represented by the dashed black line in 236 

Figure S6C. In the absence of a priori and/or plausible information to inform an assumption that 237 

all evaporated soil pore waters originate from a single source water, we follow the mechanistic 238 

and more plausible approach of ref. 44.    239 

 240 

 241 
 242 

Figure S6. Determining source water isotopic compositions. A) Sensitivity of modeled δ18Osw 243 

and δ2Hsw to various temperature assumptions (11, 33, 50 °C). B) Any calculated δ18Osw-δ2Hsw 244 

pair that plots above the LMWL are excluded from the determination of source water isotopic 245 

compositions. C) Tracing source water isotopic compositions as the intersection between the 246 



soil evaporation line and the LMWL, constrained by the soil evaporation line (SEL) slope (here 247 

set at 3). The effects of SEL slopes greater than or less than 3 are represented by the direction 248 

of the green arrows. The ‘trendline approach’ is represented by the dashed black line (slope = 249 

2.5 ±0.4 s.e.). 250 

 251 

However, we want to emphasize that there are limitations to our inverse modeling 252 

approach. One of these limitations is that it assumes all soil pore waters in the dataset 253 

evaporated along a fixed SEL slope, which may be too simplistic. In reality, the conditions 254 

affecting each evaporated sample are likely to vary temporally (e.g., temperature and humidity), 255 

resulting in variable SEL slopes. Another limitation to our approach is that it mainly relies on 256 

uniform changes in temperature (Equations S4 and S6). In reality, other factors such as relative 257 

humidity above the evaporating surface and seasonal changes in precipitation amount and 258 

isotopic composition (e.g., Figures S2 and S3) are also likely to play a role in the degree of 259 

evaporative fractionation7, 44, 53. 260 

  261 



Table S1. Forward model. Sources of input datasets, input files, and MATLAB model 262 

parameters. 263 

 264 

Model input Notation in code Description Data source 
Luquillo_forward.csv - n x 4 table: depth (in 

cm), soil temperature in 
°C, δ18Osw and δ2Hsw   

1) depth, δ18Osw and δ2Hsw 
from ref. 66 

2) soil temperature (see 
next row) 

Luquillo_precip.csv - n x 3 table: meanTp (in 
°C), δ18Op and δ2Hp  

see next rows  

Oregon_forward.csv - n x 4 table: depth (in 
cm), soil temperature in 
°C, δ18Osw and δ2Hsw   

1) depth, δ18Osw and δ2Hsw 
from ref. 67 
2) soil temperature (see 
next row) 

Oregon_precip.csv - n x 3 table: meanTp (in 
°C), δ18Op and δ2Hp  

see next rows  

Air temperature 
 
 
 

meanTp long-term mean 
monthly air temperature 
 
Luquillo site Sabana, 
2002-2008  
 
Oregon site GSWS10, 
1999-2019  
  

Scatena, F., IITF (2020). 
LCZO -- Meteorology, Air 
Temperature -- Daily -- 
Luquillo Mountains -- (2002-
2009), HydroShare  
 
 
Gregory, S.; Johnson, S. 
2019. Stream and air 
temperature data from 
stream gages and stream 
confluences in the Andrews 
Experimental Forest, 1950 
to present 

Soil temperature 
 
Luquillo wet and dry 
season air temp: 26.8 
and 25.1 °C, 
respectively 
 
Oregon: mean annual 
air temp of 8.7 °C 

soilT modeled depth-
associated soil 
temperature following 
Hillel (1982); see 
Equation 6 
 

Model values based on 
input air temperature 
(meanTp) data  

δ18Osw and δ2Hsw d18O_soil 
d2H_soil 
 

measured soil pore 
water isotopic 
compositions 

Luquillo: Evaristo et al. 
(2016) 
 
Oregon: Brooks et al. 
(2010) 

δ18Op and δ2Hp  d18Op 
d2Hp 

amount-weighted 
monthly d18O and d2H 
of precipitation 
 
Luquillo Mountains 
(sites LQR3, LQR4, 

Luquillo: U.S. Geological 
Survey Open-File Report 
2014–1101, 
http://dx.doi.org/10.3133/ofr
20141101  
 

https://www.hydroshare.org/resource/b39a41c1db56412cb3ccd3a0c042f1ec/
https://doi.org/10.6073/pasta/9437d1603044f5b92189110dd8343763
https://doi.org/10.6073/pasta/9437d1603044f5b92189110dd8343763
http://dx.doi.org/10.3133/ofr20141101
http://dx.doi.org/10.3133/ofr20141101


Model input Notation in code Description Data source 
LQR5, LQR6) 
 
Oregon site PRIMET, 
2014-2018 

Oregon: Segura, C. 2022. 
Water stable isotopes for 
streams and precipitation 
samples in the HJ Andrews 
Experimental Forest and 
Mary's River Watershed, 
2014-2018. Long-Term 
Ecological Research. Forest 
Science Data Bank, 
Corvallis, OR. 

 265 

 266 

 267 

 268 

 269 

  270 

https://doi.org/10.6073/pasta/00a943113f6915fab65db3979205f5f9


Table S2. Inverse model. Sources of input datasets, input files, and MATLAB model 271 

parameters. 272 

 273 

Model input Notation in code Description Data source 
Finland_inverse.csv - n x 2 table: δ18Okaol and 

δ2Hkaol   
From ref 19 

Finland_precip.csv - n x 3 table: meanTp (in 
°C), δ18Op and δ2Hp  

see next rows  

Sierras_inverse.csv - n x 2 table: δ18Okaol and 
δ2Hkaol   

From ref. 29, 83 

Sierras_precip.csv - n x 3 table: meanTp (in 
°C), δ18Op and δ2Hp  

see next rows  

Air temperature meanTp long-term mean 

monthly air temperature 

 
Finland site Sodankylä, 

1991-2021 

Sierras site Auburn, Ca 

1951-2010  

  

Finland: Climate-data.org 

 
Sierras: UCANR IPM  
 

Soil temperature  soilT modeled depth-

associated soil 

temperature following 

Hillel (1982); see 

Equation 6  

 

Model values based on 

input air temperature 

(meanTp) data  

δ18Okaol and δ2Hkaol d18O_kaol 
d2H_kaol 

measured kaolinite 
isotopic compositions 

Finland: ref. 19 
 
Sierras: ref. 29, 83 

δ18Op and δ2Hp  d18Op 
d2Hp 

amount-weighted 
monthly d18O and d2H 
of precipitation 
 
Finland: Rovaniemi 
station 
 
Sierras: Placer County 

Finland: GNIP, Finland 
Rovaniemi station 
 
Sierras: OIPC calculator 
using geographic 
coordinates of Placer 
County, elevation 1292 ft 
(394 m) 
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https://en.climate-data.org/europe/finland/sodankylae/sodankylae-9794/
https://ipm.ucanr.edu/calludt.cgi/WXSTATIONDATA?STN=AUBURN.C
https://wateriso.utah.edu/waterisotopes/pages/data_access/oipc.html
https://wateriso.utah.edu/waterisotopes/pages/data_access/oipc.html
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